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Abstract

The P- and S-wave velocity structure of the D” layer beneath the southwestern Pecific was
investigated by using short-period data from 12 deep events in the Tonga-Fiji region recorded by the
J-Array and the Hi-net in Japan. A migration method and reflected wave beamforming (RWB) were
used in order to extract weak signals originating from small-scale heterogeneities in the lowermost
mantle. In order to acquire high resolution, a double array method (DAM) which integrates source
array beamforming with receiver array beamforming was applied to the data. A phase-weighted
stacking technique, which reduces incoherent noise by employing complex trace analysis, was aso
applied to the data, amplifying the wesk coherent signals from the lowermost mantle. This
combination greatly enhances small phases common to the source and receiver beams. The results of
the RWB method indicate that seismic energy is reflected at discontinuities near 2520 km and
2650 km, which have a negative P-wave velocity contrast of 1% at the most. In addition, thereis a
positive seismic discontinuity at a depth of 2800 km. In the case of the Swave, reflected energy is
produced amost at the same depth (2550 km depth). The different depth (50 km) between the
P-wave velocity discontinuity at the depth of 2800 and a further Swave velocity discontinuity at the
depth of 2850 km may indicate that the Swave velocity reduction in the lowermost mantle is about
2-3 times stronger that that of P wave. A look a a 2D cross section, constructed with the RWB
method, suggests that the observed discontinuities can be characterized as intermittent |ateral
heterogeneities whose lateral extent is a few hundred km, and that the CMB might have undulations
on a scde of less than 10km in amplitude. The migration shows only wesak evidence for the
existence of scattering objects. Heterogeneous regions in the migration belong to the detected
seismic discontinuities. These anomalous structures may represent a part of hot plume generated
benesath the southwestern Pacific in the lowermost mantle.



Abstract (German)

Die P- und SWdlen-Geschwindigkeitsstruktur der D” Schicht unter dem slidwestlichen Pazifik
wurde mittels kurzperiodischer Daten von 12 Tiefbeben in der Tonga-Fiji-Region untersucht, die
vom JArray und Hi-net-Array in Japan registriert wurden. Es wurde fur Punktstreuer und ebene
Schichten migriert, um schwache Signae zu extrahieren, die an rdativ kleinrdumigen
Heterogenitdten des unteren Mantels entstehen. Um eine hthere Auflésung zu erzielen, wurde die
Double Array-Methode (DAM) verwendet, die Empféangerarray und Quellarray gleichzeitig nutzt.
Hierbel ist auch das Phase-Weighted Stack-Verfahren angewendet worden, um inkohérentes
Rauschen zu reduzieren und somit schwache kohé@rente Signale aus dem unteren Mantel aufzulsen.
Das Ergebnis der Ebenen-Schichten-Methode (RWB) zeigt, dass sich in der D”-Schicht negative
Geschwindigkeitsdiskontinuitéten mit P-Wellen Geschwindigkeitskontrasten von héchstens—1 % in
den Tigfen von 2520km und 2650km befinden. Zusitzlich befindet sich eine positive
Geschwindigkeitsdiskontinuitéten in der Tiefe von 2800 km. Bei den S Wadlen treten
Geschwindigkeitsdiskontinuitéten in einer Tiefe von etwa 2550 km und 2850 km auf. Die scheinbare
Verschiebung (50 km) der SWellen-Geschwindigkeitsdiskontinuitét in der Tiefe von 2850 km deutet
darauf hin, dal3 die S‘Wellen-Geschwindigkeitsreduktion im unteren Mantel 23 mal stérker ist ds
die P- Wellen-Geschwindigkeitsreduktion.

Ein zweidimensionder Querschnitt, der mittels der RWB Methode und der Aufspaltung des
Gesamtempfangerarrays in Subarrays gewonnen wurde, deutet darauf hin, dass die beobachteten
Diskontinuitdten als intermittierende laterde Heterogenitéten mit einer Wellenldnge von enigen
hundert km charakterisiert werden kdnnen. Die Kern-Mantel-Grenze (KMG) weist mijglicherweise
Undulationen mit einer Amplitude von 10 km auf. Die Migration weist nur schwache Hinweise fur
raumliche Streukorper auf. Die in der Migratiion abgebildeten heterogenen Regionen
korrespondieren mit den mittels der RWB Methode gefundenen seismischen Diskontinuitdten. Bei
den gefundenen Heterogenitaten konnte es sich um einen Tell eines aufsteigenden heilfen Stroms
unter dem stidwestlichen Pazifik handeln.
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1. Introduction
1.1 General View of the Earth’s Structure

The Earth consists of severa global layers, including inner core, outer core, mantle and crust after
separation of the iron-alloy core and silicate-oxide mantle early in the history of the Earth.
Seismology has played an important role in the investigation of the interior structure of the Earth.
Propagation of seismic waves through the interior of the Earth is the only direct signal that can
supply information on elastic properties and the dynamic structure of the solid Earth. Since the
beginning of the 20" century, seismological studies revealed that the Earth's structure is radialy
symmetric with several discontinuities and/or transitions that separate regions of different elastic
properties. Ever since Mohorovicic (1909) determined the thickness of the crust, many seismologists
have contributed to our knowledge of the R and Svelocity structure inside the Earth's layers. For
instance, Gutenberg (1914) presented an accurate determination of the depth of the Core Mantle
Boundary (CMB) and discovered the existence of inhomogeneous structures in the lowermost
mantle. Lehmann (1936) presented the first evidence for the existence of the Earth’s inner core. She
observed small signals called PKiKP from the Inner Core Boundary (ICB) in the shadow zone and
attributed these phases to a seismic discontinuity inside the core where P-wave velocity increases
dramatically. Although evidence for the solidity of the inner core is derived from observations of
free oscillations of the Earth, there are still few observations of PKJIKP that propagete in the inner
core as an Swave, which would be direct evidence for the solidity of the inner core. One of the
reasons for the difficulty in observing PKJKP is that the expected amplitude of PKJKP phase could
be below typica noise levels (Doornbos, 1974). After the gross symmetric seismic structure of the
Earth had been determined, body wave and surface wave travel time tomography analyses began to
be used to resolve the long and intermediate scale structures of the Earth’s crust and mantle, which
determines the three dimensiona structure (Aki et d., 1976, Woodhouse and Dziewonski, 1984,
Dziewonski, 1984, Nataf et d., 1986, Tanimoto, 1987, 1988). To determine the finer structure of the
Earth, the study of reflected, scattered or converted body waves becomes important and reveds that
the Earth contains more complicated heterogeneous structures than previoudy assumed.

1.2 Role of the Earth’s Heat

Mantle convection plays an important role in heat transfer (Tozer, 1972), since convection is more
effective than conduction in heat transfer of the solid Earth. Continentd drift is just the top boundary
manifestation of global-scale convection throughout the 3000-km thick mantle, driven by the
presence of heat within the Earth's deep interior that can not be transported by conduction aone
(Holmes, 1931, 1933, 1945). There are two major sources of the Earth’'s heat, one of which is the

cooling of the Earth since its early history when its interna temperature was much higher as



compared to the present. The other source of hest is the decay of long-lived radioactive isotopes
such as 28U, 2°U, #2Th and “K (Rybach, 1976). Lateral or vertical heterogeneities throughout the
Earth’'s interior are the result of mantle convection, which isin turn caused by heat dissipation, since
mantle convection accompanies the movement of mantle material. One could say that the laterd
heterogeneities or seismic discontinuities in the various depth ranges are signs of the dynamics of the
Earth, such as mantle convection (Montagner, 1994).

1.3 Seismic Structure of the Earth’s Deep Interior

In many aspects of the Earth’s dynamical processes, such as fundamental constraints on mantle
convection or the rheological properties of the mantle, our understanding of globa geophysica
processes has benefited from advances in the study of the Earth's magnetic and gravity fields,
laboratory experiments on mantle minerals under high temperature and pressure conditions, & well
as computer smulations of convection. Among these, seismological studies have provided us with
the most sringent constrains on the Earth’s deep structure, because they provide us with a
present-day snapshot of the mantle convection.

As seismological observations have accumulated, mgjor mantle discontinuities have been found
by using short-period body waves which reflect and/or convert to P or Swaves at seismic velocity
discontinuities (Jeffreys, 1939, Niazi and Anderson, 1965, Lay and Helmberger, 1983, Lay, 1989).
The mantle contains two global depth intervals which are characterized by anomaous seismic
properties, which are the D’ layer at the base of the mantle and the transition zone between upper
and lower mantle a a depth between 410 km and 660 km. (Niazi and Anderson, 1965, Lay and
Helmberger, 1983, Lay, 1989). The upper mantle transition zone is characterized by at least two
worldwide discontinuities at a depth of about 410 km and 660 km and an increased velocity gradient
between both discontinuities. The D" layer has a thickness of about 200 km to 400 km and actsas a
thermal boundary layer above the core-mantle boundary (CMB) at a depth of about 2890 km (Jones,
1977). The density contrast across the CMB is about 4.3 x 10° kg/m®, which is even larger than the
contrast between surface rocks and the atmosphere (about 2-3 x 10° kg/m®). The velocity contrast
reaches 58.4 % for P waves (based on the IASP91 moddl), which is the largest seismic discontinuity
in the Earth.

The D” layer was first defined by Bullen (1949) and it is now established that the D” layer is
heterogeneous. For instance, smal-scale heterogeneities are assumed to explain observations of high
frequency, scattered body waves which travel through the core or the codas of Pdiff (e.g. Doornbos
and Vlaar, 1973, Bataille et d., 1990, Loper and Lay, 1995, Bataille and Lund, 1996) and long-scae
length heterogeneities are visible in tomographic studies (e.g. Dziewonski, 1984, Wysession et d.,
1994).

The CMB and the Earth’s surface are the two largest discontinuities in the Earth and the D” region



and lithosphere are in contact with these two discontinuities as their boundary layers, respectively. In
many ways, the geophysical characteristics of the D" region are similar to those of the lithosphere.
Wysession (1996) called the D" structures “continents of the core” because of the andogy between
the continents at the Earth’s surface and the continent-sized heterogeneities and small-scale features
of the D" layer.

It is important to extract smdl seismic signas from the Earth’s deep interior to determine the
seismic structure of the Earth. In order to suppress noise to identify very smal amplitude signals,
many seismic analysis techniques have been developed. For instance, non-linear stacking techniques
such as the nth root process were devel oped by Muirhead (1968) and Kanasewich et a. (1973). The
advantage of ron-linear stacking is its superior suppression of unexpected noise, while the severe
distortion of the origina waveforms proves to be a disadvantage. The n-th root stack has been
successfully applied in detecting weak non-prominent phases in the Earth's deep interior. Using the
n-th root stack, Richards and Wicks (1990) found s670P conversions. Kawakatsu and Niu (1994)
detected s920P conversions in the Tonga-Fiji subduction zone, which indicates the existence of a
920-km seismic discontinuity and provides us with important information about the mantle
convection.

The firgt discovery of S-wave triplication in the distance range from 70° to 95° by Lay and
Helmberger (1983) suggests that the top of the D’ layer is a first-order discontinuity with a regiona
velocity jJump of 2 to 3% at a depth of about 2620 km. This study indicates that the D” layer may be
a materiad boundary layer whose depth can vary by about 40 km. For P waves, the earliest
suggestions of a first order discontinuity at the top of the D” layer were proposed by Wright et a.
(1980, 1985). The discovery of these studies conducted in the early 1980s, namely a degp-mantle
S-wave reflector several hundred kilometers above the CMB, led to the method of anayzing
reflections and refractions to map the lateral extent of localized stratification, its depth and materid
contrasts.

The existence of precursors to core phases of PKP and PKKP, travel time anomalies of
short-period PcP, ScS, SKS and PKIKP, or long-period P-diffracted and Sdiffracted waves and the
discovery of P- and S-wave triplication has furthered a general understanding of heterogeneities near
the CMB (e.g. Young and Lay, 1990, Weber, 1993, Garnero and Helmberger, 1993, Ritsemaet al.,
1997, Thomas et a., 1999, Niu and Wen, 2001). It has been recognized that the lowermost mantle
contains even more heterogeneities than previously assumed. Using tomographic methods, Fukao et
al. (1993) found al % anomay in P wave velocity on a globa scae at the depth range of
2700-2900 km. This 1 % perturbation is too large to explain the D” layer as just a therma
discontinuity. Because the distribution of high-velocity anomalous regions in the mantle transition
zone is relatively similar to that of high-velocity anomaous regions in the lowermost mantle, they
suggest that high-vel ocity anomalies in the D” layer can be related to subducted oceanic dlabs, which



were deposited at the bottom of the upper mantle (at the 660-km discontinuity) and dropped into the
D” layer.

Haddon and Cleary (1974) found precursors of PKP waves and suggested that one possible
structure which could produce such precursors is avolumetric heterogeneity within the D” layer.
However, such precursors can aso be explained by a 300-m amplitude undulation of the CMB
(Bataille et al., 1990). Cleary and Haddon (1972) interpreted the observed short-period precursors to
PKIKP as waves scattered from small-scale heterogeneities near the CMB. This suggests that both
volumetric anomalies in the D’ layer and small-scale undulations of the CMB can explain their
observations. Bataille and Flatte (1988) examined global PKP precursors, but could not distinguish
between CMB topography and three-dimensional inhomogeneities in the D’ layer. Their studies
revedled the detailed structure of small-scale heterogeneities based on precise determination of
scattered core waves. These waves are short-period waves, which are precursors to PKIKP, PKKP,
and PKPPKP. Recent work on the PKP precursors by Niu and Wen (2001) indicated that the onset
times of the PKP precursors could be explained by the existence of seismic scatterers in the
lowermost 100 km of the mantle west of Mexico, within an area of 200-300 km. On one hand,
Thomas et d. (1999) suggested that the PKP precursors possibly originate from scattering in partial
melt at the base of the mantle, because they have detected scatterers in regions where
ultralow-velocity zones (ULVZ) have been discovered recently (e.g., Garnero et a., 1993, Mori and
Helmberger, 1995, Garnero and Helmberger, 1995, 1996, Garnero et a., 1998, Revenaugh and
Meyer, 1997, Vidale and Hedlin, 1998). On the other hand, Hedlin et a. (1997) suggest that the
scattering volume that can generate the PKP precursors exists not only in the D” layer but is spread
throughout the Earth’s mantle. Their results are consistent with models of small-scale compositional
heterogeneity in the mantle (Davis, 1984, Davis, 1990, Gurnis, 1986). The analysis of the scattered
waves has been based on the single-point scattering theory using the Born approximation (e.g.,
Doornbos, 1978, Aki, and Richards, 1980). The heterogeneities have been quantitatively estimated
by using either global network data (e.g. WWSSN and GDSN) or through array observation (e.g.
NORSAR). However, it is still difficult to determine whether the primary scattering structure is
caused by volumetric heterogeneities near the CMB or by undulation of the CMB topography.

Furumoto (1992) estimated the topography of the CMB by observing steep-angle scattered S-waves
which do not propagate along the great circle path, using stations with a dominant period of 5 s
managed by the Japan Meteorological Agency (JIMA). He used a migration method to calculate
semblance values and the migration method should be a powerful tool for detecting the small scae
of heterogeneities near the CMB. Various migration methods have been applied to investigate the
fine gtructure of the lowermost mantle in many areas (e.g. Lay and Young, 1996, Bilek and Lay,
1998, Freybourger et al., 2001).



1.4 Origin of theD” Layer

The origin of the heterogeneous structure in the lowermost mantle is one of the most important
issues for the Earth's dynamic behavior, such as mantle convection, the generation of hot plumes and
the behavior of subducted dabs It is generally accepted that the lowermost mantle contains large
and local scaded lateral heterogeneities. There are many explanaions for the structura
heterogeneities at the base of the mantle. Recent tomographic studies on the lowermost mantle (e.g.
Inoue et a., 1990, Fukao, 1993, M. Wysession, 1996, R.D. van der Hilst et ., 1997, Boschi et d.,
1999, Vaenzuela et d., 2000, Karason and R.D. van der Hilst, 2001) suggest that there are some
regions in the lowermost mantle that can be characterized as anomaoudy high-velocity zones
Tkaléieeet a.(2002) used PKP (AB-DF), PKP (BC-DF) and PcP-P travel timedatato determine the
P velocity structurein the deep mantle and they discovered similar velocity perturbation patterns as
those gained from tomographic studies. For ingtance, the lower mantle structure beneath northern
Siberia shows up as digtinct seismic high-velocity anomaly in the tomographic studies (e.g. Inoue et
al., 1990, Fukao, 1993, M. Wysession, 1996, R.D. van der Hilst et d., 1997, Boschi et d., 1999,
Vaenzuda et a., 2000, Karason and R.D. van der Hilgt, 2001). Investigations of the lower mantle
beneath northern Siberia (e.g. Weber, 1993, Thomas, Ch., and M. Weber, 1997, Scherbaum. et al.,
1997, Freybourger, et a., 1999, 2001) show distinct P and Swave discontinuities or scattering
objects which may imply the presence of old subducted material. Arrival-time tomography also
indicates that dlabs may penetrate into the lower mantle and descend down to the CMB in some
regions of the globe (Creager and Jordan, 1986, van der Hilst et al., 1997). Kendal and Shearer
(1994) mapped the thickness distribution of D' usng SAS phases, which indicates that the areas
where SAS phases were detected are consistent with the high-velocity anomaous area in the
tomogram obtained by Su et a. (1994). Furthermore, the thickness of the D” layer detected by using
SdS phases is severd times that of the oceanic plates. If the high-velocity anomaies in the D” layer
are related to fragments of subducted dabs, this might imply that enormous megaliths exist in the
lowermost mantle.

Another possible cause for the D” layer is achemical reaction between iron aloysin the core and
silicates in the lowermost mantle. One possible chemica process in the D’ layer is the chemica
reaction of (Mg, Fe) SiO3; Perovskite with liquid iron to the MgSiO3, SIO,, and FeO and FeSi Metal.
In addition to the chemica heterogeneous structure, a phase transformation of SO, to a
high-pressure phase (Kingma et al., 1995) could cause seismic velocity anisotropy and a world-wide
discontinuity in the D” region.

It has generally been accepted that D" contains a thermal boundary layer at its base which
transmits about 10 to 15% of the Earth’s heat flow (Davies, 1980). Kendal and Shearer (1994)
proposed a relationship between the distribution of heterogeneities and the flow in the lowermost
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mantle. Jeanloz and Richter (1979) and Jeanloz and Morris (1986) suggested that the D” layer is a
therma boundary layer which is formed by heat flow from the outer core. Convection simulations
show that a thermal boundary layer should exist in the lowermost mantle (Jarvis and Pdltier, 1984).
Sidorin et a. (1999) tested a phase change model for the origin of the D" seismic discontinuity by
comparing the results of convection modeling with seismic observations. They found that one of the
best fits is obtained for phase transitions characterized by a Clapeyron sope of -6 MpaK™ and an
elevation above the CMB of -150 km under adiabatic temperature. Though there are alot of studies
on the origin of the D” layer, thisissue is still rather controversia and therefore one might suppose
that the D” layer is a complex structure combining many factors mentioned above.

15 Ultra Low Veocity Zone

During the past severd years, many observations using core-related phases such as ScP, PKP,
SKS or SPdKS led to the discovery of drastic local velocity reduction just above the CMB. These
recently discovered low-velocity layers a the base of the mantle yidld P- and S‘wave velocity
reductions exceeding 10 %, which corresponds to a thickness of 510 km for these layers (e.g.,
Garnero et al., 1993, Mori and Helmberger, 1995, Garnero and Helmberger, 1995, 1996, Garnero &t
al., 1998, Revenaugh and Meyer, 1997, Vidade and Hedlin, 1998). The velocity variations of such
low-velocity zones are much greater than those suggested by travel-time tomography, and this
gructure is therefore referred to as an ultra-low-veocity zone (ULVZ) (e.g., Garnero et d., 1993,
Mori and Helmberger, 1995, Garnero and Helmberger, 1995, 1996, Garnero et d., 1998, Revenaugh
and Meyer, 1997, Vidae and Hedlin, 1998). Extensive regions of such ULV Zs are found beneath the
central Pacific Ocean, Alaska, Iceland and Africa. However, other areas have been examined and do
not show evidence of this structure, suggesting either that it is not present or that it is less than afew
km thick. In the latter case, it may be seismicdly invisible to current analysis methods. In areas such
as the centra Pecific, the ULVZ shows significant lateral variations in thickness (Garnero and
Hemberger, 1996). ULVZs at the CMB are probably the most anomalous structures in the mantle
with S velocity reduced by up to 30 % and P-wave velocity up to 10 % (Garnero and Helmberger,
1996). Thomas et a. (1998) observed a reflected phase from a low-veocity lamellain D” which is
located at 282 km above the CMB with a thickness of 8km beneath Western Siberia

Partidd melt in the D’ layer reduces strongly the Swave velocity, which is considered the main
cause for ULVZs. However, a partidly molten layer is not sole cause for ULVZs. Thereis evidence
for a possible ULVZ which reduces only the P wave velocity under the Gulf of Alaska (Castle and
van der Hilst, 2000). This might indicate that the ULVZ could be interpreted as being a chemical
origin as well.
There is an intriguing correlation between the lateral variation of seismic wave velocity in the
lowermost mantle and the existence of ULVZs. Cadtle et d. (2000) indicated that the low-velocity
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anomdies in the lowermost mantle discovered through tomographic studies could be connected to
ULVZs, because the ULVZs were more often found in low-velocity zones than in high-velocity

zones in the lowermost mantle.

1.6 D” Anisotropy

Seismic anisotropy causes a hirefringence that splits the Swaves into orthogona polarizations
that travel with different velocities owing to organized mineralogical or petrographic fabrics.
Evidence of shear-wave anisotropy in the lowermost mantle offers additional constraints on the
nature of the region. Despite initial observations of time separations between radially and
transversely polarized corereflected shear waves (ScS) (Mitchell and Helmberger, 1973, Lay and
Helmberger, 1983), anisotropy was not considered as an explanation for the D” layer until the late
1980s. In an effort to explain the earlier observation, Cormier (1986) modeled the waveforms in a
transversely isotropic D” layer. Kendall and Silver (1996) indicated that a‘ graveyard’ for subducted
lithosphere could produce seismic anisotropy in the high-velocity anomalous region in the
lowermost mantle due to the velocity contrast between the lithospheric mantle and material that
formerly condtituted the oceanic crust. They obtained positive values (up to 5 s) of the difference
between the travel times of radial (S%) and transverse (S*') components of S or ScS waves. The
same observation was obtained for other regions of D’ beneath Alaska (Lay and Young, 1991,
Matzd et d., 1996, Garnero and Lay, 1997) and the northeastern Pacific (e.g., Vinnik et a., 1995,
Ritsemaet d., 1998). On the other hand, smaller values of travel-time difference, ranging from —2 to
+2 s, are observed for the D’ layer benesth the central Pacific, where the shear wave velocity is
relatively low (Pulliam and Sen, 1998, Ritsemaet al., 1998, Russdl et al., 1998). Vinnik et al. (1989,
1995) have reported D” anisotropy beneath the Pecific based on observations of anomalousy
high-amplitude SV diff arrivals at epicentral distances beyond 106 degrees. Vinnik et d. (1995) also
note that SV diff is delayed by roughly a quarter period and that it is higher in frequency content than
the SHdiff arrival. In contrast, Pulliam and Sen (1998) have observed that S/ScS on the radia
component arrives earlier than S/ScS on the transverse component, using Fiji events recorded on
gtations in south-central USA. Little evidence of S/ScS splitting was observed in the data from Fiji
events recorded in Canada which also map the central Pacific. Fiji events recorded in South America
suggest that D” benegath the southern Pacific is aso isotropic (Kendal and Silver, 1998). In separate
studies, Vinnik et a. (1998) and Russell et d. (1998) show evidence for a localized region with a
high degree of anisotropy, which they attribute to processes associated with the entrainment of
material towards the mid-Pecific hot plume. In summary, these observations suggest that the
anisotropy in the D" region beneath the Pacific varies in style and magnitude over relatively short

distances.
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1.7 Lateral Veocity Variation of the Lowermost Mantleand D” Discontinuity

According to recent tomographic work of the lowermost mantle (e.g. Inoue et a., 1990, Fukao,
1993, M. Wysession, 1996, R.D. van der Hilst et a., 1997, Boschi et d., 1999, Vdenzuda et d.,
2000, Karason and R.D. van der Hilst, 2001), there are a few global-scale lateral velocity patternsin
the lower mantle. Figure 1.1 shows a P wave veocity tomogram by Boschi and Dziewonski (1999)
and Figure 1.2 shows Swave veocity perturbations obtained by different recent studies. Some of
the most distinct festures are two large low-vel ocity anomalous regions beneath the western Pecific
and Africa, and one high-velocity region surrounding the Pacific Ocean. This can be recognized both
in P wave perturbation and in S-wave perturbation. This global pattern of seismic velocity anomalies
is condistent with the gravity distribution (Hager et a., 1985). Both P and Swaves beneath the
southwestern pacific region and Africa propagate a few percent (P-11%, S[2%) dower than in
other areas. This implies that the lower mantle beneath the southwestern Pacific and Africa can be
characterized as a distinguished lower R and Svelocity zone, which might be attributed to hot
plume generation. Romanowicz (1997, 1998) indicates the existence of a degree 2 pattern in Q
(Quality factor) in the lowermost mantle with high attenuation centered in the Pecific and under
Africa, surrounded by aring of low attenuation. This would suggest a thermal origin of the longest
wavelength lateral heterogeneity observed in the D” layer and would confirm the common
interpretation of the large-scale low velocities in the Pacific and under Africa in terms of upwelling
hot plumes. As far as low velocity regions in the lower mantle are concerned, Ritsema et al. (1999)
found evidence for a tilted low-velocity zone extending from the CMB region benesth the
southeastern Atlantic Ocean into the upper mantle beneath eastern Africa. Yamada and Nakanishi
(1996, 1998) suggest that there are short-wavelength lateral variations of a P velocity positive
reflector in the depth range of 270 km — 170 km above the CMB beneath the southwestern Pacific,
which is same area as covered in this study. Shibutani et a. (1995) aso found indications that there
may be velocity discontinuities in same region, but with a velocity jump of +1-2 % between 2600
and 2700 km. Studies using long-period S-waves for the central Pacific were carried out by Garnero
et a. (1993). They suggest a + 3% S-wave velocity discontinuity at 2700 km depth. Russell et al.
(2001) presented evidence for the coexistence of velocity discontinuities in both S and Pwave
velocity, whose increase are 1.7 % in S velocity and 0.75 % in P velocity, 230 km above the CMB
beneath the central Pacific. Ritsema et a. (1997) constructed a velocity model for the central-eastern
Pecific region (M1), which has a strong negative gradient with 0.5% reduction in shear-wave
velocity relative to the preliminary reference Earth model (PREM, Dziewonski and Anderson, 1981)
at 2700 km depth and 3% reduction at 2891 km depth and dight velocity reductions from 2000 to
2700 km depth with 0-0.5% lower velocities than PREM.

Analysis of reflected shear wave data reveds that ScS travel times are 35 s dower for PREM in
the D" region beneath the central Pecific. This may indicate that the gradient in structure reflects
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inflow and ascent of material feeding a plume (Russdll et a., 1999). All these seismologica studies
suggest that the lowermost mantle beneath the southwestern Pacific is a typical region with hot
mantle streams and corresponding seismic anomalous structures.

P wave velocity perturbation in the lowermost mantle

Latitude
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Longitude

-0.03 -0,02 001 000 001 002 003
dVp/Vp (depth=2700km)

(BDP98, Boschi and Dziewonski, 1999)

Figure 1.1 P-wave velocity perturbation at a depth of 2700 km. The perturbation data
were taken from Boschi and Dziewonski (1999). This velocity perturbation was calculated
with respect to the PREM model (Dziewonski and Anderson, 1981). Red zones indicate fast
P wave velocity anomalies and blue zones indicate low P wave velocity anomalies. The area
marked by a red line is the study area, where a distinguished low velocity anomaly is visible.
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Figure 1.2 S-wave velocity perturbation from various tomograms in the lowermost mantle.
Two panels for each model are displayed (S-waves): one centered on the central Pacific, the
other on the Atlantic Ocean. The red colors indicate belowaverage velocity, which may
indicate warmer regions. Blue colors indicate higher velocities, which might indicate colder
regions. [The tomograms were taken from Garnero (2000)]. In all tomograms, a distinguished
low-velocity zone can be seen in the southwestern Pacific region (the study area), where a
hot plume may be generated.
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2. Geological setting of the Tonga-Fiji Region and the Japanese Arc

The sources of this study are located in the Tonga-Fiji region and the receivers of this study are
located in the Japanese |dands. These two regions belong to the circum-Pacific subduction system.
The Pecific Ocean came into existence by the continental break-up of Gondwanaland a 600 —
700 Maand increasingly grew in size until 450 Ma (Hoffman, (1991), Dazidl, 1992). Since then, the
subduction has continued up to the present along most margins of the Pecific Ocean.

2.1 Tonga-Fiji Region

The Tonga-Fiji region forms a part of the circum-Pacific subduction system where the dab
penetrates into the uppermost lower mantle. Specifically, trenches exist pardld to the idand arcs,
which are bow shaped and convex toward the trenches and have a margina sea on the other side.
There are many active volcanoes on the idands. Seismicity is very high, many deep earthquakes
occur, and where one plate is thrust over the other, the shear causes great earthquakes a shallow
depths. Below this region, earthquakes are systematically distributed within the subducting plate and
form an inclined Wadati-Benioff seismic zone which may extend for severa hundred kilometersinto
themantle. Terrestrial heat flow is low on the trench side of the idand arc and high on the back-arc
basin side.

Zhou et al. (1990), Zhao et a. (1997) and van der Hilst (1995) found indications in the P-velocity
models which suggest that the subducted dab is dipping from the Tonga Trench and then deflected
horizontally near the 660-km discontinuity. The long, horizontally deflected dab imaged by the
P-wave tomography is consistent with the horizontal spread of a fast anomaly in the transition region
in the long-wavelength Svelocity models by Su et d. (1994) and Li et al. (1996). Subduction of the
oceanic plate has continued up to the present for most regions around the Pacific (Fukao, 1994). Niu
and Kawakatsu (1995) derived the depth variation of the 660-km discontinuity beneath Tonga by
using S-P converted waves, and Kawakatsu and Niu (1994) have reported that a mid-mantle seismic
discontinuity exists at a depth of about 920 km beneath Tonga. This might indicate that the structure
beneath the Tonga-Fiji region is controlled by subducted dabs and the discontinuity represents the
bottom of the subducted slabs' garnet layer.

2.2 The Japanese Idands Arcs
The Japanese Idands region is located above a typical subduction zone of the circum-Pecific region
and can be recognized by the existence of the Wadati-Benioff seismic zones. These zones were
recognized as an expression of the Pacific plate subducting beneath the Eurasian plate.

Many tomographic studies have probed the seismic structure beneath Japan (e.g. van der Hilst et
al. (1991), Fukao et a. (1992, 1994), van der Hilst (1993)). According to these studies, the deflected
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dab beneath Japan is clearly seen in P-velocity models as a fast velocity anomaly. Nakajima et al.
(2001) estimated the three-dimensiona velocity structure of P, S, and P/ S velocity ratio, and their
results suggested that partial melting under northeastern Japan spread out from the uppermost mantle
along the volcanic front up to the midcrust directly beneath active volcanoes Moho depth in the
centra part of northeastern Japan varies within 10 km (Nakgjima et a., 2002). They suggest that the
Moho depth is approximately 34 km beneath the central part of northeastern Japan, while the Moho
depth is about 30 km beneath the coastline of the Japan Sea and 27-29 km beneath the coastline of
the Pecific Ocean. Many of the above-mentioned studies on the structure under the Japanese Idands
portray the crustal and upper mantle structure beneath Japan as rather complex.

2.3 Source and receiver regions

As mentioned above, both sources and receivers are located in rather complex structural regions.
A cross section adong the greet circle path that connects the source region and the receiver region is
shown in Figure 2.1. The whole geometry for the source region in the Fiji Idands, the receiver
region in the Japanese Idands and the study area is shown in Figure 2.2. In both Figures a low

velocity zone can be recognized around the PcP (reflected P wave from the CMB) bounce points.

P wave velocity perturbation
in the cross-section Fiji-Japan
(BDP98, Boschi and Dziewonski,1999)
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Figure 2.1 A typical ray path of PcP (500 km source depth and 70 degrees epicentral
distance) is plotted in the vertical cross-section between the Tonga-Fiji region and Japan,
where P-wave velocity perturbation by Boschi and Dziewonski (1999) is shown in the
background. The ray path was calculated based on the IASP91 model. A distinguished
low-velocity zone can be recognized in the lowermost mantle near the PcP reflection points.

17



Receiver-Source Geometry
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Figure 2.2 Geometry of the sources (circles), stations (triangles) and the area containing
the three-dimensional grid points used for the migration. Also shown are the theoretical
bounce points of PcP and ScS (crosses) and the great circle path (solid line) between the
center of gravity of sources in the Tonga-Fiji region and that of the stations of the J-Array
and the Hi-net in Japan. The ellipse marked by FZ indicates the Fresnel zone at the CMB
for a P wave whose dominant period is 2 s. P wave velocity perturbation by Boschi and
Dziewonski (1999) is indicated in the background. The study area is located at the edge of
the distinct low-velocity zone in the lowermost mantle.
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3. Data

3.1 J-Array

When Japanese government launched a project for earthquake prediction in 1964, microseismic
networks were set up in different regions of Japan, which formed the basic network for the JArray.
Theterm "JArray" stands for "Japanese large-aperture seismic array" and "J' represents the shape
of the Japan Idands. In 1990, the J-Array was founded as a part of the “Central Core of the Earth”
project and can be described as a giant telescope aimed at the Earth’'s interior. This project was
designed to distinguish signas of teleseismic earthquakes from background noise by amplifying the
signals through array methods. When the JArray project started, it consisted of severa seismic
networks operated by universities and national institutions for earthquake prediction. The JArray
has been maintained by eight universities (Hokkaido University, Hirosaki University, Tohoku
University, University of Tokyo, Nagoya University, Kyoto University, Kochi University, and
Kyushu University) and two ingtitutions (Japan Meteorologica Agency and National Research
Ingtitute for Earth Science and Disaster Prevention). In December 1992, the Okinawa Weather
Bureau of the IMA (Japan Meteorological Agency) was included in the network, turning the JArray
into a large-aperture short-period seismic array whose dimensions measure 3000 km in length along
the Japanese |dands and 300 — 500 km in width (J-Array Group, 1993).

Since May 1991, the JArray has continuously recorded digital waveform data at a sampling rate
of 20 Hz. The number of seismic stations was 161 at the time of the project launch in May 1991 and
grew to 218 by December 1992. The saismic dtations include more than 200 vertical component
stations, most of which have seismometers with the natura frequency of 1Hz, but there are few
horizontal component stations in the JArray. The distribution of the JArray stations is shown in
Figure 3.1. One of the advantages of using a large seismic array for detecting later phases is that
thanks to the array's size spanning 3000km and the large station number, the effects of the
heterogeneities beneath the individual stations cancel out. Thisis very beneficia since the crust and
upper mantle structures beneath Japan are rather inhomogeneous as discussed in section 2.2,

The J-Array was an attempt to form a single Japan-wide array by collecting and combining the
data collected within each network. The trigger method, which starts recording data after the
seismometer senses an earthquake, is apt to miss weak signals originating from the Earth's deep
interior, such as those which arrive at stations more than 20-30 minutes after the P-onset time. In
order to detect weak later phases, it is necessary to record seismic data continuoudly. The goal of the
J-Array project was to view the detailed structure of Earth's deep interior.

3.2 Hi-net
The other large seismic array used in this study is Hi-net (High Sensitivity Seismograph Network)
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installed by the National Research Ingtitute for Earth Science and Disaster Prevention (NIED). The
original purpose of Hi-net was to determine the location of micro-earthquakes that occur in the
inland of Japan. Since micro-earthquakes in the inland of Japan often occur in a depth range less
than 15-20km, it was necessary to ingal highly sensitive seismometers a the bottom of
observational wells in the region where the level of artificial noise is quite low. The basic policy was
to deploy seismic stations with an interval of 20 km and to give priority to filling the observationa
blank spaces throughout the Japanese Idands. Since September 2000, the data have been available
for various seismological studies. The Hi-net is aso very suitable for searching wesk phases
originating from Earth’s deep interior due to its high sensitivity and dense station distribution. There
are more than 500 stations dong the Japan Idands equipped with a three-component seismometer
with 1 Hz eigenfrequency. The distribution of Hi-net stations is shown in Figure 3.1. In comparison
with the distribution of the JArray stations, the distribution of Hi-net stations is relatively uniform.

Distribution of J-Array and Hi-Net stations
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Figure 3.1 This map shows the station distribution used in this study. The J-Array
stations are indicated by green triangles and Hi-net stations are represented by red
triangles. The JArray consists of more than 200 stations with vertical seismometers, and
the Hi-net consists of more than 500 stations with three component seismometers with an
eigenfrequency of 1 Hz.

3.3 Deep Focus Eventsin the Tonga-Fiji Region

12 deep-focus events in the Tonga-Fiji region used in this study were recorded by the JArray and
the Hi-net in Japan. Events with magnitudes greater than 5.5 (mb) were sdlected to get clear P-wave
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and Swave arrivals and events with a depth exceeding 350 km were selected to avoid contamination
by depth phases such as pP and sP (reflected or converted phases from the Earth’'s surface). Depth
phases have relatively large amplitude and usudly include longer periods in comparison with direct
P-waves due to atenuation in the upper mantle above the hypocenters. The hypocenters are
distributed between 367 km and 655 km. The distribution of the events used in this study is shown in
Figure 3.3.

Source mechanisms of these events are shown in Figure 3.2. If a nodal plane happens to lie
between P (S) and PcP (ScS), the polarity of either P (S) or PcP (ScS) would be reversed, which can
be a serious problem for the Double Array stacking process. Since the polarity of PcP could vary
among the events, the summation process for PcP or later phases could not work effectively.
Fortunately, there is no event for which the noda plane lies between P (S) and PcP (ScS) and P (S)
and PcP (ScS) have the same polarity (see Figure 3.2). The total number of selected data from both
arrays is 2017 P-wave traces and 863 Swave traces. The source parameters of al events are shown
in Table 1 in Appendix 6.

EVENTI EVENTS EVEMNTY

=
F
- ¥ &
!
|
.
EVENTZ EVENTG EVENTII
3 O r
EVENT2 EVENT? EVEMTII
1 O :
EVENTY EVENTE EVENTI2
‘ r ' - .
®r Pof
- J=zrmy [Hi=rwzt

Figure 3.2 This figure shows beach balls representing the source mechanisms of each event
in Fiji-Tonga region. The ray angles of each P and PcP phase are plotted by red circles and
light green circles, respectively. Note that the nodal planes do not lie between P and PcP for
all events, which means that P and PcP phases have the same polarity.
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Figure 3.3 Distribution of the events used in this study. Parameters are taken from Engdahl
(1998) for J-Array data and Harvard CMT solution catalogue for Hi-net data. All 12 events
are deep focus earthquakes (>350 km) and their magnitudes are greater than 5.5 mb. The
upper diagram shows the horizontal event distribution indicated by stars and the lower map
shows the event distribution in the vertical cross section indicated by stars. In the lower
map, the take-off angles for P and PcP are indicated by the arrows.
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4. Observations
4.1 Characterigtics of PcP (ScS) and PdP (SdS) Phases

In teleseismic seismograms, PcP phases (the reflected P-wave from the CMB) can be observed
about 15t0 25 s after the direct P onset time in the epicentral distance range of about 70 degrees.
These relative travel times aso vary with respect to event depth. Though amplitude varies with
epicentral distances, PcP phases have rdatively large amplitude among the later phases such as PcP,
PKP and PKiKP, and can contain useful information about the CMB and the lowermaost mantle.
Typical ray paths of P and PcP waves are shown in Figure 4.1.

In the case of Swaves, ScS phases (the reflected Swave from the CMB) can aso be observed
about 30t0 40 s after the direct S onset time at the same epicentra distance. Since Swaves cannot
propagate through the outer core, the reflection coefficient of SH wavesis 1.0 for all incident angles
(Figure 4.3). Therefore, ScS amplitude is usualy larger than that of PcP phase. XS phases, which
penetrate the CMB, propagate in the outer core as Pwaves and incident into the mantle again,
appear just before the ScS phases. If there is no anisotropic structure in the medium, SK'S phases can
be recognized only on the radia component. Example seismograms for P and PcP phases (J-Array
data) and S and ScS (Hi-net data) are shown in Figure 4.2.

Detection of the D" discontinuity involves observations of PdP and SdS phases, the waves
reflected at a discontinuity in the D” layer. PdP (SdS) phases show up between P (S) and PcP (ScS)
phases both in travel time and in slowness (see Figure 4.1 and 4.2). Depending on the epicentral
distance, these phases correspond to different wavefield interactions with the D” discontinuity. If the
D" layer is a high veocity zone, the following is true: At distances less than 70 degrees, PdP and
SAS are smple reflections off the discontinuity. This is called pre-critical reflection. At greater
distances PdP and SdS involve two separate phases, reflection off the D" discontinuity and
refraction just below the discontinuity, respectively. Before the crossover distance of about 80
degrees (for an earthquake with a depth of 600 km), the two different phases arrive between P (S)
and PcP (ScS). For most distances less than the cross-over point, these two phases arrive too close in
time to be distinguished from each other and therefore appear as a single ariva. At greater
epicentral distances these phases become increasingly separated. Most studies on the D’ reflection
phases use observations of the composite PdP (SdS) phases at the epicentral distance between 65
degrees and 80 degrees. If the D' layer is a low veocity zone, the way of refraction begins to
change; namely, the refracted wave becomes steeper than theincident wave.

In this sudy, the composite PdP and SdS phases were andyzed in the epicentral distance range
between approximately 60.8 and 75.0 degrees. Therefore, the station-event geometry in this study is
suitable for searching for the PdP (SdS) phase. One of the differences between PdP and PcPisthat a

change in the waveform occurs for PdP due to phase shifts at an epicentral distance of more than
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about 70 degrees at a positive velocity discontinuity, while P and PcP waveforms do not change at
the same distance.

It is important to consider how PdP and PcP reflection coefficients are changing in proportion to
an increase of the epicentral distance. The reflection coefficients of PP and PcP (ScS and SdS) are
shown in Figure 4.3. In the epicentral distance range of 70.0 degrees, for instance, the incidence
angle a the CMB or a the depth of the D' layer reaches approximately 73 degrees, where the
reflection coefficient of PdP (in this case the reflected wave from a discontinuity with —1 % velocity
contrast) starts to increase, while that of PcP is decreasing. In the epicentral distance range used in
this study (from about 60 to about 75 degrees) the polarity of PcP and PdP is congtant; however, the
polarity of the PdP phase is reversed in comparison with that of PcP if the PdP reflects at a negative

discontinuity.
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Figure 4.1 Ray paths for P (direct wave), PdP (reflected wave at a discontinuity in the
lowermost mantle) and PcP (reflected wave at the CMB). The source depth is 500 km and
ray paths were alculated based on the IASP91 model by the Xgbm program (Davis and
Hensen, 1993).
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Band-pass filtered data (2-5s)
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Figure 4.2 Examples of observed seismograms. The upper P-wave seismograms are taken
from the J-Array (Event 1) and the lower S-wave seismograms are taken from Hi-net
stations (Event 8, for the source parameters see Table 1 in Appendix 6). A Butterworth
band-pass filter (2-5s for P-wave and 5-10s for Swave) was applied to the seismograms for
both P- and S-wave data. PcP and ScS phases can be recognized near the theoretical travel
time curves of PcP and ScS, though the amplitude of PcP and ScS are much smaller than
those of the direct P- and S-waves.
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Figure 4.3 Reflection coefficients versus ray angle for a down going P-wave and SH wave
incident on the CMB and on discontinuities with 1% and —1% velocity contrasts at a depth of
2650 km. The magnitude of the reflection coefficient (amplitude) and the change in the
phase angle are plotted by the blue and red solid lines, respectively. To produce these
graphic diagrams the program REFTRA .F written by M. Weber was used.
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4.2 Fresnel Zone and Resolution

The ray theory is valid only in the high frequency limit, which results in a limit for the latera
dimensions or vertical irregularities of the reflectors that can be detected with waves of a certain
wavelength. As a rule of thumb, vertical dimensions are only detectable if they are greater than a
guarter of the sgna wavelength. When evaluating horizontal dimensions of reflectors, the Fresnel
zone (Hilterman, 1982) has to be sken into account. In a certain area of a reflector, where travel
time differences of reflected waves are within half of the dominant period of the signd, the energy
from this area interferes constructively. This area is defined as the first Fresnel zone (Sheriff, 1984)
and the lateral resolution therefore depends on the size of the Fresndl zone. The long axis of the
Fresnel zone lies dong the direction of wave propagation, i.e., it is aigned with the great circle path
between source and receiver. This long axis measures approximately 360 km and the shorter axisis
approximately 190 km at the CMB in the case of a Pwave whose dominant period is 2 s at the
epicentral distance of 70 degrees. In the sourcereceiver geometry of this study, the azimuth is
around 135 degrees, in which case the Fresnel zone would be enlarged in the direction of NW-SE.
The shape of the Fresnel zone for 2s dominant period P-wave can be seen in Figure 2.4.

4.3 Depth Phases pP and sP

In the teleseismic seismogram, the depth phases (reflected or converted waves a the Earth’s
surface) have relaively large amplitude in comparison with the later phases like PcP and PdP. The
pP phase is relatively complex in comparison with the direct P-wave owing to multiple phases from
the sedimentary layers and structures in back-arc basins which contribute additional energy to the pP
coda (e.g. Engdahl and Kind, 1986, Wiens, 1987). After the arrival of the pP phase, sP phases appear
in the seismogram. Most depth phases in the observed data contain lower frequencies than that of the
direct P-wave signd because the short period signals lose energy when they propagate through the
relatively heterogeneous upper mantle and reflect at the surface where attenuation is very strong. In
the case of deep focus earthquakes which occur in the area deeper than the lithosphere, the depth
phases propagate in the heterogeneous region of the upper mantle two times. Thisis one of the main
causes for the lower frequencies of the depth phases. If the depth phases such a pP and its coda are
used for the analys's, the detectable region in the lowermost mantle is increased (Weber, 1993). The
depth phases in the data observed from deep-focused events in the Tonga-Fiji region, however, have
waveforms which are too complicated to identify the phases coming from the lowermost mantle.
Therefore, the depth phases were not analyzed in this study.
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5. Theory of Array Methods
5.1 Introduction

To identify anomalous phases originating in the lowermost mantle, I applied two methods. Since
seismic wave propagation in heterogeneous media is normally very complicated, anomalous phases
can involve various wave types such as reflected waves, scattered waves, diffracted waves and
converted waves. This study focuses on two different types of waves. These are reflected waves
(reflection at a plane discontinuity) and scattered waves (isotropic point scattering). If a
large-aperture seismic array is employed for stacking process, slant stack, which uses only slowness
information, is not enough to resolve phases originating from the lowermost mantle, because the
plane wave approximation is not valid due to the curvature of the Earth’s surface. It is therefore
necessary to calculate theoretical travel times for the reflected waves or scattered waves in a global
Earth model by using a ray-tracing program. In this study the IASP91 Earth model (Kennett and
Engdahl, 1991) was used as a reference velocity model. The IASP91 model is one of the recently
developed refined models based on the ISC catalog for 1964-1988 with a better fit to the observed
travel time data (Kennett and Engdahl, 1991). When the theoretical travel time is calculated, the
effect of the elliptical shape of the Earth leads to travel time variations ranging from 0.0 s to 0.5 s.
Variation of the altitude of the stations from about 0 m to about 3000 m above sea level also
influences the travel time of the direct P (S) wave and PcP (ScS) waves, with corresponding travel
time differences reaching a maximum of 0.5 s. The incidence angles of P and PcP on the receiver
side are very similar to each other, however, such that both P and PcP are influenced by the altitude
differences in almost the same way. Therefore, the effects of the altitude variation of the stations on
the travel time differences between P (S) and PcP (ScS) cancel out and can be neglected in the

analysis.

5.2 Double Array Beamforming

Although receiver array techniques are widely used for detection of both local and global structure
in the Earth's interior, it is not very common to employ source arrays and teleseismic data to
investigate the lowermost mantle. Due to the reciprocity theorem for Green’s functions, clusters of
sources can be used as a source array (Spudich and Bostwick, 1987). The signals from an array of
sources can be interpreted as if they originated at the station and were recorded in the source region.

A Double Array Method has been set up analogous to the Double Beam Method (DBM) (Kriiger
etal., 1993, 1995, 1996). The general scheme of the DBM is shown in Figure 5.1. If the size of both
arrays (receiver array and source array) is small (less than 300 km x 300 km), standard array
processing techniques based on plane wave approximations (such as vespagram or
frequency-wavenumber analysis) are adequate. It is possible to detect azimuthal deviations for

short-period reflected phases, which can have a large effect on the estimation of the depth of
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discontinuities in the lowermost mantle. In the case of the large array used in this study, whose size
exceeds 300 km x 300 km, it is necessary to calculate the travel times including the effect of the
Earth's curvature.

If the aperture of both arrays is large, it can happen that the crustal and upper mantle structure is
very different within the aperture of one array such that in turn, their effect on travel time cannot be
neglected. If the DAM is applied to a large array, it is necessary to estimate the effect of lateral
heterogeneities in the upper mantle and crust beneath both arrays.

To construct double beams, both the source and receiver configuration are integrated. First of all,
the theoretical travel times of the scattered waves or reflected waves are calculated based on the
standard Earth Model (IASP91 in this study) for a certain combination of station and source (see
chapters 5.3 Reflected Wave Beamforming and 5.4 Migration for details). Subsequently, for each
station of the receiver array the traces are shifted with respect to the theoretical travel time and
summed up in the usual way to form a source array beam for a specific phase (Kriiger et al., 1996).
In the second step, the theoretical travel time is calculated for each station in the receiver array, and
the source array beams are shifted with respect to the theoretical travel time and summed up to form
a double beam. Compared with a single receiver array, the enhancement factor of the DAM using a
source array of the same aperture as the receiver array is larger by a factor proportional to VK, where
K is the number of sources. It is one of the most advantageous aspects of the DAM that the effect of
heterogeneous structure beneath the source array region can be reduced by using many sources, in
which case only common phases between source array and receiver array, such as lower mantle
phases, are enhanced.

In order to form source array beams, the waveforms of the different sources must have the same
shape and the source parameters, such as origin times, coordinates and depths of the sources, must
be well known. One of the technical problems in the source array beamforming derives from
inaccurate origin-time information, causing serious travel time miscalculations. These uncertainties
are often of the order of 1 s for teleseismically located events (Kriiger et al., 1996). The origin times
should therefore be avoided in the processing of the DAM.

In order to use a source array for the extraction of weak signals from the lowermost mantle, the
travel-time errors caused by many factors mentioned above must be minimized as much as possible.
One quarter of the signal's dominant period can be considered as a safe boundary for an acceptable
error, which means that the shifting times of the traces should be accurate to within 0.5 s for
short-period (dominant period of 2 s) arrivals. Errors in the source depth or deviations of the medium
velocities from the global model below the source array are additional sources of travel-time errors.
This problem is important when natural earthquake clusters are used as a source array. Using relative
travel times between P and later phases such as PdP or SdS will help to reduce these travel time

errors. Tests on the effects of source mislocation regarding travel times will be discussed in the
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chapter 10.5.

The source parameters have been taken from Engdahl et al. (1998) for the J-Array data set,
because their hypocenter determination was significantly improved by using the arrival times of
PkiKP, PKPdf , in addition to regional and teleseismic P and S phases, as well as the teleseismic
depth phases such as pP, pwP, and sP in the relocation procedure. For the relatively new events of the
Hi-net data set, Engdahl’s source parameters are not published yet, so the source parameters for

Hi-net data set have been taken from the Harvard CMT solution catalogue.

Receiver Array

Receiver
YAVAVAVAN
Source
Double Beam Configuration
Receiver
YAVAVAVAN
Sources

Figure 5.1 This schematic diagram shows a scheme for the Double Beam Method (DBM)
(Kruger et al., 1996). The upper diagram represents a conventional receiver array
configuration and the lower diagram represents Double Beam configuration. By the
simultaneous stacking of many events the resolution is increased significantly.

5.3 Reflected Wave Beamfor ming (RWB)

In the reflected wave beamforming method (hereafter RWB), it is assumed that all reflected waves
propagate along the great circle paths and that the seismic structure of the lowermost mantle is
laterally homogeneous in the local area of the bounce points of PdP (reflected waves from
discontinuities). A schematic diagram for the RWB is shown in the upper panel of Figure 5.2.

Potential plane discontinuities were defined in the lowermost mantle at vertical intervals of 5 km in
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the depth range from 3000 km (about 110 km below the CMB) to 2300 km. The program (LAUFZE)
by J. Schweitzer was used for calculating the theoretical travel times. For each discontinuity,
theoretical travel time tables were calculated based on the IASP91 model (Kennett and Engdahl,
1991). Then the theoretical travel times for the corresponding epicentral distance of each
source-station combination were calculated by an interpolative procedure. For the depth range
beyond the CMB (2889 km depth) in the outer core, the velocity structure of the lowermost mantle
(2740 km - 2889 km) in the IASP91 Earth model was extrapolated and extended. The reason of this
extension is that the depth of the CMB is not always consistent with the theoretical one (2889 km in
the IASP91) and can vary up to 20 — 30 km in the resulting image due to undulation of the CMB or
anomalous velocity structure somewhere within the mantle. Another advantage of introducing this
expanded artificial lower mantle in the depth range of 2889 km to 3000 km is that a vertical (depth)
resolution of the CMB in both directions can be estimated as a reference for the D” seismic

discontinuity. A stacked seismogram DB (t, g) calculated with the RWB can be expressed as,
_ 1 M bs. heo.(PdP -
DB(t,g) = m Zi=1 S (t = (TOP) + THoPPP)yy

where M is the number of traces, S; is the i-th trace, T°bsi is travel time of maximum amplitude peak
for direct P-wave, T"°P%P). is the theoretical travel time difference between P and PdP. With this
method, the area of PcP or PdP reflection points can be sampled for each depth. Based on the
theoretical travel time differences between direct P-waves and waves reflected at the plane
discontinuities in the lower mantle, the energy of the reflected waves from the plane discontinuities
was calculated by using stacking techniques. The amount of the reflected energy can be estimated by
this method and the resulting values may indicate where anomalous structures, such as a
discontinuity in the lowermost mantle, might exist. This method is similar to the method used by

Yamada and Nakanishi (1996, 1998).
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Refl ected wave beamfor mi ng
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Discontinuity
CMB
Migration
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Event

Scattering points

Figure 5.2 The upper sketch shows a scheme for the Reflected Beam Method (RBM) and
the lower one shows one for the Migration Method. In the RBM all rays obey the Snell’s law,
however most rays do not obey Snell’s law in the Migration Method.
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5.4 Migration

Many different migration techniques have been widely used for detecting small-scale
heterogeneities in Earth’s interior. For instance, Revenaugh (1995) applied the Kirchhoff migration
method to short-period seismic data in order to investigate the upper 200 to 300 km of the mantle
beneath southern California. Castle and Creager (1999) used a waveform migration technique and
Nth root stacking (Muirhead, 1968) to image scatterers in the lowermost mantle at depths of
1000 km.

In this study, a full waveform migration similar to Freybourger et al. (2001) was applied to the
data from the deep-focused events in the Tonga-Fiji region. A schematic diagram for migration
method is shown in the lower panel of Figure 5.2. First, a grid point was set on the CMB (2889 km
depth) at the center of the study area, which is located in the middle between the sources and
receivers. Starting from this, a grid was set up with an interval spacing of 20 km in both N-S
direction and W-E direction. The total number of grid points in this area was 1681. Subsequently, the
same grids were added in the depth range from 2950 km to 2500 km with a vertical interval of
50 km, thus defining a volume of potential point-like scatterers in the lower mantle. The theoretical
travel time between the source and a grid point Tso(j) and the theoretical travel time between a grid
point and a station Tst(k) were first calculated based on the IASP91 model. The travel time ScatT(j,
k) of the scattered waves that propagate from the source to a specific grid point, are scattered there

and finally arrive at J-Array or Hi-net stations, can be expressed in terms of the following equation:

ScatT(j, k) = Tso(j) + Tst(k), 5.1

where so(j) is a set of J sources and st(k) is a set of K receivers. In order to calculate the
theoretical travel time differences between the direct P-waves and scattered waves, the theoretical

travel time of the direct P-waves was subtracted from the travel time of scattered waves.

T(scat-p) = ScatT(j: k) - Tp(jsk)’ (52)

where T(scat.p) is the theoretical travel time differences between the direct P-waves and scattered
waves and T,(j,k) is the theoretical travel time of the direct P-waves.

The grid sampling is chosen with respect to the dominant period of the signals so that the
travel-time difference between the wave scattered at two neighboring grid points is smaller than the
dominant period of the signals. Since the dominant period of the filtered data range from 1-10 s, a 20
km lateral interval spacing of the grid points is chosen, whose corresponding travel-time difference

varies approximately from 0.1 s to 2.0 s in the whole scattering volume.
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For the depth slices deeper than the CMB (2889 km depth) actually occupied by the outer core,
the velocity structure of the lowermost mantle (2740 km - 2889 km) in the IASP91 Earth model was
extrapolated to a depth range from the CMB to 2950 km using the same procedure as employed for
the RWB. After calculating the theoretical travel time of the scattered waves, scattering energy from
each grid point can be estimated by stacking all traces, after shifting them with respect to the
theoretical travel time for each grid point, assuming isotropic point scattering.

Theoretically, it would be possible to produce a scattered wave by volumetric anomalies whose
sizes are larger than A/4 (A is the wavelength). The dominant period is about 2.5s for band-pass
filtered data (2-5s) and about 8s for band-pass filtered data (5-10s), so the size of detectable
scattering volume should be larger than about 7 km and about 30 km, respectively. However, the
amplitude of the scattered waves is so small that the observation of such scattered waves at the
surface of the Earth is actually not possible.

If the waves are incident on a large object compared with the wavelength, the incident waves
would be scattered on the surface of the object. In general, total scattering or reflection takes place at
the boundary between two transparent media when a ray in a medium of higher index of refraction
approaches the other medium at an angle of incidence greater than the critical angle. In such a case,
the scattering waves in the lowermost mantle can be observed at the Earth’s surface with the
migration method. One of the advantages of the migration is that three-dimensional structure such as
dipping plane or plane having a large amount of curvature could be detected. This migration method
used in this study is closely related to ‘double beam migration’ used by Scherbaum et al. (1997),
Kaneshima and Helffrich (1998) or Freybourger (2001).

5.5 Subarrays

The lateral extension of both receiver arrays J-Array and Hi-net is quite large and it is therefore
not suitable to use all array stations for the detection of more regional and local structures in the
lowermost mantle. If all array stations are used for the analysis, the structural image of the lower
mantle is smoothed in the area of the bounce points, which is suitable for detecting structures of
larger scale. Due to the large number of traces, it is possible to divide the whole array into several
smaller arrays called ‘subarrays’ in order to acquire a higher lateral resolution. The whole array was
divided into 19 subarrays, each with a lateral extension of 5 degrees in latitude and longitude (see
Figure 5.3). The projection of one subarray aperture at the CMB reaches 300 x 300 km and the
lateral extent of the whole array corresponds to 770 km length at the CMB. These subarrays allow to
more clearly delineate lateral variation of the smaller-scale structure (-100 km) in the D” layer and
undulation of the CMB. Since the density of the J-Array or Hi-net stations is not uniform, the
number of stations included in a subarray differs, resulting in resolution differences between the

subarrays. On the whole, there is a higher concentration of stations in the middle region of the whole
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array as compared with the northern and southern part of the array. Since the receiver array is shaped
like an arc in NE-SW direction, the shape of the area sampled by the different subarrays is also
arc-like, yielding, in effect, a cross section in the D” layer.

The physical meaning of “values” in the RWB with subarrays and migration are different from each
other. While a grid point in the migration represents point scattering energy from the grid, a value in
the RWB contains all energy of the reflected wave at a certain depth in a subarray. Since the
reflected points extend in a certain area determined by the distribution of the receivers and sources,
the value in the RWB with subarray is sensitive to regional plane anomalous structure. Another
aspect of the differences between the migration and the RWB using subarrays is that all rays obey
the Snell’s law in the RWB, while almost no rays can be traced by Snell’s law in the migration. If
anomalous structures have a plane surface, the RWB is suitable for detection of anomalous phases
from this kind of anomalies. If anomalous structure contains a scattering volume, the migration is

more suitable.

Distribution of the Subarrays

Latinude

I | — 1
131k} 152k | 4l 1431 130k

Longitude

Figure 5.3 The distribution of the subarrays used in this study is shown. The aperture of
each subarray is about 5 by 5 degrees and the Japanese Islands are covered by 19 subarrays.
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5.6 Bootstrap Method
In order to estimate the confidence of the results obtained with the RWB method, a bootstrap
algorithm was applied to the observed data (Efron and Tibshirani, 1986). The bootstrap method is

generally performed by the following steps: The original data set can be written as
X =(X1,X2,X3," * * * Xp), 5.2)

where X; is the original data value and X is the original data set. In the next step, a new data set
called bootstrap sample is produced. The bootstrap sample is defined as a random sample of size N,

which is the number of the original data. The bootstrap sample can be expressed as
Xb = (Xblyxb27xb35 T an)’ (b:152939‘ e B) (53)

where x’; represents bootstrap data points, X" is the bootstrap sample (data set) and B is the number
of the bootstrap sample. Afterwards, a statistic probability is calculated by using each bootstrap

sample, which can be expressed as
0(b)=S(X") b=123,c - - B, (5.4)

where S is an operator obtained through statistic probability from the data set (here a group of the
traces). Subsequently, the confidence of the statistic probability (=0) is estimated for the original data
set. This algorithm was applied to the RWB method to estimate the stability of the results.

For this purpose, data sets (bootstrap samples) were devised by selecting stations from the original
data set at random, permitting repetition. The number of stations in the bootstrap sample must
correspond to the number in the original data set. The number of the bootstrap sample is 300 in this
study. Calculations using the RWB were carried out for each bootstrap sample, and then the mean
values and standard deviations were calculated. The result of the bootstrap analysis will be described

in the Results chapter.

6. Coherence M easurement
6.1 Introduction

There are several coherency measures well suited for enhancing weak seismic signals. In order to
detect small amplitude phases, it is necessary to reduce unexpected noise and amplify coherent
phases without distorting the original information about the fine structure. One of the important
aspects is how to extract coherent phases from relatively noisy data. To do so, several different

coherency measures were applied to the data and to synthetic seismograms.
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PWSEM Beam

AN

Semblance

Beam

Phase stack ‘\/X,/

Figure 6.1 Four different coherency measures are shown using a PcP beam (using Event 2).
The first trace (the lowermost one) is the Phase stack c(t), the second one is a normal
amplitude beam, the third one is the semblance s(t) and the fourth one is ‘Phase Weighted
Semblance Beam’' (PWSEM Beam) used in this study. PWSEM Beam can be obtained by
multiplication of the three coherency measures (Phase stack, semblance and beam).
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Figure 6.2 These synthetic seismograms show how an application of a Gaussian function to
the corresponding time window reduces wave energy which does not arrive at the expected
travel time. The lowermost trace is a Gaussian function with 4s length. The trace 1A arrives
at the theoretical travel time (0 s in this case) and the traces 2A and 3A arrive with time
difference of 2s and -2s relative to the correct travel time, respectively. The trace 1B, 2B and
3B were constructed by multiplication by the Gaussian function to the traces 1A, 2A and 3A.
This shows that the energy of 2A and 3A was reduced, while the energy of 1A remains.

6.2 Linear Stack

The most classical array method is the linear stack in which the seismograms are simply summed
up. In the linear stack, however, it is difficult to distinguish phases whose amplitude is relatively
large but not consistent through all the traces from coherent small phases, because the linear stack is
easily influenced by the dominant amplitude of incoherent signals. An example of a linear stack

using a PcP phase is the trace labeled ‘Beam’ in Figure 6.1.
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6.3 Beam Power
The beam power (BP) can be obtained by squaring each data value in a specific time window

producing the sum as the following equation:

U 2
f,"(t-1)

Beam (t) = MT, (6.1)

where M is the number of stations used for the analysis, fj; (t-T ) is the waveform of source j at the
i-th station and T is shift time with respect to corresponding grid point or depth.

The beam power is sensitive to energy of waveform rather than it’s coherency. In the analysis, the
beam power values are taken from the maximum beam power in each time window. This actually

corresponds to the energy of the waveform at a certain time and always assumes positive values.
6.4 Semblance

Another classical coherency measure is the semblance (Taner and Koehler, 1969) which is defined

by the following equation:

] =, g, (6.2)

where M is the number of stations used for the analysis, fj (t-T ) is the waveform of source j at the
i-th station and T is shift time with respect to corresponding grid point or depth.

S(i) is the first data sample in the time window and e(i) is the last one in the time window
estimated from the duration of the PcP beam (the stacked waveform with respect to PcP phases). S(i)
corresponds to the theoretical travel time of the scattered or reflected waves. The semblance is the
power in the beam divided by M times the total power in the traces fjj. The semblance function
varies in the range 0 <S <1. A semblance value of 1 means that the waveforms are perfectly
coherent and a semblance value of close to 0 means that the waveforms are very incoherent, both of
which rarely happens in reality. A semblance value of 0 can only occur in the case of M— oo. The
semblance value is not completely independent of the amplitude information of the waveform, and

we must take into consideration that the semblance includes not only coherency information but also
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amplitude information. An example of semblance using a PcP phase is the trace labeled ‘Semblance’

in Figure 6.1.

6.5 Phase-Weighted Semblance

In order to isolate the reflected and scattered waves in a better way, the Phase-Weighted Stack
technique (Schimmel and Paulssen, 1997) was applied to the data set. The Phase Stack c(t) is
defined by the following two equations (6.3) and (6.4), where Z(t) is a complex trace, S(t) is the
original trace, H(t) is the Hilbert transformation of the original trace, A(t) is the envelope of the
original trace, M is the number of stations and 0(t) is called the instantaneous phase (Bracewell,

1965).

Z(t) = s(t) +iH (s(t)) = A(t) exp{iO(t)} (6.3)

c(t) = MI—ZM exp( 1O (1)) (6.4)

I=1

The Phase Stack c(t) carries no amplitude information and can be considered as an
amplitude-independent measure of wave field coherency. As mentioned before, the semblance S
(defined in the equation) is a slightly amplitude-dependent measure of coherency. If the wave field
shows perfectly similar signals with differing amplitude, the semblance value will be decreased (see
Eq. 6.2). This means that the semblance is in some sense a stricter coherency measure than the Phase
Stack. These two different coherency measures were multiplied and this function was defined as

"Phase Weighted Semblance" (PWSEM) (Kito and Kriiger, 2001) :

1 M
v

J=1

ei) H% f”.(t—T)EZ
_ _ iSsumH = U

PWSEM (t) = S(t) [(t) = s ™
My Y -

j=s(i) 1=1

(6.5)

exp( 19 (1)

Additionally, the Phase-Weighted Semblance was multiplied by the beam power corresponding to
each grid point or each discontinuity respectively in order to be able to amplify the difference
between weak signals and noise.

A Gaussian function was used to weight the PWSEMBP (Phase-Weighted Semblance beam
power) in the time window used for the calculation of the PWSEMBP in order to reduce the energy
in the time window which does not arrive at the correct theoretical travel time. The advantage of the

application of the Gaussian function can be seen in Figure 6.2. A typical dominant period in the
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deconvolved data, 4 s, was chosen as the time window length. An example for a PWSEM beam
using a PcP phase is the trace labeled ‘PWSEM Beam’ in Figure 6.1. Using this new function, the

resolution of RWB or migration was considerably improved.

7. Data Preprocessing

In this chapter the data processing for P- and S-waves will be described in detail. Except for the
rotation process and different band-pass filters, the same data processing was applied to both P and S
waveform data. Therefore, first the rotation process for the S-waves will be described, followed by

an explanation of the common data preprocessing.

7.1 Rotation Processfor S-wave Data

The S-wave data (N-S and E-W components) were rotated to get transverse and radial
components, and the transverse component was used for the analysis. In the transverse component, S
and ScS waves are clearer as compared to those on the radial component. SKS phases appear
between S and ScS phases for the distance range used here, but in theory they carry no energy on the
transverse component if there is no seismic anisotropy in the media along the ray path of SKS phases.
This is an advantage of using the transverse component because SKS phases can disturb weak
signals from the lowermost mantle. As compared with the P-wave data set, S-wave data are
relatively noisy and have a low signal-to-noise ratio. It is not possible to observe the direct S-wave
clearly before data filtering (see also Figure 7.4). After the rotation process, only traces with good

signal-to-noise ratio were chosen.

7.2 Common Preprocessing for P- and S-Waves
Under rather general assumptions, the spectrum of the teleseismic P-wave signal of each station

W(mw) can be modeled as the product of different spectral factors:

Wi(®) = S(w) * B(w) * Ri(®) * (o), (7.1)

where S(m) represents the source time function, B(®) is the attenuation spectrum of the mantle,
Ri(w) is the response of the crust and the uppermost mantle just beneath stations, I; (®) is the
instrumental response of a station, i is the station index and ® is the angular frequency. The
attenuation factor of the mantle B(w) along the ray path from the source to the upper mantle beneath
the array is almost identical across the whole array. This is because geometrical spreading and
attenuation in the mantle are not drastically changing in the epicentral distance range of teleseismic
events. Therefore, this factor can be regarded as constant throughout the J-Array and the Hi-net. The

source time function S(w) can also be considered to be a constant quantity, even for the large
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aperture J-Array and Hi-net, because the range of take-off angles of rays at the source is small (see
Figure 3.3 and Figure 4.1). Therefore, the amplitude variation due to the radiation pattern and the
directivity of rupture propagation can be neglected, unless ray directions are very close to the
P-wave nodal plane. Ry(®) is normally different for each station and is influenced by local structure
beneath the stations. The recording systems including the seismometer of the J-Array and Hi-net are
not fully calibrated, so some uncertainties regarding instrumental responses persist.

In a first processing step, all direct P-waves (S-waves) were manually picked with respect to the
maximum peak of P signals, and mean values of each trace were removed from all traces in order to
compensate for different absolute values in the seismograms. There were some traces in the J-Array
whose polarities are reversed, but after the traces were multiplied by —1, those traces were also
suitable for the analysis. An instrumental deconvolution was applied to the data to amplify
longer-period energy. Subsequently, a 2-5s acausal band-pass filter (for P-wave) and a 5-10s
acausal band-pass filter (for S-wave) were applied to remove high- and low-frequency noise. After
these procedures, all traces were aligned with respect to the theoretical travel time of direct P-waves
(S-waves) in order to remove the travel time residual caused by heterogeneities in the upper mantle
and crust beneath both source and receiver arrays. At this point, a summation was applied to all
traces with respect to the P onset time (S onset time) in order to create a ‘P beam’ (‘S beam”), which
is the common portion of waveforms across the array and contains the source time function, the
mantle response, and the averaged response of the receiver structure. The spectrum of the P beam

can be expressed as:
N
W(0)™™ = (1/N)* Z Wi(w) = S(0)* B(w) * R(0)™*™F(0)™*" (7.2)
1=1

where N is the number of stations used for stacking, and R(®)™*™ and F(®)™*™ represent the average
responses of the crust and uppermost mantle structure beneath the array and the average instrumental
responses including the band-pass filter, respectively. Next, all the traces were deconvolved with the
P beams of each corresponding event in order to remove the complexity of source time functions and
the mantle response. The deconvolved waveforms DW(w) can now be expressed by the following

equation in the frequency domain:
DW; (@) = Wi (0) / W(0)™" = R; (0) / R(@)""", (7.3)
which indicates that the deconvolved traces consist of relative differences in responses of the

near-receiver structure and the instrument since the source time function S(w) and the attenuation

factor of the mantle B(w) were cancelled by the deconvolution.
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As the spectral holes of W(®)*™™ in the denominator might cause artificial peaks in the
deconvolved traces, it is necessary to apply the water-level method (Clayton et al., 1976) to stabilize

the deconvolution process. By using the water-level method, DW; (@) can now be defined as:

DW; (0) = {W; (0)* W(0)™™/ ®(0) } *G(o), (7.4)
where
O() = max{ | W(@)**"|?, emax | W(0)™*"|?} (7.5)
and
G(0) = exp(-0°/4a’), (7.6)

where W(©)™™™ denotes the complex conjugate of W(w)™*™

and c is the water-level parameter
which determines the minimum allowable spectral amplitude of the denominator. The water-level
parameter ranges from 0 to 1.0. If the water level c is a large value, DW; (®) becomes stable, but
detailed features in observed waveforms that would contain important information on anomalous
structures in the Earth’s deep interior disappear in DW; (). In this study, 10° was taken as a
water-level parameter c. The low-pass Gaussian filter G(®) is used to exclude high-frequency noise
and to control the frequency range. After the deconvolution, a 2-5 s acausal band-pass filter (for
P-wave) and a 5-10s acausal band-pass filter (for S-wave) were applied to remove high- and
low-frequency noise generated by the deconvolution processes.

Normalization has been applied in order to suppress the amplification of the amplitude of signals
due to the crustal structure and site effects beneath the stations. All traces were normalized by the
maximum amplitude of the P-waves. As the result of these procedures, the waveforms became very
simple, so that the stacking was effective for the whole data set. Example seismograms are shown in
Figure 7.2. and 7.3 for P-waves and in Figure 7.4 for S-waves. Although it is not possible to see
directly in each trace how later phases like PcP were simplified by the deconvolution, it can be
assumed that the PcP wavelet in each trace probably became simpler as well, because the PcP beams
after deconvolution show simple waveforms which are very similar to each other (see Figure 7.1).

Since large aperture seismic arrays are used, the shift time t can be quite large. Therefore it can
happen that the direct P-waves (S-waves) appear in the time window which is used to extract the
weak signals coming from lowermost mantle. Since the direct P-waves (S-waves) have much larger
amplitude than the later phases, the P-waves (S-waves) can disturb the weak signals originating from

the lowermost mantle. In addition to the direct P-waves (S-waves), P coda (S coda) can also disturb
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the later phases. Therefore, the P-wave (S-wave) was removed by subtracting the P beam (stacked
P-wave of the deconvolved traces after alignment on the P-wave onset) of each event from each
trace, respectively. P coda (S coda) should also be removed by the subtraction process more or less,
because P coda (S coda) has almost the same slowness as that of the direct P-wave (S-wave).

In spite of the subtraction of the direct P-wave (S-wave) and a substantial part of the P coda (S
coda), some P coda (S coda) remains in the traces from which the P beam was subtracted. This P
coda may not be coherent throughout all the stations, but may be generated by more regional crustal
structures just beneath the stations. In order to reduce this remainder of the P coda (S coda), a taper
with the first half of a Gaussian function was applied to the time window between the P-wave onset
time and 10 s after the P-wave, and the time window between the S-wave onset time and 20 s after
the S-wave. In the time window between 20 s and 40 s after the P-wave, which is where signals from
the lowermost mantle appear, relatively large amplitude coda is conspicuous in some traces although
only traces with good signal-to-noise ratio have been selected. Since this can also disturb the
extraction of small signals from the lowermost mantle, the traces whose coda's amplitude maximum
exceed 50 % of the direct P-wave (S-wave) amplitude in the time window of 35 - 40 s after the
direct P-wave or in the time window of 70 - 80 s after the direct S-wave, have been removed from
the analysis.

Furthermore, it must also be taken into consideration whether or not the P-waveforms and PcP
waveforms have the same polarities. If the polarity of PcP is reversed with respect to P due to the
focal mechanism, the polarity of the scattered wave can also very likely be reversed for a subset of
the seismogram. This, in turn, poses a serious problem to the Double Array Migration method. In

these data sets, all PcP beams show the same polarities as that of the P beams (see Figure 3.2).

PecP-beams for each event
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Figure 7.1 PcP beams for each event after the deconvolution. All traces are aligned with
respect to the peak of PcP. Note that the PcP waveforms are very similar to each other.
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Examples of seismograms (Eventl J-Array)

Raw data Band-pass filtered data (2-5s)
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Figure 7.2 P-wave example records of an event from the J-Array (Event 1) sorted by
increasing epicentral distances aligned on the P-wave onsets. The upper left seismogram
indicates the raw data, the upper right one is the data deconvolved by the instrument
response of the seismometers and is then band-pass filtered in a 2-5s band (Butterworth
filter of order 3). The lower left panel shows the traces deconvolved by the source time
function. All traces are aligned on the P-wave peak and each trace is normalized for itself.
About 20s after the P arrivals weak PcP onsets can be seen. The solid lines indicate the
theoretical travel time of PcP calculated for the IASP91 model. Note that the arrival times of
the PcP phases vary along the epicentral distance with respect to IASP91.
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Examples of seismograms (Event 10 Hi-net)

Raw data Band-pass filtered data (2-5s)
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Figure 7.3 P-wave example records of an event from the Hi-net data (Event 10) sorted by the
epicentral distance. The seismograms are aligned with respect to the P-waves. The solid
lines indicate the theoretical travel time of PcP phases. The source time function in this
event is relative long and rather complicated. It can be clearly seen that the complicated P
waveforms are simplified by the deconvolution procedure.
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Examples of seismograms (Event 8 Hi-net)

Raw data Band-pass filtered data(5-10s)
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Figure 7.4 Example records of an event from the Hi-net (Event 8) sorted by increasing
epicentral distances for S-waves (transverse component). The solid lines indicate the
theoretical travel times of ScS. The data are processed in the same way of P-waves except for
the rotation process in order to get the transverse and radial component. A 5s-10s band-pass
filter was applied. ScS phases are visible after the S arrival.
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7.3 Sour ce and Receiver Corrections

Though the travel time residuals due to the heterogeneities both beneath the source side and receiver
side were corrected by an alignment procedure of direct P-waves, it is still difficult to isolate the
effect of heterogeneities beneath the receiver side from that of the source side. In order to know the
travel time residuals of source side and receiver side separately, the relative travel time residuals for
each subarray and for each event were estimated. First, PcP-P travel times relative to the theoretical
one were measured for each subarray and each event. The fluctuation of the relative travel time
residuals with respect to subarrays can be considered a receiver-side effect. The fluctuation of the
PcP beam for each event can be regarded as a source-side effect. Thomas and Weber (1997)
estimated travel time residuals in a similar way. They calculated the average value of the relative
travel time residuals AVEAT,.. (one event at all stations) and the average values of all events for one
station AVEAT,,,. What makes the method used in this study different from their method is that
subarrays were used instead of single stations. In general, an observed travel time of P-wave T is

written by the following equation:

TP = TP(theo) + ATP(sou) + ATP(re:s) + ATP(mantle),

where Tpneo)is theoretical travel time for P-wave, ATpsoy) is travel time residual for P-wave in the
source region, ATp.s) is travel time residual for P-wave in the receiver region and ATp(mane) 1S travel
time residual for P-wave caused by the mantle structure. In the same way as P-wave, an observed

travel time of PcP wave is written by the following equation:

Tpep = Trepctheo) T ATpepsony T ATpepres) T ATpep(mantle),

where Tpep(iheo) 1S theoretical travel time for PcP wave, ATpep(son 15 travel time residual for PcP wave
in the source region, ATpcpues) is travel time residual for PcP wave in the receiver region and
ATpcp(mantic) 1 travel time residual for PcP wave caused by the mantle structure. Therefore, the travel

time difference between observed PcP wave and P (Tpp - Tp) is written by the following equation:

Teep - Tp = {Tpeptheo) T ATpcpsony T ATpcpires) T ATpepmante)) — {Tpctheo) T ATpouy T ATpges) T
ATp(mantie)}

= { Tpep(theo) = Tr(theo)} T {ATpcpisouy = ATpowy) T {ATpcpres) = ATpgres)t T {ATpcpmantie) -
ATp(mantie)}
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The second term corresponds to travel time residuals of PcP — P in the source region (source
correction) and the third term corresponds to travel time residuals of PcP — P in the receiver region
(receiver correction). These travel time residuals should be estimated respectively. The average

travel time residuals of all subarrays for each event were calculated by the following equation:

MS

RES .. (],i)

RES avesource (I) == MS > (7.7)

where RES5(j,1) is observed travel time residual of each event for each subarray, RES,esource(1) 18
average travel time residual of all subarrays for each event and MS is the number of subarrays (19).
These average values, RES, yesource(1), contain all effects along the P and PcP wave ray paths and the
effect of the source mislocation (mantle and source region). In order to remove the source related
effects these average values were subtracted from the observed residuals (see Eq. 7.8). Subsequently,
average residuals of all events for each subarray were calculated to extract the common fluctuation

of all events with respect to a specific subarray by the following equation:

i {RES obs ( ja I) - RES avesource (I )}

RES , (j) == Y , (7.8)

where RES;,;,(j) is average travel time residual in each subarray using all events with the source
effect correction and M is the number of events. RES,(i) can be regarded as travel time residuals
almost only influenced by the lateral heterogeneous structure beneath the receivers without
containing the effect of the sources and their surrounding areas (receiver correction). These travel
time residuals were added to the theoretical travel time to correct for the different influences of the
structure beneath the receiver region. The same procedure was applied for S-wave. In Figure 7.5 the
RES;(j) for PcP-P and ScS-S travel time residuals are shown. On the left hand side of Figure 7.5,
corresponding to the northern part of the whole array, the relative travel-time residuals increase,
indicating that the structure in the crust and upper mantle beneath the northern part of Japan is
different from that of the southern part of Japan. These relative travel time residuals for P-wave and
S-wave range from —0.48 s to 0.24 s and from —1.67 to 0.68, respectively. S-wave residuals vary
more drastically than those of P-waves. However, the tendency of the curve for both P- and S-wave
is roughly similar.

In addition to the travel time correction of the upper mantle and the crust in the receiver region, it is

necessary to correct travel time residuals caused by heterogeneous structure in the vicinity of the
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source region. This correction (source correction) is expressed as the following equation:

M

RES avesource (I )
=1

RES source ( J) = RES aversource (i) - - M 1 (7‘9)

where RESgouce (j) is the source correction for each event. In principle, the second term in the
equation 7.9 corresponds to the effect of the mantle structure, especially the effect of the lowermost
mantle. In other words, the source correction is equal to the travel time fluctuations of PcP beams
after the general time delays caused by the lower mantle are subtracted from the PcP beam delay
times in each event with respect to IASP91. The RES,uc. (j) (travel time fluctuation of PcP beams)
were added to the theoretical travel time as a source correction. In Table 7.1 the RES ;. (j) for P
and S are shown. The effect of the application of these two travel time corrections will be seen by
comparing results in Figure 9.6a-c in the chapter 9.3 of Results from RWB (using Subarrays) and

results in Figure 1Aa-c in Appendix 5.

Event Source residuals (P-wave) Source residuals (S-wave)
1 0.24 No data
2 0.18 No data
3 0.40 No data
4 -0.02 No data
5 0.30 No data
6 -0.14 No data
7 0.03 No data
8 -0.19 0.70

9 -0.19 No data
10 0.38 -2.38

11 -0.54 1.7

12 Not visible No data

Table 7.1 The fluctuations of the travel time residuals for PcP-P and ScS-S in each event,
which were applied as a source correction.
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PcP-P (ScS-S) difference travel time residual
for each subarray
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Figure 7.5 RESsun(j) are plotted as average PcP-P and ScS-S travel time residuals (see Eq.
7.8). The vertical axis indicates the relative travel-time residuals between the theoretical
and observed value. PcP-P residuals are indicated by blue line with diamonds and ScS-S
residuals are indicated by orange line with diamonds. These travel time residuals for each
subarray were applied to the observed data as an upper mantle and crust in the receiver
region (receiver correction).

8. Synthetic Tests

Synthetic seismograms were calculated in order to confirm the method applied to the observed
data and in order to apply a quantitative constraint to the observed anomalous structures. Synthetic
seismograms were caculated using the program REFGREEN, which is a modification of
REFSEIS.F written by J. Ungerer (1990). The calculation is based on the reflectivity method (Mdller,
1985) and the IASP91 Earth model was taken as a reference vel ocity model.

8.1 Calculationof Synthetic Seismograms

First, Green's functions for each trace were calculated and then combined to displacement
seismograms. The source mechanism was taken from the CMT solution (Harvard CMT Catalogue).
Due to the limitation of computation time, the sampling rate of the synthetic seismograms is 10 Hz
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while that of the observed seismograms is 20 Hz. The deviating sampling rate, however, has no
effect on the analysis. 2 s was chosen as the duration of the source time function. Since the observed
seismograms were velocity data, the synthetic seismograms were differentiated to obtain velocity
seismograms.

The distribution of the stations used in the synthetic calculations is the same as that of the observed
seismograms. Since only information of the epicentral distances between sources and receivers is
used for the synthetic seismograms, the effect of the Earth’s ellipse was not taken into account. After
the synthetic seismograms were caculated for al 12 events, noise was added to the synthetic
seismograms in order to better match the synthetic seismograms to the observed ones. The noise was
obtained from the seismogram portion before the Rwaves (S-waves) in the observed data. The
seismic data before the Rwaves are assumed to contain white noise filtered by the instrumental
response of the seismometers. The amplitude of the added noise is approximately 5% of tha of
P-waves (S-waves). The dtenuation model (Q-model) and density model were taken from PREM
(Dziewonski and Anderson, 1981). Examples of synthetic seismograms are shown in Figure 8.1 for
P-waves and Figure 8.2 for Swaves. Noticeable features are that the waveforms are smpler than
those of observed seismograms and that the amplitude of the PcP and ScS phases is relatively larger
than those of observed seismograms. These are very likdly due to the relatively simple mode in
IASPO1 in comparison with the complexities at the CMB region and crustal structures in the real
Earth.

8.2 Analysis of the Synthetic Seismograms

After the synthetic seismograms were ca culated, the same processing steps used to process the real
data were also applied to the synthetic seismograms. Since the synthetic traces are broadband
seismograms, the instrument deconvolution was not applied. The rest of the processing for the
synthetic seismograms is the same. See chapter 7 (Data preprocessing) for a detailed description.
After the same processing was applied, the waveforms of the synthetic seismograms became similar
(see Figure 8.3).

In order to test the method described in the chapters 5 and 6, the RWB and the migration were
applied to the calculated synthetic seismograms. The results are shown in Figure 8.4a, Figure 8.4b
and Figure. 8.4c for P-waves and in Figure 8.5a, Figure 8.5b and Figure 8.5¢c for Swaves. Thered
zones at the depth of the CMB (2889 km) indicate he PcP energy and the PWSEMBP has the best
resolution among the three different coherency measurements. The reason for the relatively low
resolution in PWSEM is due to the relatively simple waveforms of the synthetic seismograms,
because the PWSEM s sensitive only to similarity of the waveforms. On the other hand, PcP energy
is imaged in the standard beam with quite high resolution, because the beam is very sendtive to the

amplitude of the waveforms. The dight change of the width of the red zones from left to right, which
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corresponds to vertical resolution, is due to the number of traces in each subarray. The more the
number of traces increases, the more the width of the PcP energy zones becomes narrow. In the case
of Swave, the aliasing effect of ScSis stronger than that of PcP. The results of the migration method
are seen in Figure 8.7a, Figure 8.7b and Figure 8.7c. PcP energy is focused at the depth of 2889 km,
but its diasing effect is visble in every depth range. This diasing effect of PcP must be
distinguished from reflected waves or scattered wavesinthe D" layer.

A —1% velocity discontinuity was introduced at the depth of 2650 km in order to see how the
synthetic velocity discontinuity is imaged by the RWB and the migration. Figure 8.5a, Figure 8.5b
and Figure 8.5¢ show the results in the RWB, and Figure 8.8a, Figure 8.8b and Figure 8.8c show the
results for the migration. In both methods the energy of the reflected waves from the synthetic
velocity discontinuity are clearly visible amost at the same levd.

In order to examine the lateral resolution in the RWB method, synthetic seismograms with a
discontinuity with 1% negative P-wave velocity contrast a the depth of 2650 km were calculated.
This synthetic discontinuity produces reflected waves that reach only the stations west of Long. 137°
West, while for the other stations a modd (IASP91) without a discontinuity was used. The same
process as was used for the observed data was applied to this synthetic data set. The result indicates
that the trandition zone between the area with discontinuous structure and the area with standard
velocity modd (IASP91) is visible in the subarray 12, 13 and 14 in Figure 1A in Appendix 1, since
the P-wave velocity in the zone between the introduced discontinuity at the depth of 2650 km and
the CMB (2889 km depth) is reduced by 1%, it is reasonable that the depth of the CMB in the
eastern part of the area is depressed by about 20 km. The resolution in the middle areais higher than
in the remaining area due to the higher station density.

In Figure 8.7ac the results of synthetic test in the migration method are presented. Figure 8.8ac
show the results using the synthetic seismograms for the IASP91 model which contains a —1%
velocity discontinuity at the depth of 2650 km. A comparison of both results suggests that the
introduced veocity discontinuity shows up in the center of the ‘PcP diasing ring a the
corresponding depth.
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Examples of synthetic seismograms

Raw data Band-pass filtered data (2-3s)

-1
=]

70,0

%
=

=
L
=

o
~
[=

Emicentral distance( degree)
o
&
(=]

-100 0.0 00 200 300 400 500 -100 00 100 200 300 400 500

Time(s) Time(s)

Deconvolved data Data after P beam subtraction
P

=]
]
=

(=]
B=]

&
= =

Epicentral distance{ degree)
(=) =5
&
=] (=]

2]
LA
L=

=100 0.0 0.0 200 300 400 300 -100 0.0 100 200 300 400 500
Timels) Timel(s)

Figure 8.1. Examples of synthetic seismograms. The procedure applied to the synthetic
seismograms is same as that for the observed seismograms except for the instrumental
deconvolution which was not applied, because the synthetic data are broadband data sets. In
comparison with the observed data P and PcP waveforms are relatively simple and PcP
phases are clearer than the observed ones. The source depth is 569.3 km and source
parameters such as strike, dip and slip (14,49,138) were taken from the Harvard CMT
solution catalogue (Eventl J-Array, see Table 1).
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Examples of synthetic seismograms

Baw data Band-pass filtered data(5-10s)
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Figure 8.2. Synthetic seismograms for Swave in the transverse component. Theoretically,
there is no SKS phase on the transverse component, if there is no anisotropic structure
along the ray path. The amplitude of ScS is rather high, because the reflection coefficient of
the SH phase at the CMB is nearly 1. The source depth is 655.7 km.
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PcP and ScS beams in a subarray (sub. 10)
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Figure 8.3 PcP (2-5s) and ScS (5-10s) beams for observed seismograms and for synthetic
seismograms in a subarray. Noise from the observed data was added to the synthetic data.
All waveforms are aligned at the time of 0.0. Note that the waveforms of PcP and ScS are

very similar, if the observed data and synthetics are compared.
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Figure 8.4a The coherency measure, PWSEMBP is shown in the vertical cross section in
the RWB method using synthetic seismograms. The horizontal axis indicates the subarrays
and the vertical axis indicates the depth. The left side of the panel corresponds to the
northeastern part of the study area and the right side of the panel corresponds to the
southwestern part of the study area. The horizontal scale of the mapped area is about 770
km at the CMB. In the upper diagram in each figure the number of the traces which were
used to calculate the coherency measures in each subarray are shown. The coherency
measure is plotted in a logarithmic scale.
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P wave (PWSEM)
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Figure 8.4b same as the Figure 8.4a, but for PWSEM.
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Figure 8.4c same as the Figure 8.4a, but for BP.
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Figure 8.5a PWSEMBP for P-wave synthetic data with a —1 % velocity discontinuity at the
depth of 2650 km.
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Figure 8.5b same as the Figure 8.1A.a, but for PWSEM.
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Figure 8.5¢ same as the Figure 8.1A.a, but for BP
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Figure 8.6a same as the Figure 8.4a, but for S-wave.
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Figure 8.6b same as the Figure 8.4b, but for S-wave.
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Figure 8.6¢ same as the Figure 8.4c, but for S-wave.
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Migraton (PWSEMBP): P wave synthetics Migration (PWSEM): P wave synthecs
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Figure 8.7a Figure 8.7b

Figure 8.7a-c Double Array Migration indicated by various coherency measures (PWSEMBP,
PWSEM and BP) by a logarithmic scale with synthetic seismograms to which real noise was
added. The 2017 synthetic seismograms correspond to exact same paths as the observed
data.
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Migration (PWSEMBP): P wave synthetics Migration (PWSEM): Pwave synthetic
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Figure 8.8a Figure 8.8b

Figure 8.8a-c Double Array Migration indicated by PWSEMBP values (logarithmic scale)
with synthetic seismograms which involved a discontinuity of —1% velocity contrast at a
depth of 2650km with three events.
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9. Reaults

9.1 Results using the RWB method

As the synthetic tests show (Figure 8.4a-c and 8.5a-C), the three different kind of coherency
measures, PWSEMBP, PWSEM and BP contain different information on the characteristics of the
weak phases from the D” layer. PWSEM can indicate where anomalous structures exist independent
of its velocity or density contrast. BP can mainly represent the intensity (or Energy) of the phases
from anomaous structures. PWSEMBP is a combination of these two different aspects. These
guantities will be the basic information on the character of anomalous structures, which were
acquired by the three different coherency measures.

In the RWB method using the whole array (JArray and Hi-net), anomal ous regions can be detected
in the depth ranges from 2510 km to 2530 km (hereafter PdP1) and from 2620km to 2650 km
(hereafter PdP2), and at 2800 km depth (hereafter PdP3) in the frequency band of 2-5s (Figure 9.14).
In order to resolve smaler scae heterogeneities and larger scale heterogeneities, data in the
frequency band of 1-2s and 5-10s were aso analyzed. In these frequency bands, the anomalous
peaks can be visible, but the depths of the anomalous regions are dightly different. In Figure 9.1b
there are 4 peaks except for PcP Phases, but it is not clear that al pesks are reflected waves from
velocity discontinuities in the D” layer. The third one may be an diasing or just noise in the
frequency band of 1-2s because this peak is not recognizable in the other frequency bands and in the
S-wave. In the frequency band of 5-10s, only one peak is recognizable at a depth of 2550 km. Due to
alower resolution in this frequency band, the two discontinuities are not isolated.

The increase in the Phase-Weighted Semblance Beam Powers (PWSEMBP) vaue a about
2400 km depth can originate from P-coda energy (crustal reverberations) which has not been
reduced by the P subtraction process and taper. The PdP/PcP amplitude ratio corresponding to the
maximum peak of the PdP reaches 0.12. In any frequency band, it can be recognized that the
apparent depth of the CMB is dightly shifted. Figure 95 shows that PCP phases are delayed with
respect to the IASP91 modd, which is the cause of the general depression of the CMB. Figure 9.3
shows stacked waveforms for the anomalous region. The polarity of PdP1 and PdP2 is clearly
reversed relative to PcP, which is strong evidence that these PdP phases are produced at negative
discontinuities in the lowermost mantle. It is impossible for a positive velocity jump to produce a
reversed polarity for the reflected phase (Weber, 1994). Shibutani et al. (1995) suggest that the
discontinuities beneath the southwestern Pacific have a positive velocity contrast. However, if the
results of the recent tomographic studies are taken into account, it is reasonable that the
discontinuities in the low velocity anomalous zone have a negative velocity contrast beneath the
southwestern pacific region where distinguished lower velocity anomalies exist.
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The travel time delay of the PcP phases are probably due to the lower mantle anomalous structure,
but the origind depth of PdP phases, which are less influenced by the low velocity zone, should be
determined more accurately. One question is why there are three discontinuities in the same area. As
Yamada and Nakanishi (1998) have pointed out, there are considerable short-wavelength latera
heterogeneities in this area. As regards the two discontinuities at a depth of 2520 km and 2650 km,
one of the possible reasons could be that the height of D” is suddenly changing from about 2520 km
to about 2650 km in the sampling area (PcP reflection points), which could produce two reflected
waves at different depths.

PWSEMBP peaks can be found in the case of the Swave (SdS phases). Figure 9.2 shows the SAS
phases in the depth between ca 2540 km and ca. 2600 km. Due to a lower resolution and larger
effect of the low-velocity zone in the case of the Swave in comparison with the P-wave, the
discontinuities are not clearly distinguishable, and the observed discontinuities a a depth of about
2850 km are deeper by about 50 km in comparison with the observed P-wave discontinuities (PdP3).

The amplitude of PdP1 and PdP2 is approximately 10 % of the PcP amplitude and the amplitude
of PdP3 is approximately 15 %. According to atheoretical calculation of the reflection coefficients
for seismic velocity discontinuities in the D' layer and the CMB at the epicentral distance of 70
degrees, an approximately —0.5% veocity contrast is enough to produce the observed amplitude of
the PdP1 and PdP2 phases. The amplitude of PdP3 is significantly larger than those of PdP1 and
PdP2. Because the discontinuity at 2800 km depth has positive velocity jump (see Figure 9.3), the
reflection coefficient is larger than that of a negative discontinuity with the same velocity jump.
Therefore, the velocity contrast of the discontinuity at the depth of 2800 km is amost same as those
of PdP1 and PdP2.

In the case of Swave, the amplitude of SAS is approximately 20 % of the ScS amplitude. This
reguires an about —2% Swave veaocity jump in the D' layer. This velocity jump value is relative
small compared to the seismic discontinuities with a few % velocity contrasts found in other aress.
This might indicate that the low velocity discontinuities at the top of the D" layer or in the D” layer
beneath the southwestern Pacific contain a relatively gradua transitiona velocity structure rather
than a sharp velocity jump on the top of the D’ layer, while the wavelength in the lower mantle
limits the width of the discontinuities to being not much larger than &/4, approximately 8 km at the
dominant frequency of 2.5 sfor P-waves (Richards, 1972).

Kito and Kriiger (2001) showed that seismic energy is reflected at two negative discontinuities near
2550 and 2650 km by using only J-Array data covering the same sample region in the D' layer.
When the Hi-net data set was added to the previous JArray data, the depths of the discontinuities
have stayed at almost the same positions in comparison with the result of Kito and Kriiger (2001).
However, the amplitude ratio between the two PdP phases has changed dightly (see Figure 9.1a-9.1c
and Figure 5 in Kito and Kriiger (2001)). A possible explanation for the dight different shape of the
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PWSEMBP curve between the results of Kito and Kriiger (2001) and those of this study might be
three-dimensional effects somewhere in the mantle or crust due to dlightly different station
distribution of both arrays. Another possible reason could be a systematic difference of source
parameters between Engdahl et al. (1998) used for JArray events and Harvard CMT solution
catalog used for Hi-net events. The source parameters from Engdahl et a. (1998) do not exist at this
moment because only relatively new events were available from Hi-net (see aso Table 1 in
Appendix 6 for al event parameters). The necessary accuracy of the source parameters will be
discussed in the chapter 10.5 (Midocation of events and other problems).

69



PWSEMBP (2-5s)
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Figure 9.1a PWSEMBP for each depth. The graph in the lower diagram is normalized by
PcP energy and the upper diagram shows the magnification of the lower graph. PcP and PdP
phases are clearly seen. The PdP phases correspond to the energy from about 2520 km depth
(PdP1), about 2650 km depth (PdP2) and about 2800 km depth (PdP3), respectively.
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PWSEMBP (1-2s)
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Figure 9.1b same as Figure 9.1a, but for the frequency band of 1-2s.
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PWSEMBP (5-10s)
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Figure 9.1c same as Figure 9.1a, but for the frequency band of 5-10s.
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PWSEMBP (S wave)
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Figure 9.2 S-wave PWSEMBP from each synthetic discontinuity with Hi-net data by the
RWB. The values are normalized by the maximum energy of ScS. The resolution of the
S-wave data is lower than that of short period (1-2s or 2-5s) P-wave data. Note that the
depths of the discontinuities are almost same as those of P-wave.
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Figure 9.3 Stacked waveforms at depths of 2520 km (PdP1), 2650km(PdP2), 2800km (PdP3)
and 2910km (PcP) are shown in the upper panel and stacked waveforms at depths of
2550km, 2850km (SdS) and 2960km(ScS) are shown in the lower panel. Note that the
polarity of the PdP1 and PdP2 phases (negative) is reversed with respect to those of PdP3
and PcP. The polarity of SdS phase at 2550 km is also reversed with respect to those of SdS
at 2850 km depth and ScS.
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9.2 Resultsfrom Bootstrap Analysis

Figure 9.4 shows the results of the bootstrap analysis for the observed data. In this case the number
of bootstrap samples, which are equivaent to the groups of traces, is 300. The solid lines indicate the
mean values for dl bootstrap samples for each depth. Standard deviations at each depth are indicated
by error bars. Though the lower boundaries of the standard deviation are close to Q the shape of the
original PWSEMBP value curve fits the results of the bootstrap samples, indicating that the origina
PWSEMBP curve was not produced by noise by chance, but represents the energy of the PdP phases
with a reliable vaue. It is notable that the three pesks corresponding to the PdP1, PdP2 and PdP3
carry over into the result of the bootstrap analysis, which suggests that the PdP phases are not sgnds
generated by random noise.
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Bootstrap Test (PWSEMBP)
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Figure 9.4 Test of the confidence of the PWSEMBP result by the bootstrap method. The solid
line is mean values in each bootstrap samples (for each depth) and standard errors are
shown by the error bars. The upper diagram is a magnification of the lower diagram.
Although the data in each bootstrap samples were normalized by PcP, the peak of the mean
values does not reach 1.0, because the PcP peak (the depth of the CMB) is not always at the
same position in each bootstrap sample.
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9.3 Reaults from the RWB method (using subarrays)

In order to resolve latera variations of the heterogeneous structure, the PWSEMBP in each
subarray is visuaized in a logarithmic color scale. In addition, PWSEM and BP are shown in the
same way.

The upper graph indicates the number of the traces in each subarray that were used to calculate the
PWSEMBP, PWSEM and BP in Figure 9.6a-c (for P-waves) and Figure 9.8a-c (for Swaves). Owing
to the inhomogeneity of the station distribution of JArray and Hi-net, the number of the traces in
each subarray varies which can dightly influence the resolution of each subarray. Since there isa
high station density in the middle part of the whole array, the stack traces used in the subarrays from
910 14 are also relatively high in number, and the resolutions are higher than those for the remaining
subarrays Another effect of the variaion of the number of the traces in each subarray is the change
of the noise level which determines the background level in each subarray. However, this effect is
very small with respect to the latera variation of PWSEMBP or the other coherency measures. The
more crucid factor contributing to the change of the background level is the difference among the
three measurements. Since PWSEMBP is a multiplication of PWSEM and BP and these two
measurements are aways smaller than 1, the PWSEMBP takes smaller values than those of PWSEM
and BP.

There are afew noticeable patches in the upper right and left part of the panels (e.g. Figure 9.6a
and 9.88). These patches are probably due to P coda (S coda) which has been not removed by the
subtraction of the P and S beams and has not been reduced by the taper as well. In the middle part of
the panels, the P and S coda are not visible because the codas in these regions have been averaged
out by more traces. Another reason for the absence of the P and S coda is the below-average
epicentral distances in the middle part of the subarrays which increases the travel-time difference
between P and PdP. Therefore P codais not likely to disturb the signas from the lowermost mantle
in the middle part of the subarrays. Although it is not so easy to recognize a continuous plane
discontinuity in Figure 9.6a-c and 9.8a-c, there seem to be two arched discontinuities at the depth of
about 2520 km and about 2650 km. These are better visible in the BP (Figure 9.6¢c and 9.8¢). These
intermittent discontinuities are clearly independent of the P-coda energy. Some anomalous regions
can be clearly recognized at a depth of around 2650 km in the middle part of the pand. The laterd
extent of the anomalous region is about 300 - 500 km in the NE-SW direction. In the northeastern
region, energy of the reflected waves seems to be focused at the depth of about 2600 km and then
the anomaous region extends to the direction of the southwestern region branching out into two
anomalous areas. Since the anomalous regions are rendered in a two-dimensiona representation, the
three-dimensiona shape of the structural anomalies is not revealed. It is, however, obvious that the

discontinuities are not one-dimensionad simple plane discontinuities but more complicated
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intermittent discontinuities, athough the discontinuity at the depth of 2650 km seems to be relatively
continuous. The polarities of the reflected waves from the discontinuities are shown in Figure
9.10a-c. These beams are obtained by stacking with respect to each depth where the corresponding
PWSEMBP take maximum vaues around 2650 km and around 2800 km depth in each subarray.
While the first 4 subarrays show a positive polarity, the beams in the other subarrays show negative
ones. The depth where the polarity is reversed is just the depth where the corresponding PWSEMBP
maximum values change suddenly. The anomalous regions where more seismic energy is reflected
or scattered are independent of the number of traces used in each subarray. It is not possible to
attribute these patches to aresult of the below-average number of traces in the northern part of the
array, which can cause a lower resolution, because such an effect can not be recognized in the
synthetic data except for the CMB region area and the shallow depth range where coda has some
influence (see Figure 8.4a:8.4c for P-wave and Figure 8.6a-8.6¢ for Swave).

The relatively continuous anomalous region at about 2800 km depth can not be seen everywhere at
the depth of about 2800 km. There are no such patches in the synthetic data, in which the PcP
waveforms are very similar to those of PcP waveforms in the observed data (see Figure 8.3, Figure
8.4ac and Hgure 9.6a-c). This means that energy of sidelobes or an diasing effect of PcP in the
observed data is unlikely to contribute to the ‘2800 km depth anomalies' .

One of the plausible causes for these anomalies might be structure such as an ultraow velocity
zone (ULVZ). Many seismological studies (Garnero et a., 1993, Mori and Helmberger, 1995,
Garnero and Helmberger, 1995, 1996, Garnero et al., 1998, Revenaugh and Meyer, 1997, Vidae and
Hedlin, 1998, Helmberger et a., 2000) suggest that there are ULVZs benesth the central Pecific
which is located in the eastern part of this study area. Although it might be possible to consider these
anomalous structures to be a part of ULVZ which are widely existent in the central Pacific region,
there are afew features about this anomaly not corresponding to those of ‘normd ULVZ'. One of the
different features of the here-obtained anomady is that the polarity of the reflected wave from this
anomaly is same as that of PcP which has positive polarity (see Figure 9.3, 9.10a-c). This may
indicate that this anomaly has a positive velocity jump and is not a ‘ULVZ'. One thing to take into
consideration is the fact that a reflected wave with positive polarity might be produced by a negative
velocity jump, if the increase of the density is high enough to produce positive polarity (for instance
the CMB). This seems to be unlikely to happen in the D” layer from quantitative considerations. A
synthetic test shows that a pure density increase only can not produce the same amplitude d the
reflected waves without introducing any velocity contrast. For example, even a 20 % positive jump
in density can produce only 1% energy of reflected wave. According to the recent studieson ULVZ,
the velocity reduction is up to 30 % in the S'wave and up to 10 % in the P-wave. If these anomalous
structures have such velocity jumps up to 10 %, the observed PdP amplitude from this anomay is

too small. If one takes these features of this anomaly into consideration, this anomaly may be of a
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chemical origin such as a chemical mixture between perovskite in the lowermost mantle and liquid
iron in the outer core rather than partial melt. From a geodynamical viewpoint, it would be possible
to consider this anomaly to be a segment of root of the super hot plume beneath the southwestern
Pacific where hot plumeis rising.

In the PWSEMBP, the reflected energy from the CMB is clearly seen a a depth of around
2900 km. One of the factors which shift the average depth of the CMB in this study area is the low
velocity zone in the lowermost mantle. Another possible factor could be high velocity zonesin the
middle mantle that only affect P-waves. Such structures would advance the arrival time of the
P-waves, leading to increased travel time differences between P and PcP. However, according to
tomographic studies (e.g. Inoue et d., 1990, Fukao, 1993, M. Wysession, 1996, R.D. van der Hilst et
al., 1997, Boschi et al., 1999, Vaenzuela et ., 2000, Karason and R.D. van der Hilst, 2001) thereis
no evidence for ahigh-velocity zone in the mid mantle beneath the southwestern Pecific. Therefore,
the low-velocity zone in the lowermost mantle is very likey the cause of the genera apparent
depression of the CMB.

It is recognizable that the depth of the CMB varies within £10 km; however, this undulation of the
CMB can dso be due to heterogeneities in the upper mantle beneath Japan, where the effects on the
travel time of P and PcP are somewhat different. Another possible cause for the apparent undulation
of the CMB is perturbation of velocity in the D" layer. Figure 9.5 shows the PcP (ScS) beams for
each subarray. Thetravel time residuals with respect to IASPI1 fluctuate from subarray to subarray,
which aso corresponds to apparent depth of the CMB. Figure 9.7 shows the PcP travel time delay
with respect to IASP91 and PcP/P amplitude ratios which are also plotted in Figure 9.6a, 9.6b and
9.6c. The correlation of these two parameters is rather good. This could be also explained by
undulation of the CMB. If there is an undulation of the CMB whose wavelength is exceeding about
100 km, focusing and defocusing can happen, which can change the PcP amplitude (Kampfmann
and Mlller, 1989). If the PcP travd time delay represents the undulation of the CMB, the fluctuation
of the PcP/P amplitude ratios and the variation of the PcP travel time delay can have a common
cause.

As regards the Swave, the results are dightly different from those of the P-wave. One of the
noteworthy featuresis that a general depression of the CMB is observed except for the northwestern
part of the study area The reason for that the depth of the CMB beneath the northwestern part of the
study area is different from the CMB depth in the other area can be due to S-wave perturbationsin
the upper mantle beneath Japan. On the whole, the results of Swaves are of lower quality due to the
relatively small number of traces, long-period data and low signal to noise ratio in comparison with
the P-waves data. It is, however, noticeable that there seem to be anomalous regions at the depth of
around 2600 km in the middle part of the panels (see Figure 9.8a, 9.8b and 9.8c). The polarity of the
reflected phases from the anomalous regions at the depth of about 2550 km is negative, while the
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polarity of anomalous phases reflected & a depth of about 2850 km is positive. This is consistent
with the polarity of the Pwave reflected waves a the corresponding depths. There is a 50 km
difference between the 2800 km discontinuity of P-wave and that of Swave. This suggests that the
velocity reduction between the top of the D” layer and the 2800 km discontinuity is stronger in the
case of Swave. The results of the RWB using subarrays are also shown in modified plots in
Appendix 2.
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Figure 9.5 PcP and ScS beams for each subarray using all events. Note that the delays of the
PcP and ScS onset time fluctuate from subarray to subarray.
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P wave (PWSEMBP, 2-55s)
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Figure 9.6a-c. Various coherency measures, PWSEMBP (figure 9.6a), PWSEM (figure 9.6b)
and BP (figure 9.6¢) values are shown in the vertical cross section in the RWB method. The
horizontal axis indicates the subarrays and the vertical axis indicates the depth. The left
side of the panel corresponds to northeastern part of the study area and the right side of the
panel corresponds to southwestern part of the study area. The horizontal scale of the
mapped area is about 770 km at the CMB. In the upper diagram the number of the traces
which were used to calculate the coherency measures are shown in each subarray. The solid
line around the CMB indicates the maximum peak for each subarray, which is usually
considered to indicate the CMB depth. The coherency measures are plotted in a logarithmic
scale. In the upper part of the panel, PcP travel time delays with respect to IASP91 and
PcP/P amplitude ratios are plotted by solid circle and cross, respectively. These two
parameters correlate quite well.
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Figure 9.7 The travel time delay of PcP with respect to IASP91 for each subarray and PcP/P
amplitude ratios for each subarray, which are plotted in Figure 9.6a, 9.6b and 9.6¢c. The
arrival time delay of PcP correlates with the PcP/P amplitude ratios.
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Figure 9.8a-c, same as Figure 9.6, but for S-wave.
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Figure 9.9 The travel time delay of ScS with respect to IASP91 for each subarray and ScS/S
amplitude ratios for each subarray, which are plotted in Figure 9.8a, 9.8b and 9.8c. The
arrival time delay of ScS roughly correlates with the ScS/S amplitude ratios.
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Stacked waveforms at around
2520 km depth for each subarray
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Figure 9.10a-c Beams for each subarray at 2520 km, 2650 km and 2800 km depths for

P-wave in the frequency band of 25s. Time = 0.0 is the theoretical travel time for the
reflected wave at the corresponding depths.
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2550 km depth for each subarray
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Figure 9.11a-b
Beams for each subarray at 2550 km and 2850 km depths for S-wave in the frequency band
of 5-10s. Time = 0.0 is the theoretical travel time for the reflected wave at the corresponding
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9.4 Results from the Migration
At first sight, the migration method seems to yield no clear findings of scattering objects in Figure

9.12a, 9.12b and 9.12c (for P-wave) and Figure 9.13a, 9.13b and 9.13c (for Swave). However, there
might be some candidates for scattering objects in the depth range of about 2550 km and about 2650
km within the PcP diasing ring. These candidates for scattering objects are relatively well visible in
the BP image (Figure 9.12c). As synthetic data show, there is little energy within the PcP aliasing
ring, although there is relatively high noise outside of the PcP aliasing ring. Therefore it would be
possible to regard the weak energy patches within the PcP aiasing ring in the observed data as
scattering objects or reflectors. However, for the ret of the region, it is difficult to assert which
patches are indeed scattering objects, because they are not clearly distinguishable from the aiasing
effect of PcP.

Since the energy of scattered waves is estimated under the assumption that the scattering objects
act as isotropic point scatterer, the migration method is not optimal in imaging two or three-
dimensiona plain structures. It is hard to imagine that small volumes (less than several km) can
produce point scattering observable at the Earth's surfface A more redlistic scenario is that the
P-waves are scattered at a surface of scattering volumes which might exhibit undulaion. One
possible reason for the rather small energy of scattered waves could be that the stacking in the
migration method may not be a suitable representation of the actual structure of the D” layer in this
region. The two negative discontinuities detected by the RWB method may correspond to the
anomal ous region as scattering objects at the corresponding depth in the migration. Though scattered
waves were produced by the discontinuities, it would be hard to detect the scattered waves, if they
are not scattered forward. Since al stations are used in the migration, the scattered waves are not
amplified efficiently, if the scattering is not isotropic.

The theoretical travel times of the scattered waves are never completely correct for PcP phases
because the scattered waves do not satisfy the Snell’s law. Nevertheless, PcP phases are clearly seen
a the CMB just due to their large amplitude. The PcP focusing depth (at the depth of the CMB)
exceeds the theoretical depth of 2889 km (IASP91) by 10 km - 15 km because of the low-velocity
zone in the lowermost mantle. However, the location of the candidates of scattering volumes should
be determined correctly by IASPO1 since they are much less affected by the low velocity zone, if at
al.

In the case of S-wave, it is not SO easy to confirm anomalous regions corresponding to any
scattering objects or discontinuities because of relatively low signa to noise ratio.
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Figure 9.12a-c Double Array Migration indicated by PWSEMBP (logarithmic scale) (Figure
9.12a), PWSEM (Figure 9.12b) and BP (Figure 9.12c) for Pwaves. Each panel shows a
horizontal cross section for each depth in the depth range from 2500 km to 2950 km. The
strong energy of PcP is recognizable and there might be some candidates for scattering
objects for P-wave in the center of panel (within the “PcP aliasing ring”) in the depth of
about 2650 km, though these are very weak signals.
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9.5 Comparison of Observational Dataand Synthetic Data

In order to estimate the velocity perturbation in the low velocity zone with respect to the average
speed, it was assumed that the top of the low-velocity zoneis at 2520 km where the first PdP phase
was detected. If a perturbation of the P-wave veocity of -1 % is used in the low veocity zone with
respect to the IASP91 modd, the travel time residual of PcP is +1.32 s (epicentra distance is 70.1
deg.). This indicates that the Rwave velocity perturbation in the lowermost mantle beneath the
southwestern pecific region is less than -1% with respect to the IASP91 modd, because the
observed PcP travel-time residuals range from 0.10s to 1.18 s. A synthetic test with reflectivity
seismograms (Mller, 1985) shows that the amplitude of a PdP phase with a-1 % velocity contrast at
the depth of 2520 km is up to 10 % of PcP. Since the value of 10 % was determined using the normal
stacking process, it is much higher than that of PWSEMBP. The PdP amplitude in the observed data
isaso 10 % at the maximum, which is consistent with the synthetic data.

Figure 1A.a and 1A.b in Appendix. 3 show the results of the RWB with synthetic data for each
subarray. In each subarray, the PWSEMBP was normalized by the maximum vales of PcP. In
comparison with the observed data, the shapes of the PWSEMBP curve in the synthetic data are
much simpler, because the P waveforms and P coda in the synthetic data are simpler than those in
the observed data. This is due to the relatively simple crustal structure used in the IASPOL Earth
model. Another possible effect may be that noise in the portion beforethe direct P-wave, which was
added to the synthetic, is different from the noise in the time window between P and PcP. The
amplitude ratio of PcP and PdP is dmost constant throughout all subarrays in the synthetic data.
Naturaly enough, the maximum peaks of the curve indicate the correct depth of the CMB (at the
depth of 2889 km in the IASP91 Earth modd) based on the IASP91 Eath modd (without
discontinuities), while the PcP peaks were shifted to the right (deeper) direction in the model where
synthetic velocity anomalies or discontinuities (negative one in the case of this study) were
introduced. At the depth of 2650 km, where a synthetic discontinuity with a negative velocity jump
of 1% was introduced, small peaks can be seen in al subarrays. The pulse corresponding to the PcP
energy extends from about 2840 km to about 2940 km, which can be regarded as the depth
resolution for any discontinuous heterogeneity in this method. On the other hand, the discontinuities
discovered here in the observed data can not be seen in al subarrays, meaning the discontinuities are
visible in some subarrays while they are invisible in others. This indicates that the discontinuities
may be rather intermittent in the lowermost mantle beneath the southwestern Pacific.

Figure 8.8ac in the chapter 8 (Synthetic Test) show the result of the migration using the synthetic
seismograms with 1% negative discontinuity at the depth of 2650 km. It is clearly recognizable that
the reflected phases from the introduced plane discontinuity are imaged around the depth of 2650 km.
On the other hand, there is only weak evidence for such distinguished blob in the observed data in
the migration method. If the detected anomalous phases are reflected a a plane discontinuity, the
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velocity contrasts of the discontinuities should be smdler than 1 %.

9.6 Comparison between the P- and S-Wave Ve ocity Discontinuities

The depth ranges where the seismic velocity discontinuities were found are dmost same in P- and
S-waves. For the P-wave the discontinuities lie at depth ranges from 2510 to 2530 km and from
2600 to 2650 km, and at about 2800 km. In the case of Swave, the two discontinuities at the depth
of 2520km and 2650 km are not isolated well due to a lower resolution. While the discontinuities at
the depth of 2520 km and 2650 km are almost at the same position for in R and Swaves, the
discontinuity at the depth of 2800 km seems deeper (about 2850 km depth) for S-waves. This may
indicate that the velocity reduction between the CMB and the first discontinuity (at the depth of
2520 km) is stronger for Swaves. If tomograms for P- and Swaves are compared, Swave velocity
reduction is about 2-3 times stronger than that of Pwave in the lowermost mantle beneath the
southwestern Pecific (e.g. Garnero and Helmberger, 1993, Li and Romanowicz, 1996, M. Wysession,
1996, van der Hilst et d., 1997, Boschi et d., 1999, Vdenzuda et d., 2000, Karason and van der
Hilst, 2001). The P- and Swave velocity structures detected in this study are consistent with the
results of tomographic studies. Though the P- and Swave veocity structure are consistent with each
other, there are differences between them such as dightly different depth of the R and S-wave
velocity discontinuities. One possible reason is that the different frequencies for observed PdP and
SdS phases are focused differently by the seismic discontinuity topography. It could happen that the
low velocity zone in the D” layer influences the P-wave velocity discontinuities and S-wave velocity
discontinuities differently.

9.7 Comparison between different frequency bands

For Pwave data, three different frequency bands (1-2s, 25s, 5-10s) were used to investigate a
possible frequency dependency of the images of the discontinuities or the scattering volumes. The
results from the RWB in the frequency band of 1-2s and 5-10s are shown in Appendix 4. In general,
longer-period data have high coherency and low resolution and shorter-period data possess low
coherency and high resolution. The short-period data band (1-2s) is noisier than the other frequency
bands (2-5s and 5-10s). The CMB has been imaged relative sharp with the short-period data, but the
image is relative noisy on the northeastern part (on the left hand side). One of the remarkable
features is that the depth of the CMB jumps by 50km suddenly, but this can not be red structure.
Vespagrams of the short-period data show that the travel time and the slowness of the PcP waves do
not correspond to the theoretical ones. This derives from the low coherency of the short-period data
and its low signa to noise ratios. The sudden CMB jump results from the low qudity of the
short-period data, especialy in the area of subarray 1-5. The reason for the indistinct discontinuities

might also be a gradient structure. Since the discontinuities are clearly seen in the middle frequency
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band (2-5s), a severd km thick gradient zone might be preferable for the discontinuities. The
discontinuities in the D" layer are delineated best in the middle frequency band (2-5s). In the
long-period data (5-10s), the resolution is not enough to distinguish the discontinuities.

The observed depth of the CMB is aso dependent on the dominant period of the wave. The CMB
depth in the frequency band of 5-10sis 2905 km, 2910 km in the frequency band of 25s, and 2915
km in the frequency band of 12s, respectively (see Figure 9.1a-c). The corresponding delay times
with respect to the theoretica ones are approximately 0.45s, 0.6s and 0.8s, respectively. This
indicates that the Rwave propagates dower or that the PcP wave propagates faster in the lower
frequency band. One possible reason can be the effect of the attenuation. In general, it is known that
body wave velocity changes as a function of attenuation (Liu et d., 1976, Kanamori and Anderson,
1977). The velocity of a seismic wave, whose dominant period is T changes with respect to the
velocity at the reference period To. Thisis expressed in the following equation:

v 1T

V(To) PR T
where Q is the attenuation factor. This velocity change derives from the andasticity of the Earth’'s
material (Liu et a., 1976). The intrinsic attenuation defined by the quality factor Q can delay the
maximum pesk of the wavelet, while the onset time is not affected by the intrinsic attenuation. The
lowest Q vaues (highest attenuation) occur in the upper mantle in the Earth (Dziewonski and

Anderson, 1981). When P and PcP waves propagate in the upper mantle, both phases are affected by
the attenuation in the upper mantle a little bit differently, because the PcP waves propagate steeper
than the Pwaves. This causes the maximum peak of the Pwave to be delayed more than the PcP
wave. In other words, the attenuation efect can cause a pulse width broadening which is dependent
on the frequency. In order to estimate the effect of the attenuation in the upper mantle to the relative
travel time between PcP and P in the different frequency bands, the theoretical travel timeincluding
the effect of the attenuation factor (Q model from the PREM, (Dziewonski and Anderson, 1981))
was calculated a the dominant periods of 1s and 5s. The difference of the relative travel times
between PcP and P at the dominant period of 1s and 5s is 0.07 s at the epicentral distance of 70
degrees. On the other hand, 0.35 s are required to shift the CMB by 10 km. The 0.35 s travel time
difference in the different frequency band can not be explained only by the attenuation effect in the
upper mantle.

One of the explanations might be that the local sharpness of the CMB can change the apparent depth
of the CMB. If there were a transition zone at or just above the CMB, the apparent depth of the
CMB would shift upwards for the longer-period seismic waves, while the apparent depth of the
CMB for the shorter-period seismic waves would stay at the same depth.
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9.8 Inferred 1-D P-wave Veocity Moded beneath the Southwester n Pacific

One-dimensional P-wave velocity modd would be the following mode, athough any
one-dimensiona would not fit real three-dimensional structures (see Figure 9.14). At the depth of
2520 km there is a negative velocity discontinuity with less than about 0.5 % veocity jump. Thereis
a negative velocity discontinuity at the depth of 2650 km, where sharpnessis about 5 km a most and
velocity contrast is less than 0.5 %, because the discontinuity can also be detected in the short-period
frequency band (1-2s) (see Figure 9.13). In the area between 2650 km depth and 2800 km depth the
velocity perturbation relative to the IASP91 model is about —1%. At 2800 km depth there is a
positive velacity discontinuity with velocity contrast of about 0.5%. This model can explain the PcP
travel time delay of approximately 1.0 s (at a epicentral distance of 70 degrees) and the depth of the
P-wave velocity discontinuity in the lowermost mantle. The genera depression of the observed
CMB depth can aso be explained by the PcP travel time delay due the lower velocity zone. In the
case of Swave, ScStravel time delay calculated for this mode is approximately 1.5s (at a epicentral
distance of 70 degrees). Thisis smdler than observed ScStravel time residuals (max. 6.88 s), which
indicates that the S'wave velocity reduction is stronger than that of P-wave in the lowermost mantle
benesath the southwestern Pacific.
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Figure 9.14 Inferred 1-D P-wave velocity model in the lowermost mantle beneath the
southwestern Pacific. The solid line indicates the possible model and the dotted line
indicates the P-wave velocity model in the IASP91 model.
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10. Discussion
10.1 Anomalous PcP and ScS Travel Times

Although the traved time redduds of the direct P-waves—which are generated by the
heterogeneous structure in the crust and uppermost mantle beneath the receiver array and source
array—have been corrected with respect to the theoretical one through the aignment procedure of
the direct P-wave, it is plainly recognizable that the arrival times of the PcP beams and ScS beams
are slower when compared to the theoretical ones. Figure 10.1 shows PcP and ScS beams for each
event. In the case of event 12, the PcP beam is not clearly visible due to the relatively small number
of traces used in forming the PcP beam. One can notice that the pesks of the PcP and ScS beamsare
dightly delayed as compared to the IASP91 model. The time delay of PcP ranges from 0.10 sto
1.18 s (see Table 10.1). In the case of the S-wave, there are aso noticeable trave-time delays
relative to IASPI1 varying from 2.8 sto 6.8 s. These ddlays of ScS - S are larger than those of PcP -
P, which results in a general shift of the CMB inferred from ScS to 2960 km, while the CMB depth
inferred from PcPis 2910 km.

One possible reason for the generd travel-time delays of PcP and ScS might be alarge-scale (more
than 1000-km wavelength) undulation of the CMB. However, it is implausible that the CMB itself
plays a vital role in the travel time delays of PcP and ScS due to the following reason: Mordli and
Dziewonski (1987) investigated the undulation of he CMB with an inversion method using the
travel time of PcP and PKP with respect to PREM (Dziewonski and Anderson, 1981). According to
their results, the amplitude of unevenness of the CMB varies within 5 km, and the CMB beneath the
Indian Ocean, the North Pecific and the North Atlantic is shallower, while the CMB beneath Africa,
Eastern Asia, New Zedland and the western coast of South America is deeper. Beneath the
Southwestern Pacific (the study area), the CMB shows up at about average depth. Therefore, it is
hard to attribute these genera traved time delays of PcP and ScS to the undulation of the CMB. The
most plausible scenario is that these time delays of the PcP beams and ScS beams are due to the low
velocity zone (e.g. M. Wysession, 1996, R.D. van d&r Hilst et al., 1997, Boschi et a., 1999) in the
lowermost mantle beneath the southwestern Pecific, because the ray paths of P and PcP (or S and
cS) are different from each other in the lower mantle but are very similar in the upper mantle and
crust. Therefore, only PcP (or ScS) is influenced by this anomalous structure of the lowermost
mantle. Since the travel-time residuals of P and PcP (or S and ScS) fluctuate dightly differently
throughout the subarrays (see Figure 7.5 for P and Swaves and Figure 95 for PcP and ScS waves),
it is not easy to isolate the effect of the anomalous structure in the lower mantle from the effect of
the anomalous structure in the upper mantle and crust. The fluctuations of the travel time differences
between P and PcP (or Sand ScS) used in this study contain various factors which can affect the
travel time of P and PcP everywhere in the mantle and crust, respectively.
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Though these travel-time anomalies of PcP (or ScS) yield an incorrect CMB depth, the travel-time
anomalies were not corrected because PdP (or SdS) phases are less influenced by this low velocity
zone if PdP (or SdS) is a reflected wave from the top of the low velocity zone.

Figure 9.5 in chapter 9 shows the PcP and ScS beams for each subarray using al events. Aswas
the case with the PcP and ScS beam for each event using al stations, the travel time delays of PcP
and ScS show up as well. The fluctuation range is dmost the same as in the case of PcP and ScS
beam for each event. While the PcP beams align with a dight curve in an arc, there are two relatively
drastic jumps in the case of ScS beams, one between subarray 3 and subarray 5, the other between
subarray 14 and subarray 15, athough the pattern of the fluctuation is more or less similar. This
indicates that there might be a structure which has a much greater effect on the Swave than the
P-wave such as partial melting in the lowermost mantle beneath the southwestern Pacific.
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Figure 10.1 PcP and ScS-beams for each event. Note that the onset times of the PcP-beams
and ScS-beams are delayed with respect to the theoretical ones (IASP91) due to the low
velocity zone in the lowermost mantle. Naturally, this effect is stronger for the S-waves than
for the P-waves. The small amplitude of the PcP phases in Event 12 is due to the small
number of traces (see Table 1 in Appendix 6.).
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Event Nr. Delay of PcP-P travel times Delay of ScS-Strave times
with respect to IASPI1 (s) with respect to IASPOL (9)

1 1.02 No data

2 0.96 No data

3 1.18 No data

4 0.76 No data

5 1.08 No data

6 0.64 No data

7 0.81 No data

8 0.59 5.88

9 0.10 No data

10 1.16 2.80

1 0.24 6.88

12 Not visble No data

Table 10.1 the travel time delay of PcP and ScS with respect to IASP91 for each event.

10.2 Influence of the Slab beneath the Tonga-Fiji Region

The travel time and the waveform of the P(S) and PcP (ScS) phases can be influenced by the
subducting dabs (Cormier 1985, Weber 1990), inside of which velocity is normally higher than in
the surrounding area. Since the Tonga-Fiji region is atypical subduction zone as mentioned above, a
synthetic model of a dab with a velocity perturbation of +10% was defined underneath the
Tonga-Fiji region in order to estimate the influence on the travel time differences between PcP and
PdP. This velocity perturbation of +10 % is high with respect to what is expected in the real Earth
(e.g. Fukeo et d. 2001). It was assumed that the dab is subducting to a depth of about 600 km.
IASPI1 was used as a reference mode and a low-velocity zone with a -1 % velocity perturbation in
the depth range between 2889 km and 2650 km was introduced. An event with adepth of 404 km
(the shallowest event in this study), which would be most influenced by the heterogeneities around
the source region, was selected and was used for calculating travel times and synthetic seismograms.
For the 2D modeling, the program Xgbm by Davis and Hensen (1993) has been used. This program
enabled us to create and manipulate intricate, laterally heterogeneous, two-dimensional (2-D)
velocity models of the Earth’s interior and then to compute synthetic seismograms for these models
using the Gaussian beam method. According to the resulting synthetic seismograms, the differentia
travel times between PcP and PdP used in this study are 8.17 s with the dab and 8.06 s without the
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dab at the epicentra distance of 70 degrees, athough absolute travel times of P, PcP and PdP vary
by up to 3s. Even in the case of such an extreme condition with +10 % velocity perturbation in the
dlab, the influence of the travel time differences on the results of the stacking is aimost negligible.
Reflected waves and S-to-P conversion at the borders of the subduction could distort the waveform
of the later phases such as PdP and PcP phases. In order to produce reflected waves and S-to-P
conversion, however, it is necessary that the thickness of the boundary which forms dab has to be
narrower than about 50 % of the dominant wavelength of the phases (Weber and Davis, 1990). Such
a sharp contrast of the dab’s boundary is not likely to extend over a depth range from 350 to 650 km,
where the sources are located. Therefore this effect is aso negligible in this study.

10.3 Variation of the Travel-Time Differ ence between PcP and P

Although the arrival times of the P-waves were digned with respect to the IASP91 modd, the
travel-time difference between PcP and P varies among the subarrays due to the 3-D regiona
heterogeneities under both the Japanese archipelago and Fiji archipelago. Figure 10.2 shows the
P-wave travel time residuds for each station for event 1. Though the absolute travel times can be
influenced by dl effects on the path between the source and the stations, fluctuation of the residuds
among the stations is likely due to the crustd structure just beneath the stations.
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Figure 10.2 P-wave residuals with respect to IASP91 for each station. The size of the circles
indicates the residuals. On the whole, the travel time of the direct P-waves are slower than
the theoretical one.
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10.4 Anomalies of PcP/P and ScS/'S Amplitude Ratio

Figure 10.3 shows the PcP/P amplitude ratio for each subarray. In comparison with the theoretical
PcP/P amplitude ratios (IASP91), the observed ones have smaller amplitude overall. It seemsthat al
PcP/P amplitude ratios can be divided into four groups which are independent of epicentral distances.
One possible explanation of the relative small amplitude ratio of PcP/P with respect to thetheoretical
one may be strong attenuation in the lowermost mantle. Schlittenhardt (1986) investigated PcP/P
ratios at large distances, 70- 84 degrees and found generaly low vaues, compared with predictions
by standard earth model PREM and models having modified velocity-depth gradientsin the D” layer.
His suggestion is that the PcP amplitude reduction is due to regional reduction of the quality factor
of P-wavesin D”, with values as low as 100.

For alarge-aperture array, amplitude anomalies are affected by changes in geometrical spreading and
inelastic attenuation through the mantle between a source and an array. The aperture of the JArray is
about 5-6 degreesin the epicentral distance for eventsin the Tonga-Fiji region, which leads to about
5-7 % change in amplitude due to geometrical spreading (based on the IASP91 Earth moddl). Since
the JArray and Hi-net are long, narrow arrays, the aperture changes significantly with the arriva
direction. Kampfmann and Mller (1989) investigated the effect of topography of the CMB on the
amplitude of PcP by applying the 3D Kirchhoff theory. According to their synthetic analysis, if
sinusoidal topographies on the CMB have a wavelength exceeding 100 km, pronounced amplitude
variations occur with respect to the amplitude curve for a spherical CMB, because of focusing by
valleys and defocusing by hills on the CMB. If snusoidd topographies on the CMB have a
wavelength less than 50 km, the amplitude curve is smooth with lower values with respect to the
amplitude curve for a sphericdl CMB. Therefore, the CMB undulation with a wavelength below
50 km can also be one of the possible reasons for the relatively small PcP/P amplitude ratio.
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Figure 10.3 PcP/P and ScS/S amplitude ratios shown as function of the epicentral distance
and the azimuth. The upper graphs show the PcP/P amplitude ratios and the lower graphs
show the ScS/S amplitude ratio for each subarray using all events. Since all the events are
used to calculate the PcP/P or ScS/S amplitude ratios, the effect of the radiation pattern has
been taken into consideration, so it is possible to mmpare the observed PcP/P (or ScS/S)
amplitude ratios to synthetic ones, directly. In comparison with the PcP/P amplitude ratios,
ScS/S amplitude ratios are quite unstable.
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10.5 Midocation of Eventsand other Problems

Midocation of the sources can influence the depth of the detected discontinuities. One of the tests
concerning event mislocation shows that the influence on the travel time is not crucia as long asthe
relative travel time differences are used. There is a systematical depth error between the Harvard
CMT solution and Engdahl solution, which are used in this study. The average depth difference is
14.25 km. If the depth, for instance, is shifted 20 km upwards—which can be the maximum
error—the travel time of PcP itsalf has a 1.89 stime delay and the travel time difference of PcP-Pis
+0.19 s (for Eventl at station KTJ). This travel time error of 0.19 s corresponds to approximately 10
km depth shift of the CMB or discontinuities in the D" layer. This issue concerns the source
parameters for the Hi-net data set taken from the Harvard CMT catalogue. In Table 1 in Appendix 6,
the source parameters from Harvard CMT are compared with those of PDE (Preiminary
Determination of Epicenters). The source parameters determined by Engdahl (1998) are also shown.
The most influential parameter for the RWB method or the migration method is the depth. If the
PDE depth values are compared with those of the Harvard CMT cataogue, it is recognized that the
determined depth in the PDE is systematically shallower by about 10 km than those of the Harvard
CMT solution. The reason is that short-period seismic data (about 1s) are used for the PDE
localization, while longer-period seismic data (T > 40s) are used for the Harvard CMT solution. If
the depth parameters change systematically, it would not influence the accuracy of the travel time
which is needed to extract the weak signals from the lowermaost mantle. As mentioned above, the
resulting depth shift of the CMB or discontinuities in the D' layer is approximately half of the
midlocation of the source depth, so 10 km depth difference between the Harvard CMT and the PDE
solution can shift the CMB depth by 5km. This is the same distance as that used for discontinuity’s
verticd interva spacing. As regards the effect of the source parameter differences among different
cataogs is relatively small in this study. As to the horizontal midocation, there is approximately
0.04 degrees error in the direction of longitude and approximately 0.15 degrees error in the direction
of the latitude on average (using Eventl - Event7) between the Harvard CMT solution and Engdahl
solution, though some events show a maximum difference of 0.3 degrees. The average longitude
error of 0.04 degrees makes the travel time difference between P and PcP longer and the latitude
eror of 0.15 degrees makes the travel time difference between P and PcP shorter with respect to the
Engdahl solution. These opposite effects cancel each other partidly. If there is 0.1 degrees error in
the direction of greet circle path, the travel time shift of the P-wave itself is 0.59 s and that of PcP
wave is 0.42 s (for 500 km source depth and 70 degrees epicentral distance). Therefore, the travel
time difference between P and PcP which was used in this study is changed by 0.17 s whichis
corresponding to 20 km depth error.

In connection with the difference of the source parameters between the JArray and the Hi-net, the
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systematical shift of the location between the Harvard CMT solution (used for Hi-net data) and the
Engdahl solution (used for J-Array) may affect the beamforming. An expected travel time error
caused by the systematical difference between the Harvard CMT solution and Engdahl solution is
approximately 0.2 s, which may reduce the amplitude of the stacked waveform, but can not shift the
detected discontinuities more than 10 km.

11. Conclusion

The D” layer beneath the southwestern Pacific was investigated by stacking 2017 traces (P-wave)
and 863 traces (Swave) using data from Tonga-Fiji deep events. A DAM (Double Array Method)
and a PWSEM (Phase Weighted Semblance) method were applied to the data in order to get a better
resolution. The combination of these methods has improved the vertical and latera resolution in the
lowermost mantle, which enabled us to detect small-scale heterogeneities (a few hundreds of
kilometer). In the results of the RWB method, three distinguished discontinuities can be detected at
about 2530 km depth, at about 2650 km depth, and a about 2800 km depth in the P-wave data. The
reflected waves from the two discontinuities at the depth of 2530 km and 2650 km show negative
polarity (see aso Kito and Kriiger 2001). Additionally, a relative large energy peek is recognized at
about 2800 km depth. The reflected waves from this anomal ous region show positive polarity, which
is not consistent with the polarity of a reflected wave from the top of an ULVZ. The analysis using
subarrays indicates that the discontinuities a the depth of 2530km, 2650km and 2800km appear
intermittently. The lateral extension of the discontinuities is afew hundred km.

Among the three different frequency band (1-2s, 25s and 5-10s) for Rwaves which could be
analyzed, the heterogeneous structure could be imaged in the middle frequency band (2-5s) more
clearly than in the other frequency bands. The short-period frequency band (1-29) is relatively noisy
and the long-period frequency band (5-10s) has too low resolution to image the small-scale
heterogeneities in the lowermost mantle.

In the case of Swaves, the two discontinuities at a depth of around 2600 km and 2850 km were
detected. The two discontinuities at the depth of 2530 km and 2650 km in the P-waves seem to be
one discontinuity in the S-waves due to a lower resolution of Swaves. The S-wave veaocity
discontinuity at the depth of 2850 km corresponds to the P-wave velocity discontinuity at the depth
of 2800 km. The 50 km difference between the P-wave velocity discontinuity and the S-wave
velocity discontinuity in depth indicates that the S-wave velocity reduction in the D’ layer is
stronger than P-wave velocity reduction beneath the southwestern Pacific.

In the migration, there might be some candidates for scattering objects in the depth range of about
2550 km and about 2650 km within the PcP aliasing ring. As synthetic data show that there is little
energy within the PcP aiasing ring, it would be likely that the weak energy patches within the PcP

aliasing ring are scattering objects or reflectors. In the case of Swave migration, resolution is not
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high enough to detect the scattering objects. Of course, the detected heterogeneities in the RWB and
in the migration belong to the same objects.

PcP and ScS beams both for each subarray and for each event show about 1.2s (maximum) delay
for P-waves and about 6.8 s delay (maximum) for Swaves with respect to IASPOL. Thisis a strong
evidence for the low velocity zone in the lowermost mantle beneath the southwestern Pacific region.
These travd time delays of PcP and ScS dso vary adong the subarray, indicating latera
heterogeneities do exist in the lowermost mantle benegth the southwestern Pecific.

Geodynamical considerations lead to the conclusion that these heterogeneities are connected to hot
plume generation. The detected P- and Swave velocity anomalies may be heterogeneities generated
in process of hot plume formation. Since upwelling streams are prominent in the lowermost mantle
beneath the southwestern Pacific, the source of these heterogeneities could be a mixed structure of
thermal and chemical anomalies, which may originate from reaction between mantle materials and

outer core’s iron.
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Appendix. 1 Resultsin the RWB using synthetic data
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Figure 1A BP for P wave synthetic data with a —1 % velocity discontinuity at the depth of
2650 km. The introduced discontinuity is only in the subarray from 15-19.

122



Appendix. 2 Diagrams of results by the RWB method
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Figure 1A.a PWSEMBP from eachsynthetic discontinuity with Pwave datain thefrequency range of 1-2s.
The values are normalized by the maximum energy of PcP. In each panel clear PcP phase can be seen. The
last one labeled whole array was calculated using all traces, which could indicate the horizontally average,
smoothed structure of the study area.
Thewidth of ‘PcP pulse can be regarded as areference resolution in the (vertical) depth direction.
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Figure 1A.b same as Figure 9.1A.a, but for PWSEM.
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Figure 1A.c same as Figure 9.1A.a, but for BP.
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Figure 2A.a same as Figure 1A.a, but with frequency band of 2-5s.
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Figure 2A.b same as Figure 1A.b, but with frequency band of 2-5s.
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Figure 2A.c same as Figure 1A.c, but with frequency band of 2-5s.
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Figure 3A.a same as Figure 1A.a, but with frequency band of 5-10s.
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Figure 3A.b same as Figure 1A.b, but with frequency band of 5-10s.
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Figure 3A.c same as Figure 1A.c, but with frequency band of 5-10s.
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Figure 4A.a same as Figure 1A.a, but for S-wave.
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Figure 4A.b same as Figure 1A.b, but for S-wave.
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Figure 4A.c same as Figure 1A.c, but for S-wave.
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Figure 1A.a PWSEMBP from each synthetic discontinuity with synthetic data in the
frequency band of 25s. The values are normalized by the maximum energy of PcP. The
synthetic seismograms were calculated based on a model with a —1% discontinuity at the
depth of 2650 km, which were set in the subarray from 15-19 in order to examine the lateral
resolution.
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Figure 1A.b PWSEMBP from each synthetic discontinuity with synthetic data. The values
are normalized by the maximum energy of PcP. The synthetic seismograms were calculated
based on a model with a —1% discontinuity at the depth of 2650 km.

For S-wave synthetic data
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Appendix. 4. Results of the RWB for P wave (1-2s and 5-10s)

P wave (PWSEMBP, 1-25s)
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Figure 1A.a PWSEMBP, PWSEM and BP from each synthetic discontinuity with P wave data
in the frequency range of 1-2s, respectively. The values are normalized by the maximum
energy of PcP. In each panel clear PcP phase can be seen. From upper left to lower right the
PWSEMBP, PWSEM and BP values in each subarray are plotted. The last one labeled whole
array was calculated using all traces, which could indicate the horizontally average,
smoothed structure of the study area. The PWSEMBP shows the lowest background noise in
comparison with the other two coherency measures. The width of ‘PcP pulse’ can be regarded
as a reference resolution in the (vertical) depth direction.
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2 P wave (PWSEM,1-25s)
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Figure 1A.b same as Figure 1A.a, but for PWSEM.
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Figure 1A.c same as Figure 1A.a, but for BP.
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P wave (PWSEMBP, 5-10s)
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Figure 2A.a same as Figure 1A.a, but in the frequency band of 5-10s.
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P wave (PWSEM, 5-10s)
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Figure 2A.b same as Figure 1A.b, but in the frequency band of 5-10s.
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Figure 2A.c same as Figure.1A.c, but in the frequency band of 510s.
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Appendix. 5. Results of the RWB for P (2-5s) without upper mantle correction

P wave (PWSEMBP, 2-55s)
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Figure 1A.a Without upper mantle correction and with 15s taper. In this condition the CMB
depth is also quite stable.
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P wave (PWSEM, 2-5s)
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Figure 1A.b same as Figure 1A.a, but for PWSEM.
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P wave (BP, 2-55s)
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Figure 1A.c same as Figure 1A.a, but for BP.
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Appendix. 6

Table 1. Eventsused in this study (Fiji-Tonga region)

Event Date Origin Time | Latitude | Longitude | Depth | My, | Traces Remarks
YIM/D (GMT) (deg.) (deg.) (km) (*S-wave)

1 92/08/30 | 20:09:07.1 | 17.87S | 178.65W | 569.3 | 5.8 109 Engdahl
20:09:10.9 | 17.75S | 17859W | 574.2 | 5.8 | (JArray) | Harvard
20:09:05.7 | 17.92S | 178.71W | 565.0 PDE

2 93/03/21 | 05:05:00.2 | 18.01S | 178.44W | 589.1 | 6.0 20 Engdahl
05:.05:07.5 | 17.71S | 178.42W | 607.6 | 6.2 | (JArray) | Harvard
05:04:59.2 | 18.04S | 178.53W | 588.9 PDE

3 93/04/16 | 14:08:39.8 | 17.76S | 178.79W | 567.2 | 6.0 107 Engdahl
14:08:46.7 | 17.54S | 178.76W | 591.7 | 6.0 | (JArray) | Harvard
14:08:38.9 | 17.78S | 178.86W | 565.1 PDE

4 93/07/09 | 15:37:55.3 | 19.78S | 177.43W | 404.3 | 5.9 145 Engdahl
15:38:00.8 | 19.74S | 177.31W | 4182 | 5.9 | (JArray) | Harvard
15:37:53.6 | 19.78S | 177.49W | 398.2 PDE

5 93/08/07 | 17:53:27.0 | 24.01S | 179.91E | 5495 | 6.0 143 Engdahl
17:53:34.1 | 23.91S | 179.99E | 546.8 | 6.0 | (JArray) | Harvard
17:53:24.2 | 23.87S | 179.85E | 523.1 PDE

6 93/08/21 | 09:42:36.3 | 21.35S | 177.85W | 424.7 | 5.6 102 Engdahl
09:42:44.1 | 21.23S | 177.656W | 4534 | 5.8 | (JArray) | Harvard
09:42:35.9 | 21.28S | 178.02W | 426.9 PDE

7 91/09/30 | 00:21:48.5 | 20.84S | 178.50W | 580.8 | 6.3 95 Engdahl
00:21:54.0 | 20.67S | 178.52W | 589.8 | 6.0 | (JArray) | Harvard
00:21:46.4 | 20.88S | 178.59W | 591.0 PDE

8 00/12/18 01:19:28 21.11S | 178.98W | 655.7 | 6.4 | 402(164*) | Harvard
01:19:21 | 21.18S | 179.12W | 644.0 (Hi-net) PDE

9 00/12/18 21:15:35 | 21.08S | 178.98W | 654.9 | 5.2 66 Harvard
21:15:30 | 21.18S | 179.09W | 648.7 (Hi-net) PDE

10 | 01/04/28 04:50:02 | 18.07S | 176.68W | 367.4 | 6.2 | 462(330*) | Harvard
04:49:53 | 18.06S | 176.93W | 359.0 (Hi-net) PDE

1 01/05/26 10:57:31 | 20.25S | 177.65W | 4139 | 5.3 | 258(369*) | Harvard
10:57:26 | 20.29S | 177.84W | 402.0 (Hi-net) PDE

12 | 01/06/14 12:27:09 | 21.99S | 179.34W | 603.3 | 5.3 38 Harvard
12:27:04 | 22.05S | 179.46W | 592.0 (Hi-net) PDE
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