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Abstract 
Rheology describes the flow of matter under the influence of stress, and - related to solids- it 

investigates how solids subjected to stresses deform. As the deformation of the Earth’s outer 

layers, the lithosphere and the crust, is a major focus of rheological studies, rheology in the 

geosciences describes how strain evolves in rocks of variable composition and temperature 

under tectonic stresses. It is here where deformation processes shape the form of ocean basins 

and mountain belts that ultimately result from the complex interplay between lithospheric plate 

motion and the susceptibility of rocks to the influence of plate-tectonic forces. A rigorous study 

of the strength of the lithosphere and deformation phenomena thus requires in-depth studies of 

the rheological characteristics of the involved materials and the temporal framework of 

deformation processes.  

This dissertation aims at analyzing the influence of the physical configuration of the lithosphere 

on the present-day thermal field and the overall rheological characteristics of the lithosphere to 

better understand variable expressions in the formation of passive continental margins and the 

behavior of strike-slip fault zones. The main methodological approach chosen is to estimate 

the present-day thermal field and the strength of the lithosphere by 3-D numerical modeling. 

The distribution of rock properties is provided by 3-D structural models, which are used as the 

basis for the thermal and rheological modeling. The structural models are based on geophysical 

and geological data integration, additionally constrained by 3-D density modeling. More 

specifically, to decipher the thermal and rheological characteristics of the lithosphere in both 

oceanic and continental domains, sedimentary basins in the Sea of Marmara (continental 

transform setting), the SW African passive margin (old oceanic crust), and the Norwegian 

passive margin (young oceanic crust) were selected for this study. 

The Sea of Marmara, in northwestern Turkey, is located where the dextral North Anatolian 

Fault zone (NAFZ) accommodates the westward escape of the Anatolian Plate toward the 

Aegean. Geophysical observations indicate that the crust is heterogeneous beneath the 

Marmara basin, but a detailed characterization of the lateral crustal heterogeneities is presented 

for the first time in this study. Here, I use different gravity datasets and the general non-

uniqueness in potential field modeling, to propose three possible end-member scenarios of 

crustal configuration. The models suggest that pronounced gravitational anomalies in the basin 

originate from significant density heterogeneities within the crust. The rheological modeling 
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reveals that associated variations in lithospheric strength control the mechanical segmentation 

of the NAFZ. Importantly, a strong crust that is mechanically coupled to the upper mantle 

spatially correlates with aseismic patches where the fault bends and changes its strike in 

response to the presence of high-density lower crustal bodies. Between the bends, mechanically 

weaker crustal domains that are decoupled from the mantle are characterized by creep. 

For the passive margins of SW Africa and Norway, two previously published 3-D conductive 

and lithospheric-scale thermal models were analyzed. These 3-D models differentiate various 

sedimentary, crustal, and mantle units and integrate different geophysical data, such as seismic 

observations and the gravity field. Here, the rheological modeling suggests that the present-

day lithospheric strength across the oceanic domain is ultimately affected by the age and past 

thermal and tectonic processes as well as the depth of the thermal lithosphere-asthenosphere 

boundary, while the configuration of the crystalline crust dominantly controls the rheological 

behavior of the lithosphere beneath the continental domains of both passive margins. 

The thermal and rheological models show that the variations of lithospheric strength are 

fundamentally influenced by the temperature distribution within the lithosphere. Moreover, as 

the composition of the lithosphere significantly influences the present-day thermal field, it 

therefore also affects the rheological characteristics of the lithosphere. Overall my studies add 

to our understanding of regional tectonic deformation processes and the long-term behavior of 

sedimentary basins; they confirm other analyses that have pointed out that crustal 

heterogeneities in the continents result in diverse lithospheric thermal characteristics, which in 

turn results in higher complexity and variations of rheological behavior compared to oceanic 

domains with a thinner, more homogeneous crust. 
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Kurzfassung 
 
Die Rheologie ist die Wissenschaft, die sich mit dem Fließ- und Verformungsverhalten von 

Materie beschäftigt. Hierzu gehören neben Gasen und Flüssigkeiten vor allem auch Feststoffe, 

die einer Spannung ausgesetzt sind und einem daraus resultierenden Verformungsprozess 

unterliegen - entweder unter bruchhaften oder plastischen Bedingungen. In den 

Geowissenschaften umfasst die Rheologie die kombinierte Analyse tektonischer Spannungen 

und resultierender Deformationsphänomene in Gesteinen unter unterschiedlichen Temperatur- 

und Druckbedingungen sowie im Zusammenhang mit physikalischen Eigenschaften der 

Krusten- und Mantelgesteine. Die Verformung des lithosphärischen Mantels und der Kruste ist 

ein Schwerpunkt rheologischer Untersuchungen, denn in diesem Zusammenhang bilden sich 

Ozeanbecken und Gebirgsgürtel, die letztendlich aus dem komplexen Zusammenspiel der 

Bewegungen lithosphärischer Platten und der unterschiedlichen Deformierbarkeit von 

Krusten- und Mantelgesteinen unter dem Einfluss plattentektonischer Kräfte resultieren. Eine 

genaue Untersuchung der Festigkeit der Lithosphäre und der Deformationssphänomene 

erfordert daher eingehende Studien der rheologischen Eigenschaften der beteiligten 

Materialien. 

Vor diesem Hintergrund ist es das Ziel dieser Dissertation, die allgemeinen rheologischen 

Charakteristika der Lithosphäre in drei verschiedenen geodynamischen Bereichen zu 

analysieren, um unterschiedlich geprägte passive Kontinentalränder sowie das Verhalten von 

Transformstörungen innerhalb der Kontinente besser zu verstehen. Der wichtigste methodische 

Ansatz, der hierfür gewählt wurde, ist die numerische 3D-Modellierung, um eine Abschätzung 

des gegenwärtigen thermischen Feldes und der Festigkeit der Lithosphäre zu ermöglichen. Die 

räumliche Verteilung der Gesteinseigenschaften in Kruste und Mantel wird dabei durch 3-D-

Strukturmodelle bereitgestellt, die als Grundlage für die thermische und rheologische 

Modellierung verwendet werden. Die Strukturmodelle basieren auf der Integration 

geophysikalischer und geologischer Daten, die zusätzlich durch eine 3D-Dichtemodellierung 

validiert werden. Um die thermischen und rheologischen Eigenschaften der Lithosphäre 

sowohl im ozeanischen als auch im kontinentalen Bereich zu entschlüsseln, wurden für diese 

Studie Sedimentbecken im Marmarameer im Bereich der kontinentalen Nordanatolischen 

Transformstörung sowie im Bereich der passiven Plattenränder von SW-Afrika (alte 

ozeanische Kruste) und vor Norwegen (junge ozeanische Kruste) ausgewählt. 
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Das Marmarameer im Nordwesten der Türkei befindet sich in einer Region, wo die dextrale 

Nordanatolische Störung (NAFZ) die westwärts gerichtete Ausweichbewegung der 

Anatolischen Platte in Richtung Ägäis ermöglicht. Geophysikalische Beobachtungen deuten 

darauf hin, dass die kontinentale Kruste unter dem Marmara-Becken heterogen ist, allerdings 

stellt diese Arbeit zum ersten Mal eine detaillierte Charakterisierung dieser lateralen 

Krustenheterogenitäten vor. Hierzu verwende ich verschiedene Schweredaten und die 

Potenzialfeldmodellierung, um drei mögliche Szenarien zur Erklärung der Unterschiede im 

Charakter der Kruste vorzuschlagen. Die Modelle legen nahe, dass ausgeprägte 

Schwereanomalien im Becken von signifikanten Dichte-Heterogenitäten innerhalb der Kruste 

hervorgerufen werden. Die rheologische Modellierung zeigt, dass damit verbundene 

Unterschiede in der Festigkeit der Lithosphäre die mechanische Segmentierung der NAFZ 

steuern und sich auf seismogene Prozesse auswirken. Demnach korrelieren Krustenbereiche 

hoher Festigkeit, die mechanisch an den oberen Mantel gekoppelt sind, räumlich mit 

aseismischen Sektoren in der Region um die Störungszone, in denen sich das Streichen der 

NAFZ ändert. Zwischen den Bereichen mit den veränderten Streichrichtungen der Störung 

existieren dagegen mechanisch schwächere Krustenbereiche, die vom Mantel entkoppelt und 

durch Kriechbewegungen gekennzeichnet sind. 

Für die passiven Kontinentalränder von SW-Afrika und Norwegen wurden zwei veröffentlichte 

thermische 3-D-Modelle hinsichtlich des Einflusses der Temperaturverteilung auf die 

Festigkeit der Lithosphäre analysiert. Diese 3-D-Modelle differenzieren verschiedene 

Sediment-, Krusten- und Mantelbereiche und integrieren unterschiedliche geophysikalische 

Daten, wie zum Beispiel seismische Beobachtungen und Schwerefeldmessungen. Hier legt die 

rheologische Modellierung nahe, dass die derzeitige Lithosphärenfestigkeit im ozeanischen 

Bereich letztlich durch das Alter und vergangene thermische und tektonische Prozesse sowie 

die Tiefe der thermischen Grenze zwischen Lithosphäre und Asthenosphäre beeinflusst wird, 

während die Konfiguration der kristallinen Kruste das rheologische Verhalten der Lithosphäre 

in den kontinentalen Bereichen der beiden passiven Ränder dominiert. 

Die thermischen und rheologischen Modelle zeigen, dass die Variationen in der Festigkeit der 

Lithosphäre grundlegend von der Temperaturverteilung innerhalb der Lithosphäre selbst 

beeinflusst werden. Dabei steuert die Zusammensetzung der Lithosphäre das heutige 

thermische Feld entscheidend mit und darüber auch die rheologischen Eigenschaften der 

Lithosphäre. Diese Ergebnisse tragen somit  zu einem besseren Verständnis regionaler 
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tektonischer Deformationsprozesse und der dynamischen Langzeitentwicklung von 

Sedimentbecken bei; sie bestätigen außerdem frühere Analysen, die bereits darauf hingewiesen 

haben, dass die Heterogenität der Kruste in den Kontinenten mit unterschiedlichen thermischen 

Eigenschaften der Lithosphäre einhergeht, welches wiederum zu einer höheren Komplexität 

und Variabilität des rheologischen Verhaltens im Vergleich zu ozeanischen Gebieten mit einer 

geringer mächtigen, homogeneren Kruste führt.  
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1.1. State-of-the-art 
The publication of the predecessor of the plate-tectonic paradigm, the theory of continental 

drift by Alfred Wegener in 1912, triggered questions regarding the mechanical state of the 

lithosphere and its relation to geological phenomena. Since these early discussions and 

controversial ideas, topics such as lithospheric strength and the rheological behavior of the 

lithosphere have been subject to ongoing debate. For instance, early debates focused on the 

possible existence of a fluid asthenosphere underlying a strong lithosphere (Barrell, 1914) and 

the movement of the continents with high velocities (Wegener, 2003), while in the context of 

plate tectonics subsequent discussions (Le Pichon et al., 1973; Watts, 2001; Turcotte and 

Schubert, 2014) centered on spatiotemporal lithospheric strength variations in the context of 

mountain building and the formation of rifts and ocean basins (Cochran, 1980; Jackson, 2002; 

Burov and Watts, 2006; Burov, 2010, 2011). 

Various studies of the flexural behavior of the lithosphere suggest that the rheology of the 

lithosphere is more complex in the continents compared to the oceanic realm (Burov and 

Diament, 1992; Watts, 2001; Burov and Watts, 2006; Burov, 2010, 2011). Across the oceanic 

domains, lithospheric strength largely resides in the mantle, and the crust is mechanically 

coupled with the mantle (Burov and Watts, 2006; Burov, 2010, 2011). In contrast, three major 

scenarios are considered to best describe the rheological behavior of the continental lithosphere 

(Burov and Watts, 2006). Two of these scenarios are categorized under the analogous concept 

of “jelly sandwich”, in which a strong continental crust is mechanically coupled to or decoupled 

from a strong lithospheric mantle. Here, the presence of a relatively weak lower crust is key 

for the mechanical interactions above and beneath the Moho. In the third suggested scenario, 

which has been informally named the “crème-brûlée” model (Burov and Watts, 2006), the 

lithospheric strength resides mainly in the upper continental crust, and the lithospheric mantle 

is excessively weak. 

Overall, considering the rheology of the lithosphere and long-wavelength deformation 

processes on timescales in excess of 1 Ma, jelly sandwich models are suggested to provide a 

better description of lithospheric strength characteristics across continental domains than the 

“crème-brûlée” model (Burov, 2010). 
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1.2. Motivation 
Parameters that control lithospheric strength are of key importance in order to characterize the 

long-term rheological behavior of the lithosphere and its relationship with deformation 

processes. The lithospheric brittle strength is essentially a temperature-independent function of 

density and depth (Byerlee, 1978; Goetze and Evans, 1979; Ranalli, 1995; Burov, 2011). At 

greater depths, however, the dominant rheological behavior of rocks is characterized by non-

linear viscous flow (i.e. ductile), which is mainly dependent on temperature (Goetze and Evans, 

1979; Karato and Wu, 1993; Burov, 2011), but also on strain rate. Therefore, the rheological 

behavior of the lithosphere strongly depends on the structural configuration, the physical 

properties of the rocks, and temperature variations within the lithosphere. In this context one 

important question has been as to how the interaction of these different factors mentioned 

above and which parameters ultimately lead to a mechanically complex lithosphere in the 

continents compared to oceanic regions.              

Against the background of this ongoing discussion, this dissertation aims at analyzing the 

influences of the physical configuration of the lithosphere in the context of the present-day 

thermal field and the long-term rheological conditions in sedimentary basin environments of 

in different tectonic settings and age of their formation. Accordingly, two principal scientific 

questions constitute the basis for this study: 
1. Which first-order factors determine the thermal field and the strength of the 

lithosphere? 

2. How do these factors translate into the long-term rheological behavior of the 

lithosphere? 

1.3. Objectives 
In order to answer the two principal research questions, I set out to study the thermal and 

rheological characteristics of the lithosphere in both oceanic and continental domains and 

associated with sedimentary basins in two different tectonic settings. These include (1) a basin 

related to an intracontinental transform fault, and (2) basins related to passive continental 

margins. In an attempt to include the effects of the age of the lithosphere in these 

considerations, the passive margin settings in the North and South Atlantic were selected for 

this study. Accordingly, and based on the available datasets, three distinct sedimentary basins 

are analyzed: The Sea of Marmara (continental transform setting), the SW African passive 
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margin next to an old oceanic crust, and the Norwegian passive margin, which borders young 

oceanic crust. 

Consequently, four main objectives have guided the work during the course of this dissertation: 

1. Developing a 3-D structural modeling of the Sea of Marmara (Chapter 2) 

2. Calculating the 3-D thermal and rheological configuration of the lithosphere below the 

Sea of Marmara (Chapter 3) 

3. Comparing the 3-D lithospheric thermal field models of two differently aged passive 

margins (Chapter 4) 

4. Assessing the 3-D rheological characteristics of these two different passive margins 

(Chapter 5).  

The principal workflow to reach the above objectives of this dissertation consisted of three 

main steps. First, a 3-D density model was built based on the integration of geophysical and 

geological data, which was subsequently constrained by 3-D forward gravity modeling. In this 

thesis, milligal (mGal) is used as a unit of acceleration to discuss and visualize the acceleration 

of Erath’s gravity.  In relation to the International System of Units (SI), 1 mGal (10–3 Gal) 

equals to 1×10–5 meters per second squared (m s–2). The related methodology is explained in 

detail in Section 2.2. Secondly, an assessment of the 3-D conductive thermal field was carried 

out based on numerical thermal simulations for the structural models resulting from the 

previous step. Finally, the strength of the lithosphere was evaluated based on the results of 

thermal modeling. Both the thermal and rheological numerical modeling approaches are 

comprehensively described in Section 3.2. 

1.4. Model areas 
The initial database for this study consists of regional 3-D lithospheric-scale structural and 

thermal models for the SW African (Maystrenko et al., 2013) and the Norwegian passive 

margins (Scheck-Wenderoth et al., 2007; Scheck-Wenderoth and Maystrenko, 2008), as well 

as the depth to the Moho beneath the Sea of Marmara (Hergert and Heidbach, 2010). To keep 

the consistency with the previous studies and to build on previous results, the model areas have 

been kept identical to their earlier counterparts. 
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1.4.1. The intracontinental transform fault setting in the Sea of 

Marmara∗ 

In the large-scale plate-tectonic framework of Asia Minor (Fig. 1.1a), the North Anatolian Fault 

Zone (NAFZ) accommodates the westward escape of the Anatolian Plate in response to the 

northward motion and indentation of the Arabian Plate into Eurasia and the breakoff of the slab 

beneath the Bitlis–Hellenic subduction zone (McKenzie, 1972; Şengör et al., 2005; Faccenna 

et al., 2006; Jolivet et al., 2013). This process of continental escape has resulted in numerous 

deformation features along the well-defined trace of the fault and along the northern flanks of 

the Anatolian plateau (Barka and Hancock, 1984; Barka and Reilinger, 1997; Pucci et al., 2006; 

Yildirim et al., 2011, 2013). 

The NAFZ is a right-lateral continental transform fault that extends from the Karliova triple 

junction in eastern Anatolia to the northern Aegean. In its westernmost sector, the NAFZ 

bifurcates into three strands of locally variable strikes (Armijo et al., 1999, 2002): the northern, 

middle, and southern branches (Fig. 1.1b). The northern branch traverses the Sea of Marmara 

and forms the N70°E striking Main Marmara Fault (MMF; Le Pichon et al., 2001, 2003). The 

approximately E–W-striking middle branch passes through the Armutlu Peninsula and 

continues westward along the southern coast of the Sea of Marmara; this branch changes strike 

to NE–SW in the southern part of the Kapıdag Peninsula (Yaltirak and Alpar, 2002; Kurtuluş 

and Canbay, 2007). The southern branch traverses to the south of the southern margin of the 

Sea of Marmara. 

The region of the Sea of Marmara is an integral part of the NAFZ, which began its activity in 

the east approximately 13 to 11 Ma ago (Şengör et al., 2005). Although different models and 

timing constraints for the onset of basin formation in the Sea of Marmara have been presented 

in the context of the evolution of the NAFZ and the Aegean region (Armijo et al., 1999; Ünay 

et al., 2001; Yaltirak, 2002; Şengör et al., 2005; Le Pichon et al., 2014, 2016), offset geological 

marker horizons, displaced structures, and paleontological data point to a transtensional origin 

during the propagation and sustained movement of the NAFZ. These movements were 

                                                           
∗This section largely corresponds to a paper published as “3-D crustal density model of the Sea of Marmara, Solid Earth, 10, 
785–807, https://doi.org/10.5194/se-10-785-2019, 2019” and co-authored by Ershad Gholamrezaie, Magdalena Scheck-
Wenderoth, Judith Bott, Oliver Heidbach, and Manfred R. Strecker. 

 

https://doi.org/10.5194/se-10-785-2019
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associated with the displacement and rotations of crustal blocks after the Zanclean 

transgression in the Early Pliocene. Such a geodynamic scenario of transtensional dextral 

strike-slip faulting is compatible with space-geodetic data, the pattern of seismicity, and 

geomorphic indicators in the landscape (Barka and Kadinsky‐Cade, 1988; Reilinger et al., 

1997, 2006; Bürgmann et al., 2002; Pucci et al., 2006; Akbayram et al., 2016; Yildirim and 

Tüysüz, 2017). 

 

 

Figure 1.1: Tectonic setting of the North Anatolian Fault and the Sea of Marmara (after Hergert et al., 
2011 and Gholamrezaie et al., 2019). (a) Tectonic map covering the contacts between the Arabian, 
African, Anatolian and Eurasian plates. Yellow stars show the epicenters of major earthquakes 
(Mw>6.5) during the last century (Stein et al., 1997; Barka et al., 2002). (b) The westernmost sector of 
the NAFZ (Armijo et al., 2002, 2005). The black box shows the model area of the Sea of Marmara. 
Abbreviations: North Anatolian Fault Zone (NAFZ), East Anatolian Fault (EAF), Dead Sea Fault Zone 
(DSFZ), Karliova triple junction (KTJ), Main Marmara Fault (MMF), middle branch (MB), southern 
branch (SB), Ganos Fault (GF), Gallipoli Peninsula (GP).  
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The NAFZ is a right-lateral continental transform fault that extends from the Karliova triple 

junction in eastern Anatolia to the northern Aegean. In its westernmost sector, the NAFZ 

bifurcates into three strands of locally variable strikes (Armijo et al., 1999, 2002): the northern, 

middle, and southern branches (Fig. 1.1b). The northern branch traverses the Sea of Marmara 

and forms the N70°E striking Main Marmara Fault (MMF; Le Pichon et al., 2001, 2003). The 

approximately E–W-striking middle branch passes through the Armutlu Peninsula and 

continues westward along the southern coast of the Sea of Marmara; this branch changes strike 

to NE–SW in the southern part of the Kapıdag Peninsula (Yaltirak and Alpar, 2002; Kurtuluş 

and Canbay, 2007). The southern branch traverses to the south of the southern margin of the 

Sea of Marmara. 

The region of the Sea of Marmara is an integral part of the NAFZ, which began its activity in 

the east approximately 13 to 11 Ma ago (Şengör et al., 2005). Although different models and 

timing constraints for the onset of basin formation in the Sea of Marmara have been presented 

in the context of the evolution of the NAFZ and the Aegean region (Armijo et al., 1999; Ünay 

et al., 2001; Yaltirak, 2002; Şengör et al., 2005; Le Pichon et al., 2014, 2016), offset geological 

marker horizons, displaced structures, and paleontological data point to a transtensional origin 

during the propagation and sustained movement of the NAFZ. These movements were 

associated with the displacement and rotations of crustal blocks after the Zanclean 

transgression in the Early Pliocene. Such a geodynamic scenario of transtensional dextral 

strike-slip faulting is compatible with space-geodetic data, the pattern of seismicity, and 

geomorphic indicators in the landscape (Barka and Kadinsky‐Cade, 1988; Reilinger et al., 

1997, 2006; Bürgmann et al., 2002; Pucci et al., 2006; Akbayram et al., 2016; Yildirim and 

Tüysüz, 2017). 

In contrast, based on GPS velocity data and surface geological observations, arguments have 

also been put forward that the kinematics of the MMF corresponds to a pure right-lateral strike-

slip fault, with the exception of the Çınarcık basin area, where the bend of the Princes’ Islands 

segment causes a transtensional setting (Le Pichon et al., 2003, 2016). 

No matter which of the two settings are valid, geophysical observations and structural models 

for both scenarios indicate that the present-day Sea of Marmara is underlain by two major 

sedimentary units: a pre-kinematic unit that predates the opening of the basin, and a second 

unit that is syn-kinematic with the opening of the basin (Laigle et al., 2008; Bécel et al., 2009, 

2010; Bayrakci et al., 2013; Kende et al., 2017; Gholamrezaie et al., 2019). These sedimentary 
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units document that the regional tectonic setting has changed since the opening of the Sea of 

Marmara. 

1.4.2. The passive continental margin setting in the Atlantic∗ 

The locations of the modeled areas of the Norwegian passive margin and of the SW African 

passive margins are shown as Box A and Box B in Figure 1.2, respectively. 

Passive continental margins evolve in consequence to continental rifting and breakup with the 

formation of new oceanic crust (White et al., 1987; Huismans and Beaumont, 2008). Rifted 

margins, according to the level of magmatic processes that have influenced them, are divided 

into two general categories: (a) magma-poor rifted margins, and (b) magma-rich (volcanic) 

rifted margins (Boillot et al., 1980; Sibuet et al., 1987, Whitmarsh et al., 2001; Franke, 2013). 

One of the typical characteristics of magma-rich passive continental margins and a major 

contrast to magma-poor margins, is only moderate thinning at the proximal margin, whereas 

crustal thinning at the distal margin is significant. As parts of the continental crust are replaced 

by lower crustal bodies associated with emplacement of intrusives and underplated material, 

the remaining ordinary crystalline crust is thinned to a few kilometers. After the rifting process 

has stopped, the lower crustal bodies are usually characterized by high p-wave velocities of 

more than 7.3 km s–1 (White et al., 1987; Talwani and Abreu, 2000; Lavier and Manatschal, 

2006; Huismans and Beaumont, 2008; Franke, 2013). Two more characteristic features of 

volcanic passive margins are seaward-dipping reflectors (SDRs), interpreted as the expression 

of basalt flows (Hinz, 1981; Mutter et al., 1982; White et al., 1987; White and McKenzie, 1989) 

and usually more than 10-km-thick syn- and post-rift sediments as a result of accommodation 

space that has formed as a result of the combination of tectonic and thermal subsidence (White 

and McKenzie, 1989; Huismans and Beaumont, 2008; Franke, 2013). 

The volcanic passive margin of Norway is the result of the last phase of the break-up of Pangea 

(55 Ma bp) during the early Cenozoic. The Norwegian margin evolved in response to the North 

Atlantic breakup, which is inferred to have been initiated by abnormally hot mantle, updoming 

and faulting associated with the Iceland plume (White, 1989; Skogseid et al., 1992; Ren et al., 

                                                           
∗This section largely corresponds to a paper published as “Variability of the geothermal gradient across two differently aged 
magma-rich continental rifted margins of the Atlantic Ocean: The Southwest African and the Norwegian margins, Solid Earth, 
9, 139–158, https://doi.org/10.5194/se-9-139-2018, 2018” and co-authored by Ershad Gholamrezaie, Magdalena Scheck-
Wenderoth, Judith Sippel, and Manfred R. Strecker. 

 

https://doi.org/10.5194/se-9-139-2018
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1998). The Norwegian continental margin records several rifting phases prior to breakup that 

played a major role in initiating the formation of deep sedimentary basins (Skogseid, 1994; 

Blystad et al., 1995; Swiecicki et al., 1998; Doré et al., 1999, 2002). For instance, the deep 

Vøring and Møre basins in the Norwegian Sea were formed due to an earlier rifting phase at 

approximately 150 Ma that did not lead to continental breakup, but to the accumulation of more 

than 10 km of late Mesozoic deposits (Scheck-Wenderoth et al., 2007). 

 

  

Figure 1.2: Location of the model areas of the passive margins. Box A and box B represent the model 
area across the Norwegian passive margin and the SW African passive margin, respectively. 

In contrast, the breakup event leading to the creation of the South Atlantic and the formation 

of the SW African margin occurred significantly earlier than the breakup leading to the 

Norwegian margin formation. At about 130 Ma the continental lithosphere began rifting apart 

and generated the South Atlantic Ocean (Larson and Ladd, 1973; Rabinowitz and LaBrecque, 

1979; Unternehr et al., 1988; O’Connor and Duncan, 1990; Nürnberg and Müller, 1991; Brown 

et al., 1995; Talwani and Abreu, 2000; Blaich et al., 2009). These processes were followed by 

post-breakup cooling, resulting in the formation of several sedimentary basins along the 
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margins of the South Atlantic (Stewart et al., 2000; Macdonald et al., 2003; Séranne and Anka, 

2005; Dressel et al., 2016). 

Both passive margin settings have similar crustal configurations: crystalline crustal rocks are 

exposed onshore, thick sedimentary sequences along the rifted margins are underlain by a 

severely thinned upper crust and are associated with high-velocity high-density lower crustal 

bodies and pronounced seaward dipping reflections (SDRs) that approach the continent-ocean 

boundary. The sedimentary units in both settings are predominantly composed of siliciclastic 

rocks with varying degrees of compaction (Stewart et al., 2000; Brekke, 2000; Scheck-

Wenderoth et al., 2007; Scheck-Wenderoth and Maystrenko, 2008; Maystrenko et al., 2013). 

The crustal configuration of these sedimentary basins and their evolution during different 

tectonic phases has been discussed controversially (Stewart et al., 2000; Macdonald et al., 

2003; Fernandez et al., 2005; Lundin and Doré, 2011; Koopmann et al., 2014; Nirrengarten et 

al., 2014; Gernigon et al., 2015; Dressel et al., 2016; Mjelde et al., 2016; Maystrenko et al., 

2017). However, the different published concepts agree with respect to the presence of SDRs 

near the continent–ocean transition, the existence of a thick sedimentary succession above thin 

crystalline crust beneath the margins, and the presence of a high-velocity/high-density lower 

crustal body below the distal margins. All studies furthermore agree that the North and South 

Atlantic oceans are of significantly different age regarding the onset of ocean spreading 

processes. However, controversies emerged with respect to geodynamic concepts explaining 

the observed variations in subsidence rate and uplift phases during the post-rift evolution and 

with respect to the origin of the lower crustal high-velocity/high-density bodies. In this context, 

the role of mantle dynamics for post-breakup vertical movements have been especially debated. 

For the margins along the South Atlantic the lower crustal bodies are predominantly interpreted 

as the relicts of breakup-related mafic underplating (gabbros), whereas in the North Atlantic 

the process of underplating is just one of the different concepts that have been discussed. The 

bodies have been alternatively discussed in that they either represent serpentinized mantle in 

response to water-mantle interaction, or eclogites that are may represent remnants of earlier 

orogenic processes (White and McKenzie, 1989; Eldholm et al., 2000; Gernigon et al., 2004; 

Ebbing et al., 2006). Autin et al. (2016) have examined the thermal implications of these 

different hypotheses for the Argentine continental margin and concluded that a serpentinite 

composition would require a significantly colder thermal field, whereas eclogites and gabbros 

would have similar, but higher-temperature effects. 
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There are also some major differences between the two margins, which are related to the 

different times of breakup and the different post-breakup histories. The younger North Atlantic 

margin is bordered by a younger and thinner oceanic lithosphere and shows a thickened oceanic 

crust near the continent–ocean transition compared to the South Atlantic margin. 
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Chapter 2 
3-D crustal density model of 

the Sea of Marmara∗  

                                                           
∗This chapter largely corresponds to a paper published as “3-D crustal density model of the Sea of Marmara, Solid Earth, 10, 
785–807, https://doi.org/10.5194/se-10-785-2019, 2019” and co-authored by Ershad Gholamrezaie, Magdalena Scheck-
Wenderoth, Judith Bott, Oliver Heidbach, and Manfred R. Strecker. 

https://doi.org/10.5194/se-10-785-2019
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2.1. Introduction 
As one of the most active plate-bounding strike-slip faults in the world (Fig. 1.1), and being 

located in the Istanbul metropolitan area with a population of approximately 15 million, the 

NAFZ has been the focus of numerous geoscientific investigations over the past decades (e.g. 

Ambraseys, 1970; Barka, 1996; Stein et al., 1997; Armijo et al., 1999; Şengör et al., 2005; Le 

Pichon et al., 2016). Several recent research programs (e.g. SEISMARMARA – Hirn and 

Singh, 2001: https://doi.org/10.17600/1080050; GONAF – Bohnhoff et al., 2017a: 

https://www.gonaf-network.org, last access: 14 May 2019; MARsite: http://marsite.eu, last 

access: 14 May 2019) have been embarked on to improve the observational basis for the 

seismic hazard assessment in the Sea of Marmara region. 

The Marmara section of the NAFZ is considered to be a 150 km long seismic gap along the 

MMF between the ruptures of two strong events in 1912 (Mw7.3) and 1999 (Mw7.4) and is a 

zone of strong earthquakes (Mw7.4) with a recurrence time of approximately 250 years (Fig. 

2.1); this section experienced the last earthquake in 1509 and 1766, suggesting that the fault is 

mature and that the potential for a large seismic event is regarded as high (Ambraseys, 2002; 

Barka et al., 2002; Parsons, 2004; Janssen et al., 2009; Murru et al., 2016; Bohnhoff et al., 

2013, 2016a, b, 2017b). A key question is if this 150 km long seismic gap will rupture in the 

future in one event or in several separate events due to segmentation of the MMF, an issue that 

will depend a lot on the stress evolution along the strike among other forcing factors. In this 

regard, three-dimensional (3-D) geological models are the fundament of geomechanical 

models, and the distribution of density is of key importance, as density controls body forces. 

Density modeling is generally done by integrating geological information, seismic 

observations, and gravity data. Furthermore, gravity models can also help to assess the density 

distribution at greater depths where borehole observations and/or seismic surveys have 

limitations. 

Our study aims to evaluate the deep crustal configuration of the Sea of Marmara and 

surrounding areas. To address the question of whether there is a spatial relationship between 

fault activity and the distribution of certain physical properties in the crust, we develop 3-D 

density models that integrate available seismological observations and that are consistent with 

observed gravity measurements. In a previous gravity modeling effort (Kende et al., 2017), an 

inversion method was applied to calculate the Moho depth below the Marmara region. Building 

on an earlier 3-D structural model developed to evaluate the stress–strain state in this region 

https://doi.org/10.17600/1080050
https://www.gonaf-network.org/
http://marsite.eu/
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(Hergert and Heidbach, 2010, 2011; Hergert et al., 2011), we use crustal- and regional-scale 

forward 3-D gravity modeling and seismic data as additional constraints. In addition, we 

compare and discuss our results with the previously published results of Kende et al. (2017). 

This comparison confirms that significant density heterogeneities are laterally present within 

the crust below the Sea of Marmara. In particular, we find indications for lateral density 

heterogeneities within the crust in the form of two local high-density bodies that may influence 

the kinematics of the NAFZ below the Sea of Marmara. 

 

 

Figure 2.1: The topography and bathymetry of the model area (Le Pichon et al., 2001; Amante and 
Eakins, 2009). The seismic gap (red line) that has existed since 1766 (Bohnhoff et al., 2013, 2017), and 
the approximate ruptures (Barka et al., 2002; Bohnhoff et al., 2017) related to the major events of 1912 
Ganos (pink line) and 1999 Izmit (yellow line). The yellow star represents the epicenter of the 1999 
Izmit earthquake. Abbreviations: Main Marmara Fault (MMF), Princes’ Islands segment (PIS), Tuzla 
Bend (TB), Istanbul Bend (IB), Ganos Bend (GB), Çınarcık Basin (CiB), Central Basin (CB), Tekirdağ 
Basin (TkB), Imralı Basin (ImB), central high (CH), western high (WH), Marmara Island (MI), Kapidağ 
Peninsula (KP), and Armutlu Peninsula (AP). 
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2.2. Method and model setup 
Like for the earlier 3-D model (Hergert and Heidbach, 2010), our study area extends from 

40.25° N–27.25° E to 41.15° N–30.20° E and is projected as a rectangular shape in WGS84, 

UTM zone 35° N, with a dimension of 250 km×100 km (Fig. 2.1). It covers the Sea of Marmara 

and the adjacent onshore areas as well as the city of Istanbul and the Bosporus.  

The principal approach used for this study is crustal-scale 3-D gravity forward modeling to 

assess the density configuration of different structural units. In this methodology, the gravity 

response of a model is calculated and compared with gravity anomaly datasets. The model is 

iteratively modified to find the best fit with the data. Since the solution is not unique in gravity 

modeling, reducing the number of free parameters by integrating other available geophysical 

and/or geological data as additional constraints is required. In the spirit of this philosophy, the 

workflow adopted in this study consists of the following: (1) setting up an initial density model 

(Figs. 2.2 and 2.3) – in our case, based on the previous studies (Hergert and Heidbach, 2010, 

2011; Hergert et al., 2011), (2) calculating the gravity response of this initial model and 

analyzing the misfit (gravity residual) between the gravity model and the input gravity data, 

and (3) modifying the initial model by introducing additional density variations while 

integrating additional constraining data to obtain the density–geometry configuration that 

reproduces the gravity anomaly data grid best. In general, positive residual anomalies indicate 

that a greater mass is required in the model to fit the gravity anomaly data, whereas negative 

residuals imply that the mass in the model is too large in the domain of the misfit. 

3-D forward gravity modeling has been performed using the Interactive Gravity and Magnetic 

Application System – IGMAS+ (https://igmas.git-pages.gfz-potsdam.de/igmas-pages; Götze 

and Lahmeyer, 1988; Götze et al., 2015; Schmidt et al., 2011, 2020; Anikiev et al., 2021). In 

IGMAS+, the gravity response of a 3-D structural and density model is calculated and 

compared with the input gravity data over the model area. Therefore, the model has to be 

defined in terms of the geometric configuration of its individual structural units. In addition to 

geometry, information on the densities needs to be assigned to the different units of the model 

to calculate the gravity response. The chosen parameter combinations for the different models 

studied are detailed in Section 2.4. IGMAS+ provides the density–geometry configuration in 

the form of triangulated polyhedrons over the 3-D model domain. These polyhedrons span 

between 2-D vertical working sections where the model can be interactively modified (Schmidt 

et al., 2011). For this study, a lateral resolution of 2500m is considered, which results in 100 

https://igmas.git-pages.gfz-potsdam.de/igmas-pages
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north–south-oriented working sections. The models extend downward to a constant depth of 

50 km b.s.l., and the unit comprised between the Moho and the lower model boundary is 

considered to be the uniform lithospheric mantle. To avoid lateral boundary effects, the models 

extend, on all sides, 370 km further than the study area. 

 

Figure 2.2: Main horizons within the initial mode; (a) depth to top basement, and (b) depth to Moho. 
The corresponding thickness maps are illustrated in Fig. 2.3.  

Key horizons where major contrasts in density are expected are the air–water interface, the 

sediment–water interface, the interface separating sediments and the crystalline crust, and the 

crust–mantle boundary (Moho). These interfaces also are well imaged with seismic methods 

and can therefore easily be integrated. Internal heterogeneities within the crust may not be 

identified by seismic methods or may only be identified locally along individual profiles. This 

is where 3-D gravity modeling can be used in addition to translate velocities to densities first 

along the seismic section and use density modeling to close the gaps in between. This strategy 

together with the three-dimensionality of the calculation strongly reduces model uncertainties 

imposed by the general non-uniqueness of gravity modeling, as densities need to be in certain 
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ranges for different rock types and density anomalies at different depths produce gravity effects 

of different wavelengths (e.g. Schmidt et al., 2011; Maystrenko et al., 2013; Sippel et al., 2013; 

Maystrenko and Scheck-Wenderoth, 2013). 

 

Figure 2.3: Thickness distribution map of the initial structural model; (a) seawater column, (b) syn-
kinematic sediment thickness, and (c) homogeneous crustal thickness.  
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To assess the density variations in the deeper crust of the Sea of Marmara region, we calculate 

the gravity response for models of increasing complexity concerning their 3-D structural and 

density configuration: (1) the initial model with homogeneous crust below the sediments, (2) a 

more differentiated model integrating additional seismic observations for the different crustal 

levels below the sediments, and (3) a series of final best-fit models in which the remaining 

residual anomaly is minimized by implementing additional density–geometry changes in the 

crust but respecting the seismic data. As two different gravity datasets are available, we 

calculate the difference between model response and gravity anomaly data grid for both 

datasets. 

Throughout the modeling procedure, the uppermost surface, the bathymetry (Fig. 2.1), the top-

basement depth (Fig. 2.2a), and the depth to the Moho discontinuity (Fig. 2.2b) are kept fixed 

as defined in the initial model, since the geometries of these interfaces are well-constrained by 

geological and geophysical data. In all tested models, an average density of 1025 kg m–3 was 

assumed for seawater, and a homogeneous density of 3300 kg m–3 is assigned to the mantle 

below the Moho. For all gravity models presented, we define the uppermost surface of the 

model as the onshore topography and as the sea level offshore. Accordingly, the thickness 

between the sea level and bathymetry (Fig. 2.1) corresponds to the column of seawater (Fig. 

2.3a) which attains the largest values in the Tekirdağ, Central, and Çınarcık basins. 

2.3. Input data  
The database for this study includes topography–bathymetry data, geometrical and density 

information from a previous 3-D structural model, seismic observations, and different sets of 

published free-air gravity data including the shipboard gravity dataset. 

2.3.1. Topography and bathymetry  
The topography–bathymetry (Fig. 2.1) was exported from the 1 arcmin global relief model 

(ETOPO1; Amante and Eakins, 2009). This dataset, over the study area, integrates the 30 

arcsec grid obtained from NASA’s Shuttle Radar Topography Mission (SRTM) and a 

bathymetry dataset (MediMap Group, 2005) with 1 km resolution. In addition, to increase the 

bathymetry resolution within the northern Marmara Trough, high-resolution multibeam 

(EM300) acquired bathymetry (Le Pichon et al., 2001) is integrated into the model (Fig. S2.1 

in the Supplement). 
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Figure 2.1 shows that the present-day Sea of Marmara is surrounded by regions that are up to 

1500m high. The configuration of the present-day seafloor shows that the Sea of Marmara is 

structured into the three main depocentres of the Tekirdağ basin, the Central basin, and the 

Çınarcık basin, where the water depth reaches up to 1300 m. While the axis of the Central basin 

is aligned along the MMF, the Çınarcık basin and the Tekirdağ basin extend only south and 

mostly north of the MMF, respectively. The MMF bends along the northern boundary of the 

Çınarcık basin, at the Tuzla bend, from an E–W-directed strike (east of the Sea of Marmara) to 

an ESE–WNW strike direction at the northwestern margin of the Çınarcık basin before it 

resumes the E–W strike direction at the Istanbul bend. The segment of the MMF between the 

two bends is the Princes’ Islands segment. Farther to the west of the Sea of Marmara, at the 

Ganos bend, the MMF once more changes strike direction from E–W to ENE–WSW. There, 

the MMF exits the Sea of Marmara and creates the Ganos Fault segment of the NAFZ. 

2.3.2. Initial model 
The 3-D structural model (Fig. 2.3: Hergert and Heidbach, 2010; Hergert et al., 2011), 

considered to be the initial model for our study, differentiates three main horizons: (1) the 

topography–bathymetry (Fig. 2.1), (2) a top-basement surface (Fig. 2.2a), and (3) the Moho 

discontinuity (Fig. 2.2b). In their study, Hergert and Heidbach (2010), modeled the top 

basement geometry based on seismic observations (Parke et al., 2002; Carton et al., 2007; 

Laigle et al., 2008; Bécel et al., 2009, 2010) and other geophysical and geological data such as 

3-D seismic tomography (Bayrakci, 2009), well data (Ergün and Özel, 1995; Elmas, 2003), 

and geological maps (Elmas and Yigitbas, 2001). This surface, however, has been interpreted 

by others as the top of Cretaceous limestone that is pre-kinematic with respect to the opening 

of the Sea of Marmara (Ergün and Özel, 1995; Parke et al., 2002; Le Pichon et al., 2014). 

Hergert and Heidbach (2010) derived the thickness of the sediments of the Sea of Marmara as 

the difference between bathymetry–topography and the top basement. Accordingly, their 

“basement” delineates the base of the sediments and not the crystalline basement. First, deep 

seismic surveys in the Sea of Marmara (Fig. 2.4: Laigle et al., 2008; Bécel et al., 2009) indicate 

that this basement is a pre-kinematic basement with respect to the opening of the Sea of 

Marmara. Accordingly, Laigle et al. (2008), suggests the term of “syn-kinematic” infill for the 

sediments above the pre-kinematic basement. We, therefore, regard these sediments as the syn-

kinematic sediments and refer to the top basement of the initial model as the base syn-kinematic 

sediments in the following. 
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Figure 2.4: Location of seismic profiles considered in this study and corresponding P-wave velocities 
and interpretations (modified after Laigle et al., 2008; Bécel et al., 2009; Bayrakci et al., 2013). (a) 
Location of the seismic profiles. Red lines are from reflection–refraction survey (Bécel et al., 2009), 
and blue lines are from sediment–basement tomography (Bayrakci et al., 2013). (b) Crustal structure 
and depth to Moho along the AA′ cross-section. Numbers are modeled P-wave velocities for top of the 
lower crust (6.7 km s–1) and the Moho discontinuity (8 km s–1). (c) Crustal structure and depth to Moho 
along the BB′ cross-section, including interpretations of the tomographic results along the DD′ profile. 
(d) P-wave velocity contours form the tomographic modeling along the CC′ profile. Modeled P-wave 
velocities of 4.2 km s–1 and 5.2 km s–1 respectively represent base syn-kinematic sediments and base 
pre-kinematic-sediments. (e) Tomographic modeled iso-velocity of 4.2 km s–1 (blue line) representing 
top of the pre-kinematic sediments in two-way travel time along the DD′ profile, and multichannel 
reflection seismic interpretation form Laigle et al. (2008) on the same profile.  

The syn-kinematic sediments in our model represent the deposits related to the opening of the 

Sea of Marmara and are interpreted to be mainly Pliocene–Quaternary infill (Laigle et al., 2008; 

Bécel et al., 2010; Bayrakci et al., 2013; Le Pichon et al., 2016). Accordingly, they are mostly 

missing in the domains outside the Sea of Marmara in response to their syn-kinematic origin. 

They are characterized by normal fault-bounded initial synrift graben fills overlain by postrift 

deposits overstepping the initial graben-like sub-basins. The full nature of the mechanical 

conditions for the Sea of Marmara initiation are less clear. It is even partly still debated if the 

initiation of the Sea of Marmara and the propagation of the MMF coincide in time. There are 

two competing hypotheses: (1) the Sea of Marmara opened in extension, which weakened the 

lithosphere such that the North Anatolian Fault propagated along the weakened domains (e.g. 
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Le Pichon et al., 2001, 2015), and (2) the releasing bend of the already-propagated North 

Anatolian Fault or a dextral step-over between the MMF and the southern fault favored local 

transtension, resulting in the formation of the Sea of Marmara as a pull-apart basin (e.g. Armijo 

et al., 2002, 2005). However, seismic information proves that there is a clear change in the 

tectonic regime with the opening of the Sea of Marmara (Fig. 2.4: Laigle et al., 2008; Bécel et 

al., 2009, 2010; Bayrakci et al., 2013). The thickness between the topography–bathymetry and 

the base syn-kinematic sediments represents the syn-kinematic sediment fill (Fig. 2.3b). This 

thickness is on average about 2.5 km over the Sea of Marmara area. Two thickness maxima 

indicate localized subsidence and sediment accumulation, the first maximum being aligned 

along the MMF where the syn-kinematic sediments are more than 5.2 km thick below the 

present-day Central basin and the southeastern part of the Tekirdağ basin and the second 

maximum being up to 5 km below the Çınarcık basin, limited to the northward direction by the 

MMF. 

The depth to the Moho interface in the initial model (Fig. 2b) has been obtained by interpolating 

between various seismic data covering a larger area than the model area (Hergert et al., 2011). 

To constrain the Moho depth to the model area, Hergert et al. (2011) applied a Gaussian filter 

to adjust the local variation of the Moho depth. The Moho is distinctly shallower below the Sea 

of Marmara than below the surrounding onshore areas and shows doming to a depth of 27 km 

below the basin. Along the basin margins, the Moho is about 30 km deep and descends eastward 

to more than 35 km depth beneath Anatolia. 

2.3.3. Geophysical data  
The seismic observations considered for this study, in addition to those taken into account in 

the initial model, include P-wave velocity profiles from an offshore–onshore reflection–

refraction survey (Bécel et al., 2009) and from a 3-D seismic tomography study focused on the 

sediment–basement configuration of the northern Marmara Trough (Bayrakci et al., 2013). 

Both studies are based on the SEISMARMARA Leg 1 seismic survey (Hirn and Singh, 2001), 

and the locations of the related profiles in the model area are shown in Fig. 2.4a. Three-

dimensional seismic tomography modeling in the northern Marmara Trough (Bayrakci et al., 

2013) indicates that the P-wave velocities vary between 1.8 and 4.2 km s–1 within the syn-

kinematic sediments. Bayrakci et al. (2013) derive the top of the crystalline basement as an iso-

velocity surface with a P-wave velocity of 5.2 km s–1. In addition, relying on wide-angle 

reflection–refraction modeling, Bécel et al. (2009) interpreted a refractor below the base syn-
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kinematic sediments with a P-wave velocity close to 5.7 km s–1 as the top of the crystalline 

basement. These seismic studies suggest that the crust beneath the syn-kinematic sediments is 

not homogeneous as assumed in the initial model but that there is a unit of pre-kinematic 

sediments beneath the syn-kinematic sediments with an average P-wave velocity of 4.7 km s–1 

above the crystalline crust (Fig. 2.4). The pre-kinematic sediments encompass all deposits that 

have accumulated before the Sea of Marmara opening. In the realm of the Sea of Marmara, 

based on borehole observations, these deposits are separated from the syn-kinematic sediments 

by a diachronous unconformity that cuts units of variable age, reaching from early Cenozoic in 

the upper Miocene to uppermost Cretaceous (Le Pichon et al., 2014). The pre-kinematic 

sediments are thinned in response to the extension–transtension related to the Sea of Marmara 

opening that is most pronounced in the northern Marmara Trough. Onshore, surface geological 

observations (Ergün and Özel, 1995; Genç, 1998; Turgut and Eseller, 2000; Yaltırak, 2002; Le 

Pichon et al., 2014) mapped Eocene–Oligocene sediments at the northwestern and southern 

margins of the Sea of Marmara that might be related to the missing units below the observed 

unconformity within the basin. 

Furthermore, Bécel et al. (2009) interpreted a reflective horizon with a P-wave velocity of 6.7 

km s–1 and that was largely parallel to the Moho topography as the top lower crystalline crust 

(Fig. 2.4b and c). Moreover, multichannel seismic reflection data collected in the southwestern 

part of the Central basin and in the northeastern part of Marmara Island documented a 43 km 

long low-angle dipping reflector interpreted as a normal detachment fault cutting through the 

upper crystalline crust down to the lower crust (Fig. 2.4c and e; Laigle et al., 2008; Bécel et al., 

2009). In brief, within the upper crystalline crust, the P-wave velocity varies from 5.7 km s–1 

at the top of the crystalline basement to 6.3 km s–1 above the top of the lower crystalline crust. 

Lateral velocity variations (~0.3 km s–1) are also observed surrounding the detachment fault in 

the upper crystalline crust. 

The first set of gravity anomaly data grid considered in this study are based on EIGEN-6C4 

(Förste et al., 2014). This dataset is a combined global gravity field model up to the degree and 

order of 2190, correlating satellite observations (LAGEOS, GRACE, and GOCE) and surface 

data (DTU 2′×2′ global gravity anomaly grid). We used the free-air gravity anomaly, 

downloaded with the resolution of ETOPO1 (1 arcmin), from the International Centre for 

Global Earth Models (ICGEM; Barthelmes et al., 2016; Ince et al., 2019). The free-air anomaly 

map of the study area (Fig. 2.5a) displays generally low gravity values (±20 mGal) over the 
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basin area, indicating that the basin is largely isostatically compensated. An exception is a 

pronounced negative anomaly with values as low as –80 mGal in the northwestern area of the 

Sea of Marmara around the MMF. Comparing the bathymetry (Fig. 2.1) with the free-air 

gravity anomaly map, it is evident that this negative anomaly is not related to a larger basin 

depth, as bathymetry is rather uniform along the entire axial part of the basin. Likewise, the 

basement of the syn-kinematic sediments (Fig. 2.2a) is in the same range in both sub-basins. 

Accordingly, the negative anomaly is not due to thickness variations of the young sediments 

or water depth. Apart from the onshore area next to this negative anomaly, the Sea of Marmara 

basin is surrounded by a chain of positive free-air gravity anomalies in a range of +70 to +120 

mGal that largely correlate with high topographic elevations. 

The second gravity dataset used in this study is a combined satellite (TOPEX) and marine ship 

gravity measurements (Fig. 2.5b; data from Kende et al., 2017). We refer to this dataset as 

Improved-TOPEX. The satellite dataset is based on a marine gravity model from CryoSat-2 

and Jason-1, with the horizontal resolution of 2500m and ~1.7 mGal of gravity accuracy over 

the Sea of Marmara and the Earth Gravitational Model 2008 over the onshore areas (EGM 

2008; Pavlis et al., 2012; Sandwell et al., 2013, 2014). The shipboard gravity is from the 

Marsite cruise survey in 2014 with a ~1m horizontal resolution. Like the gravity anomaly data 

from EIGEN-6C4, this combined gravity dataset shows mostly low gravity values (±20 mGal) 

over the Sea of Marmara and a chain of large gravity values (+70 to +120 mGal) over the 

onshore domain apart from the northwestern part of the model. Along the MMF, there are local 

negative gravity values as low as –80, –70, and –50, spatially correlating with the Central, 

Çınarcık, and Tekirdağ sub-basins, respectively. 

The overall difference between these two datasets is a few milligals (±10 mGal); however, 

EIGEN-6C4 shows higher local gravity values up to 65 mGal at the southern part of the 

Princes’ Islands segment and up to 50 mGals at the southern part of the Ganos bend (Fig. 2.5c). 

As shown by Kende et al. (2017), the satellite gravity dataset of TOPEX has good consistency 

with the processed Marsite shipboard gravity data; therefore, this discrepancy is due to the 

different satellite gravity datasets of TOPEX and EIGEN-6C4. In summary, and considering 

the discrepancy between the two datasets, it can be stated that apart from the local negative 

anomaly domains, the syn-kinematic sediments need to be isostatically balanced in the crust, 

given that the Moho topography varies on a far longer wavelength below the basin. 
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Figure 2.5: Considered gravity datasets in this study. (a) Free-air gravity anomaly map from EIGEN-
6C4, a combined global gravity field model including GOCE satellite data (Förste et al., 2014). (b) 
Free-air anomaly map of Improved-TOPEX from Kende et al. (2017), combining the Jason-1 and 
CryoSat-2 satellite data (Sandwell et al., 2014) and the Marsite cruise gravity measurements over the 
Sea of Marmara. Onshore gravity of this dataset is based on EGM 2008 (Pavlis et al., 2012). (c) The 
difference between the two gravity datasets (a – b).  

2.4. Results  
In addition to the initial structural model with a homogeneous crustal layer below the syn-

kinematic sediments (Fig. 2.3), relying on seismic profiles (Fig. 2.4), we modified the structural 

model differentiating three crustal layers (Fig. 2.6). Considering the two different datasets 

(EIGEN-6C4 and Improved-TOPEX) and the non-uniqueness in potential field modeling, a 

range of possible configurations were tested, and of these, we present three possible best-fit 

models obtained from the 3-D forward gravity modeling. These results are summarized in 

Table 2.1. The gravity response of these 3-D structural density models and their corresponding 

residual gravity anomaly for each of the two gravity datasets are shown in Figs. 2.7 and 2.8, 

respectively. 
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2.4.1. Initial model  
The initial model (Hergert and Heidbach, 2010; Hergert et al., 2011) resolves only the three 

structural units: water, syn-kinematic sediments, and a homogeneous crust (Fig. 2.3). Hergert 

et al. (2011) considered a depth-dependent density gradient based on seismic velocities for the 

sediments and crust. The gradient profile varies from 1700 to 2300 kg m–3 within the syn-

kinematic sediments, from 2500 to 2700 kg m–3 for the first 20% of the crust, and from 2700 

to 3000 kg m–3 for the lower parts of the crust. According to this profile, we derived thickness-

weighted average densities of 2000 and 2800 kg m–3 for the syn-kinematic sediments and the 

crust, respectively. 

 

Figure 2.6: Differentiated crustal structural model integrating seismic observations along the profiles 
in Fig. 4. (a) Pre-kinematic sediment thickness. (b) Upper crystalline crustal thickness. (c) Lower 
crystalline crustal thickness.  
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The calculated gravity response of the initial model (Fig. 2.7a) indicates a significant misfit 

with respect to the gravity anomaly map of EIGEN-6C4 (Fig. 2.5a). In the eastern part of the 

model, the misfit between EIGEN-6C4and modeled gravity is rather small and is in the range 

of ±20 mGal (Fig. 2.8a). Furthermore, within the offshore domain, along the MMF, there are 

two local positive residual gravity anomalies with more than +90 mGal (A and B in Fig. 2.8a). 

These positive anomalies indicate mass deficits in the model and spatially correlate with the 

bends along the MMF: one occurs in the southern part of the Princes’ Islands segment, between 

the Tuzla bend and the Istanbul bend, and the other one is present south of the Ganos bend. 

There is also a local short-wavelength positive residual anomaly, reaching values higher than 

+60 mGal at the location of the Imralı basin (C in Fig. 2.8a). In addition, a pronounced west–

east-oriented continuous negative residual anomaly of around –50 mGal is detected adjacent 

to the southern coastline. 

 

Figure 2.7: Calculated gravity over the model area. (a) Initial model gravity response. (b) Gravity 
response of a model with differentiated crust based on the seismic observations (Fig. 4); (c) Gravity 
response of Model I, the best-fit model based on the forward gravity modeling on EIGEN-6C4 (Förste 
et al., 2014). (d) Gravity response of Model II, the best-fit model based on the forward gravity modeling 
in Improved-TOPEX (Kende et al., 2017). (e) Gravity response of Model III, the alternative best-fit 
model based on the forward gravity modeling in Improved-TOPEX (Kende et al., 2017). The average 
density for the modeled high-density bodies is 3150 kg m–3 in Model I and Model II and 2890 kg m–3 
in Model III. The corresponding residual gravity anomaly of each model is shown in Fig. 8.  
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The gravity response of the initial model shows a better fit with the gravity anomaly data of 

Improved-TOPEX compared to EIGEN-6C4 (Fig. 2.8b). In the onshore domain, the residual 

anomalies are very similar to the residual anomalies for the EIGEN-6C4 dataset. Offshore, a 

distinct west–east-oriented continuous positive residual anomaly of around +40 mGal is 

noticeable along the MMF for the Improved-TOPEX dataset. In addition, two local positive 

residual gravity anomalies of A and B (Fig. 2.8a) are evident up to +60 mGal for the Improved-

TOPEX dataset. The short-wavelength positive residual anomaly of C previously observed 

across the Imralı basin (Fig. 2.8a) is also evident for the Improved-TOPEX dataset, but with a 

lower value of residual gravity up to +40 mGal. 

 

Figure 2.8: Residual gravity anomaly maps show the misfit between the gravity anomaly data (Fig. 
2.5) and calculated gravity (Fig. 2.7) of different structural models across the study area. (a) Initial 
model to EIGEN-6C4 (Förste et al., 2014). (b) Initial model to Improved-TOPEX (Kende et al., 2017). 
(c) Model with a differentiated crustal unit to EIGEN-6C4. (d) Model with a differentiated crustal unit 
to Improved-TOPEX. (e) Model I, the best-fit model based on the forward gravity modeling in EIGEN-
6C4. (f) Model II, the best-fit model based on the forward gravity modeling on Improved-TOPEX. (g) 
Model III, the alternative best-fit model based on the forward gravity modeling in Improved-TOPEX. 
The average density for the modeled high-density bodies is 3150 kg m–3 in Model I and Model II and 
2890 kg m–3 in Model III.  
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Overall, these residuals for both gravity datasets indicate that the long-wavelength gravity field 

is reproduced by the initial model and that the Moho topography (Fig. 2.2b) is consistent with 

gravity anomaly data grid. However, the large residual anomalies of a few tens of kilometers 

in diameter indicate the presence of crustal density heterogeneities causing gravity anomalies 

of smaller wavelengths, i.e. shallower depth. 

2.4.2. Differentiated crust 
In addition to this indication of density heterogeneities in the crust from gravity, seismic 

observations (e.g. Laigle et al., 2008; Bécel et al., 2009, 2010; Bayrakci, 2009; Bayrakci et al., 

2013) also point to crustal heterogeneity, expressed as distinct lateral and vertical variations in 

seismic velocity (Fig. 2.4). To integrate the outcomes of the seismic studies, we differentiate 

the crust in the next step into three units: (1) a unit of pre-kinematic sediments, (2) a unit of 

upper crystalline crust, and (3) a lower crystalline crustal unit. 

2.4.2.1. Pre-kinematic sediments 

In the initial model (Hergert and Heidbach, 2010; Hergert et al., 2011), the upper limit of the 

crust below the syn-kinematic sediments (their top basement) was mainly defined as pre-

kinematic Cretaceous limestone (Ergün and Özel, 1995; Parke et al., 2002; Le Pichon et al., 

2014): a surface corresponding to an increase in P-wave velocity to values larger than 4.5 km 

s–1. Furthermore, Bécel et al. (2009) interpreted a top crystalline basement as a surface where 

P-wave velocity increases to values above 5.7 km s–1 based on seismic imaging. In addition, 

Bayrakci et al. (2013) derived the top of the crystalline crust at an iso-velocity surface of 5.2 

km s–1 based on a 3-D P-wave tomography model beneath the northern Marmara Trough. These 

seismic observations justify the differentiation of an additional unit of pre-kinematic sediments. 

Accordingly, we implement a unit whose upper limit corresponds to the top of the pre-

kinematic Cretaceous limestone (the base syn-kinematic sediments in the initial model) and 

whose base corresponds to the top crystalline basement (Fig. 2.6). 

The top crystalline crust topography proposed by Bécel et al. (2009) and by Bayrakci et al. 

(2013) is similar, and the depth difference between the surfaces presented in the two studies is 

mostly less than 2 km (Fig. 2.4c). Therefore, we derive the geometry of the top crystalline 

basement for the gravity test, applying a convergent interpolation between the seismic profiles 

(Fig. 2.4) of Bayrakci et al. (2013) and of Bécel et al. (2009). 



2.4. Results 

29 
 

As the newly implemented pre-kinematic sedimentary unit represents the pre-Sea of Marmara 

deposits, it is mostly absent in the realm of the present-day Sea of Marmara (Fig. 2.6a). Its 

thickness displays maxima of up to 7.2 km along the northwestern and southern margins of the 

present-day Sea of Marmara and significantly decreases eastwards to less than 1.5 km. 

Bayrakci et al. (2013) showed that the average velocity of the pre-kinematic sediments is 

around 4.7 km s–1. To convert the velocity information for this unit into density, we use an 

empirical equation (Eq. 2.1) which is a polynomial regression to the Nafe–Drake curve valid 

for P-wave velocities between 1.5 to 8.5 km s–1 (Fig. S2.2 in the Supplement; Brocher, 2005; 

after Ludwig et al., 1970). Correspondingly, an average density of 2490 kg m–3 has been 

assigned to the pre-kinematic sediments, considering an average P-wave velocity of 4.7            

km s–1: 

𝜌𝜌 (𝑘𝑘𝑔𝑔 𝑚𝑚−3) = 1661.2𝑉𝑉𝑝𝑝 − 472.1𝑉𝑉𝑝𝑝2 + 67.1𝑉𝑉𝑝𝑝3 − 4.3𝑉𝑉𝑝𝑝4 + 0.106𝑉𝑉𝑝𝑝5.                          (Eq. 2.1) 

2.4.2.2. Crystalline crust 

Apart from the unit of pre-kinematic sediments, the P-wave velocity model of Bécel et al. 

(2009) differentiates an additional crustal interface across which P-wave velocities increase 

from values of around 6.2 km s–1 above the interface to values higher than 6.7 km s–1 below 

the interface. They interpreted this interface as the top of the lower crystalline crust. 

Consequently, we applied a convergent interpolation between the seismic profiles (Fig. 2.4) of 

Bécel et al. (2009) to derive the top lower crystalline crust implemented into the next model. 

Eventually, we considered the thickness between the top crystalline basement and the top of 

the lower crystalline crust to be the upper crystalline crustal unit. Its thickness distribution (Fig. 

2.6b) shows pronounced thickness minima below the thickness maxima of the syn-kinematic 

sediments, where the upper crystalline crust is less than 12 km thick. In contrast, the upper 

crystalline crust is up to 23 km thick below the southwestern margin of the present-day Sea of 

Marmara and reaches more than 25 km in thickness along the eastern margin. 

Below the upper crystalline crust, a lower crystalline crustal unit is modeled, bounded to its 

base by the Moho discontinuity. It is characterized by an almost-uniform thickness distribution 

(Fig. 2.6c) of around 10 km across the Sea of Marmara. In the northwestern corner of the model 

area, where the Moho surface (Fig. 2.2b) descends, the thickness of the modeled lower 

crystalline crust reaches its maximum of up to 14 km. In contrast, this unit thins to less than 5 

km below the southwestern and northeastern margins of the present-day Sea of Marmara, 



2.4. Results 
 

30 
 

where the upper crystalline crust thickens to 23 and 25 km, respectively. Offshore, adjacent to 

the Armutlu Peninsula, the lower crystalline crust has an increased thickness (up to 13 km) 

correlating with the upper crustal thinning to around 12 km. 

Throughout the upper crystalline crustal unit, seismic velocities increase with depth from 5.7 

to 6.3 km s–1 (Bécel et al., 2009). Therefore, we considered 6 km s–1 to be the average P-wave 

velocity of the upper crystalline crust. P-wave velocities for the lower crystalline crust show 

less variation; thus, 6.7 km s–1 has been adopted as the average P-wave velocity within the 

lower crystalline crust. The density for both crystalline crustal layers is calculated respecting 

the P-wave velocities (Eq. 2.1): 2720 and 2890 kg m–3 for the upper and lower crystalline crust, 

respectively. 

The gravity calculated for this refined model shows a better fit with the free-air gravity datasets 

in comparison to the initial model (Fig. 2.8). Nevertheless, regarding the EIGEN-6C4 dataset, 

the three local large positive residual gravity anomalies observed for the initial model (A, B, 

and C in Fig. 2.8a) are still evident, indicating that the implemented subdivision of the crust 

alone is insufficient (Fig. 2.8c). The wavelength of the two other positive residual anomalies 

at A and B is too large to be caused by a high-density feature at the sedimentary fill level but 

too small to be a result of density heterogeneities in the mantle. Thus, we concluded that these 

misfits are most likely related to high-density bodies within the crystalline crust. The short-

wavelength positive anomaly at location C could be interpreted as a local lack of mass within 

the modeled sedimentary fill of the Imralı basin. 

In contrast, considering the Improved-TOPEX dataset, implementing the pre-kinematic 

sediments and two crystalline crustal units instead of a uniform crustal unit successfully 

compensate the local positive residuals of C over the Imralı basin as well as the west–east-

oriented continuous positive residual anomaly along the MMF (Fig. 2.8d). However, the 

residual map still shows values of negative anomalies down to –60 mGal across Marmara 

Island, in the northeast of the Kapidağ Peninsula (offshore), and over the Armutlu Peninsula 

(D, E, and F in Fig. 2.8d). In addition, up to C50 mGal of positive residual anomalies are 

detected in the northeastern margin of the Sea of Marmara and across the Tekirdağ basin (G 

and H in Fig. 2.8d). 

2.4.2.3. Best-fit models 
To overcome the remaining misfits between the gravity response of the structural models and 

the gravity anomaly datasets, we incorporated additional crustal density heterogeneities during 
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forward gravity modeling that we tested with respect to both gravity datasets. The gravity 

response of the best-fit models and their corresponding residuals are shown in Figures 2.7c–e 

and 2.8e–g, respectively. Over most of the model area, the residual gravity anomaly (Fig. 2.8e–

g) shows differences between modeled and input gravity datasets of ±20 mGal. Achieving this 

fit required the implementation of two dome-shaped high-density bodies of considerable 

dimension in the crystalline crust. Considering the differences between the two alternative 

gravity datasets (Fig. 2.5) and non-uniqueness of the gravity method, several configurations of 

these high-density bodies are plausible that differ in size or density. Here, we present three 

possible end-members of the high-density bodies respecting both gravity datasets: one model 

for EIGEN-6C4 (Model I) and two models for Improved-TOPEX (Model II and Model III). 

In Model I, high-density bodies have an average density of 3150 kg m–3, thus being denser than 

the lower crystalline crust (average density 2890 kg m–3) but less dense than the mantle (3300 

kg m–3). They extend from the Moho upward, cutting through the lower crystalline crust and 

reaching into the upper crystalline crust as shallow as ~5 km depth. Accordingly, the high-

density bodies attain thicknesses of up to 25 km (Figs. 2.9 and 2.10). 

The position of these high-density bodies spatially correlates with the domains where the MMF 

bends (Figs. 2.9 and 2.11). At the western margin of the Sea of Marmara and below the Ganos 

bend, the high-density body cuts the lower crystalline crust at a depth of around 22 km b.s.l. 

and continues through the upper crystalline crust. The shallower part of this body (less than 6 

km b.s.l.) is located directly to the east of the Ganos bend, where the MMF changes its strike 

direction from E–W to ENE–WSW. Likewise, the second high-density body is modeled 

beneath the Princes’ Islands segment at the eastern margin of the Sea of Marmara, and the top 

of the body is located at a depth of around 5 km b.s.l. (Figs. 2.9 and 2.11). 

By introducing the two high-density bodies into the structural model, eventually the thickness 

distribution of the upper and lower crystalline crust has changed below the Çınarcık and 

Tekirdağ basins, where the high-density bodies largely replace the crystalline crustal units (Fig. 

S2.3 in the Supplement). Over the rest of the model area, the thickness distribution of the 

crystalline crustal units is similar to the one in the model explained in Section 2.4.2.2. 

Remarkably, the long axis of the eastern high-density body follows the strike direction of the 

Princes’ Islands segment (Figs. 2.9 and 2.11). In addition, a spatial correlation is evident 

between the location of the two high-density bodies with the position of the young depocentres 



2.4. Results 
 

32 
 

of the Çınarcık and Tekirdağ basins, as indicated by the deepest present-day bathymetry and 

by thickness maxima of the syn-kinematic sediments (Figs. 2.1 and 2.3). 

 

 

Figure 2.9: Thickness of the high-density bodies achieved from the forward gravity modeling. (a) This 

thickness map represents the high-density bodies that present the best fit with an average density of 

3150 kg m–3 to EIGEN-6C4 (Model I) and of 2890 kg m–3 to Improved-TOPEX (Model III). (b) 

Thickness of high-density bodies with an average density of 3150 kg m–3 that shows the best-fit to 

Improved-TOPEX (Model II). 
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Figure 2.10: Cross-sections for alternative best-fit density models to the two different gravity datasets 
including high-density bodies, with an average density of 3150 kg m–3 (Model I and Model II) with 
the gravity anomaly data,  the calculated gravity, and the seismic information along the AA′, BB′, and 
CC′ profiles in Fig. 2.4. Model I shows the best-fit gravity model to EIGEN-6C4 dataset (Förste et al., 
2014) and Model II represents the best-fit gravity model to Improved-TOPEX dataset (Kende at al., 
2017): (a) Model I, (b) Model II, (c) Model I, (d) Model II, (e) Model I, and (f) Model II.   
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Based on the Improved-TOPEX gravity dataset, however, the forward gravity modeling output 

(Model II) indicates that the high-density bodies need to be smaller in size for the same average 

density value of 3150 kg m–3. The corresponding misfit between Model II and gravity data of 

Improved-TOPEX shows that the positive residuals of G and H are considerably reduced as 

well as the continuous negative residuals at the southern margin of the Sea of Marmara (Fig. 

2.8f). Comparing with Model I (the best-fit model to EIGEN-6C4), these high-density bodies 

can be modeled for the same location, but with a smaller maximum thickness of ~16 km (Figs. 

2.9, 2.10, and 2.11). 

As the second end-member solution for a best-fit model to Improved-TOPEX (Model III), we 

test a configuration in which the geometry of the high-density bodies is identical to Model I 

(the best-fit model to EIGEN-6C4). Therefore, Model III has a similar structural setting to 

Model I. The results show that an average density of 2890 kg m–3, equivalent to the value 

assigned for the lower crust average density, would fit the gravity response of Model III to the 

Improved-TOPEX dataset best (Fig. 2.8g). 

In summary, all three best-fit models indicate significant lateral density variation within the 

crystalline crust and require the presence of two dome-shaped high-density bodies that spatially 

correlate with the bends of the MMF with the density ranges of ~2890 to ~3150 kg m–3. 

2.5. Interpretation and discussion of the best-fit models 

The response of the best-fit gravity models (Fig. 2.7c–e) and their corresponding misfit (Fig. 

2.8e–g) confirmed that the crust below the Sea of Marmara is characterized by significant 

density heterogeneities. In summary, these models resolve six crustal units with different 

densities that indicate different lithological settings within the crust (Fig. 2.10 and Table 2.1). 

The uppermost and youngest layer is the present-day water column (Fig. 2.3a) that is largest in 

the present-day sub-basins of the Sea of Marmara and underlain by the unit of syn-kinematic 

sediments of the Sea of Marmara (Fig. 2.3b). These syn-kinematic sediments are present 

mainly inside the Sea of Marmara domain, and their thickness distribution indicates a 

subsidence regime similar to the present-day one. The relationship between the individual sub-

basins of the Sea of Marmara and the course of the MMF are, however, different: the shape of 

the present-day Tekirdağ basin is not evident in the thickness distribution of the syn-kinematic 

sediments, whereas the Central basin along the MMF and the Çınarcık basin largely follow 

their present-day counterparts. This indicates that the differentiation in the present-day Central 
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and Çınarcık basins postdates the syn-kinematic phase of the Sea of Marmara. The average 

density of 2000 kg m–3 and the observed seismic velocities of 1800 to 4200 m s–1 (Bayrakci et 

al., 2013) indicate that this unit is mainly composed of poorly consolidated clastic deposits. 

There is, however, little information on their precise ages; suggested time intervals for the 

deposition of this unit range from the Late Miocene to Holocene, with a longer deposition 

portion of the unit assigned to the interval between Pliocene and Holocene times (Le Pichon et 

al., 2014, 2015). 

The third modeled unit is characterized by an average density of 2490 kg m–3 and by observed 

seismic velocities of 4200–5200 m s–1 (Fig. 2.4d and e; Laigle et al., 2008; Bayrakci et al., 

2013) representative of sediments. At the same time, the unit is largely missing below the 

present-day Sea of Marmara. We therefore interpret this unit as a pre-Sea of Marmara 

sedimentary unit above the top crystalline basement. The areas where the maximum thickness 

is more than 6 km are modeled for the pre-kinematic sediments (NW and S of the Sea of 

Marmara) coincide spatially with the location where pre-Neogene rocks are present according 

to surface geology (Yaltırak, 2002). Other surface geological observations (Ergün and Özel, 

1995; Genç, 1998; Turgut and Eseller, 2000; Le Pichon et al., 2014) also report the presence 

of Eocene–Oligocene sediments at the location where the maximum thickness of the pre-

kinematic sediment unit is modeled. 

The sedimentary units are underlain by the upper crystalline crust, which is thinned below both 

the Sea of Marmara and the pre-kinematic sediments. This indicates that upper crustal thinning 

accompanied both phases of basin evolution. Both the modeled average density and observed 

seismic velocities for the upper crystalline crust indicate that this unit is dominantly composed 

of felsic crystalline rocks. A comparison of the average density of 2720 kg m–3 and average P-

wave velocity of 6000 m s–1 (Bécel et al., 2009) of the upper crystalline crust with velocity–

density pairs derived from laboratory measurements (Christensen and Mooney, 1995) indicates 

a composition corresponding to phyllite and/or biotite gneiss. 

Below the upper crystalline crust, the lower crystalline crust follows; the top of which is largely 

parallel to the Moho topography. The thickness of this unit (Fig. 2.6c) indicates no clear spatial 

relationship with the formation of both generations of pre- and syn-kinematic basins. Here, the 

modeled average density and observed seismic velocities are indicative of an intermediate to 

mafic composition. Combining the physical properties of the lower crystalline crust (ρ = 2890 



2.5. Interpretation and discussion of the best-fit models 
 

36 
 

kg m–3 and Vp = 6700 m s–1) and the property compilations of Christensen and Mooney (1995), 

the lithology of the lower crustal unit could be interpreted as diorite and/or granulite. 

The sixth unit is the one with the largest differences in density–geometry configuration based 

on the forward gravity modeling to the two alternative gravity datasets. For this unit, we predict 

three alternative lateral density configurations that all entail two dome-shaped high-density 

bodies within the crystalline crust: two models with an average density of 3150 kg m–3 (Model 

I and Model II) and one model with an average density of 2890 kg m–3 (Model III). 

 

Figure 2.11: The high-density bodies’ location spatially correlates with the bent segments of the MMF. 
(a) High-density bodies according to Model I and Model III with an average density of 3150 and 2890 
kg m–3, respectively; (b) high-density bodies according to Model II with an average density of 3150 kg 
m–3. The Moho depth and the 3-D fault plane from Hergert and Heidbach (2010). 

 

2.5.1. High-density bodies of 3150 kg m–3 (Model I and Model II)  
In the best-fit gravity model with respect to EIGEN-6C4 (Model I), the sixth unit encompasses 

two high-density bodies rising from the Moho in a dome-shaped manner through both 

crystalline crustal layers (Fig. 2.9a). For these bodies, a rather high-density (3150 kg m–3) has 

to be assumed, which indicates that they are of mafic composition. Considering the seismic 

velocity and density relationship (Eq. 2.1), a corresponding average P-wave velocity for such 

a high-density body with an average density would be around 7.5–7.6 km s–1. 
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In contrast, the forward gravity modeling with respect to Improved-TOPEX (Model II) predicts 

that the sixth unit with the same average density value of 3150 kg m–3 is smaller in size (Fig. 

2.9b). In both solutions, the locations of the high-density bodies correlate spatially with the 

location of two major bends of the MMF (Figs. 2.9 and 2.11), indicating that such a mafic 

composition in concert with their considerable thickness could result in greater strength 

compared to the surrounding felsic upper crust or the intermediate–mafic lower crust. 

Table 2.1: Structural units of the Sea of Marmara and corresponding physical properties and interpreted 
lithology. The seismic velocity and density relationship is based on the Eq. 2.1 (Brocher, 2005). Note 
that the high-density bodies have not been (yet) imaged by seismic observations, and their physical 
properties are according to the density modelling. 

Structural 
Units 

Average P-wave 
Velocity (m s–1) 

Average Density 
(kg m–3) 

Lithological 
Interpretation 

Seawater – 1025 – 

 
Syn-kinematic 
Sediments 

 
2250 
(1800 to 4200)a 

 
2000 
(1700 to 2300)b 

 
Clastic sediments 
(poorly consolidated) 

 
Pre-kinematic 
Sediments 

 
4700 
(4200 to 5200)a 

 
2490 

 
Sediments 
(consolidated) 

 
Upper crystalline crust 

 
6000 
(5700 to 6300)a, c 

 
2720 

 
Felsic metamorphic 
(biotite gneiss, 
phyllite)d 

 
Lower crystalline crust 

 
6700c 

 
2890 

 
Intermediate to Mafic 
(diorite, granulite)d 

 
High-density bodies 

 
– 

2890 
 
3150 

Intermediate to Mafic 
(diorite, granulite)d 
Mafic 
(gabbroic intrusive)d 

 
Mantle 

 
8000c 

 
3300 

 
– 

a Bayrakci et al., 2013; b Hergert et al., 2011; c Bécel et al., 2009; d Christensen and Mooney, 1995 

 

The mechanisms and timing of the emplacement of the high-density bodies are, however, 

difficult to determine. The modeled density indicates that the high-density bodies represent 

magmatic additions to the Marmara crust, potentially originating from larger depths that rose 

buoyantly into domains of local extension. Magnetic anomalies across the Sea of Marmara 

indicate positive anomalies along the MMF that may be interpreted as magnetic bodies along 

the fault (Ates et al., 1999, 2003, 2008). In particular, the locations of the high-density bodies 

beneath the Çınarcık basin correlate spatially with the maximum positive magnetic anomaly 
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(Ates et al., 2008), which indicates that some mafic lithology is present there below the non-

magnetic sediments. 

The spatial correlation between the position of the high-density bodies and the position of the 

eastern thickness maxima in the syn-kinematic sediments indicates that subsidence in the syn-

kinematic basins at least partly took place in response to cooling of previously emplaced 

(magmatic) high-density bodies. This would imply that the emplacement of the high-density 

bodies predates the formation of the Sea of Marmara sub-basins and the propagation of the 

MMF. To assess the possible contribution of thermal cooling to the subsidence history of the 

Sea of Marmara, a detailed subsidence analysis with determination of the tectonic subsidence 

would be required. 

As we do not have further evidence for a magmatic origin of the high-density bodies, other 

possible interpretations of these domains may be considered. For example, these high-density 

bodies could represent inherited structures of former deformation phases such as ophiolites 

along the Intra-Pontide suture that has been mapped on land but have not yet been explored 

offshore (Okay and Tüysüz, 1999; Robertson and Ustaömer, 2004; Le Pichon et al., 2014; 

Akbayram et al., 2017). The two different emplacement mechanisms would have opposing 

consequences for the propagation of the North Anatolian Fault. The magmatic origin would be 

consistent with crustal weakening in these domains, whereas the ophiolite origin would imply 

the opposite. In both cases, however, a local strength anomaly in these domains would be the 

consequence that could be related to the bending of the fault. Whatever the origin of these 

bodies, their mafic composition would imply that they represent domains of higher strength in 

the present-day setting. 

2.5.2. High-density bodies of 2890 kg m–3 (Model III) 
In Model III, as the alternative best-fit model for the Improved-TOPEX gravity dataset, the 

sixth unit has been calculated identical to the geometry of Model I (Fig. 2.9a), but with the 

average density of 2890 kg m–3, being similar to the average density of the lower crust. This 

density value is consistent with the average density value of intermediate to mafic metamorphic 

rocks such as granulite (Christensen and Mooney, 1995). In this case, these two dome-shaped 

bodies may be interpreted as trapped metamorphic rocks along the Intra-Pontide suture zone 

that spatially correlates with the North Anatolian Fault propagation (Şengör et al., 2005; Le 

Pichon et al., 2014; Akbayram et al., 2017). 
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Several studies of exhumed orogen-related strike-slip faults indicate that dome-shaped 

metamorphic bodies of lower crust are a common phenomenon below transtensional pull-apart 

basins (Leloup et al., 1995; West and Hubbard, 1997; Jolivet et al., 2001; Labrousse et al., 

2004; Corsini and Rolland, 2009). Thus the high-density bodies could represent metamorphic 

core complexes exhumed in response to strike-slip deformation. Such exhumation has also 

been proposed from numerical modeling studies across strike-slip basins such as the Sea of 

Marmara or the Dead Sea (Sobolev et al., 2005; Le Pourhiet et al., 2012, 2014). 

2.5.3. Comparison with published 3-D density model 
In a previous density modeling study, Kende et al. (2017) inverted the long-wavelength gravity 

signals to derive the Moho topography below the Marmara region using the same Improved-

TOPEX gravity dataset that we used in our study. We also consider the same bathymetry and 

the same seismic dataset within the Sea of Marmara as Kende et al. (2017). The main difference 

between their density modeling and ours consists of the applied gravity methods. In our 

approach, we applied forward gravity modeling method, while Kende et al. (2017) mainly used 

an inversion method to compensate for the misfit between modeled and gravity anomaly data. 

The second principal difference is that Kende at al. (2017) considered the Moho depth to be 

the primary reason for the misfit. As mentioned earlier (initial model in Section 2.4.1), the 

depth to the Moho in our model (Fig. 2.2b) has been obtained based on various seismic data 

covering a larger area than the Marmara region (Hergert et al., 2011) and was kept fixed during 

the forward gravity modeling. In contrast, the Moho topography in Kende et al. (2017) was 

obtained by gravity inversion. 

We have tested the full density model of Kende et al. (2017), and the results are presented as 

supplementary information (Figs. S2.4 and S2.5). The misfit between the previous model 

(Kende et al., 2017) and the gravity anomaly data of EIGEN-6C4 (Fig. S2.5) generally has the 

same characteristics as the misfit between our differentiated crust model (two sediment units, 

upper crust, and lower crust) and EIGEN-6C4 gravity dataset (Fig. 2.8c). This indicates that 

the two positive residual anomalies of A and B (Fig. 2.8) are not related to the sediment 

thickness. Specifically, it means that the local Moho uplifts in the model of Kende et al. (2017) 

would need to be much larger than 5 km to fit the calculated gravity if one considered the 

gravity dataset of EIGEN-6C4.  

Comparing our results with the ones from Kende et al. (2017), we see consistent features. In 

particular, there is a need in both studies for a deep compensation of the sedimentary fill, and 
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Kende et al. (2017) propose solving this with an uplift of the Moho in the domains of our lower 

crustal high-density bodies. In detail, assuming a laterally uniform density of the crystalline 

crust, they propose ~5 km local shallowing of the Moho. In other words, Moho uplifts in their 

model are also high-density bodies that are 5 km thick, with a density of 3330 kg m–3, which 

is comparable to ~16 km thick high-density bodies with an average density of 3150 kg m–3 or 

~25 km thick high-density bodies with an average density of 2890 kg m–3 in our models. 

2.5.4. Model limitations  
The modeled upper and lower crystalline crustal units are consistent with seismic observations 

and velocity modeling (Figs. 2.4 and 2.10; Laigle et al., 2008; Bécel et al., 2009, 2010; Bayrakci 

et al., 2013). In contrast, seismic studies did not report the presence of large high-velocity 

bodies that would coincide spatially with the modeled high-density bodies. There are only a 

few indications from seismic tomography (Bayrakci et al., 2013) discriminating a zone of high 

P-wave velocity (Vp > 6.5 km s–1) below the top crystalline basement beneath the Çınarcık 

basin (Fig. 2.4). This high-velocity zone approximately correlates with the top of the high-

density body in this area (Fig. 2.10). In addition, other tomography results (Yamamoto et al., 

2017) indicate a zone of higher S-wave velocity and slightly higher P-wave velocity at about 

20 km depth b.s.l., in the area where the western high-density body cuts the boundary between 

the upper and the lower crystalline crust. 

While the aeromagnetic maps (Ates et al., 2003, 2008) indicate a clear positive anomaly 

(indicative for a mafic body at depth) beneath the Çınarcık basin that spatially correlates with 

the eastern high-density bodies, there are no such indications for the western high-density body 

beneath the Ganos bend. Considering the non-uniqueness of solutions in potential field 

modeling, other possible solutions based on different initial models should also be 

contemplated beneath the Ganos bend (e.g. Kende et al., 2017; see Figs. S2.4 and S2.5 in the 

Supplement). 

The gravity responses of the best-fit models present a good fit (±20 mGal) over most of the 

model area. Nevertheless, there are still some negative residual gravity anomalies across 

Marmara Island, in the northeast of the Kapidağ Peninsula (offshore), and over the Armutlu 

Peninsula (D, E, and F in Fig. 2.8). The short wavelengths of these negative residual anomalies 

indicate that shallow low-density features remain unresolved in the model. Regarding the 

negative residuals anomaly at location E, an interpretation remains difficult due to the offshore 

location of the anomaly. In contrast, considering the surface geological observations might help 
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to reveal the negative residual at the location of Marmara Island and the Armutlu Peninsula. 

The thickness distribution maps (Figs. 2.3 and 2.6) show that Marmara Island dominantly 

exposes rocks of the upper crystalline crust. More precisely, geological surface observations in 

this area (Aksoy 1995, 1996; Attanasio et al., 2008; Karacık et al., 2008; Ustaömer et al., 2009) 

differentiate three main rock types in outcrops: a Permian marble unit in the north, an Eocene 

granodiorite unit in the center, and a Permian metabasite in the south of Marmara Island. 

Considering the residual anomalies (Fig. 2.8), these three units have densities that are different 

from the average density assumed for the upper crystalline crust (2720 kg m–3). Our result of 

obtaining a negative residual indicates that the subsurface extent of rocks with densities lower 

than the assumed average for the upper crystalline crust is larger than that of the units with 

higher densities. In other words, the marble would make up a larger portion of the island’s 

subsurface than the metabasites or granodiorites. 

The negative residual anomaly at Armutlu Peninsula (F in Fig. 2.8) is found where the syn-

kinematic sedimentary unit is absent (Fig. 2.3b), whereas a thickening of the pre-kinematic 

sediments is modeled there (Fig. 2.6a). Geological maps (Genç, 1998; Yaltırak, 2002; 

Akbayram et al., 2016a) show that this area is mainly covered by pre-Neogene basement, 

Miocene acid-intermediate volcanic rocks, and some Pliocene–Holocene clastic sediments. 

However, the model does not account for these locally documented occurrences of syn-

kinematic sediments (Pliocene–Holocene clastics) and of Miocene volcanic rocks in this 

domain, which, overall, could explain the negative residual anomaly. 

2.5.5. Implications 
The gravity modeling demonstrates that considering a homogenous crystalline crust beneath 

the Sea of Marmara is not a valid assumption but rather that a two-layered crystalline crust 

cross-cut by two large local high-density (3150 kg m–3) bodies is plausible. 

An interesting finding is the spatial correlation between the position of the high-density bodies 

and the two major bends of the MMF. If the high-density bodies represent high-strength 

domains of the Sea of Marmara crust, it would cause local stress deviations influencing the 

fault propagation direction. The 3-D view of the MMF in relation to the position of the high-

density bodies illustrates how the MMF bends in these high-strength domains (Fig. 2.11). This 

would imply that the emplacement of the high-density bodies also predates the propagation of 

the North Anatolian Fault into the Sea of Marmara. Such an interpretation would support the 

previously proposed hypothesis that the NAFZ reached the eastern part of the present-day Sea 
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of Marmara (Izmit) around 4 Ma before present, when the area was a domain of distributed 

transtensional and/or tensional deformation, and started to propagate beneath the present-day 

Sea of Marmara as the MMF about 2.5 Ma ago (Le Pichon et al., 2014, 2015). 

Another implication from density modeling is that the compositional and therefore also 

rheological heterogeneity of the Marmara crust may result in a differential response of the area 

to present-day far-field stresses. Accordingly, conclusions drawn from earlier studies 

investigating the stress–strain state in the region of the Sea of Marmara with a geomechanical–

numerical model (Hergert and Heidbach, 2010, 2011; Hergert et al., 2011) need to be revised. 

One of the important discussions in the area of the Marmara region is on aspects that govern 

the dynamics of the MMF, where a 250-year seismic gap 15 km south of Istanbul is observed. 

The western segment of the MMF is considered to be a partially creeping segment (Schmittbuhl 

et al., 2016; Bohnhoff et al., 2017b; Yamamoto et al., 2019), whereas the eastern–central 

segment of the MMF is thought to be locked down to 10 km depth (Bohnhoff et al., 2013, 

2017b; Ergintav et al., 2014; Sakic et al., 2016). The reasons why this seismic gap of the MMF 

has not ruptured over the past 250 years are debated. The felsic to intermediate crustal 

composition deduced from our gravity model would favor creep between the two crustal high-

density bodies, whereas the two domains of the high-density bodies could represent locked 

segments that would require high-stress levels to fail. In case of failure, however, the energy 

would probably be released in a strong earthquake. These high-density bodies are interpreted 

as mafic and therefore represent stronger material than the surrounding felsic to intermediate 

crustal material of the same depth. Such rheological heterogeneities would explain the 

distribution of different deformation modes with creeping segments in the felsic to intermediate 

crustal domains and locked to critically stressed segments in the mafic domains. This 

hypothesis could have implications for hazard and risk assessment in this area but need to be 

tested by geodynamic models considering thermo-mechanical principles. 

2.6. Conclusions 
In this study, 3-D crustal density configurations are presented for the Sea of Marmara that 

integrate available seismological observations and are consistent with gravity datasets. Testing 

successively models of increasing complexity, three best-fit models are derived that resolve six 

crustal units with different densities (Table 2.1). From our results, we conclude the following: 
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1. The present-day seafloor of the Sea of Marmara has a more complex structure than 

during the phase of its initiation and is divided into the three main depocentres of the 

Tekirdağ basin, the Central basin, and the Çınarcık basin. 

 

2. Below the present-day seafloor, the unit of syn-kinematic sediments of the Sea of 

Marmara indicates that two main depocentres were subsiding during the early phase of 

basin formation. A lower sedimentary unit is interpreted as pre-kinematic sediments of 

the Sea of Marmara. The sedimentary units are underlain by a felsic upper crystalline 

crust that is significantly thinned below the basin. The lowest crustal layer of regional 

extent is an intermediate to mafic lower crystalline crust. Both crystalline crustal layers 

are cut by two up-doming high-density bodies that rise from the Moho to relatively 

shallow depths. 

 

3. The emplacement of the high-density bodies within the crystalline crust could have a 

causal relationship with the basin-forming mechanism. 

 

4. The spatial correlation between the high-density bodies with two major bends of the 

MMF indicates that rheological contrasts in the crust may control the propagation and 

movement of the MMF; these high-density bodies are a possible explanation for the 

bends of the MMF and support the hypothesis that the MMF is geomechanically 

segmented. 

 

5. The configurations of the high-density bodies are exclusively based on 3-D forward 

gravity modeling, a method characterized by inherent non-uniqueness of the solutions. 

Only for the eastern bend, seismic and magnetic data support the presence of a deep 

high-density body, whereas for the western bend, such indications are missing. 

Therefore, further geophysical observations are required to further constrain the 

detailed density–geometry configuration of these bodies. 

 

6. The high-density bodies may have an impact on the stress variability along the MMF. 

Thus, geomechanical models of the area should account for lateral variations in crustal 

density. 
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Chapter 3 
Thermal and Rheological 

models of the Sea of Marmara∗ 
 

  

                                                           
∗ This chapter largely corresponds to an under review paper submitted as “Lithospheric strength variations and seismotectonic 
segmentation below the Sea of Marmara, Turkey” to Tectonophysics and co-authored by Ershad Gholamrezaie, Magdalena 
Scheck-Wenderoth, Mauro Cacace, Judith Bott, Oliver Heidbach,  Marco Bohnhoff, and Manfred R. Strecker. 
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3.1. Introduction 
The Marmara Region has experienced a number of strong earthquakes during the last few 

hundred years, indicating that the westernmost portion of the NAFZ is a mature active fault 

with a potential for seismic hazard that presents a high level of risk to the greater Istanbul 

metropolitan region (Figs. 1.1 and 2.1). The 1999 Izmit (Mw7.4) and Düzce (Mw7.1) 

earthquakes were the most recent strong (Mw>6.9) earthquakes in the Marmara Region 

(Bohnhoff et al., 2016b). The last event occurred at the easternmost tip of the Sea of Marmara 

and was the most recent in a sequence of strong, westward migrating earthquakes that have 

occurred along the NAFZ since 1939 (Stein et al., 1997; Armijo et al., 2002; Lorenzo-Martín 

et al., 2006) (Fig. 1.1). The MMF (Le Pichon et al., 2001, 2003) runs beneath the Sea of 

Marmara and represents a seismic gap (Figs. 2.1 and 3.1), with a possible recurrence interval 

of 250 years (Ambraseys, 2002; Barka et al., 2002; Parsons, 2004; Janssen et al., 2009; 

Bohnhoff et al., 2013, 2016a, 2017; Murru et al., 2016) that has not ruptured since 1766. The 

western limit of this seismic gap is marked by the rupture of the 1912 Mw7.4 Ganos earthquake 

(Figs. 1.1 and 2.1).  

A key question for seismic hazard and risk assessment in this region is whether the next rupture 

of the MMF will result in a single large earthquake, or in a number of smaller ones due to 

geomechanical segmentation (Armijo et al., 2002, 2005; Yaltirak, 2002; Le Pichon et al., 2003; 

Hergert and Heidbach, 2011; Hergert et al., 2011; Şengör et al., 2014; Bulut et al., 2019; 

Gholamrezaie et al., 2019, 2020). Hergert and Heidbach (2010) reported that changes in the 

strike and dip of the MMF result in along-strike variations in stress loading, which would 

support the likelihood of geomechanically controlled segmentation. These authors assumed a 

homogenous rheology along the fault, which was locked to 15 km depth. However, 

segmentation could also be associated with variations in rock strength, and hence with the 

rheology of the MMF. For example, it remains uncertain which parts of the MMF are creeping 

and which parts are locked to a particular depth (Bohnhoff et al., 2013, 2017; Ergintav et al., 

2014; Schmittbuhl et al., 2016). This question cannot be conclusively resolved using GPS data 

as all measuring stations are located on land and therefore too far away from the MMF along 

most of its length. Results from seafloor strain observations (Lange et al., 2019; Yamamoto et 

al., 2019) suggest that the seismic gap may include a complex system of locked and partially 

creeping fault segments with an accumulated slip deficit that has the potential to translate into 

an earthquake of Mw>7.1. Following this idea, we hypothesize that the observed segmentation 
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could be associated with variations in crustal rock strength, and hence with the background 

long-term rheology of the lithosphere along the MMF. 

Understanding the structural setting of the Sea of Marmara and the interactions between the 

kinematics and geomechanics of the MMF is of key importance for seismic hazard and risk 

assessment. Geophysical observations and 3-D structural models both suggest the presence of 

crustal heterogeneities beneath the Sea of Marmara (Laigle et al., 2008; Bécel et al., 2009, 

2010; Bayrakci et al., 2013; Kende et al., 2017; Gholamrezaie et al., 2019). Gholamrezaie et 

al. (2019) identified the possible existence of lateral density heterogeneities within the crust on 

the basis of geophysical data integration and 3-D forward gravity modeling. Their results 

indicate that lateral stress variability along the MMF may be due to the presence of two dome-

shaped, high-density crustal bodies (see Chapter 2). The question that then arises is what effect 

such lithological heterogeneities beneath the Sea of Marmara have on the lithospheric strength? 

To answer this question, we used 3-D numerical modeling of the lithospheric thermal field and 

lithospheric strength for analyzing the rheology of the lithosphere beneath the Sea of Marmara 

and its influence on the MMF. 

The main objective therefore is to estimate the yield strength of the lithosphere beneath the 

Marmara Region by developing static thermal and rheological models for the “end-member” 

structural settings from Chapter 2. To derive the YSE, the 3-D distribution of rock properties 

is described on the basis of structural geological models and then 3-D lithospheric-scale 

thermal modeling is carried out for these geological models. Then, the results from the 

geological and thermal modeling are used to calculate the 3-D distribution of lithospheric 

strength in the Marmara Region. This methodology has been used previously on both global 

and regional scales to investigate the static rheology of the lithosphere (Tesauro et al., 2013; 

Cacace and Scheck-Wenderoth, 2016). 

It is therefore presented herein first-order 3-D lithospheric thermal and rheological models to 

discuss the implications of two different structural settings. It is shown that the lithological 

heterogeneities beneath the Sea of Marmara deduced from density and velocity models could 

account for significant thermal and rheological variations along the MMF, thus supporting the 

hypothesis that the segmentation of this structure is mechanically controlled. These results 

indicate a spatial correlation between the mechanically strongest crustal zones and the aseismic 

zones observed along the MMF (Wollin et al., 2018), suggesting that lateral crustal 

heterogeneities may in turn correlate with locked segments of the MMF.  
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3.2. 3-D geological models 

It was shown in Chapter 2 that despite the fact of the non-uniqueness of solutions in potential 

field modeling, density modeling based on the two different gravity datasets indicate crustal 

heterogeneities beneath the Sea of Marmara. However, since the Improved-TOPEX dataset is 

a combined dataset of satellite and shipboard gravity observation, it may provide better 

resolution of the gravity anomalies across the Sea of Marmara. Therefore, the geological units 

that are considered for the thermal and rheological modeling are two “end-member” models 

based on the Improved-TOPEX gravity dataset (Model II & Model III in Chapter 2). In the 

following and for simplicity reasons, these models will be dubbed as Model I and Model II. 

Accordingly, the high-density bodies in Model I are larger in size and smaller in the average 

density value than their counterparts in Model II (Fig. 3.1). Consistent with the modeled 

densities the high-density bodies in Model I have been interpreted as intermediate to mafic 

gabbroic intrusive rocks and the ones in Model II as mafic granulite rocks (Table 3.1).   

Both models indicate the presence of two sedimentary units beneath the Sea of Marmara, 

separated by a regional unconformity; the lower unit is pre-kinematic and the upper unit syn-

kinematic with respect to the opening of the Marmara basin (Laigle et al., 2008; Bécel et al., 

2009, 2010; Bayrakci et al., 2013; Le Pichon et al., 2014; Gholamrezaie et al., 2019). The 

seismic velocities (Laigle et al., 2008; Bécel et al., 2009, 2010; Bayrakci et al., 2013) and 

modeled densities (Kende et al., 2017; Gholamrezaie et al., 2019) beneath these sedimentary 

units indicate the presence of a felsic upper crystalline crust that has been significantly thinned 

beneath the Sea of Marmara. This felsic unit is in turn underlain by a lower, intermediate to 

mafic crystalline crust. Both the upper and lower crustal layers are cut by two dome-shaped, 

high-density bodies rising from the Moho the topography of which is imaged by various 

seismological data (Hergert and Heidbach, 2010). The two structural models considered differ 

only in the density-geometry configuration of the crystalline crust; they are identical in their 

sediment and mantle configurations (Fig. 3.1). Below the Moho a unit of homogeneous 

lithospheric mantle follows the crustal base. Accordingly, the model ends at the thermal 

lithosphere-asthenosphere boundary (LAB, see Section 3.3. Methods and Fig. 3.2). 

The lithological interpretations (Table 3.1) are based on the observed P-wave velocities (Laigle 

et al., 2008; Bécel et al., 2009, 2010; Bayrakci et al., 2013) and the densities modeled for each 

unit (Chapter 2), together with compilations of laboratory measurements (Christensen and 
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Mooney, 1995). However, the lithological interpretations for the high-density bodies are based 

only on their modeled densities as no deep seismic velocities are available to date. 

 

 

Figure 3.1: Cross-sections along the MMF from the two “end-member” structural models. (a) Model 
I, which includes two high-density bodies (HB) with an average density of 2890 kg m–3, and (b) Model 
II, which also includes two high-density bodies but with an average density of 3150 kg m–3. Yellow and 
green units represent syn-kinematic and pre-kinematic sediments, respectively. The black dashed line 
is the 1330°C isotherm, assumed as the thermal LAB and representing the position of the lower thermal 
boundary. The black star shows the epicenter of the 1999 Izmit earthquake (Barka et al., 2002).  
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3.3. Methods 

3.3.1. Thermal modeling 
The thermal modeling was based on the general assumption that conduction is the main 

mechanism for heat transfer within the thermally equilibrated lithosphere. According to 

Fourier’s law, the heat transfer equation in a steady-state system is 

where S is the radiogenic heat production, λ is the thermal conductivity, and ∇T is the 

temperature gradient. 

For the thermal modeling parametrization, constant values of average radiogenic heat 

production and average bulk (solid plus fluid) thermal conductivity were assigned to each 

geological unit (Table 3.1). These thermal properties were assigned taking into account the 

lithological interpretations from the 3-D density models and corresponded to published values 

based on laboratory measurements (Cermak and Rybach, 1982; Seipold, 1992; McKenzie et 

al., 2005; Vilà et al., 2010). 

Thermal boundary conditions were required to finalize the thermal model setup. The lateral 

boundaries were set to be closed to heat flow. For the upper thermal boundary condition, a 

constant value of 15°C was assigned to the topography-bathymetry surface (Fig. 2.1). This 

value represents an average annual surface temperature in the Marmara Region and is in 

agreement with the measured seafloor temperature in the Sea of Marmara (Henry et al., 2007). 

The lower thermal boundary condition was defined as the depth of the 1330°C isotherm (Fig. 

3.2) derived from modeled S-wave velocities (Fichtner et al., 2013) using the VeloDT program 

(Meeßen, 2018), which is an implementation of the empirical approach of Priestley and 

McKenzie (Priestley and McKenzie, 2006). To define a lithospheric-scale model, the lower 

boundary condition was assumed to represent the thermal lithosphere-asthenosphere boundary 

(LAB). The material between the Moho and the lower boundary condition was therefore treated 

as homogeneous lithospheric mantle. 

Finally, the steady-state conductive thermal field (Eq. 3.1) was numerically solved in 3-D by 

using the Finite Element Method as implemented in the software Golem (Cacace and Jacquey, 

2017; Jacquey and Cacace, 2017). The resolution of the model is 2,500 meter horizontally, that 

𝛻𝛻. (𝜆𝜆𝜆𝜆𝜆𝜆) + 𝑆𝑆 = 0,  (Eq. 3.1) 
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is identical to the input structural models. The vertical resolution, however, depends to the 

variable thickness (Fig. 3.1) of the modeled structural units. 

3.3.2. Rheological modeling 
The rheological modeling was based on three main equations, these being for Byerlee’s law 

(Equation 3.2), for power-law creep (Equation 3.3), and for Dorn’s law creep (Equation 3.4): 
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In the Byerlee’s law equation (Eq. 3.2), 𝛥𝛥𝜎𝜎𝑏𝑏 is the brittle yield strength, 𝑓𝑓𝑓𝑓 is the Byerlee’s 

friction coefficient, 𝜌𝜌𝑏𝑏 is the bulk density, 𝑔𝑔 is the gravitational acceleration, 𝑧𝑧 is the depth 

(below the ground surface) and 𝑓𝑓𝑝𝑝 is the pore factor, which was considered to have a constant 

value of 0.37. In the creep equations (Eqs. 3.3 and 3.4), 𝛥𝛥𝜎𝜎𝑑𝑑 is the ductile strength, 𝜀𝜀𝜀 is the 

reference strain rate, 𝐴𝐴 is the power-law strain rate, 𝑛𝑛 is the power-law exponent, 𝑄𝑄 is the 

activation enthalpy, 𝑅𝑅 is the gas constant (8.314 JK–1mol–1), 𝑇𝑇 is the absolute temperature, 𝜎𝜎0 

is Peierls’ critical stress, 𝑄𝑄𝐷𝐷 is the Dorn’s law activation energy, and 𝜀𝜀𝜀0 is the Dorn’s law 

critical strain rate.  

According to Byerlee’s law (Eq. 3.2), the lithospheric brittle strength is essentially a 

temperature-independent function of density and depth (Byerlee, 1978; Ranalli, 1995; Burov, 

2011). At greater lithospheric depths, however, the dominant rheological behavior of rocks is 

non-linear viscous flow, which is mainly temperature-dependent (Karato and Wu, 1993; Burov, 

2011). Dorn’s law has been shown to provide a better estimate of the solid-state creep in the 

lithospheric mantle (Goetze, 1978; Goetze and Evans, 1979). Dislocation creep in the crustal 

layers was therefore defined on the basis of the power-law (Eq. 3.3) while creep in the 

lithospheric mantle was considered to be based on Dorn’s law (Eq. 3.4). The temperature 

variable for the strength calculations was derived from the modeled temperature distributions. 

We calculated the brittle strength with Byerlee’s law, using the bulk densities from the 3-D 

density models (Table 3.1). The load of the seawater column (ρ = 1025 kg m–3) was also taken 

𝛥𝛥𝜎𝜎𝑏𝑏 = 𝑓𝑓𝑓𝑓 𝜌𝜌𝑏𝑏𝑔𝑔𝑔𝑔�1 − 𝑓𝑓𝑝𝑝�                           (Eq. 3.2) 
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into account as an initial pressure on the seabed. The Byerlee friction coefficient ranges 

between 0.6 to 0.85 for an extensional environment (Byerlee, 1978) and a constant average 

value of 0.75 was therefore used to model the brittle strength.  

The reference strain rate (𝜀𝜀 ̇in Eqs. 3.3 and 3.4) is the derivative of the strain function over the 

time: 

where 𝜀𝜀(𝑡𝑡) is the strain change over the time, 𝑣𝑣(𝑡𝑡) is the speed (slip rate), and 𝐿𝐿0 is the original 

length (i.e., the width of the modeled area). By considering the entire 100 km width of the 

modeled area and using a slip rate for the MMF(Le Pichon et al., 2003; Flerit et al., 2004; 

Reilinger et al., 2006; Hergert and Heidbach, 2010) of 12.8 to 24.8 mm yr–1, the average 

reference strain rate calculated for the modeled area was about 10–14 s–1. 

The mechanical parameters assigned to the structural units were chosen on the basis of the 

interpreted physical properties of the modeled units and laboratory measurements on their 

reference rheological equivalents (Table 3.1). For the calculation of glide creep in the 

lithospheric mantle, the values of the Dorn’s law rheological parameters were considered to be 

constant values (8.5 × 109 Pa for the Peierls’ critical stress, 5.7 × 1011 s–1 for the critical 

strain rate, and 535 kJ mol–1 for the activation energy (Burov, 2011). 

In order to visualize the rheological modeling results, the YSE was calculated as a minimum 

function of the brittle and ductile strengths (Eq. 3.6). We also vertically integrated the modeled 

strength over the entire thickness of the lithosphere and crust (Eq. 3.7), and calculated the ratio 

between the integrated crustal strength and the total lithospheric strength.  

 

Within the crustal domain, the effective viscosity (𝜂𝜂𝑒𝑒𝑒𝑒𝑒𝑒) can be parameterized based on the 

thermally activated power-law dislocation creep (Eq. 3.3). Accordingly, the efficiency of 

viscous creep in Figure 3.7 was calculated based on the following equation: 

𝜀𝜀̇ =  
𝑑𝑑
𝑑𝑑𝑑𝑑

 𝜀𝜀(𝑡𝑡) =
𝑣𝑣(𝑡𝑡)
𝐿𝐿0

 
 

 

                       (Eq. 3.5) 
 

YSE = min(𝛥𝛥𝜎𝜎𝑏𝑏 ,𝛥𝛥𝜎𝜎𝑑𝑑). 
 

(Eq. 3.6) 

𝜎𝜎(𝑧𝑧) = � min(𝛥𝛥𝜎𝜎𝑏𝑏 ,𝛥𝛥𝜎𝜎𝑑𝑑)
𝑧𝑧𝑙𝑙

𝑧𝑧0
𝑑𝑑𝑑𝑑. 

 
 

(Eq. 3.7) 
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(Eq. 3.8)                                         

We used a C++ script, based on the previous work of Cacace and Scheck-Wenderoth (2016), 

to numerically calculate the lithospheric strength and to obtain the related results.
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3.4. Results of the thermal modeling 
Figures 3.3 and 3.4 illustrate the main features of the modeled thermal field; additional 

temperature-depth maps can be found in the Supplementary Information (Figs. S3.2 and S3.3). 

The characteristics of the shallow conductive thermal field (Fig. 3.3) are presented using the 

depth of the 100°C isotherm (Fig. 3c and d), and by the lateral temperature variations on the 

upper surface of the pre-kinematic sediments (Fig. 3.3e and f) as well as on the top of the 

crystalline basement (Fig. 3.3g and h). The depth of the 100°C isotherm generally correlates 

spatially with the topographic–bathymetric surface (Fig. 2.1). For both models, the isotherm is 

deepest beneath the Çınarcık, Central and Tekirdağ basins, and is shallowest beneath the 

topographic highs in the eastern part of the modeled area (Fig. 3c and d). Overall, the isotherm 

depth is very similar in the two thermal models with slight differences detected beneath the 

Çınarcık and Tekirdağ basins, below which the high-density bodies are located. 

The upper surface of the pre-kinematic sediments is deepest (~6 km b.s.l.) beneath the Sea of 

Marmara (Fig. 3.3a), where the syn-kinematic sediments are thickest (Fig. S3.1a). Due to its 

low thermal conductivity the syn-kinematic sedimentary unit will store heat, both within and 

beneath the unit, with the amount of heat stored being directly related to the thickness of the 

unit. This thermal blanketing effect of the syn-kinematic sedimentary unit is evident at its base, 

with the highest temperatures (up to 215°C) occurring beneath the Marmara basin (Fig. 3.3e 

and f). The low thermal conductivity of the pre-kinematic sediments also results in a similar 

thermal blanketing effect. Comparing the lateral variations in temperature at the top crystalline 

basement (Fig. 3.3g and h) with variations in the depth to this surface (Fig. 3.3b) and with the 

thickness of the pre-kinematic sediments (Fig. S3.1b) reveals that this thermal blanketing effect 

is largest where the pre-kinematic sediments are thickest, leading to maximum modeled 

temperatures of 265°C at the top crystalline basement. 

The characteristics of the deep thermal field are illustrated in Figure 3.4 using the depth to the 

450°C isotherm and the lateral temperature variations at the Moho. The 450°C isotherm is often 

used as a proxy for the brittle-ductile transition zone since this is the temperature at which felsic 

crustal rocks start to creep (Braun et al., 2013). To facilitate the interpretation of the thermal 

field derived for the two structural models, the depth to the top of the high-density bodies in 

Model I and Model II are shown in Figures 3.4a and 3.4b, respectively. The Moho topography 

is shown in Figure 3.4c and the depth to the base of the models in Figure 3.4d. 
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Figure 3.2: Shallow crustal geometry and results of thermal modeling for Model I and Model II. (a) 
Depth to the upper boundary of the pre-kinematic sediments. (b) Depth to the upper boundary of the 
crystalline basement. (c) Depth of the 100°C isotherm for Model I. (d) Depth of the 100°C isotherm for 
Model II. (e) Temperature distribution on the upper surface of the pre-kinematic sediments (Model I). 
(f) Temperature distribution on the upper surface of the pre-kinematic sediments (Model II). (g) 
Temperature distribution on the upper surface of the crystalline basement for Model I. (h) Temperature 
distribution on the upper surface of the crystalline basement for Model II. Abbreviations: Main 
Marmara Fault (MMF), Çınarcık Basin (CiB), Central Basin (CB), Tekirdağ Basin (TkB), Marmara 
Island (MI), Kapidağ Peninsula (KP), and Armutlu Peninsula (AP). 
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Figure 3.3: Deep crustal geometry and results of thermal modeling for Model I and Model II. (a) Depth 
to the high-density bodies for Model I. (b) Depth to the high-density bodies for Model II. (c) Depth to 
the Moho. (d) Depth to the lower thermal boundary (1330 °C). (e) Depth to the 450°C isotherm for 
Model I. (f) Depth to the 450°C isotherm for Model II. (g) Temperature distribution map on the Moho 
for Model I. (h) Temperature distribution map on the Moho for Model II. Abbreviations: Main Marmara 
Fault (MMF), Çınarcık Basin (CiB), Central Basin (CB), Tekirdağ Basin (TkB), Marmara Island (MI), 
Kapidağ Peninsula (KP), and Armutlu Peninsula (AP). 
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The 450°C isotherm (Fig. 3.4e and f) is shallowest in the eastern part of the modeled area (~13 

km b.s.l.) and deepest beneath the Sea of Marmara: the deepest parts of the isotherm (~18 km 

b.s.l.) are beneath the Çınarcık and Tekirdağ basins, which correlate spatially with the high-

density bodies. Comparing the depth variation of the 450°C isotherm with that of the Moho 

reveals that the crustal thickness is a major factor controlling the deep crustal thermal field. 

Specifically, the thickness of the upper crystalline crust (Fig. S3.1c and d) and the associated 

high radiogenic heat production contributing to the heat budget strongly influences the deep 

crustal thermal field. This is also expressed in the modeled lateral temperature distribution at 

the Moho (Fig. 3.4g and h). The maximum modeled temperatures at the Moho (up to 790°C) 

are in the eastern part of the modeled area, where the Moho is deepest and the upper crystalline 

crust is thickest. In contrast, the lowest temperatures (~620°C) were modeled beneath the Sea 

of Marmara, where the crust has been thinned. The lack of any clear spatial correlation between 

the depth of the lower model boundary (Fig. 3.4d) and the deep crustal thermal field indicates 

that the crustal setting beneath the Marmara Region dominates the thermal configuration. At 

lithospheric depths in excess of 60 km b.s.l, however, the depth of the thermal lithosphere-

asthenosphere boundary (LAB), imposed as the lower thermal boundary condition (see 

Methods), controls the lateral variations in temperature (Figs. S3.2 and S3.3). 

By comparison, the deep thermal field in Model II is slightly hotter than in Model I, as was the 

case for the shallow thermal field. This thermal difference between the two models is 

particularly evident directly above the high-density bodies. The smaller size of the high-density 

bodies in Model II translates into a thicker felsic and radiogenic upper crystalline crust, which 

makes a significant contribution to the heat budget. 

3.5. Results of the rheological modeling 
The results of the rheological modeling reveal variations in the integrated lithospheric and 

crustal strengths (Fig. 3.5). The modeled integrated lithospheric strength across the model area 

ranges between 14.9 and 15.55 Log10 Pa m (Fig. 3.5a and b). The greatest difference between 

the two models is found in the domains of the high-density bodies beneath the Çınarcık and 

Tekirdağ basins, with higher lithospheric strengths (~0.05 Log10 Pa m) derived in Model II 

than in Model I. 

The strength of the lithosphere is generally low towards the Anatolian Plateau, in the eastern 

part of the modeled area, and tends to be higher beneath the Sea of Marmara. This pattern of 
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variation in lithospheric strength shows no spatial correlation with the thermal LAB (Fig. 3.4d), 

but it does show a spatial correlation with the temperature distribution at the Moho (Fig. 3.4c, 

g, and h): where the Moho surface is relatively shallow and cool the lithospheric strength tends 

to be high, and vice versa. The highest strengths are attained at the locations of the two high-

density bodies. Local high lithospheric strengths are also obtained beneath the Imralı Basin, 

where the lower crust is thicker and the upper crust is thin (Fig. S3.1). Such variations in crustal 

thickness can produce cool thermal anomalies that result in greater strength, mainly due to the 

lower radiogenic heat production of lower crystalline crustal unit (Table 3.1; Fig. S3.2d and e, 

and Fig. S3.3d and e).  

The integrated crustal strength (Fig. 3.5c and d) reaches its highest values for the locations of 

the high-density bodies. These values reach 14.65 Log10 Pa m for Model I and 14.95 Log10 Pa 

m for Model II. Local high integrated crustal strengths are also evident beneath the Imralı 

Basin. Once again, the distribution of the integrated crustal strength generally correlates with 

the thickness of the crystalline crustal units. The crustal strength is low where the upper 

crystalline crust is thick (Fig. S3.1) as a thicker felsic crust produces more radiogenic heat. 

This in turn results in a hotter and mechanically weaker crust than where the upper crust is thin 

(Figs. S3.2 and S3.3). Below the Sea of Marmara, however, the ratio of the integrated crustal 

strength to the total lithospheric strength is largest at the locations of the high-density bodies 

(Fig. 3.5e and f). This indicates that the high-density bodies are the main crustal contributors 

to the integrated lithospheric strength across the offshore area and along the MMF. 

The thermal and rheological results along the MMF are illustrated in Figures 3.6 and 3.7 for 

Model I and Model II, respectively. These profiles show the structural models and observed 

seismicity (Figs. 3.6a and 3.7a), the depth of the 450°C and 750°C isotherms as well as the 

calculated YSEs for four different points (Figs. 3.6b and 3.7b), the integrated lithospheric and 

crustal strengths (Figs. 3.6c and 3.7c) and the corresponding ratios (Figs. 3.6d and 3.7d).  

In both models the high-density bodies have higher strengths than the surrounding crystalline 

crust (Figs. 3.5, 3.6 and 3.7). The high-density bodies in Model II have distinctly higher 

strengths than their counterparts in Model I (Figs. 3.5, 3.6, and 3.7). Indeed, this rheological 

contrast was predictable due to the lithological differences between the two models and the 

corresponding mechanical parametrization (Table 3.1). For both models the high-density 

bodies are thermally cooler and mechanically stronger than the surrounding upper crustal rocks 

(see 450°C isotherm in Figs. 3.6b and 3.7b), and therefore characterizing stronger crustal units.  
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Figure 3.4: Modeled lithospheric strength. (a) Integrated lithospheric strength for Model I. (b) 
Integrated lithospheric strength for Model II. (c) Integrated crustal strength for Model I. (d) Integrated 
crustal strength for Model II. (e) Ratio of the integrated crustal strength to the total integrated 
lithospheric strength for Model I. (f) Ratio of the integrated crustal strength to the total integrated 
lithospheric strength for Model II. Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), 
Central Basin (CB), Tekirdağ Basin (TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ 
Peninsula (KP), and Armutlu Peninsula (AP). 

Both models indicate that the lower crust is mainly a relatively weak, ductile unit, while the 

upper few kilometers of the lithospheric mantle beneath the Sea of Marmara are relatively 

strong and brittle (Figs. 3.6b and 3.7b). Since in our models the lithospheric mantle is 

considered to be homogeneous, these rheological characteristics are only temperature and 

pressure dependent. The upper part of the lithospheric mantle along the MMF is cooler (and 

consequently stronger) beneath the Sea of Marmara than in the adjacent land area (see 750°C 

isotherm in Figs. 3.6b, 3.7b, S3.2, and S3.3). Apart from the domains of the high-density 

bodies, the thermal and rheological modeling results suggest a “jelly sandwich” rheological 
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configuration (Bürgmann and Dresen, 2008) along the MMF, characterized by  a strong upper 

crystalline crust separated from a strong lithospheric mantle by a relatively weak lower 

crystalline crust. 

3.6. Discussion 
Our results indicate that modeled lateral variations in lithospheric strength in the Marmara 

Region correlate with crustal compositional heterogeneities rather than with thermal anomalies 

within the mantle. In addition, the spatial correlation between the mechanically strong, high-

density bodies and bends in the MMF suggests that these crustal rheological contrasts may 

have affected the kinematics of the fault. Accordingly, our findings support the hypothesis that 

the observed segmentation along the MMF is controlled by the presence of a mechanically 

heterogeneous off-fault crustal configuration.  

Our aim is to quantify the long-term strength configuration and to obtain information on its 

mechanical stability, and, by default to the seismic activity in the area. Therefore, we consider 

the lithosphere as an overall conductive system in thermodynamic equilibrium with its present-

day geological setting. We are nevertheless aware that this assumption has two major 

implications, that computed temperatures (1) are conservative upper bound estimates of the 

temperature distribution at shallower depths as transient thermal effects due to sedimentation 

have been neglected; and (2) they are not representative of secondary, transient effects due to 

fluid circulation within permeable sedimentary units and along major fracture zones. From 

point 1 above, we would expect generally colder temperatures than those modeled within the 

syn-kinematic sediments as these relative young sediments have been deposited over the past 

4.5 Ma (Le Pichon et al., 2014, 2016) within a shallow system that may not yet have reached 

thermal equilibrium. However, we have neglected this effect in our study on the base of a 

previous study (Ehlers, 2005) that have demonstrated a range of variations of 2-5°C Ma⁻1 being 

limited to the first 4 km depth below the surface. This effect would not impact our conclusions, 

and we remain positive that our principal findings concerning the first-order characteristics of 

the thermal field remain robust. The influence of active fluid circulation has far reaching 

implications as indicated by the mapping of episodic mantle degassing events along major fault 

segments and overpressure generation observed in the Sea of Marmara (Géli et al., 2018) which 

can influence the local mechanical state and stability. However, a proper assessment of such 

effects would require observations on local temperature, heat flow and, possibly, pore-pressure 

variations, which are so far overly limited across the Marmara Region or not publicly available.  
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Figure 3.5: Cross-sections along the MMF represents results and interpretation from thermal and 
rheological models for Model I. (a) The structural mode (for details see Fig. 3.1a). The small black dots 
represent observed seismicity ( Mw>2.1; Wollin et al., 2018) in a window of ±5 km around the MMF, 
and the small blue circles represent recent seismic activity in September 2019 (Mw4.4, Mw5.7, Mw 4.1 
in west-east direction, data from GEOFON Data Center, see also Fig. S3.5). Locations of the observed 
(Wollin et al., 2018) aseismic patches are also shown as A, B, and C. (b) Calculated YSE for four 
different points correlating with the locations of the observed aseismic patches, and the epicenter of the 
1999 Izmit earthquake. The tick gray line represents the base of the observed (Wollin et al., 2018) 
seismogenic layer (based on P-wave and S-wave travel-time inversions), while the black dash line is 
the modeled crustal brittle-ductile transition (BDT). The modeled 450°C and 750°C isotherms are 
indicated as red dashed lines. (c) Integrated lithospheric strength in blue and integrated crustal strength 
in red. (d) Ratio of the integrated crustal strength to the total integrated lithospheric strength, following 
with the interpretation of fault segmentations along the seismic gap. 
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Figure 3.6: Cross-sections along the MMF represents results and interpretation from thermal and 
rheological models for Model II. (a) The structural model (for details see Fig. 3.1b). The small black 
dots represent observed seismicity ( Mw>2.1; Wollin et al., 2018) in a window of ±5 km around the 
MMF, and the small blue circles represent recent seismic activity in September 2019 (Mw4.4, Mw5.7, 
Mw 4.1 in west-east direction, data from GEOFON Data Center, see also Fig. S3.5). Locations of the 
observed (Wollin et al., 2018) aseismic patches are also shown as A, B, and C. (b) Calculated YSE for 
four different points correlating with the locations of the observed aseismic patches, and the epicenter 
of the 1999 Izmit earthquake. The tick gray line represents the base of the observed (Wollin et al., 2018) 
seismogenic layer (based on P-wave and S-wave travel-time inversions), while the black dash line is 
the modeled crustal brittle-ductile transition (BDT). The modeled 450°C and 750°C isotherms are 
indicated as red dashed lines. (c) Integrated lithospheric strength in blue and integrated crustal strength 
in red. (d) Ratio of the integrated crustal strength to the total integrated lithospheric strength, following 
with the interpretation of fault segmentations along the seismic gap.  
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For the model area, two sets of onshore measured surface heat flow data from shallow 

boreholes (~100 m) exist as well as temperature measurements from a 2500 m onshore deep 

well (Pfister et al., 1998; Erkan, 2015). The measured surface heat flow varies in a range of 

60±25 mW m–2 across the Marmara Region (Fig. S3.4). As expected, the modeled shallow 

thermal gradients and surface heat flux slightly overestimate the observations. Yet, the modeled 

surface heat flow around the Sea of Marmara is around 70±10 mW m–2 and thus in the range 

of the measurements (mean value of 60 mW m–2, Fig. S3.4). Moreover, a good fit between 

observed and modeled temperature is found within the deeper parts of the well (Fig. S3.4).  

As we are interested in quantifying the long-term rheological configuration of the lithosphere 

against which the MMF evolves we consider secondary creep as the only active dissipation 

mechanism. This requires a priori knowledge of the background strain rate, which could be 

representative of the whole plate. Due to ongoing activity of the NAFZ, the actual surface strain 

rate is likely to vary spatially over the Marmara Region, with a major concentration along the 

MMF, as reported by recent studies (Le Pichon et al., 2003; Flerit et al., 2004; Reilinger et al., 

2006; Hergert and Heidbach, 2010). However how representative those measurements are at 

greater depths is a matter of debate. Given the current lack of knowledge of the state of stress 

in the crust, in our study we therefore decided to rely on a constant strain rate value (𝜀𝜀𝜀 = 10−14 

s–1) over the entire modeled area. Our choice stems from the results of geodetic 

measurements(Hussain et al., 2018), which provided indications of an invariance strain rate 

(~0.5 microstrain yr–1)  during the whole inter-seismic period for the NAFZ. Accordingly, for 

the entire 250-year inter-seismic period, strain rate values can be considered as constant, with 

the exception of the first 10 years following a major earthquake. Given the time interval since 

the last earthquake along the MMF (1766), our assumption of constant strain rate remains valid.  

Moreover, the estimated surface strain value of ~0.5 microstrain yr–1 along the NAFZ leads to 

a strain rate estimate in the range of 10–14 to 10–15 s–1.   

Another parameter that plays an important role in our rheological modeling is the coefficient 

of friction, which we used to describe crystal plasticity following Byerlee’s law. In our study, 

we did not attempt to model any variations in such coefficient, but rather imposed a unique 

value of 0.75 (see Methods) and we do not consider a reduction in the friction along the MMF. 

Hergert and Heidbach (2011) showed that a value of 0.05 for the coefficient of friction for the 

MMF is compatible with the measured slip-rate along the fault. This supports our interpretation 

of the MMF as a weak fault cutting through a variably strong lithosphere. In addition, Hussain 
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et al. (2018) showed that for an inter-time event of 250 years (as an approximate for the 

recurrence time of the Marmara seismic gap), average viscosities of the lower crust must be 

greater than 1020 Pa s to match the constant strain rate during the whole inter-seismic period 

for the NAFZ. This is in the range of magnitudes for crustal viscosities as derived from our 

rheological modeling (1020–1021 Pa s, Fig. 3.7). Accordingly, a weak fault zone embedded 

within a strong lower crust is required to reconcile the geodetic observation. Our study provides 

a geologically consistent explanation for such off-fault rheological configuration that is 

required to match the observed strain rate data and the recorded seismicity. It is the presence 

of the strong high-density bodies in our model, which provide the strong substratum around 

the weak MMF fault thus limiting seismic activities within the fault proper. In addition, 

postseismic strain rate might not be representative to characterize the rheological crustal 

configuration at all spatial scales. Thus evaluating the deep crustal structure with the type of a 

model as presented in this study can be the key to assess the geomechanical behavior of large 

fault zones. 

 

Figure 3.7: Integrated crustal viscosity based on the calculated average effective viscosity (see 
Methods, Eq. 3.8) for upper crystalline crust, lower crystalline crust and high-density bodies. 
Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), Central Basin (CB), Tekirdağ Basin 
(TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ Peninsula (KP), and Armutlu Peninsula 
(AP). 
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Since the last two large earthquakes along the MMF were in September 1509 and May 1766, 

the recurrence time would appear to be approximately 250 years (Ambraseys, 2002; Barka et 

al., 2002; Parsons, 2004; Janssen et al., 2009; Bohnhoff et al., 2013, 2016a, 2017; Murru et al., 

2016). While the extent and exact location of the ruptures that caused these two historical 

events remains uncertain, there is general agreement that their magnitudes were comparable to 

those of recent events to the east and west, on adjacent sections of the NAFZ (~Mw7.4). The 

recently published unified earthquake catalogue for the Sea of Marmara (Wollin et al., 2018) 

covering the period between 2006 and 2016 lists 6812 events and identifies the MMF as the 

most seismically active segment of the NAFZ in the Marmara Region. The majority of the 

listed events are 1.5<Mw<3 and occurred at depths between 5 and 15 km (Fig. S3.6). Most of 

the seismicity occurred above the modeled depth of the 450°C isotherm. Furthermore, the 

seismicity distribution displays three main aseismic patches (labeled A, B and C in Figs. 3.6 

and 3.7), which are considered as locked segments along the MMF and potential nucleation 

points for the next Mw>7 Marmara earthquake(Bohnhoff et al., 2013, 2017; Wollin et al., 2018; 

Bulut et al., 2019; Lange et al., 2019).  

Relating these observations on the MMF to the thermal and rheological results (Figs. 3.6 and 

3.7), we can consider the weak crystalline crustal units (i.e. the lower parts of the felsic upper 

crust and the ductile intermediate to mafic lower crust) extending between the two high-density 

bodies as the domains prone to creeping. The section between the two high-density bodies is 

characterized by a relatively shallow brittle-ductile transitional domain (Figs. 3.6b and 3.7b) in 

response to a more felsic and radiogenic composition than in the domains of the high-density 

bodies. Consequently, we propose that deeper crust along this segment of the seismic gap 

represents a domain where seismic energy dissipation by creep is dominant. Our conclusion is 

consistent with the interpretation by Yamamoto et al. (2019) based on seafloor strain-rate 

observations in the western high that showed a steady-rate right-lateral deformation of 10.7±4.7 

mm yr–1. Accordingly earthquakes between the two strong lower crustal high-density bodies 

are likely to be relatively shallow and of low magnitude, as observed recently in September 

2019 (GEOFON Data Centre, 1993), with creep occurring at greater depths. 

Following a similar reasoning, we conclude that the presence of a strong crust (high-density 

bodies) provides the explanation of why the MMF is locked at these locations over long time 

scales. Two of the observed aseismic fault patches (A and C in Figs. 6a and 7a) correlate 

spatially with the locations of the modeled high-density bodies, whereas dense seismic activity 
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is evident along their boundaries. Therefore we can interpret these areas as limiting the extent 

of aseismic patches of the fault, thus representing the locked-creeping transition (Bohnhoff et 

al., 2013, 2017; Wollin et al., 2018). We therefore identify the overly stiff high-density bodies 

as exerting the main control on the state of stress along the MMF, being the reason behind the 

locked state of the fault segments to levels below the seismogenic layer. 

There is however also an aseismic zone (“B”, Figs. 6a and 7a) between the two crustal high-

density bodies and beneath the central high. The sparse seismicity documented beneath this 

region indicates that assuming a shallow-locked segment characterized by creep at deeper 

crustal levels (Wollin et al., 2018; Lange et al., 2019) is insufficient to explain the mechanical 

behavior of this segment of the fault. This then implies that either aseismic creep occurs, or 

that the fault is fully locked as interpreted by Lange et al. (2019) based on seafloor strain-meter 

measurements. Although the modeled rheology does not provide a clear indication for a fully 

locked segment in this area at a crustal scale, the high strength of the lithospheric mantle (Figs. 

6b and 7b) in this domain could result in the fault being locked at a lithospheric scale. 

Bohnhoff et al. (2016a) investigated the temporally and spatially distributed crustal response 

framing the two major seismic events in 1999, one on 17 August at Izmit (Mw7.4, 1999a in 

Fig. 1.1b) and the second on 12 November at Düzce (Mw7.1, 1999b in Fig. 1.1b). They 

identified aseismic fault patches along the rupture zones of the Izmit and Düzce events and 

found a spatial correlation between the location of these aseismic patches and the maximum 

postseismic creep deformation in the ductile lower crust.  

The Mw7.4 Izmit earthquake (Barka et al., 2002) on 17 August 1999 has been thoroughly 

investigated and can probably serve as a reference event for evaluating the potential seismic 

hazard within the modeled area. This earthquake, which had a hypocentral depth between 10-16 

km (Barka et al., 2002), was the last major event in the Marmara Region. The results from our 

modeling shows that the hypocenter coincides with the resolved the brittle-ductile transition at 

a depth of about 11 km (Figs. 6b and 7b) and that the lower crustal unit beneath the hypocenter 

is a rather weak ductile layer. If we compare the rheological profile beneath the Izmit 

earthquake epicenter (Figs. 6 and 7) with the one beneath the aseismic patch “B”, it becomes 

clear that these two domains share a similar rheological crustal configuration. However, the 

lithospheric mantle is considerably colder and rheologically stronger beneath the aseismic 

patch “B” under the central high than beneath the Izmit area, which could result in a different 

deformation behavior in the two areas.  
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Due to the presence of the two high-density bodies, the modeled lithospheric strength beneath 

the Princes’ Island segment (Çınarcık Basin) and the Tekirdağ Basin is noticeably higher than 

beneath the epicenter of the 1999 Izmit event (Figs. 6b and 7b). In particular, a strong crust 

mechanically coupled with the underlying mantle in Model II (Fig. 7b), which in turn would 

imply am overly stiffer lithosphere requiring significantly higher differential stresses than for 

the Izmit earthquake to fail. However, under such a configuration a seismic failure beneath the 

Princes’ Islands segment (or Tekirdağ Basin) would have a higher energy potential. In addition, 

the observed seismogenic depth along the MMF (Wollin et al., 2018) ties in remarkably well 

with the tops of the high-density bodies in model II (Fig. 7b), again supporting the hypothesis 

that the MMF is locked at these locations. 

It remains an open question how exactly variable surface strain rates propagate to deeper crustal 

and lithosphere levels along the weak fault and beyond and how rheological heterogeneities in 

the lithosphere interact with the fault itself.  Our rheological model, despite its assumptions, 

clearly indicate the presence of variations in the lithosphere strength that correlate spatially 

with on-fault seismotectonic segments. We therefore suggest that the rheology of the crust 

away from the fault (high-density bodies) has the primary control on the long-term, inter-event 

strain within the Marmara Region. This differs to the dynamics driving the deformation within 

the fault domain proper, where the fault rheology (inherently weak) controls the temporal decay 

of deformation on the shorter, postseismic time scale. 

3.7. Conclusions 

In this study, static thermo- rheological results are presented for two different structural models 

of the Sea of Marmara. Based on these results, we conclude the following: 

1. There are rheological heterogeneities in the lithosphere beneath the Marmara region. 

These contrasts are principally related to the crustal heterogeneities rather than the 

thermal anomalies within the deeper mantle. 

    

2. Along the main Marmara fault (MMF), the lithospheric rheological variations are 

mainly associated with the crustal high-density bodies that spatially correlate with the 

two major bent segments of the fault. These bodies are mechanically stronger than the 

surrounding crystalline crust, and they may affect the dynamics of the MMF. 
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3. The rheological discontinuities along the MMF support the hypothesis that the MMF is 

mechanically segmented. 

        

4. The realms of the two high-density bodies may exemplify the MMF locked segments 

while the fault partially creeps between the two crustal high-density bodies. 

 

5.  Comparing the two different structural settings (Model I and II) with the observed 

seismogenic depth along the MMF, Model II with the smaller-sized but denser (mafic) 

high-density bodies shows a better fit to the observed seismogenic depth below the 

MMF. 

 

6. The static thermal and rheological model can be used as input data for mechanical 

modeling of the stress field along the MMF to further investigate the segmentation 

hypothesis. 
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Chapter 4 
Present-day thermal field of 

the SW African and the 
Norwegian passive margins∗ 

                                                           
∗ This chapter largely corresponds to a paper published as “Variability of the geothermal gradient across two differently aged 
magma-rich continental rifted margins of the Atlantic Ocean: The Southwest African and the Norwegian margins, Solid Earth, 
9, 139–158, https://doi.org/10.5194/se-9-139-2018, 2018” and co-authored by Ershad Gholamrezaie, Magdalena Scheck-
Wenderoth, Judith Sippel, and Manfred R. Strecker. 
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4.1. Introduction 

Comprehension of the lithosphere-scale thermal state is a key to unraveling the evolution, 

strength, and physical and chemical processes of the lithosphere (e.g., Davies, 1980; Chapman, 

1986; Artemieva and Mooney, 2001; Scheck-Wenderoth and Lamarche, 2005; McKenzie et 

al., 2005; Ebbing et al., 2009). Furthermore, analyzing the thermal field of the lithosphere has 

important applications in industrial sectors such as geo-resources exploration (e.g., Muffler and 

Cataldi, 1978; Tissot et al., 1987; Grevemeyer and Villinger, 2001; Wallmann et al., 2012). 

The lithospheric thermal field generally depends on the thermal thickness and the thermal 

properties of the lithosphere. This has been deduced from continental crustal geotherms 

(Pollack, 1986; McKenzie and Bickle, 1988; Rudnick and Nyblade, 1999; Kaminski and 

Jaupart, 2000; Artemieva and Mooney, 2001; Artemieva, 2006; Jaupart and Mareschal, 2007; 

Mareschal and Jaupart, 2013) and from plate cooling models explaining oceanic heat flow 

patterns and seafloor depth evolution (Parsons and Sclater, 1977; Johnson and Carlson, 1992; 

Stein and Stein, 1992; Goodwillie and Watts, 1993; DeLaughter et al., 1999; Watts and Zhong, 

2000; Crosby et al., 2006; Crosby and McKenzie, 2009). There is consensus that conduction is 

the main heat transfer mechanism in the lithosphere and generally controlled by (1) the heat 

input from larger mantle depths, (2) the heat internally produced in the lithosphere by the decay 

of radioactive elements, and (3) the thermal conductivity of different lithospheric layers 

(summary in Allen and Allen, 2005; Turcotte and Schubert, 2014). The interaction of these 

controlling factors complicates predictions of temperature increase with depth. This difficulty 

largely arises from the variability of the lithosphere in terms of structure and composition, 

parameters that are a product of the tectonic setting and evolution of the location of interest. 

One well-established strategy to investigate the present-day thermal field of a certain area is to 

integrate existing geophysical and geological data into 3-D structural models that provide the 

basis for numerical modeling, which simulates heat transport processes after setting boundary 

conditions and thermal properties according to the geological structure (e.g., Scheck-

Wenderoth and Lamarche, 2005; Noack et al., 2013; Scheck-Wenderoth et al., 2014; Sippel et 

al., 2015; Balling et al., 2016). 

Although there is already a large number of such 3-D models for different settings worldwide, 

none of these studies has focused on the variability of geothermal gradients with respect to 

geological structure. It is self-evident that the geothermal gradient is a function of local 
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temperature, which depends on the thermal state. This is an important issue because geothermal 

gradient variations in the shallow parts of the subsurface (measured or modeled) may be 

indicative of the thermal field and temperature-controlled processes at greater depths. 

Moreover, methods used to assess the thermal history of specific tectonic settings generally 

apply strongly simplified assumptions concerning the geothermal gradient and its changes in 

space and time (e.g., Burnham and Sweeney, 1989; Barker, 1996; Allen and Allen, 2005; 

Naeser and McCulloh, 2012). Accordingly, a better understanding of variations in the 

geothermal gradient could also improve the quality of thermochronological results of thermal 

history models. In this interest, the main questions are the following: (1) how does the 

geothermal gradient vary with depth and laterally over major geological structures (such as 

passive continental margins)? (2) What are the controlling factors of these variations? (3) How 

are shallow geothermal gradients related to the lithospheric-scale thermal field?  

The goal of this study is to investigate the geothermal gradient as one manifestation of the 

thermal field that can directly be observed and usually differs significantly according to the 

specific tectonic settings. Concerning thermal histories, we do not go into much detail as we 

do not reconstruct thermal histories. The point we want to make is to raise awareness in the 

context of paleothermal conditions. Our approach follows three principal steps: (1) derive 

geothermal gradients from two existing and validated 3-D thermal models, both from volcanic 

passive margins, but with major age differences: the SW African passive margin (130 Ma) and 

the Norwegian margin (55 Ma); (2) investigate the variability of geothermal gradients with 

respect to the structural configuration changing from unthinned continental lithosphere 

onshore, over the stretched margins with great sediment thickness, and finally to the distal 

oceanic lithosphere; and (3) compare the results of the calculated geothermal gradients for the 

two different margins. In this context, there are significant variations in the thermal field that 

need to be considered when sediments, crust, and the lithospheric mantle display pronounced 

lateral heterogeneities in thickness and composition across the continental margins. In spite of 

a very similar configuration of the crust, the underlying lithospheric mantle in the two study 

areas differs. The younger lithospheric mantle beneath the oceanic crustal parts of the North 

Atlantic is significantly thinner than the older counterpart of the South Atlantic (Scheck-

Wenderoth et al., 2007; Scheck-Wenderoth and Maystrenko, 2008; Maystrenko et al., 2013). 

By comparing the calculated geothermal gradients of these margins, we particularly address 

the consequences of the lateral heterogeneities for the thermal field and test the hypothesis that 
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the present-day thermal field is different for the two settings and ultimately determined by the 

lithospheric mantle characteristics. 

4.2. Method 
4.2.1.  3-D conductive thermal model  

Theoretically, heat is transferred due to a temperature gradient and dependent on the thermal 

conductivity within the solid media. This statement is known as the law of heat conduction or 

Fourier’s law (Eq. 4.1), where λ stands for the thermal conductivity, and ∇T defines the premier 

temperature gradient: 

 

Figure 4.1. The geothermal gradient calculation: schematic of the temperature–depth distributions to 

calculate the geothermal gradient between the uppermost surface (zj,Tj) and the corresponding depth 

levels (zi,Ti). The temperature–depth distribution maps are presented as Figs. S4.1 and S4.2. 

  

q =  −𝜆𝜆𝜆𝜆𝜆𝜆. 
 

 (Eq. 4.1) 
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Table 4.1. Oceanic lithosphere age after Müller et al. (2008) and average physical properties of 
geological units used for thermal modeling after Scheck-Wenderoth and Maystrenko (2008); 
Maystrenko et al. (2013). 

 

 SW African margin Norwegian margin 

Geological 
units 

Age Maximum 
thickness 

(km) 

Average 
thermal 

conductivity 
(W mK–1) 

Average 
heat 

production 
(μW m–3) 

Age Maximum 
thickness 

(km) 

Average 
thermal 

conductivity 
(W mK–1) 

Average 
heat 

production 
(μW m–3) 

 Clastic 
sediments 

Cenozoic 
 

Walvis 
Basin = 3.6 

1.5 1 Cenozoic 
 

Vøring 
Basin = 

3.2 

1.5 1 

Lüderitz 
Basin = 3 

Møre 
Basin = 

3.6 
Orange 

Basin = 1.4 

Cretaceous 
 

Walvis 
Basin = 5 

1.5 1 Cretaceous 
 

Vøring 
Basin = 

3.2 

1.5 1 

Lüderitz 
Basin = 8 

Møre 
Basin = 

3.6 
Orange 

Basin = 15 

Crystalline 
crust 

– 50 2.8 1.45 – 40 2.7 0.8 

High-density 
crust 

– – 2.7 0.95 – – 2.6 0.3 

High-velocity 
body 

– – 2.6 0.8 – – 2.6 0.5 

Oceanic crust 130 Ma bp – 2.75 0.3 55 Ma bp – 2.1 0.3 

Lithospheric 
mantle 

– 135 3.95 0.03 – 110 3.95 0.03 
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Considering Fourier’s law (Eq. 4.1) and assuming conductive heat transport as the main heat 

transfer mechanism, the heat flow equation can be derived on a lithospheric scale (Eq. 4.2). In 

these equations T and t represent temperature and time, respectively. The radiogenic heat 

production is shown by S and Δ is the Laplacian operator. The parameter ρ stands for density, 

c for the heat capacity, and λ for the thermal conductivity. The two considered 3-D conductive 

thermal models (Scheck-Wenderoth and Maystrenko, 2008; Maystrenko et al., 2013) were 

created as a numerical solution to Eq. 4.2 in the steady-state condition (𝜕𝜕𝜕𝜕
𝜕𝜕𝜕𝜕

= 0) and by 

considering lithology-dependent thermal properties (Table 4.1). The lower thermal boundary 

in these models has been fixed at the 1300 °C isotherm signifying the thermal LAB depth, 

whereas the topography–bathymetry surface with a constant temperature (Norway: 2 °C; SW 

Africa: 5 °C) has been set as the upper thermal boundary. 

 

4.2.2. Geothermal gradient 
The geothermal gradient is the temperature change with increasing depth (Eq. 4.3). Through 

the 3-D thermal models, the corresponding temperature to a certain depth is predicted, which 

simplifies the geothermal gradient calculation. However, since the aim of this study is to 

compare the variations of the geothermal gradient in different geological settings, a comparable 

reference frame is required. Therefore, the upper thermal boundary in each thermal model was 

chosen as the reference surface. We extracted the temperature–depth distributions in 1 km 

homogeneous depth levels down to 6 km below the upper thermal boundary surface (Fig. 4.1; 

see also Figs. S4.1 and S4.2 in the Supplement). To calculate the geothermal gradient (Eq. 4.3), 

we considered Tj  and zj, respectively, as the temperature and the elevation of a surface in the 

3-D thermal models for which the upper thermal boundary condition was assigned. In our 

calculation, zi was the corresponding depth for i = 1, 2, 3, 4, 5, and 6 km below the upper 

thermal boundary condition, and Ti was the temperature distributions at the corresponding 

depth levels of i values (Fig. 4.1, see also Figs. S4.1 and S4.2). The geothermal gradient was 

then calculated as the temperature difference between the uppermost surface and the 

corresponding depth levels. Thus, the average geothermal gradient is determined for different 

levels with increasing depth. 

𝜌𝜌𝜌𝜌
𝜕𝜕𝜕𝜕
𝜕𝜕𝜕𝜕

= 𝛻𝛻. (𝜆𝜆𝜆𝜆𝜆𝜆) + 𝑆𝑆 
 (Eq. 4.2) 
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We have chosen this way of illustrating the depth evolution of the geothermal gradient to make 

our assessment of the average geothermal gradient variation comparable to the observation-

derived geothermal gradient variation. In practice geothermal gradients are often calculated 

from surface heat flow and bottom-hole temperature measurements. As bottom-hole 

temperatures therefore depend on the absolute depth of the drilled well, the derived average 

geothermal gradients vary accordingly. Our goal was to show (1) that there is no such thing as 

one average geothermal gradient and (2) that the latter is subject to variation in response to 

depth and structural heterogeneity. 

4.3. Exploited models 

The database for this study consists of regional 3-D lithospheric-scale structural and thermal 

models for the SW African (Maystrenko et al., 2013) and the Norwegian passive margins 

(Scheck-Wenderoth et al., 2007; Scheck-Wenderoth and Maystrenko, 2008). These models 

integrate and are consistent with observed seismic data, gravity data, and measured 

temperatures and heat flow. 

4.3.1. Southwest African passive margin 

There are three main sedimentary basins in the study area of the SW African continental 

margin. From north to south these are the Walvis Basin, the Lüderitz Basin, and the Orange 

Basin. These basins overlie a thinned continental crust and are filled with Cretaceous and 

Cenozoic sediments (Fig. 4.2a, Table 4.1). The Orange Basin hosts the thickest sediments 

compared to the two other basins with a maximum thickness of up to 16 km in the southern 

part of the basin. Sediment thickness varies in a similar manner in the Lüderitz and Walvis 

basins and ranges between 5 to 8 km except small parts of the Walvis Basin, where up to 10 

km of sediment are present. Onshore, the model also differentiates upper Proterozoic sediments 

(Owambo and Nama basins; Clauer and Kröner, 1979; Miller, 1997). The continent–ocean 

boundary (COB; determined from gravity data in combination with reflection seismic and 

magnetic data; Pawlowski, 2008) runs approximately along the 5 km isopach of the 

sedimentary fill and parallel to the coastline. 

𝑑𝑑𝑑𝑑
𝑑𝑑𝑑𝑑

=
𝑇𝑇𝑖𝑖 − 𝑇𝑇𝑗𝑗
𝑧𝑧𝑖𝑖 − 𝑧𝑧𝑗𝑗

, 
 (Eq. 4.3) 
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Figure 4.2. 3-D structural model of the SW African passive margin: (a) cumulative thickness map of 
sediments including offshore Cretaceous–Cenozoic thick sedimentary basins and onshore Proterozoic 
Owambo and Nama basins; (b) depth to top basement (COB: continent–ocean boundary, WB: Walvis 
Basin, LB: Lüderitz Basin, OB: Orange Basin, UTM: WGS84, zone 33S). 

Below the sedimentary basins, the top crystalline basement descends seaward. Offshore, where 

the Walvis Ridge intercepts the coast, the shallowest basement is at a depth of 2000 m below 

sea level (b.s.l.). With 17 km b.s.l., the top basement is deepest in the south–southeast beneath 

the Orange Basin (Fig. 4.2b). The upper crystalline crustal thickness is largest onshore, with a 

maximum thickness of more than 45 km. Towards the COB, the thickness of the crystalline 

crust progressively decreases and attains less than 5 km in the oceanic crustal domain (Fig. 

4.3a).  

The depth of the Moho varies between 20 and 30 km b.s.l. beneath the continental shelf (Fig. 

4.3b), where the lithospheric mantle (the layer between the Moho and the lithosphere–

asthenosphere boundary) has the largest and smallest thickness beneath the onshore area at 135 

and 75 km, respectively (Fig. 4.3c). Beneath the sedimentary basins, the thickness of the 

lithospheric mantle is approximately uniform and stays in the range between 80 and 100 km. 

In their 3-D thermal model, Maystrenko et al. (2013) considered a temperature of 5 °C as the 

upper thermal boundary condition at the surface and seafloor. The topography and bathymetry 

of these surfaces are displayed in Fig. 4.4a. The topography reaches a height of more than 1500 

m above sea level (a.s.l.) and decreases seaward. Offshore, the continental shelf is a few 

hundred meters below sea level; the continental slope descends steeply to the isobath of 3000  



4.3. Exploited models 

77 
 

 

 

 

 

Figure 4.3. 3-D structural model of the SW African passive margin: (a) thickness of the upper 
crystalline crust; (b) depth to Moho; (c) thickness of the lithospheric mantle.  
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m b.s.l. at the COB. Further, the seafloor descends with a gentler slope to 5000 m b.s.l. In the 

investigated area, the deepest part of the ocean is located in the southwestern corner of the 

model with a depth to 5500 m b.s.l. 

Along with the top surface and the seafloor, the lithosphere–asthenosphere boundary (LAB) 

also constitutes a crucial element in the structural–thermal model as it is the interface to which 

the lower thermal boundary condition of 1300 °C is assigned. The LAB is deepest (~ -180 km) 

beneath the onshore areas in the northeast and shallowest (~ -100 km) under the oceanic region 

(Fig. 4.4b). Beneath the sedimentary basins of the continental margin, the LAB is situated at a 

depth of 115 to 120 km b.s.l., except for the southern part of the Orange Basin, where the depth 

of the LAB descends to 130 km b.s.l. 

4.3.2. Norwegian passive margin 

The Norwegian passive margin includes the Vøring and the Møre basins. We extracted the 

cumulative thickness of sediment packages from the structural model (Fig. 4.5a). The thickest 

part of the sediments lies within the Vøring Basin, with a thickness of up to 17 km. Compared 

to the Vøring Basin, the sediments within the Møre Basin are thinner and rarely thicker than 

12 km. The sedimentary thickness is more uniform along the COB and approximately follows 

the 8 km isopach. 

Over the whole area, the depth to the crystalline basement varies between more than 1500 m 

a.s.l. and 18 km b.s.l. (Fig. 4.5b). The deepest parts of the basement are located beneath the 

sedimentary basins and parallel to the COB. The depth to the top of the crystalline basement is 

almost uniform below the oceanic crustal domain and varies between 5 and 6 km b.s.l. The 

thickness of the upper crystalline crust (Fig. 4.6a) is largest onshore, with more than 35 km 

beneath the Norwegian Caledonides. Offshore, the thickness decreases seaward to less than 5 

km in the oceanic crustal domain. 

According to the crustal structure, the Moho is deeper (17 to 37 km b.s.l.) below the continental 

crust compared to the oceanic crust where the Moho is inferred to be located at a depth of 9 to 

20 km b.s.l. (Fig. 4.6b). Below the Moho, the thickness of the lithospheric mantle decreases 

seaward from 110 km in the continental domain to 45 km in the oceanic crustal domain (Fig. 

4.6c). 

 



4.3. Exploited models 

79 
 

 

 

Figure 4.4. Surfaces with a fixed temperature for which the thermal boundary conditions were assigned 
in the SW African thermal model: (a) topography–bathymetry corresponding to the upper thermal 
boundary condition (5 °C); (b) depth of the LAB utilized as the lower thermal boundary condition (1300 
°C). 

 

 

Figure 4.5. 3-D structural model of the Norwegian margin: (a) cumulative sediment thickness; (b) depth 
to top basement (COB: continent– ocean boundary, VB: Vøring Basin, MB: Møre Basin, UTM: 
WGS84, zone 33N).  
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Figure 4.6. 3-D structural model of the Norwegian margin: (a) thickness of the upper crystalline crust; 
(b) depth to Moho; (c) thickness of the lithospheric mantle at the Norwegian continental margin. 
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For the thermal model (Scheck-Wenderoth and Maystrenko, 2008), a 2 °C isotherm was 

assigned as the upper thermal boundary condition at the topography and bathymetry (Fig. 4.7a). 

Onshore, the topography reaches elevations of close to 2000 m a.s.l. and descends seaward. 

Offshore, the wide continental shelf is a few hundred meters below sea level. and descends to 

more than 3500 m b.s.l. in the oceanic crustal domain. 

In addition to the upper thermal boundary condition setting and equivalent to the SW African 

margin, the LAB surface was considered as the lower thermal boundary condition (1300 °C). 

The depth to the LAB (Fig. 4.7b) changes gradually from 55 km b.s.l. in the oceanic crustal 

domain to 140 km b.s.l. onshore. 

Figure 4.7. Surfaces with a fixed temperature for which the thermal boundary conditions were assigned 
in the Norwegian thermal model: (a) topography–bathymetry corresponding to the upper thermal 
boundary condition (2 °C); (b) depth of the LAB utilized as the lower thermal boundary condition (1300 
°C). 

4.4. Results 

Our results show that the geothermal gradient varies laterally across the model area and 

nonlinearly decreases with depth (Figs. 4.8, 4.9, and 4.10; see also Figs. S4.3 and S4.4). To 

describe these variations, we classified these results into three different domains considering 

the geostructural setting: the onshore domain, the continental margin domain (the area between 

the coastline and the COB), and the oceanic crustal domain. 
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4.4.1. The onshore domain 

In the onshore domain of the SW African model, the geothermal gradient remains in the range 

of 28–30 °C km–1 for all depth levels except for the Precambrian basins (Fig. 4.8). However, 

there are some local depressions along the coastline. Within the second (Fig. 4.8b) and third 

(Fig. 4.8c) levels, the geothermal gradient partly decreases to 26–28 °C km–1 along the 

coastline. Within the deepest level (6 km), this range covers the area more uniformly and to a 

greater extent (Fig. 4.8d, e, f). 

Over the onshore domain, the geothermal gradient in the Norwegian model generally stays in 

the range of 15–17 °C km–1 for all depth levels (Fig. 4.9), and this is the lowest value of the 

geothermal gradient across the entire model domain. Across the coastline, the geothermal 

gradient increases steeply seaward from 17 to 27 °C km–1 within the first depth level (1 km, 

Fig. 4.9a), which is related to the transition between crystalline crust onshore and sediment fill 

offshore. The same pattern, but with different ranges, is also recognizable for the deeper levels 

(Fig. 4.9). 

In general, geothermal gradients in the unthinned onshore domain of the SW African margin 

are greater than in the corresponding domain of the Norwegian margin (Figs. 4.8 and 4.9). 

4.4.2. The continental margin domain 

In this domain, the geothermal gradient variations also reveal a general trend of reduction with 

increasing depth. Nevertheless, this general trend displays different lateral variations for each 

sedimentary basin. 

4.4.2.1 The SW African passive margin 

In the SW African model, the results display different patterns of variation for the individual 

depth levels. Within the first depth level (1 km, Fig. 4.8a), the variations are similar in the 

Walvis and Lüderitz basins. The geothermal gradient increases seaward from the coast and 

reaches the largest value (48–50 °C km–1) in the central parts of the sedimentary basins where 

the sediments are thickest (Fig. 4.2a). Oceanward, the gradient declines again towards the distal 

shelf where the geothermal gradient is in the range of 38–40 °C km–1 along the COB. In 

contrast, the geothermal gradient follows a different pattern within the Orange Basin. It 

decreases with distance from the coast, reaches the lowest value (34–36 °C km–1) in the central 

part of the basin and then increases to the COB. The reduced gradient within the first depth 
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level in the Orange Basin compared to the two other basins correlates with an increased 

thickness of the uppermost sedimentary unit of the Cenozoic. This unit has the lowest thermal 

conductivity of the sedimentary units (Table 4.1) and is almost absent in the central part of the 

Orange Basin (Maystrenko et al., 2013). 

The variations in the geothermal gradient within the second, the third, and the fourth depth 

levels (Fig. 4.8b, c, and d) follow the same trend as in the first depth level. A notable difference 

between these three depth levels (second, third, and fourth) and the first depth level is the 

location of the highest geothermal gradient. Within the second, third, and fourth depth levels, 

these high values occur in the northern part of the Walvis Basin; this contrasts with the first 

depth level for which the highest value was found in the Lüderitz Basin (Fig. 4.8a). These high 

values are in the ranges of 44–46, 42–44, and 40–42 °C km–1 within the second, the third, and 

the fourth depth levels, respectively. This difference is explicable by considering the top 

basement depth (Fig. 4.2b) and the crustal thickness (Fig. 4.3a), which are shallower and 

thicker beneath the northern part of the Walvis Basin compared to the Lüderitz Basin. 

Moreover, the youngest sediments (with lower thermal conductivity) are thickest in the Walvis 

Basin (Table 4.1; Maystrenko et al., 2013), which is an additional reason for these values of 

high geothermal gradient within the Walvis Basin. 

Within the two deepest levels (5 and 6 km), the results show a different pattern of the 

geothermal gradient variations within the Orange Basin (Fig. 4.8e and f). Unlike the upper 

depth levels, the geothermal gradient varies in a similar manner to the Walvis and Lüderitz 

basins. The geothermal gradient increases seaward from the coast, reaches the locally highest 

value in the central part of the sedimentary basin, and finally declines towards the COB. 

Overall, in the SW African model, the highest values of the geothermal gradient for all depth 

levels occur within the sedimentary basins (Fig. 4.8). 

4.4.2.2 The Norwegian margin 

The geothermal gradient distribution maps of the Norwegian margin (Fig. 4.9) also reveal 

lateral and vertical variations across the sedimentary basins. 

In the Vøring Basin, the geothermal gradient varies in a similar manner for all depth levels, 

except the sixth level (Fig. 4.9). Generally, the gradient increases seaward from the coast,  
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Figure 4.8. Geothermal gradient (°C km–1) at the SW African margin: the gradient calculated as the 
temperature differences between the uppermost surface (upper thermal boundary) and the 
corresponding temperature distribution at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and (f) 6 km below the 
uppermost surface (COB: continent–ocean boundary; Cretaceous–Cenozoic basins: WB: Walvis Basin, 
LB: Lüderitz Basin, OB: Orange Basin; Precambrian basins: OwB: Owambo Basin, NB: Nama Basin; 
UTM: WGS84, 33S).  
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Figure 4.9. Geothermal gradient (°C km–1) at the Norwegian margin: the gradient calculated as the 
temperature differences between the uppermost surface (upper thermal boundary) and the 
corresponding temperature distribution at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and (f) 6 km below the 
uppermost surface (COB: continent–ocean boundary; Cretaceous–Cenozoic basins: VB: Vøring Basin, 
MB: Møre Basin; UTM: WGS84, 33N). 
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decreases in the central part of the basin, and then increases again toward the COB. Similar to 

the Orange Basin at the SW African margin, the decrease in the gradient is akin to the central 

part of the Vøring Basin, where the uppermost Cenozoic sedimentary unit with the lowest 

thermal conductivity (Table 4.1) is absent (Scheck-Wenderoth et al., 2007). Within the deepest 

level (Fig. 4.9f), the geothermal gradient increases gradually from the coast towards the COB 

and no reduction occurs in the central part of the basin. The highest values of the geothermal 

gradient within the Vøring Basin are found at the distal shelf. These values are in the range of 

53–55 °C km–1 in the first depth level and attain 35–37 °C km–1 within the deepest level. 

In contrast to the Vøring Basin, the geothermal gradient within the Møre Basin does not follow 

a comparable pattern in the first two depth levels. Within the first level, the geothermal gradient 

increases gradually and continuously from the coast towards the COB (Fig. 4.9a). In the second 

depth level, the geothermal gradient increases from the coast to the central part of the basin and 

decreases towards the COB (Fig. 9b). Within the other four depth levels (Fig. 4.9c to f), the 

general trend of the geothermal gradient variations is similar to the first depth level. 

4.4.3. The oceanic crustal domain 

The oceanic crustal domain refers to the western side of the COB where the crust is mainly 

oceanic in composition. Herein, the geothermal gradient variations differ significantly between 

the SW African and the Norwegian margins. 

In the SW African model, the results of the calculated geothermal gradient (Fig. 4.8) for the 

oceanic crustal domain and within all the depth levels indicate a lateral oceanward decrease. 

The geothermal gradient gradually decreases oceanward from the COB to reach the minimum 

at the western model boundary. These lowest values are in the range of 16–18 °C km–1 within 

the deepest level and 18–20 °C km–1 within the other five levels, representing the lowest value 

of the geothermal gradient over the entire model of the SW African Margin (Figs. 4.8 and 

4.11c).  

In contrast, the results for the Norwegian setting (Fig. 4.9) show that the geothermal gradient 

increases oceanward in the oceanic crustal domain, where the highest values of the geothermal 

gradients over the entire margin are found (Figs. 4.9 and 4.11c). From the first depth level (1 

km) down to the deepest level (6 km), these high values decrease stepwise from 53–55, 47–49, 

45–47, 43–45, 41–43, to 39–41 °C km–1. The 65 Myr year difference in the oceanic crust age 

(SW Africa: 130 Ma; Norwegian: 55 Ma; see Table 4.1) and the related age-controlled depth 
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of the thermal LAB (Figs. 4.4b and 4.7b) would be a reasonable explanation for this difference 

within the oceanic crustal domain of the two differently aged margins. At the older SW African 

passive margin, the shallowest depth to the LAB is around 100 km b.s.l., below the oceanic 

crustal domain (Fig. 4.4b), while the LAB depth at the younger Norwegian margin is less than 

60 km b.s.l. (Fig. 4.7b). 

4.5. Interpretation and discussion 

According to our results, the calculated geothermal gradients reveal variations both laterally 

and with depth for the two different passive margins (Figs. 4.8 and 4.9). In general, the 

geothermal gradient decreases nonlinearly with depth in both models. However, this occurs in 

different trends for the two settings. Calculation of the geometric mean value of the geothermal 

gradient fully shows a nonlinear decrease from the first depth level to the deepest level by 40 

to 30 °C km–1 in the Norwegian margin and by more than 32 to less than 26 °C km–1 in the SW 

African margin (Fig. 4.10). To address the differences between the present-day thermal field 

of the SW African passive margin and the Norwegian margin, it is important to compare the 

geothermal gradient variations with the geological structure, the thermal properties of 

comparing geological units, and the ages of the oceanic crust (Table 4.1). A structural–thermal 

cross section (Fig. 4.11a and b) and corresponding profile of average geothermal gradient (Fig. 

4.11c) provide supplemental indications for a valid interpretation of shallow thermal field 

variations across the two differently aged passive margins. We will discuss these issues with 

regards to the three previously mentioned domains: (1) the onshore domain, (2) the continental 

margin domain, and (3) the oceanic crustal domain.  

Temperature–depth function is simply a linear concept of the geothermal gradient (Eq. 4.3). 

However, as can be seen from the two models, the geothermal gradient depends on the 

considered depth level and varies nonlinearly with depth. The solution to the steady-state 

thermal diffusion equation (Eq. 4.4 derived from Eq. 4.2) is a second-order (nonlinear) 

temperature function of depth if radiogenic heat production is considered (𝑆𝑆 ≠ 0). This fact 

indicates that the temperature–depth (𝑇𝑇 − 𝑧𝑧) curvature is highly sensitive to the amount of 

radiogenic heat production. The interaction of the thermal conductivity of different lithospheric 

layers and the heat internally produced by the decay of radioactive elements overprint the heat 

input from larger mantle depth into the lithosphere (Eq. 4.4). For better comprehension and 
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further comparability, investigating the variability of the geothermal gradient requires 

representing the same depth levels across the study areas. 

 

 

Figure 4.10. The thermal gradient variations with depth: mean values of the geothermal gradient (C 
km–1) across the model area and for the different depth levels. The temperature–depth distribution maps 
are presented as Figs. S4.1 and S4.2. 

4.5.1. The onshore domain 

In the onshore domain, the geothermal gradient is considerably higher (~ 13 °C km–1) at the 

SW African margin compared to the Norwegian margin. The SW African margin has a thicker 

crust compared to the Norwegian margin (Figs. 4.3a, 4.6a, 4.11a) and thus relatively more 

radiogenic heat is contributed by the crust. Additionally, a second reason could be the assigned 

values of radiogenic heat production in the thermal models (see Eq. 4.4). In the Norwegian 

model, Scheck-Wenderoth and Maystrenko (2008) considered an average crustal radiogenic 

heat production of 0.8 μW m–3, which is much lower than the corresponding value (1.45 μW 

m–3) in the SW African thermal model (Table 4.1). This low value of the geothermal gradient 

within the onshore domain in the Norwegian model agrees with downhole temperature 

𝜕𝜕2𝑇𝑇
𝜕𝜕𝑧𝑧2

=
𝑆𝑆
𝜆𝜆

 
 (4.4) 
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measurements in the Scandinavian Caledonides that imply an average geothermal gradient of 

~17–20 °C km–1 (e.g., Maystrenko et al., 2015; Lorenz et al., 2015; Pascal, 2015).  

Another impressive characteristic of the thermal field of these two passive margins is in the 

vicinity of the coastline. Here, the geothermal gradient decreases by about 2 °C km–1 at the SW 

African margin. This reduction spatially correlates with the crustal thickness decrease (~ 10 

km) beneath the coast (Fig. 4.3a). The thinner crust produces less radiogenic heat, which leads 

to lower temperatures. In contrast, considering the same area at the Norwegian margin, the 

geothermal gradient increases by approximately 10 °C km–1 within the first depth level and 

gradually decreases within the deeper depth levels. These variations might be explained by the 

thermal blanketing effect of the up to 1.5 km thick insulating sediments (low thermal 

conductivity; Table 4.1) along the coast (Fig. 5.5a). While the outcropping crystalline crust 

onshore efficiently transports heat to the surface in response to its greater thermal conductivity, 

the heat is stored in the insulating sediments offshore. 

4.5.2. The continental margin domain 

To interpret the thermal field variations within the sedimentary basins and to compare these 

differences between the SW African and the Norwegian margins, we need to take a closer look 

at the geometry of the geological structural units within and beneath the location of the 

sedimentary basins. These units were presented in Sect. 4.3 and here we will discuss how they 

affect the thermal field.  

Heat is transferred from the oceanic domain to the adjacent distal margin as a natural 

consequence of the 3-D heat transport. Thereby the local structural configuration and the 

related variable distribution of thermal rock properties leads to a very specific thermal pattern, 

be it in the area of “normal” or transfer segments of the margin. Accordingly, our results are 

consistent with earlier studies analyzing the transition from the oceanic to the continental 

domain (Nemcoket al., 2012; Henk and Nemcok, 2016). 

4.5.2.1. The SW African passive margin 
Considering the geothermal gradient variations over the whole study area at the SW African 

passive margin, the highest values for the geothermal gradient occur within the sedimentary 

basin areas. Beneath the continental margin, the crystalline crust is thinner (i.e., less radiogenic 

heat production) in comparison to the onshore domain (Fig. 3.3a). Moreover, the LAB is also 

deeper beneath the sedimentary basins compared to the LAB depth below the oceanic crustal 
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domain (Fig. 4.4b). Accordingly, in spite of a lower radiogenic heat production and a larger 

depth to the thermal LAB, the gradients are highest in the sedimentary part. This indicates that 

the thermal blanketing effect of the insulating sediments has the strongest control on the 

shallow thermal field variations within the sedimentary basins, and geothermal gradients 

widely correlate positively with sediment thickness. 

The top basement (Fig. 4.2b) is much deeper below the Orange Basin and the radiogenic crust 

thinner compared to the Walvis and Lüderitz basins (~ 10 km difference in the center of the 

sedimentary basins). Accordingly, the thicker sediments within the Orange Basin (Fig. 4.2a) 

lead to a more pronounced thermal blanketing effect due to the low thermal conductivity of 

these sediments. Additionally, Cenozoic sediments with lower thermal conductivity are thicker 

in the Walvis and Lüderitz basins compared with the Orange Basin (Table 4.1; Maystrenko et 

al., 2013). These differences in the top basement depth and the thickness of younger sediments 

with low thermal conductivity would explain why the geothermal gradient has the lowest local 

value in the central part of the Orange Basin in the upper depth levels 1 to 4 km below the 

upper thermal boundary condition. Within the deeper levels, between 4 and 6 km below the 

upper thermal boundary condition, all sediments have a Cretaceous age (Table 4.1; Maystrenko 

et al., 2013). Consequently, the thermal field pattern shows more similarity within all the three 

sedimentary basins and the geothermal gradient increases toward their central part (Fig. 4.8e 

and f). 

4.5.2.2. The Norwegian margin 

In general, the geothermal gradient variations within the sedimentary basins show fewer 

complexities at the Norwegian margin in comparison to the SW African passive margin. Within 

the Vøring Basin and for all depth levels, the geothermal gradient generally increases seaward, 

decreases in the central part of the basins, but increases again toward the distal shelf (Fig. 4.9). 

While the crystalline crust is thinner (i.e., less radiogenic heat is produced) beneath the 

sedimentary basins compared to the onshore domain (Fig. 4.6a), the lithospheric mantle (Fig. 

4.6c) gradually thins and the LAB (Fig. 4.7b) becomes progressively shallower towards the 

ocean. In addition, the lack of the post-breakup (uppermost Cenozoic) sedimentary unit in the 

central part of the Vøring Basin reduces the thermal blanketing effect of insulating sediments 

(Table 4.1; Scheck-Wenderoth et al., 2007). With increasing depth, the thermal blanketing 

effect of Cenozoic sediments becomes less relevant for the thermal field variations, while the 

depth to the LAB plays a more prominent role. As shown in Fig. 4.9f the geothermal gradient 



4.5. Interpretation and discussion 

91 
 

reveals no depression in the central part of the Vøring Basin, but increases seaward due to the 

shallower LAB and the thinner lithospheric mantle. The same reason would explain the 

geothermal gradient pattern that characterizes the Møre Basin. Overall, the pattern of the 

shallow thermal field looks similar for all depth levels in the Møre Basin, increasing gradually 

from the continental shelf towards the distal shelf. This trend agrees with the oceanward 

shallowing LAB depth. 

The absolute values of the geothermal gradient within the sedimentary basins in the Norwegian 

model are larger compared to the corresponding values in the SW African model. The highest 

geothermal gradient at the SW African passive margin occurs within the sedimentary basins 

(Sect. 4.5.2.1), whereas this is not the case for the Norwegian model. In addition to the 

quantitative differences, these high values exist within the central part of the sedimentary 

basins at the SW African margin, while for the Norwegian model the highest local values of 

the geothermal gradient in the continental margin domain occur closer to the distal shelf. These 

differences indicate fundamentally different controlling factors for the shallow thermal field at 

these two differently aged passive margins. 

4.5.3. The oceanic crustal domain 

The oceanic crustal domain is most important for comparing the shallow thermal field 

variations for the SW African passive margin and the Norwegian margin. While the SW 

African model has the lowest values of the geothermal gradient in this domain (Fig. 4.8), the 

Norwegian model presents the highest value of the geothermal gradient (Fig. 4.9).  

The volcanic passive margin of Norway (55 Ma) is significantly younger than the SW African 

passive margin (130 Ma). This age contrast resulted in an approximate 40 km depth difference 

of the thermal LAB for these two passive margins (Figs. 4.4b and 4.7b). The consequence of 

this shallower oceanic LAB is a steeper average geothermal gradient as the 1300 °C difference 

between the surface and the LAB needs to be accommodated within 60 km. This distance is 

almost twice as large at the SW African margin where the oceanic LAB is at 110 km of depth. 

Accordingly, the young Norwegian margin is hotter in comparison to the old SW African 

margin, which appears to be thermally equilibrated (Maystrenko et al., 2013).  

One clear point stands out and that is the first-order difference in the age of breakup at the two 

margins. Also, the timing of potential interaction in the oceanic opening with a mantle plume 

is different. For the South Atlantic, recent results (Scheck-Wenderoth et al., 2017) suggest that 
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the breakup was not initiated by a mantle plume, but some interactions with the Tristan da 

Cunha hot spot may have influenced the evolution. Both the opening and the potential breakup–

plume interactions were terminated at about 130 million years before present. Thus assuming 

steady-state thermal conditions today is a valid hypothesis as thermal equilibration has been 

achieved. This is also expressed in the thick oceanic mantle lithosphere derived from 

seismological and gravity data. 

 

Figure 4.11. Structural–thermal cross section and corresponding average geothermal gradient at the 
SW African passive margin (left) and Norwegian continental margin (right) after Scheck-Wenderoth et 
al. (2007); Scheck-Wenderoth and Maystrenko (2008); Maystrenko et al. (2013). (a) Structural crustal 
cross section along the A–B profile (Figs. 4a and 7a). Numbers near color legend for individual layers: 
(1) water, (2) sediments, (3) crystalline continental crust, (4) oceanic crust, (5) high-density continental 
crust, (6) high-velocity high-density lower crustal layer, (7) normal-density mantle, (8) low-density 
mantle. (b) Temperature distribution within the A–B cross section. (c) Calculated average geothermal 
gradient along the A–B cross section. 
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In contrast, the Iceland plume is next door to the Norwegian North Atlantic margin today 

(Steinberger and Torsvik, 2012) and breakup is significantly younger (55 million years before 

present). Given the time–thermal constant of the lithosphere, thermal disturbances older than 

65 Ma would largely have equilibrated (Turcotte and Schubert, 2014). This implies that the 

thermal consequences of breakup should have declined after 55 million years and that the 

system is at least close to thermal equilibrium today. Though this consideration does not 

account for additional dynamic thermal effects induced by the Iceland plume we use a steady-

state thermal model (Scheck-Wenderoth and Maystrenko, 2008) to assess the deep thermal 

field for two reasons: (1) we aim to base our comparison of the two margins on the same method 

and (2) both models are consistent with observed temperatures in the upper few kilometers 

(e.g., Channell et al., 2006) and with surface heat flow (e.g., Ritter et al., 2004). We would 

additionally like to point out that the potential error related to the steady-state assumption 

would, in the worst case, cause an underestimation of the mantle heat input, but not the other 

way round. Reaching the high observed shallow temperatures with a transient simulation, while 

at the same time respecting the thermal lithosphere base indicated by seismology and gravity, 

would either require a higher temperature at the base of the lithosphere (if the process is at an 

early stage) or a late stage in thermal equilibration (close to steady-state).  

A further discussion point relates to the nature of the lower crustal body. Depending on which 

lithology is assumed for the latter, higher (mafic underplate: gabbro) or lower (serpentinized 

mantle) thermal conductivities and different amounts of radiogenic heat production would 

result. Autin et al. (2016) have examined the thermal implications of these different 

compositions for lower crustal bodies at the Argentine magma-rich margin of the South 

Atlantic. They found that apart from the serpentinite model being colder, the thermal effects of 

gabbro and eclogites would be similar.  

Proximity to the Iceland mantle plume might also be effective in causing high geothermal 

gradients in the oceanic crustal domain of the Norwegian margin. The North Atlantic breakup 

was possibly initiated by the abnormally hot mantle of the Iceland plume (White, 1989; 

Skogseid et al., 1992; Gernigon et al., 2004, 2006; Parkin and White, 2008) activated 

approximately 5 million years earlier than the continental breakup (Saunders et al., 1997). 

While some studies have shown that the Iceland plume propagated northward (e.g., Ruedas et 

al., 2007; Steinberger et al., 2015), seismic tomography (Rickers et al., 2013) suggests lateral 

movement of plume material in addition to the parallel propagation along the mid-ocean ridge. 
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Moreover, 3-D thermomechanical models (Koptev et al., 2017) suggest that plume-related 

thermal perturbations such as hot mantle lateral flows may result in topography at the 

Norwegian passive margin with long wavelength variations onshore and short wavelength 

variations offshore. To quantify such effects, future studies need to consider observation-based 

configurations, but also implement the physics of processes controlling mass and energy 

transport related to mantle flow dynamics.  

With respect to the hypothesis formulated in the introduction that the present-day thermal field 

at passive continental margins is determined by lithospheric mantle characteristics, our results 

suggest that considering variations in the crust alone is not sufficient to properly assess the 

present or past thermal configuration of passive continental margins. 

4.5.4. Implications 

More recent studies apply complex modeling approaches to simulate thermal histories 

considering spatial and temporal variations in temperature profiles (e.g., Person and Garven, 

1992; Bertotti and Ter Voorde, 1994; Ehlers and Farley, 2003; Ehlers et al., 2003). However, 

these methods of thermal history reconstruction are mostly based on paleotemperature 

indicators that experience irreversible structural changes when passing through a certain 

temperature window (Allen and Allen, 2005; Naeser and McCulloh, 2012), but do not consider 

observation based on three-dimensional structural settings. The thermal alteration of organic 

matter, for example, results in specific changes in vitrinite reflectivity, and linear relationships 

between temperature and vitrinite reflectivity have been established using lab experiments 

(Dow, 1977; Barker and Pawlewicz, 1986; Burnham and Sweeney, 1989; Corcoran and 

Clayton, 2001). Likewise, apatite fission track analysis makes use of the specific temperature-

dependent behavior of fission track in response to radiogenic decay (Barker, 1996; Gallagher 

et al., 1998; Stockli et al., 2000; Reiners and Brandon, 2006; Deeken et al., 2006). Such 

paleotemperature indicators are often translated to amounts of paleo-burial depth assuming a 

constant paleothermal gradient for a certain study area and the difference between the present-

day depth and the paleo-depth is interpreted in terms of vertical movements.  

Our results indicate that the thermal gradient may vary significantly both laterally and with 

time (Fig. 4.11). Accordingly assuming an average paleothermal gradient of 30 °C km–1 

positions the 70 °C window of an apatite sample at 2 to 3 km of depth, whereas a higher paleo-

geothermal gradient of 45 °C km–1 would position the same sample at 1.5 km of depth. 
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Therefore, considering paleo-geothermal gradient variation in response to sedimentation or 

lithosphere cooling is key if paleotemperatures, paleo-elevations, and vertical movements 

derived from the latter are deduced. This implies that in addition to the general paleo-tectonic 

setting, the evolutionary phase and the position in this setting also need to be considered. For 

passive margin settings this means that it is not only important to take into account the type of 

passive margin (magma-rich versus magma-poor) but also the location (relative to the continent 

and to the newly formed oceanic domain) and the time with respect to breakup. A sample from 

a proximal or distal domain at an early or late stage of evolution has experienced different 

thermal imprints and the paleo-position should be considered accordingly in thermal history 

reconstruction.  

4.6. Conclusions 

The assessment of variations in the geothermal gradient for the two different passive volcanic 

margins revealed the following. 

1. In spite of a similar crustal structure, the geothermal gradient differs laterally across the 

two passive margins and nonlinearly decreases with depth. 

 

2. The thermal field of the two margins is contrasting. At the Norwegian margin (young) 

the thermal field is mostly dominated by the thermo-tectonic age and the thermal LAB 

depth in contrast to the SW African margin (old) where the crustal configuration 

dominates the pattern of the equilibrated shallow thermal field. 

 

3. Over the onshore domain, the radiogenic heat production is the main heat-controlling 

factor for both settings. Within the sedimentary basins, the thermal blanketing effect of 

the insulating sediments has the highest impact on the shallow thermal field at both 

margins. In the oceanic crustal domain, the thermal field is highly affected by the age 

of the ocean and the thermal LAB depth. Therefore, the Norwegian model is 

significantly hotter than the SW African model in the oceanic crustal domain and in the 

distal margin. 

 

4. While the causative thermal anomaly leading to margin formation in the South Atlantic 

should be equilibrated, the thermal disturbance in the North Atlantic and the proximity 
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to the Iceland plume obviously cause thermal effects at the present day. Characteristics 

of the lithosphere ultimately determine the thermal field for the two settings. 

 

5. The fact that the geothermal gradient is nonlinear and varies across areas has 

implications for methods of thermal history reconstruction.  
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Chapter 5 
Rheological models of the 

magma-rich continental rifted 
passive margins 
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5.1. Introduction 

In the previous chapter, it was shown that in spite of a similar crustal structure of the two 

magma-rich passive margins in the North and South Atlantic, the present-day thermal field of 

the two margins is contrasting. In summary, the old SW African passive margin is colder across 

the oceanic domain while it is hotter over the continental domain (Figs. 4.8 and 4.11). This 

pattern is totally inverse at the young Norwegian passive margin. There, the oceanic domain is 

significantly hotter than the continental domain (Figs. 4.9 and 4.11). It was also discussed that 

these thermal differences between the SW African margin and the Norwegian margin are 

mainly related to the thermo-tectonic age and depth to the thermal lithosphere-asthenosphere 

boundary (LAB). 

In this chapter, the main objective is to test if and how these thermal differences would affect 

the present-day lithospheric-scale rheological behavior below the two passive margins. 

Therefore, a static 3-D lithospheric-scale rheological model is individually introduced for each 

structural-thermal model of the SW African and Norwegian passive margins. In addition, these 

results are compared for both structural-thermal models to see how differences in thermo-

tectonic age would translate to present-day lithospheric strength. Briefly, the main interest is 

to assess the rheological responses of these two models of differently aged magma-rich passive 

margins and to qualitatively compare their modeled rheology.   

In this regard, the same equations and methodology as described in Chapter 3 are applied to 

model the lithospheric strength at the location of the passive margins. Accordingly, structural 

and thermal models of the Norwegian margin (Scheck-Wenderoth et al., 2007; Scheck-

Wenderoth and Maystrenko, 2008) and SW African margin (Maystrenko et al., 2013) are 

considered as inputs for the rheological modeling. Correspondingly, the assigned mechanical 

parameters for the structural units (Table 5.1) are chosen based on a comparison between the 

interpreted lithology of the modeled units (physical properties) and their counterparts in the 

reference rheological types (laboratory measurements).  

5.2. Results 

The results of the rheological modeling are illustrated as variations of the calculated integrated 

lithospheric and crustal strength values across the model areas, as well as the ratio of the crustal 

strength to the total lithospheric strength (Fig. 5.1 and 5.2). In addition, to analyze the spatial 



5.
2.

 R
es

ul
ts

 

99
 

 

  T
ab

le
 5

.1
: 

M
ec

ha
ni

ca
l 

pr
op

er
tie

s 
of

 t
he

 m
od

el
ed

 g
eo

lo
gi

ca
l 

un
its

 b
as

ed
 o

n 
th

e 
in

te
rp

re
te

d 
lit

ho
lo

gy
 (

af
te

r 
Sc

he
ck

-W
en

de
ro

th
 a

nd
 M

ay
st

re
nk

o,
 2

00
8;

 
M

ay
st

re
nk

o 
et

 a
l.,

 2
01

3)
 a

nd
 th

ei
r c

or
re

sp
on

di
ng

 c
om

pi
la

tio
ns

 o
f l

ab
or

at
or

y 
m

ea
su

re
m

en
ts

.  

M
od

el
ed

 
ge

ol
og

ic
al

 
un

it 

Se
di

m
en

ts
 

C
ry

st
al

lin
e 

cr
us

t 
H

ig
h-

de
ns

ity
 

cr
us

t 
H

ig
h-

ve
lo

ci
ty

 
bo

dy
 

O
ce

an
ic

 
cr

us
t 

M
an

tle
 

(li
th

os
ph

er
ic

) 

A
ve

ra
ge

 b
ul

k 
de

ns
ity

 (ρ
) [

kg
 m

–3
] 

va
rie

s b
et

w
ee

n 
20

00
 - 

26
50

 
28

00
 

30
50

 
31

50
 

29
50

 
32

00
 

D
om

in
at

e 
lit

ho
lo

gy
  

C
la

st
ic

 
se

di
m

en
ts

 
Fe

ls
ic

 
(g

ra
ni

te
, g

ne
is

s)
 

M
af

ic
 

(m
af

ic
 g

ra
nu

lit
e)

 
M

af
ic

 
(m

af
ic

 g
ra

nu
lit

e)
 

In
te

rm
ed

ia
te

 to
 m

af
ic

 
(b

as
al

t, 
ga

bb
ro

ic
 ro

ck
s)

 
Pe

rid
ot

ite
 

(u
ltr

am
af

ic
) 

R
ef

er
en

ce
 

rh
eo

lo
gi

ca
l  

ty
pe

 

 
B

rit
tle

 
se

di
m

en
ts

 

 
G

ra
ni

te
 

dr
y a

 

 
M

af
ic

 
gr

an
ul

ite
 b
 

 
M

af
ic

 
gr

an
ul

ite
 b
 

 
D

ia
ba

se
 

dr
y a

 

 
O

liv
in

e 
dr

y c
 

A
ct

iv
at

io
n 

en
th

al
py

 
(𝑄𝑄

) [
kJ

] 
– 

18
6 

44
5 

44
5 

27
6 

51
0 

Po
w

er
-la

w
 

ex
po

ne
nt

 (𝑛𝑛
) 

– 
3.

30
 

4.
20

 
4.

20
 

3.
05

 
3.

00
 

Po
w

er
-la

w
 

st
ra

in
 ra

te
 

(𝐴𝐴
) [

Pa
–n

 s–1
] 

– 
3.

16
E-

26
 

8.
83

E-
22

 
8.

83
E-

22
 

6.
31

E-
20

 
7.

00
E-

14
 

a  C
ar

te
r a

nd
 T

se
nn

 (1
98

7)
, b  W

ilk
s a

nd
 C

ar
te

r (
19

90
), 

c  G
oe

tz
e 

an
d 

Ev
an

s (
19

79
). 

 
 



5.2. Results 
 

100 
 

 

Figure 5.1. Thermal and rheological models of the SW African passive margin. (a) Total integrated 
lithospheric strength. (b) Integrated crustal strength. (c) The ratio of crustal to total lithospheric strength. 
(d) Depth to 600 °C isotherm. AB shows the location of the profile in Fig. 3. Abbreviations: continent-
ocean boundary (COB), Walvis Basin (WB), Lüderitz Basin (LB), Orange Basin (OB). Maps are in 
UTM: WGS84, zone 33S. 
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Figure 5.2. Thermal and rheological models of the Norwegian passive margin. (a) Total integrated 
lithospheric strength. (b) Integrated crustal strength. (c) The ratio of crustal to total lithospheric strength. 
(d) Depth to 600 °C isotherm. AB shows the location of the profile in Fig. 3. Abbreviations: continent-
ocean boundary (COB), Vøring Basin (VB), Møre Basin (MB). Maps are in UTM: WGS84, zone 33N.
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correlation between the deep thermal field and the rheological characteristics of each model, 

the depth to the 750 °C isotherm is also plotted in Figures 5.1 and 5.2.  

At the SW African passive margin, the total integrated lithospheric strength values range from 

14.7 to 16.2 Log10 Pa m (Fig. 5.1a). These values gradually increase from the continental 

domain towards the oceanic domain that is characterized by the largest modeled lithospheric 

strength values (Fig. 5.1a). In contrast, the modeled crustal strength (Fig. 5.1b) is smallest 

(down to 13.4 Log10 Pa m) across the oceanic domain, while these values are largest over the 

margin (up to 15.4 Log10 Pa m). Furthermore, the ratio of the integrated crustal strength to the 

lithospheric strength indicates that the crustal units greatly contribute to the integrated 

lithospheric strength in the continental domain. However, the crustal contribution is relatively 

small across the oceanic domain (Fig. 5.1c). 

At the Norwegian passive margin, the total integrated lithospheric strength values vary between 

15.25 and 16.05 Log10 Pa m (Fig. 5.2a). Unlike at the SW African passive margin, the smallest 

modeled lithospheric strength values are present in the oceanic domain, whereas the largest 

values are modeled across the marginal and the continental domains. The modeled integrated 

crustal strength values range from 13.6 to 15 Log10 Pa m. The distribution map of these crustal 

strength values across the Norwegian margin (Fig. 5.2b) indicates the largest values in the 

continental domain and also in the northern and southern parts of the distal margin. However, 

as shown by the crustal strength ratio to the integrated lithospheric strength (Fig. 5.2c), the 

crustal contribution to the total lithospheric strength is generally low. At the highest rate, a ratio 

of up to 50% is present across the distal margin at the same locations where the highest values 

of the integrated crustal strength are modeled. These areas spatially correlate with the location 

of the high-velocity bodies that are interpreted as mechanically strong SDRs mafic rocks 

(Tables 4.1 and 5.1).  

5.3. Discussion 

As shown earlier the present-day thermal field is different for these passive margins of the 

North and South Atlantic. In particular, the ~65 Myr difference in rifting age translates to 

different lithospheric mantle characteristics, that ultimately control the present-day thermal 

field beneath these passive margins. As was expected, these two settings are also contrasting 

in present-day rheological behavior in a similar pattern as the variations in the thermal field. 



5.3. Discussion 

103 
 

This illustrates that the thermal history of passive margins may also influence their present-day 

lithospheric rheological behavior. 

At the old SW African passive margin, a strong lithosphere is modeled in the oceanic domain 

(Fig. 5.1a). Across this area, the lithosphere is considerably colder than its counterparts over 

the continental domain. For instance, the depth to the 750 °C isotherm is shallower beneath the 

African continent than below the adjacent Atlantic Ocean (Fig. 5.1d). At the young Norwegian 

passive margin, however, the oceanic domain represents a weak lithosphere while a strong 

lithosphere is modeled below the Norwegian Caledonides (Fig. 5.2a). Similar to the SW 

African model, however, the pattern of the lithospheric strength distribution spatially correlates 

with the thermal field characteristics across the model area: the lithosphere is weak where it is 

hot and strong where it is cold. For example, the 750 °C isotherm at the Norwegian margin is 

relatively deep beneath the coast, while it is shallow below the ocean, representing a cold 

lithosphere below the continental domain and a hot lithosphere beneath the oceanic domain 

(Fig. 5.2d). Accordingly, areas with higher values of modeled lithospheric strength at the 

Norwegian passive margin are obtained for the colder continental domain whereas lower values 

of modeled lithospheric strength are predicted for the hotter oceanic domain. 

Comprehensively, the thermal and rheological models across these two passive margin show 

that the lithospheric strength is dominantly controlled by the depth to LAB and the thermo-

tectonic age. At a young passive margin such as the Norwegian margin, due to the ongoing 

process of post-break up cooling, the thermal LAB would be relatively shallow beneath the 

ocean (Fig. 4.7). This consequently leads to a hot and mechanically weak lithosphere (Fig. 5.2). 

The old SW African passive margin, however, seems to be thermally equilibrated. 

Consequently, the lithospheric mantle thickness is greater below the ocean (Fig. 4.4). This 

translates to a colder and accordingly a stronger lithosphere beneath the oceanic domain. As 

these rheological models suggest, a lithospheric rheological transition (from a weak lithosphere 

to a stronger lithosphere) also occurs while a passive margin evolves from the rifting and the 

post-breakup lithospheric cooling phases to the thermal equilibrium state.            

For an ultimate comparison between the two models, cross-sections (profiles AB in Fig. 5.1d 

and 5.2d) are presented in Figures 5.3 and 5.4 for the SW African passive margin and the 

Norwegian passive margin respectively. On these profiles, in addition to the thermal field 

illustrated as isotherms along the AB profile, four individual YSEs are also plotted at four 

specific locations (Fig. 5.3b and 5.4b), that spatially correlate with (c) the oceanic domain, (d) 
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the domain of thick sediments and the location of high-velocity bodies, (e) of high-density 

crust, and (f) of thick crystalline crust.  

For the oceanic domain (point c), the YSEs represent a rheological model in which a brittle-

ductile transition occurs only once and just within the mantle, where the corresponding 

temperature is ~700 °C and ~750 °C for the SW African and Norwegian models, respectively. 

These YSEs also illustrate that across the oceanic domain the yield differential stress is about 

300 MPa greater at the SW African passive margin compared to the Norwegian passive margin. 

A comparison of the crustal contribution to the total lithospheric strength indicates that the 

lithospheric mantle dominates the total lithospheric strength across the oceanic domains of both 

models (Figs. 5.1c, 5.2c, 5.3c&d, and 5.4c&d), as the oceanic crustal thickness is small 

compared to the total thickness of the lithosphere. However, at the SW African passive margin, 

the lithospheric mantle unit is significantly colder below the Atlantic Ocean than at its 

counterpart at the young Norwegian margin (Fig. 1d, 2d, 3b&e, 4b&e). The contrasting thermal 

fields of the two settings ultimately differentiate their present-day rheological characteristics 

as the lithospheric mantle is stronger below the South Atlantic than the lithospheric mantle 

below the North Atlantic. 

At point d and e, YSEs illustrate that high-velocity bodies and high-density crustal units greatly 

contribute to the crustal strength (Fig. 5.3 and 5.4). These units are mechanically the strongest 

crustal units (Table 5.1), which may explain the high values of modeled integrated crustal 

strength across the margin and across the distal margin (Fig. 5.1b and 5.2b). 

At point f, the YSEs demonstrate the rheological behavior of the lithosphere over the 

continental domain. Across the oceanic and marginal domains (c, d, and e), the two settings 

may differ in the modeled strength values but the rheological variations with depth (integrated 

behavior) are comparable following a similiar pattern. Across the continental domain, however, 

the modeled rheological behavior differs significantly comparing the two models. At the SW 

African passive margin, the plotted YSE at point f (Fig. 5.3b) demonstrates that the mantle is 

weak and the total lithospheric strength is limited to the crustal contribution (i.e. a “crème 

brûlée” rheological model: Burov and Watts, 2006; Burov, 2010). At the Norwegian margin, 

in contrast, the rheological behavior at point f (Fig. 5.4b) displays a mechanical decoupling as 

corresponding to a jelly sandwich model (Burov and Watts, 2006; Burov, 2010). There, a weak 

lower crustal zone (the jelly) resides between the strong upper crystalline crust and the strong 

upper lithospheric mantle (the toasts). 
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Figure 5.3. SW African passive margin: cross-section along the line of AB in Fig. 1d. (a) Structural 
model. (b) Yield strength envelopes (YSE) at four different locations of c, d, e, and f. The red dashed 
lines represent isotherms from 150 °C to 1050 °C in intervals of 150 °C. (c) Integrated lithospheric 
(blue) and crustal (red) strength along the AB profile. (d) Integrated crustal ratio to the total integrated 
lithospheric strength (% of red/blue). (e) Corresponding average geothermal gradient. 
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Figure 5.4. Norwegian passive margin: cross-section along the line of AB in Fig. 2d. (a) Structural 
model. (b) Yield strength envelopes (YSE) at four different locations of c, d, e, and f. The red dashed 
lines represent isotherms from 150 °C to 1050 °C in intervals of 150 °C. (c) Integrated lithospheric 
(blue) and crustal (red) strength along the AB profile. (d) Integrated crustal ratio to the total integrated 
lithospheric strength (% of red/blue). (e) Corresponding average geothermal gradient.
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A remarkable question here is why these models differ significantly in rheological behavior 

across the continental domain, despite the fact that they are almost identical in the lithospheric 

structure over this domain? A possible reason could be that the average geothermal gradient in 

the continental domain is considerably higher (~13 °C km–1) at the SW African margin 

compared to the Norwegian margin (Figs. 5.3e and 5.4e). In addition, the temperature 

distributions also demonstrate that the lithospheric mantle at the SW African margin is hotter 

than its counterparts at the Norwegian margin. These thermal differences have been discussed 

in the previous chapter (Chapter 4, Section 4.5.1). In summary, the SW African margin has a 

thicker crystalline crust compared to the Norwegian margin (Figs. 4.3a, 4.6a, 5.3a and 5.4a) 

and consequently more radiogenic heat is contributed by the crust. In addition, the assigned 

value of radiogenic heat production is much lower (0.8 μW m–3) in the Norwegian thermal 

model than the corresponding value (1.45 μW m–3) in the SW African thermal model (Table 

4.1). Consequently, the smaller contribution of crustal radiogenic heat results in a colder 

lithospheric mantle in the continental part of the Norwegian margin and causes a “jelly 

sandwich” configuration. In contrast, the larger contribution of crustal radiogenic heat results 

in hotter lithospheric mantle of the SW African margin that favors a “crème brûlée” rheological 

configuration. 

In general, these comparisons illustrate that rheological models are highly sensitive to the 

configuration of the structural models and the related modeled thermal fields. The examples 

presented here merely represent possible end members for which a certain parametrization was 

chosen for reasons of limited data availability. Considering the fast progress in numerical 

modeling methods and computing techniques, future work should address the uncertainties 

with respect to the structural configuration and the parametrization with physical properties. 

Such work using data science methods could help to obtain a more detailed assessment of the 

thermal and mechanical structure. 

Finally, a point not at all addressed so far concerns the validity of the mechanical properties 

assigned to the different geological units. Here we used the same values for average lithologies 

as currently many authors do, for the simple reason to ensure comparability. It is clear however, 

that there is a large knowledge gap with respect to the mechanical properties of different rock 

types, in particular for large pressures and temperatures. Here compositional variations may 

likewise exert a strong influence on the final rheological behavior of geological systems. 
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5.4. Conclusions 

The calculation of the lithospheric strength for the two different magma-rich passive margins 

revealed the following: 

1. The calculated lithospheric strength values across the two model areas indicate that the 

lithosphere is generally stronger where it is colder, and vice versa. 

 

2. Beneath the Atlantic Ocean, the present-day lithospheric strength of both South and 

North Atlantic is ultimately affected by the thermo-tectonic age and the depth to the 

thermal LAB.   

 

3. Beneath the continental domains of the passive margins, however, the crystalline crust 

dominantly controls the rheological behavior of the lithosphere. 

  

4. Across the sedimentary basins, the thermal blanketing effect of the insulating thick 

sediments has the highest impact on the crustal rheological behavior. 

 

5. The modeled thermal field plays a significant role in rheological modeling. Thus, 

further rheological modeling of passive margins across the Atlantic Ocean requires 

structural-thermal models at higher resolutions. 

 

6. Mechanical properties needed to parametrize rheological models are heavily under 

constrained and there is a large demand for better experimental data in this respect.   
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Chapter 6 
Discussion 
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This chapter discusses how results of the different model areas contribute to the two major 

questions raised in the introduction (Chapter 1): 

1. Which first-order factors determine the thermal field and the strength of the 
lithosphere? 

2. How do these factors translate into the long-term rheological behavior of the 

lithosphere?  

The results of the thermal and rheological models (Chapters 3, 4 and 5) indicate that the thermal 

field and strength of the lithosphere are dependent on different controlling factors, depending 

on the nature of the tectonic setting. However, overall, the temperature distribution in the 

lithosphere is key for the variations of its strength. Consequently, the factors controlling the 

thermal field also control lithospheric strength and the long-term rheological characteristics of 

the lithosphere.   

6.1. Impact of the lithospheric thermal field on lithospheric 
strength 
A major outcome of this thesis is the notion that the thermal field in response to the structural 

and tectonic configuration fundamentally determines the thermal properties, and thus the 

strength of the lithosphere. This is clearly seen by the interaction between the thermal field and 

the mechanical properties of rocks in all of the individual thermal and rheological models of 

the three investigated areas. These models thus confirm that the temperature distribution within 

the lithosphere is the dominant factor that controls the long-term rheological behavior of the 

lithosphere. Even the same type of rocks with identical mechanical properties may show 

significant different rheological behavior due to different spatial patterns of the lithospheric 

thermal field.   

6.1.1. The passive Atlantic continental margin setting  

The models characterizing the SW African and Norwegian margins are based on identical 

mechanical properties of the involved rocks (Table 5.1), while the lithospheric thermal 

thickness differs significantly in the oceanic domain (Figs. 5.3a and 5.4a). Modeled YSEs for 

the two passive margins (point “c” in Figs. 5.3b and 5.4b) clearly show how this difference in 

temperature distribution translates into different rheological behavior: colder oceanic 

lithosphere at the SW African margin is rather stronger than its warmer counterpart at the 

Norwegian margin. In addition, these YSEs determine the position of the brittle-ductile 
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transition at a temperature around 700°C, which is consequently shallower at the Norwegian 

margin compared to the SW African margin. 

Across the adjacent continental domain, both models are identical regarding the mechanical 

properties (Table 5.1) and result in similar values for the lithospheric thermal thickness (Figs. 

5.3a and 5.4a). Despite these similarities, however, the modeled YSEs (Figs. 5.3b and 5.4b) do 

not exhibit a similar rheological behavior in the continental realm. The YSEs suggest a “crème-

brûlée” rheological type, with a weak lithospheric mantle at the SW African margin (point “f” 

in Fig. 5.3b). In contrast, the YSE indicate a “jelly sandwich” rheological behavior, with a 

strong lithospheric mantle at the Norwegian margin (point “f” in Fig. 5.4b). Here, similar to 

the oceanic lithosphere, the temperature distribution is the most important determinant that 

affects lithospheric strength and controls the long-term rheological behavior of the continental 

lithosphere. The thermal differences between the two models are clearly noticeable when the 

isotherms (Figs. 5.3b and 5.4b) and the average geothermal gradient are compared (Figs. 5.3e 

and 5.4e). The modeled thermal field for the two passive Atlantic margins predicts a hotter (i.e. 

mechanically weaker) continental lithosphere at the SW African margin compared to the 

Norwegian margin.  

6.1.2. The intracontinental transform fault setting in the Sea of 
Marmara 

The results of the rheological modeling of the Sea of Marmara basin (Figs. 3.5 and 3.6) also 

show that the temperature distribution influences the long-term rheological behavior of the 

lithosphere. Despite the fact that there are pronounced lateral crustal heterogeneities in this 

region, which also differ in terms of the mechanical properties between the two models (Table 

3.1), the lithospheric mantle exerts the largest influence on the integrated lithospheric strength. 

Similar to many other areas that have been studied in the past, it is also evident that the general 

pattern of the lithospheric strength variations is influenced by the temperature distribution: the 

lithosphere is always stronger, where it is colder. This characteristic becomes prominent when 

comparing the 750°C isotherm (Figs. 3.5b and 3.6b) and the lithospheric strength profile (Figs. 

3.5c and 3.6c). While the mechanical properties of the crustal rocks may have local effects on 

the lithospheric strength, the general pattern of the lithospheric strength variation is a function 

of the temperature distribution. 
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6.2. Factors that control temperature distribution in the 
lithosphere 
Regardless of the type of the tectonic setting, the strength of the lithosphere is ultimately 

controlled by the lithospheric thermal field. Accordingly, the lithospheric strength is directly 

affected by those parameters (Eq. 3.1) that control the complex system of the lithosphere 

thermal field (thermal thickness, internal heat budget, and thermal conductivity). 

The thermal field of the continental passive margins was discussed in Chapter 4, and it was 

demonstrated that the thermal field of the passive margins in the North and South Atlantic is 

different. Across the oceanic domain, the younger Norwegian margin is warmer than the older 

SW African passive margin (Figs. 4.10 and 4.11). This thermal difference between the two 

diachronous passive margins is mainly due to the thermal LAB depth and the lithospheric 

thermal thickness (Figs. 4.4 and 4.7).  Principally, the thermal evolution of the mantle mainly 

controls the lithospheric thermal field across the oceanic realms.  

Beneath the continents, however, the contribution of the crystalline crust to the lithospheric 

heat budget is the ultimate controlling factor of the temperature distribution, in addition to the 

thermal lithosphere thickness. Although the thickness of the continental lithosphere is 

comparable at both margins, the continental lithosphere is stronger at the Norwegian margin 

compared to the SW African margin, because of the relatively colder conditions in the 

Norwegian thermal model. As discussed in Chapter 4 (Sec. 4.5.1), the thicker crystalline crust 

(Figs. 4.3a, 4.6a, 4.11) and the higher rate of radiogenic heat production there (Table 4.1) 

increase the heat budget of the crystalline crust in the SW African model compared to the 

Norwegian margin. A caveat has to be mentioned here, in that not all of the assumptions related 

to the thermal parametrization can be validated; accordingly, the derived conclusions hold just 

for the chosen parametrization.  

Similar to the continental domain of the passive margins, the crustal configuration dominates 

the pattern of the lithospheric thermal field beneath the continental Sea of Marmara (Chapter 

2, Sec. 3.4). There, the modeled temperature distributions within the lithosphere below the 

basin (Fig. 3.3) indicate that crustal thinning (i.e., lower heat budget of the felsic crystalline 

crust) causes a colder (i.e., stronger) lithospheric domain. 
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6.3. Fundamental assumptions, model sensitivities 
As in other modeling studies, deriving conclusions based on numerical simulations is 

sometimes not unambiguous. Therefore, some words of caution are appropriate related to the 

basic assumptions that were made in the different models. One main assumption is that of a 

thermally equilibrated system as a steady-state approach is applied to calculate the lithospheric 

thermal field. Although this was extensively discussed in Sec. 3.6 and Sec. 4.5.3 that a steady-

state approach would be a good approximation to calculate the present-day lithospheric thermal 

field, transient processes could still influence the studied systems. With regards to the passive 

margins, in particular the Norwegian margin, due to its thermo-tectonic age, has most probably 

not yet reached thermal equilibrium. However, as temperatures in shallow crustal sectors are 

consistent with observations, the results of the steady-state thermal modeling may therefore 

underestimate the temperatures in deeper sectors of the lithosphere. 

Likewise, for the continental transform setting of the Marmara Sea basin, the thermal 

destabilization that was associated with the opening of the Marmara Sea may not have fully 

propagated through the entire lithosphere. Thus, the modelled temperatures would also 

underestimate the temperatures in the deeper sectors of lithosphere. In both cases a quantitative 

assessment of the related uncertainty is difficult and would require stochastic analysis of many 

different parametrizations that might be achieved in future studies. 

Another key assumption in my modeling approach was the introduction of a constant strain 

rate and a constant value for the coefficient of friction to calculate lithospheric strength. These 

assumptions and their implications for the rheological modeling were extensively discussed in 

section 3.6 of Chapter 3 in the context of the models for the Sea of Marmara; similarly, the 

issues discussed in that section are equally relevant for the models that seek to explain the 

differences between the two analyzed passive margins. 

One major issue regarding the sensitivities of thermal and rheological modeling pertains to the 

physical properties of rocks, and consequently the model parametrization. This may have an 

important influence on the thermal and rheological results, specifically regarding the results of 

the continental settings. As discussed earlier, the structural crustal configuration dominates the 

variations of the lithospheric thermal field. In addition to the geometric distribution of crustal 

units, different values of thermal conductivity, radiogenic heat production, and mechanical 

properties may have an important influence on the results. For instance, the difference in the 
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values for the radiogenic heat production in the crystalline crust at the North and South Atlantic 

margins resulted in different rheological models (Chapter 5). Therefore, knowing the properties 

of deep crustal rocks can lead to interpretations involving different regimes with coupled or 

decoupled modes of deformation. Additionally, differences in the configuration of the crustal 

high-density bodies in the Sea of Marmara have implications for the spatial variation of the 

temperature distribution and lithospheric strength (Chapter 3). 

6.3. Outlook 
In this study, model parametrization is based on the interpreted lithologies and compilations of 

corresponding laboratory measurements (Tables 3.1, 4.1 and 5.1). The implementation of 

different parameters has shown that that future models involving structural, thermal, and 

rheological parameters should be updated as much as possible if new datasets are available or 

if computational methods are advanced. 

For instance, across the Sea of Marmara, high-resolution geophysical datasets such as marine 

3-D reflection seismic data, shipboard gravity measurements, and marine magnetic 

observations would be very helpful in future endeavors to improve the evaluation and the 

prediction of the extent of lateral crustal heterogeneities. In addition, deep borehole data such 

as core and thermal loggings would be very advantageous for the comparison and validation 

of the numerical models. 

Regarding the models of the passive margins in the context of updates in IGMAS+ and novel 

applications in numerical simulation such as Golem, would be important in renewing structural 

and thermal models and in the process of optimizing model parameterization. In this context 

my study has shown that transient thermal and rheological modeling will be an important field 

of future research. 
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Below I briefly summarize the major outcomes of my modeling study: 

1. The comparison of the thermal and rheological models of the three analyzed 

sedimentary basins reveals that variations of the lithospheric strength are fundamentally 

influenced by the temperature distribution within the lithosphere. 

 

2.  The obtained results indicate that the composition of the lithosphere significantly 

affects the present-day thermal field, and therefore the rheological characteristics of the 

lithosphere. 

 

3.  Similar to oceanic domains, the thermo-tectonic age and the depth to the thermal LAB 

ultimately affect the thermal configuration of the lithosphere and the thermo-tectonic 

age clearly controls lithospheric strength. 

 

4. Thermal cooling of the oceanic lithosphere and the transition to continental areas causes 

variations in the strength distribution of the lithosphere during the evolution of passive 

margins. 

 

5. In the continents, the crustal configuration ultimately controls the present-day 

lithospheric thermal field and rheological characteristics due to the effects of radiogenic 

heat contribution and the spatial distribution of thermal conductivities. 

 

6. Within continental settings, crustal heterogeneities in form of major compositional 

differences may control the mechanical segmentation along large-scale transform faults 

such as the NAFZ. 

 

7. The condition of treating the lithosphere as a thermal steady-state system is a valid 

assumption in studies to elucidate the long-term rheological behavior of the lithosphere. 

 

8. Shallow temperature measurements alone are not sufficient to constrain the deeper 

rheology of the crust and to predict crustal seismicity, but integrated, multidisciplinary 

studies using different data sets are required to address the distribution of physical 

properties in the deeper lithosphere. 
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Supplementary Figures 
 

 
Figure S2.1:  High resolution bathymetry within the Marmara Trough (LePichon et al., 2001). 

 

 

 

 

 

 
Figure S2.2: Polynomial regression to the Nafe–Drake Curve valid for P-wave velocities between 1.5 
to 8.5 km s–1 (Brocher, 2005 after Ludwig et al., 1970). 



Supplementary Figures 
 

134 
 

 
Figure S2.3: Upper and lower crustal thickness based on best-fit gravity models of the Sea of Marmara: 
(a) Model-I and Model-III; (b) Model-II. 
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Figure S2.4: Density-structural model of Kende et al. (2017). Syn-kinematic sediments (ρ = 2230 kg 
m–3), pre-kinematic sediments (ρ = 2590 kg m–3), upper crust (ρ = 2650 kg m–3), lower crust (ρ = 2950 
kg m–3), Moho (ρ = 3330 kg m–3). 
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Figure S2.5: Gravity response and corresponding misfit to EIGEN-64C and Improved–TOPEX based 
on the best-fit model of Kende et al. (2017): (a) Calculated gravity corresponding to the density model 
in Fig. S3; (b) misfit between the calculated gravity and the gravity anomaly data of EIGEN-6C4; (c) 
misfit between the calculated and the gravity anomaly data of Improved–TOPEX. 
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Figure S3.1: 3-D structural input for thermal and rheological modeling. (a) Syn-kinematic sediment 
thickness. (b) Pre-kinematic sediment thickness. (c) Upper crystalline crustal thickness. (d) Lower 
crystalline crustal thickness. (e) High-density bodies thickness. (f) Depth to Moho. (g) Depth to thermal 
LAB (1330°C isotherm). Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), Central 
Basin (CB), Tekirdağ Basin (TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ Peninsula (KP), 
and Armutlu Peninsula (AP). 
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Figure S3.2: 3-D conductive thermal model for Model I. Temperature distribution maps for different 
depths below the sea-level: (a) 2 km, (b) 5 km, (c) 10 km, (d) 20 km, (e) 30 km, (f) 40 km, (g) 50 km, 
and (h) 60 km. Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), Central Basin (CB), 
Tekirdağ Basin (TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ Peninsula (KP), and Armutlu 
Peninsula (AP). 
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Figure S3.3: 3-D conductive thermal model for Model II. Temperature distribution maps for different 
depths below the sea-level: (a) 2 km, (b) 5 km, (c) 10 km, (d) 20 km, (e) 30 km, (f) 40 km, (g) 50 km, 
and (h) 60 km. Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), Central Basin (CB), 
Tekirdağ Basin (TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ Peninsula (KP), and Armutlu 
Peninsula (AP). 
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Figure S3.4: Calculated surface heat flow using a constant average value for thermal conductivity (λ = 
2 mW m–2). (a) Model I, and (b) Model II. The red (Pfister et al., 1998) and blue (Erkan et al., 2015) 
circles are measured surface heat flow values. Observed (Pfister et al., 1998) and calculated temperature 
logs from the 2500 m deep Corlu 1 well: (c) Model I, (c) Model II. The well location is shown as a 
yellow triangle in (a) and (b). Abbreviations: Main Marmara Fault (MMF), Çınarcık Basin (CiB), 
Central Basin (CB), Tekirdağ Basin (TkB), Imralı Basin (ImB), Marmara Island (MI), Kapidağ 
Peninsula (KP), and Armutlu Peninsula (AP).  
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Figure S3.5: Observed seismicity across the modeled area. (a) Distribution of the epicenters over the 
modeled area. Small gray circles represent observations from 2006 to 2016 (Wollin et al., 2018) and 
black circles represent recent seismic activity (M>4.1) in September 2019 (data from GEOFON Data 
Center). (b) Depth distribution of the seismic events37 along the MMF and (c) over the entire modeled 
area. (d) Magnitude of seismic events37 along the MMF, and (e) over the entire modeled area. 
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Figure S4.1: SW African margin: Temperature-depth distributions at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and 
(f) 6 km below the upper thermal boundary (COB: Continent-Ocean Boundary; Cretaceous-Cenozoic 
basins: WB: Walvis Basin, LB: Lüderitz Basin, OB: Orange Basin; Precambrian basins: OwB: Owambo 
Basin, NB: Nama Basin; UTM: WGS84, 33S). 
 



Supplementary Figures 

143 
 

 
 
Figure S4.2: Norwegian margin: Temperature-depth distributions at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and 
(f) 6 km below the upper thermal boundary (COB: Continent-Ocean Boundary; Cretaceous-Cenozoic 
basins: VB: Vøring Basin, MB: Møre Basin; UTM: WGS84, 33N). 
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Figure S4.3: Geothermal gradient [◦C/km] at SW African margin: the gradient calculated as the 
temperature differences between the uppermost surface (upper thermal boundary) and the 
corresponding temperature distribution at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and (f) 6 km below the 
uppermost surface (COB: Continent-Ocean Boundary; Cretaceous-Cenozoic basins: WB: Walvis 
Basin, LB: Lüderitz Basin, OB: Orange Basin; UTM: WGS84, 33S). 
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Figure S4.4: Geothermal gradient [◦C/km] at Norwegian margin: the gradient calculated as the 
temperature differences between the uppermost surface (upper thermal boundary) and the 
corresponding temperature distribution at (a) 1, (b) 2, (c) 3, (d) 4, (e) 5, and (f) 6 km below the 
uppermost surface (COB: Continent-Ocean Boundary; Cretaceous-Cenozoic basins: VB: Vøring Basin, 
MB: Møre Basin; UTM: WGS84, 33N). 
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