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Abstract 

Plate tectonics describes the movement of rigid plates at the surface of the Earth as well as their 

complex deformation at three types of plate boundaries: 1) divergent boundaries such as rift 

zones and mid-ocean ridges, 2) strike-slip boundaries where plates grind past each other, such 

as the San Andreas Fault, and 3) convergent boundaries that form large mountain ranges like 

the Andes. The generally narrow deformation zones that bound the plates exhibit complex 

strain patterns that evolve through time. During this evolution, plate boundary deformation is 

driven by tectonic forces arising from Earth’s deep interior and from within the lithosphere, 

but also by surface processes, which erode topographic highs and deposit the resulting sediment 

into regions of low elevation. Through the combination of these factors, the surface of the Earth 

evolves in a highly dynamic way with several feedback mechanisms. At divergent boundaries, 

for example, tensional stresses thin the lithosphere, forcing uplift and subsequent erosion of 

rift flanks, which creates a sediment source. Meanwhile, the rift center subsides and becomes 

a topographic low where sediments accumulate. This mass transfer from foot- to hanging wall 

plays an important role during rifting, as it prolongs the activity of individual normal faults. 

When rifting continues, continents are eventually split apart, exhuming Earth’s mantle and 

creating new oceanic crust. Because of the complex interplay between deep tectonic forces that 

shape plate boundaries and mass redistribution at the Earth’s surface, it is vital to understand 

feedbacks between the two domains and how they shape our planet. 

In this study I aim to provide insight on two primary questions: 1) How do divergent and strike-

slip plate boundaries evolve? 2) How is this evolution, on a large temporal scale and a smaller 

structural scale, affected by the alteration of the surface through erosion and deposition? This 

is done in three chapters that examine the evolution of divergent and strike-slip plate 

boundaries using numerical models. Chapter 2 takes a detailed look at the evolution of rift 

systems using two-dimensional models. Specifically, I extract faults from a range of rift models 

and correlate them through time to examine how fault networks evolve in space and time. By 

implementing a two-way coupling between the geodynamic code ASPECT and landscape 

evolution code FastScape, I investigate how the fault network and rift evolution are influenced 

by the system’s erosional efficiency, which represents many factors like lithology or climate. 

In Chapter 3, I examine rift evolution from a three-dimensional perspective. In this chapter I 

study linkage modes for offset rifts to determine when fast-rotating plate-boundary structures 

known as continental microplates form. Chapter 4 uses the two-way numerical coupling 

between tectonics and landscape evolution to investigate how a strike-slip boundary responds 

to large sediment loads, and whether this is sufficient to form an entirely new type of flexural 

strike-slip basin. 
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Zusammenfassung 

Plattentektonik beschreibt die Bewegung starrer tektonischer Platten an der Erdoberfläche 

sowie deren komplexe Deformation an drei Arten von Plattengrenzen: 1) divergenten Grenzen 

wie Grabenbrüchen und mittelozeanische Rücken, 2) transversalen Grenzen, an denen Platten 

gegeneinander verschoben werden, wie die San-Andreas-Verwerfung, und 3) konvergenten 

Grenzen, die große Gebirgszüge wie die Anden bilden. Diese schmalen Deformationszonen, 

die Platten begrenzen, weisen meist komplexe Dehnungsmuster auf, die sich im Laufe der Zeit 

entwickeln. Während dieser Entwicklung wird die Verformung der Plattengrenzen durch 

tektonische Kräfte aus dem tiefen Erdinneren und der Lithosphäre, aber auch durch 

Oberflächenprozesse, welche topografische Erhebungen erodieren und die daraus 

resultierenden Sedimente in tiefer gelegenen Gebieten ablagern, angetrieben. Durch das 

Zusammenwirken und die Rückkopplung dieser Faktoren entwickelt sich die Erdoberfläche in 

einer extrem dynamischen Art und Weise. An divergenten Grenzen beispielsweise dünnen 

Zugspannungen die Lithosphäre aus, was zu einer Hebung und anschließenden Erosion der 

Flanken eines Grabenbruchs führt, wobei wiederum Sedimente freigesetzt werden. 

Währenddessen sinkt das Zentrum des Grabens ab und wird zu einer topografischen Senke, in 

der sich Sedimente ablagern. Diese Massenumverteilung vom Fuß zum Hang einer Verwerfung 

spielt eine wichtige Rolle, da er die Aktivität einzelner Verwerfungen verlängert. Durch 

anhaltende Divergenz werden Kontinente schließlich auseinandergerissen, wodurch der 

Erdmantel an die Erdoberfläche gefördert und neue ozeanische Kruste gebildet wird. Aufgrund 

des komplexen Zusammenspiels zwischen tektonischen Kräften aus dem tiefen Erdinneren und 

der Massenumverteilung an der Erdoberfläche ist es von entscheidender Bedeutung, die 

Rückkopplungen zwischen diesen beiden Bereichen zu verstehen.  

In dieser Studie möchte ich Einblicke zu zwei Hauptfragen geben: 1) Wie entwickeln sich 

divergierende Plattengrenzen? 2) Wie wird diese Entwicklung auf einer großen zeitlichen und 

einer kleinen strukturellen Skala durch die Veränderung der Oberfläche durch Erosion und 

Sedimentation beeinflusst? In drei Kapiteln untersuche ich die Entwicklung von divergenten 

und streichenden Plattengrenzen anhand numerischer Modelle. In Kapitel 2 wird die 

Entwicklung von Grabenbrüchen anhand zweidimensionaler Modelle im Detail erforscht. 

Dabei extrahiere ich Verwerfungen aus einer Reihe von Modellen und korreliere sie über die 

Zeit, um zu untersuchen, wie sich Verwerfungsnetzwerke räumlich und zeitlich entwickeln. 

Durch die bidirektionale Kopplung des Geodynamik-Codes ASPECT und des Erdoberflächen-

Codes FastScape untersuche ich, wie diese Verwerfungsnetzwerk und der Grabenbruch im 

Allgemeinen durch die Erosionseffizienz des Systems, welche viele Faktoren wie Lithologie 

oder Klima abbildet, beeinflusst werden. In Kapitel 3 untersuche ich die Entwicklung eines 

Grabenbruchs aus einer dreidimensionalen Perspektive. In diesem Kapitel analysiere ich wie 

sich gegeneinander versetzte Grabenbrüche verbinden und wann sich dabei schnell rotierende 

kontinentale Mikroplatten bilden. In Kapitel 4 nutze ich die entwickelte bidirektionale 

Kopplung zwischen Geodynamik und Erdoberflächenprozessen, um zu verstehen, wie 

transversale Plattengrenzen auf Sedimentlasten reagieren und ob die ausreicht, um einen völlig 

neue Art von Sedimentbecken in dieser Umgebung zu formen. 
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Chapter 1 : Introduction 

 

Earth surface deformation primarily occurs in narrow boundaries between evolving 

lithospheric plates. The movement of plates described in plate tectonics can happen in three 

ways that are responsible for the creation or destruction of plate material: 1) Plate divergence 

forms new plate material (Fig 1.1). When a plate is pulled apart, the lithosphere thins creating 

a rift, a process responsible for splitting apart continents. 2) Strike-slip motion where plates are 

neither destroyed nor created but grind past each other creates large shear forces along 

transform boundaries (e.g., the San Andreas Fault; Powell and Weldon, 1992). 3) Plate 

convergence effectively consumes plates at convergent margins, where plates can subduct into 

the mantle and compress continental crust forming large mountain ranges (e.g., the Himalayas; 

Le Fort, 1975). Through the creation and destruction of plate material, and through shifts in 

plate movement related to the Earth’s convection, the plate boundaries evolve. Studying the 

underlying processes that control widespread plate boundary evolution, and the smaller scale 

mechanisms (e.g., faulting) that facilitate rock deformation is thus vital to understand our 

planet.  

Plate tectonics can explain the first order evolution of our planet’s surface, but it is not the only 

factor that deforms the Earth’s surface. The surface also interacts with the atmosphere, where 

topographic highs are weathered and eroded, creating sediments. These sediments are carried 

to areas of low elevation, where they are deposited forming sedimentary basins (Allen and 

Allen, 2013). This landscape evolution caused by surface processes redistributes loading at the 

surface and is an important factor in the mechanisms and structures along all types of plate 

boundaries. For example, at subduction zones deposited sediment can help lubricate the 

subducting plate, possibly increasing the subduction rate (Lamb and Davis, 2003; Sobolev and 

Brown, 2019). At strike-slip boundaries, sedimentation can force plate flexure along the 

weakened boundary and form flexural strike-slip basins (Mahattanachai et al., 2021). Along 

rift zones, rift flanks are eroded as they are uplifted and the resulting sediments are deposited 

within the central graben, promoting fault activity (e.g., Andrés-Martínez et al., 2019). Thus, 

it is important to not only understand the large-scale evolution of the Earth’s surface through 

interaction between its interior and the stronger lithosphere, but also through changes to the 

Earth’s surface from erosion and deposition, where regional differences in the climate and rock 

lithology affect the efficiency of surface processes and determine how quickly the surface 

moves up or down.  

Earth surface evolution occurs over timescales of millions of years; thus, it is not possible to 

directly witness how the surface changes through time. Using observational data from sources 

such as seismic data along rifted margins (Lymer et al., 2019), seafloor spreading related 

magnetic anomalies (Purucker and Dyment, 2000), and field outcrop observations, we can get 

snapshots of different evolutionary stages from the rock record. However, this record can have 

significant gaps, requiring interpretations. Numerical modeling software provides a tool to fill 

these gaps by accounting for physical laws (e.g., conservation of mass and momentum) and by 

incorporating rheological constraints (e.g., Mohr-Coulomb or Drucker-Prager failure). 

Utilizing the framework provided by observational data and information about how rocks 

deform under certain pressure-temperature conditions, we can set up tectonic models that 
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evolve according to a set of rules that mimic the Earth (e.g., codes like ASPECT, Kronbichler 

et al., 2012; Heister et al., 2017; pTatin3D, May et al., 2014, 2015; LaMEM, Kaus et al., 2016; 

Underworld, Mansour et al., 2020). This provides a dynamic way to see how an Earth-like 

system evolves through time and under what conditions specific real-world features form. 

Using such numerical models, we can test the viability of geological interpretations made to 

explain observational data.  

Numerical models help to validate interpretations made from observations, and said 

observations are required to test the predictive value of the model in replicating Earth-like 

deformation and features. For the first-order evolution of the Earth’s surface through mantle 

convection and plate tectonics, it is important to compare modelled geological features to those 

seen along plate boundaries, such as fault activity patterns seen in active rifts like the East 

African Rift System (Corti, 2012; Glerum et al., 2020) or deformation patterns along passive 

margins that describe the history of rift deformation from initiation to continental breakup 

(Chenin et al., 2021). However, without erosion and deposition tectonic models often produce 

unrealistic topographies. Thus, including processes that shape the Earth’s surface in models 

through the use of a landscape evolution code (e.g., FastScape, Braun and Willett, 2013; 

Badlands, Salles, 2016) becomes important. The inclusion of surface processes helps us 

produce more realistic topographies and allows us to compare sedimentary basins formed 

within our models to those in nature. 

In this thesis I link mantle-lithosphere interactions with surface processes to explore how 

divergent and strike-slip plate boundaries subjected to erosion and deposition evolve through 

time. I achieve this by implementing a new two-way coupling between two codes: 1) the 

Figure 1.1 Overview figure showing selected divergent plate boundaries (red) and their associated rifted margins 

(purple), and strike-slip boundaries (yellow). Regions specific to the chapters are shown in black boxes or with black 

lines for 2D studies. The background image was created with GeoMapApp (Ryan et al., 2009). 
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tectonic code ASPECT that describes the mechanics and evolution of the mantle and 

lithosphere, and 2) the landscape evolution code FastScape that describes changes to the 

Earth’s surface through the erosion and deposition of surface material. This thesis investigates 

the evolution of rift fault-systems in response to varying levels of surface process efficiency 

(Chapter 2), the large-scale interaction between offset rift segments and the geologic features 

they form (e.g., microplates; Chapter 3), and the formation of a new type of flexural strike-slip 

basin from sedimentation along a strike-slip fault (Chapter 4). The predictive value of the 

models is showcased through comparisons to geological observations such as crustal thickness 

and fault-structure related structural domains seen in seismic data along rifted margins (Lavier 

and Manatschal, 2006; Peron-Pinvidic et al., 2013), remnant continental microplates found 

along passive margins (e.g., the Flemish Cap, Welford et al., 2012), and a likely flexural strike-

slip basin that formed in the Andaman Sea along an active strike-slip fault (Mahattanachai et 

al., 2021). 

 

1.1 Rifts and rifted continental margins 

In the early stages of divergent boundaries, continents are broken apart through the process of 

continental rifting (Dunbar and Sawyer, 1988). Rifting occurs as far-field stresses (McKenzie, 

1978) or local buoyancy forces (e.g., Stamps et al., 2010) extend a lithospheric plate. A major 

mechanism during rifting is lithospheric necking, where deformation is focused in a small 

region of the lithosphere (Buck, 2015). As the region is stretched through a combination of 

ductile and brittle deformation, the lithosphere thins accommodating the upwelling warm 

asthenosphere and simultaneously forming large topographic lows at the surface. Eventually, 

the asthenosphere is exhumed at the surface signifying continental breakup and the start of 

seafloor spreading, wherein oceanic crust forms through decompression melting (Fig. 1.2a). 

Using two-dimensional numerical models, we can examine rifting from initiation to continental 

breakup in detail. Many studies have investigated rift mechanics and found that rifts progress 

through different phases of deformation (Naliboff et al., 2017; Chenin et al., 2021) that produce 

distinct structural domains based on their crustal thicknesses (Fig 1.2b; Lavier and Manatschal, 

2006; Peron-Pinvidic et al., 2013). These domains can be seen in seismic images of rifted 

margins around the globe. Additionally, numerical models that include sedimentation and its 

effect on the small-scale faults that dismember the crust as it thins demonstrate that sediment 

loading affects faults, when uplifted rift flanks are eroded and sediment is deposited into the 

central graben (Andrés-Martínez et al., 2019; Theunissen and Huismans, 2019). However, 

these studies evaluate fault growth qualitatively and thus may miss small quantitative changes 

of fault systems through time. In Chapter 2 I quantitatively investigate how fault networks in 

a rift system evolve during different deformation phases and how these phases respond to 

varying levels of surface process efficiency. Moreover, I take a detailed look into the mechanics 

responsible for rift migration and the formation of asymmetric margins (Fig 1.1). 

Two-dimensional modelling can explore the mechanisms of rifting in detail, however, as 

Earth’s rifts exhibit along-strike heterogeneity, it is important to model how rifts evolve in 

three dimensions. Due to crustal and lithospheric heterogeneity (e.g., mantle scarring, Heron 

et al., 2019), rifts responding to the same forces may form at offsets of hundreds of kilometers. 
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Continental margins give us glimpses on how such rifts connected in the past, but they cannot 

demonstrate why these rifts connected as they did. Numerical and analog models of 3D rift 

systems have been used to research how offset rifts in either crustal (Allken et al., 2011, 2012; 

Zwaan et al., 2016) or lithospheric scale models link (Tentler and Acocella, 2010; Le Pourhiet 

et al., 2017). They showed that depending on e.g., the strike-perpendicular offset, and in the 

case of analog models, the strike-parallel offset, rifts can link through oblique or strike-slip rift 

segments. In some cases, the offset rifts even overlap and rotate the central region between 

them. Such rotated structures are seen in oceanic (e.g., Easter Microplate, Naar and Hey, 1991) 

and continental (Victoria microplate, Glerum et al., 2020) crust and are referred to as 

microplates. While we see modern examples of these microplates, the conditions for their 

formation in continental crust are not well understood. In Chapter 3 I therefore explore how 

offset rift segments link given different 3D geometric and crustal configurations, and under 

what conditions continental microplates form. 

 

Figure 1.2 Examples of rift evolution. a) Schematic of symmetric rift evolution with sediment infill, showing the initial 

thinning of the lithosphere at time 1 until continental breakup and the formation of oceanic crust at time 3 (modified 

from Allen and Allen, 2013). b) Schematic of a rifted margin following a rifting event, divided into different structural 

domains. (modified from Chenin et al., 2021). 
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1.2 Strike-slip boundaries 

Strike-slip boundaries describe regions like the San Andreas fault, where two plates grind past 

each other (Powell and Weldon, 1992). Like the divergent plate boundaries before, transform 

boundaries are not linked in straight lines, but are instead made up of multiple offset segments 

that accommodate shear forces between the plates. Depending on the segment orientation, the 

region between these segments is either compressed (restraining bend; McClay and Bonora, 

2001) or extended (releasing bend; Mann et al., 1983), forming two major strike-slip features: 

flower structures and pull-apart basins. Pull apart basins are the only major basin type 

associated with transform boundaries and form at releasing bends where the region between 

offset segments is extended.  

Sedimentary basins form through the creation of accommodation space where sediment 

accumulates. Pull-apart basins may be the only well-characterized major basin type along 

strike-slip boundaries, however, at other boundaries multiple types of basins form and these 

can be categorized based on how accommodation space is created: through 1) lithospheric 

thinning and cooling, or through 2) lithospheric flexure (Allen and Allen, 2013). Pull-apart 

basins belong to the former category, where extension forces thin the lithosphere leading to 

subsidence in the region. The latter category contains foreland basins where large tectonic loads 

flex the lithosphere downward creating accommodation space. However, strike-slip boundaries 

are known to be highly weakened boundaries (Zoback et al., 1987; Provost and Houston, 2003), 

which in some cases form  in areas where stretching and subsidence have led to high 

sedimentation. Because of these factors, the question arises: How do weak strike-slip 

boundaries respond to large sediment loads? In Chapter 4 I set up a submerged strike-slip 

model analogous to the Andaman Basin Central Fault in the Andaman Sea (Fig 1.1; 

Mahattanachai et al., 2021) and explore strike-slip fault mechanics when subjected to varying 

amounts of sediment.  
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Chapter 2 : Evolution of rift systems and their fault 

networks in response to surface processes  

 

An updated manuscript version of this study was published in:  

Neuharth, D., Brune, S., Wrona, T., Glerum, A., Braun, J., & Yuan, X. (2022). Evolution of rift systems and 

their fault networks in response to surface processes. Tectonics, 41, 

e2021TC007166. https://doi.org/10.1029/2021TC007166 

© 2022 The Authors. 

 

Supplementary animations can be found at: https://doi.org/10.1029/2021TC007166 

Abstract 

Continental rifting is responsible for the generation of major sedimentary basins, both during 

rift inception and during the formation of rifted continental margins. Geophysical and field 

studies revealed that rifts feature complex networks of normal faults but the factors controlling 

fault network properties and their evolution are still matter of debate. Here, we employ high-

resolution 2D geodynamic models (ASPECT) including two-way coupling to a surface 

processes code (FastScape) to conduct 12 models of major rift types that are exposed to various 

degrees of erosion and sedimentation. We further present a novel quantitative fault analysis 

toolbox (Fatbox), which allows us to isolate fault growth patterns, the number of faults, and 

their length and displacement throughout rift history. Our analysis reveals that rift fault 

networks may evolve through five major phases: 1) distributed deformation and coalescence, 

2) fault system growth, 3) fault system decline and basinward localization, 4) rift migration, 

and 5) breakup. These phases can be correlated to distinct rifted margin domains. Models of 

asymmetric rifting suggest rift migration is facilitated through both ductile and brittle 

deformation within a weak exhumation channel that rotates subhorizontally and remains active 

at low angles. In sedimentation-starved settings, this channel satisfies the conditions for 

serpentinization. We find that surface processes are not only able to enhance strain localization 

and to increase fault longevity but that they also reduce the total length of the fault system, 

prolong rift phases and delay continental breakup. 

 

2.1 Introduction 

Rift-related thinning of the crust generates major depressions that are often filled with 

sediments. These sedimentary basins may provide a range of georesources such as 

geothermally exploitable hot aquifers (Jolie et al., 2021), ore deposits (Wilkinson, 2014), or 

perhaps even natural hydrogen (Lefeuvre et al., 2021). Our understanding of the processes that 

shape rifts, rifted margins, and their sedimentary basins is however inhibited among others by 

three challenges: (1) the cross-scale nature of deformation processes, (2) the interaction 

between faults and surface processes, (3) the interplay between complex mechanisms that 

facilitate rift migration. In the next paragraphs we describe these challenges by summarizing 

the current knowledge and its limits. 

Rifting is an inherently cross-scale process. Normal faults that accommodate most of the 

extension in many rifts worldwide feature a width ranging from several centimeters to tens of 

meters (Scholz, 2019). Spacing in-between major normal faults can vary from 1 km (Muirhead 

et al., 2016) up to a few tens of kilometers (Whitmarsh et al., 2001). The extending lithosphere, 

https://doi.org/10.1029/2021TC007166
https://doi.org/10.1029/2021TC007166
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however, is typically hundreds of kilometers thick. Bridging these scales by means of 

geodynamic modelling tools remains a major challenge, even if fault localization processes are 

parameterized and if additional processes like melt generation and diking are neglected. Recent 

advances in computational techniques allowed for a steadily growing resolution of numerical 

rift models that lead to insights on rift migration processes (Brune et al., 2014), deformation 

phases (Naliboff et al., 2017), and fault-related unconformities (Pérez-Gussinyé et al., 2020). 

But deducing the evolution of variables that describe the kinematics of discrete faults like 

instantaneous slip rate, cumulative displacement or the number of active faults has remained 

very difficult in lithospheric-scale models so far.  

One of the key factors shaping rift and rifted margin architectures are surface processes (e.g. 

Gawthorpe and Leeder, 2000; Clerc et al., 2018). Topographic erosion and sediment deposition 

modify Earth’s surface through time, changing upper crustal temperatures and affecting crustal 

pressure conditions through sediment loads (e.g., Olive et al., 2014). The change in loading is 

an important factor for the evolution of individual faults, where mass redistribution from the 

uplifted and eroding footwall to the subsiding depositional hanging wall aids strain localization 

(Maniatis et al., 2009) and prolongs fault activity (Andrés-Martínez et al., 2019; Theunissen 

and Huismans, 2019; Beucher and Huismans, 2020). Similarly, sedimentation promotes rift 

migration by enhancing hyperextension of the crust and possibly delays continental breakup 

(Buiter, 2021). Previous studies have used 2D numerical models to investigate the interplay 

between surface processes and rift evolution (Andrés-Martínez et al., 2019; Theunissen and 

Huismans, 2019; Beucher and Huismans, 2020; Pérez-Gussinyé et al., 2020). These studies 

take a qualitative look at changes to rift system evolution, but do not quantitatively analyze 

variations in fault properties over time. Three-dimensional analog models suggest that surface 

processes do not have a large effect on overall rift evolution, but do affect the internal structure 

of rifts and produce more realistic rift geometries (Zwaan et al., 2018). These points highlight 

the importance of a quantitative fault analysis to understand the geometry and kinematics of 

fault networks, and how they evolve for varying degrees of surface process efficiency.  

Previous numerical studies have shown a striking similarity in rift evolution when modeling 

rift migration, crustal hyper-extension and the formation of asymmetric rifted margins (Brune 

et al., 2014; Jammes and Lavier, 2016; Tetreault and Buiter, 2018; Pérez-Gussinyé et al., 2020). 

Comparing these models to concepts based on geophysical data, however, has led to 

discrepancies resulting in ongoing discussions on the mechanisms responsible (Lymer et al., 

2019). The debate focusses on two issues: 1) Are key normal faults active at the same time 

(Sibuet, 1992; McDermott and Reston, 2015), or is faulting sequential such that a given fault 

will become extinct before a new one forms (Goldsworthy and Jackson, 2001; Ranero and 

Pérez-Gussinyé, 2010)? 2) Do basal detachment faults exist and slip at low angles (Reston and 

Pérez-Gussinyé, 2007; Lymer et al., 2019), or did they form as steeply dipping normal faults 

that were rotated passively similar to a rolling hinge (Buck, 1988; Choi et al., 2013)? It has 

been suggested that for slip to occur at low-angles weak rocks like serpentine are needed 

(Pérez-Gussinyé et al., 2001). Serpentinization of exhumed mantle rocks occurs in the presence 

of large amounts of seawater, requiring active faults within a thin portion of an entirely brittle 

crust (<10 km; Reston and Pérez-Gussinyé, 2007; Reston, 2010; Bayrakci et al., 2016; 

Muldashev et al., 2021). Assessing these factors requires both high-resolution models to 

determine the mechanisms that influence rift migration, and a way to quantitatively evaluate 

slip and activity time along discrete faults.  



 

8 

 

In this study we address three primary questions: 1) How do fault networks evolve in different 

rifts and rifted margins? 2) How are fault systems affected by surface processes? 3) How do 

detachment faults and fault sequentiality evolve during rift migration? We first describe the 

setup of our geodynamic model that pairs the tectonic code ASPECT with the landscape 

evolution code FastScape. We then introduce a new toolbox to extract discrete faults from our 

model results, track them through time and compute key fault properties such as the number of 

faults, slip, displacement, and fault length. We focus on three distinct rift settings to describe 

the joint evolution of fault networks and sedimentation patterns. Finally, we highlight new 

insights into fault sequentiality, deformation processes and serpentinization at rifted margins. 

 

2.2 Methods 

We use a two-way coupling between the geodynamic code ASPECT (Advanced Solver for 

Problems in Earth’s ConvecTion; version 2.3.0-pre, commit e27f643; Kronbichler et al., 2012; 

Heister et al., 2017; Rose et al., 2017; Glerum et al., 2018; Gassmöller et al., 2018) and the 

landscape evolution model FastScape (version fastscapelib-fortran, commit 18f2588; Braun 

and Willett, 2013; Yuan et al., 2019a, 2019b) to simulate a 2D extensional system with erosion 

and sediment deposition. 

 

2.2.1 Geodynamic model 

The geodynamic code ASPECT assumes an extended Boussinesq approximation with an 

infinite Prandtl number (i.e., no inertial term) and solves the following conservation equations, 

−𝛻 · (2𝜂𝜀̇ ) +  𝛻𝑃 = ⍴𝒈 ,                           (2.1) 

𝛻 ·  𝒖 =  0 ,                           (2.2) 

𝜌̅𝐶𝑝  (
𝜕𝑇

𝜕𝑡
+  𝒖 ·  𝛻𝑇 ) −  𝛻 · 𝑘𝛻𝑇 = 𝜌̅𝐻                                          (2.3) 

    + (2𝜂𝜀̇ ): 𝜀̇  

 + 𝛼𝑇 (𝒖 ·  𝛻𝑃) , 

                                                           
𝜕𝑐𝑖

𝜕𝑡
+ 𝒖 ·  𝛻𝑐𝑖  =  𝑞𝑖 ,                           (2.4) 

where (2.1) is the conservation of momentum, with the effective viscosity 𝜂, the deviator of 

the strain rate tensor 𝜀̇  (defined as 
1

2
(𝛻𝒖 + (𝛻𝒖)𝑇)), the velocity 𝒖, the pressure 𝑃, the density 

⍴, and 𝒈 the gravity. Equation (2.2) describes the conservation of mass. Equation (2.3) is the 

conservation of energy, where 𝜌̅ is the reference adiabatic density, 𝐶𝑝 the specific heat capacity, 

T the temperature, k the thermal conductivity, 𝐻 the radiogenic heating, and 𝛼 the thermal 

expansivity. As right-hand-side heating terms, we include radioactive heating, frictional 

heating, and adiabatic heating from top to bottom, respectively. Finally, we solve the advection 

equation (2.4) for each compositional field 𝑐𝑖 (e.g., upper crust, sediment age, and accumulated 

plastic strain), with reaction rate 𝑞𝑖 nonzero for the plastic strain and viscous strain fields. 
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2.2.1.1 Rheology equations 

The model uses a viscoplastic rheology (Glerum et al., 2018) that includes both plastic and 

viscous weakening. To simulate plastic weakening, the angle of friction is weakened by 75% 

from an initial value of 26.56° to 6.64° (corresponding to friction coefficients of 0.5 and 0.X, 

respectively) as plastic strain accumulates over the interval from 0 to 1. The viscous portion of 

the model is an averaged composite of diffusion and dislocation creep following Karato and 

Wu (1993; see parameter values in Table A.1). Viscous weakening reduces the creep prefactors 

by 75% over an accumulated viscous strain interval of 0 to 1. 

 

2.2.2 Landscape evolution model 

FastScape changes the model surface accounting for the stream-power law (SPL) fluvial 

erosion, hillslope or marine diffusion, lateral advection, and vertical uplift (Braun and Willett, 

2013; Yuan et al., 2019a, 2019b). These processes are described by, 

   
𝑑ℎ

𝑑𝑡
=  𝑼                                             𝑓𝑜𝑟 ℎ ≥  ℎ𝑠𝑒𝑎  (2.5) 

  − 𝐾𝑓𝐴
𝑚𝑆𝑛 

  +
𝐺

𝐴
∫ (𝑼 −

𝑑ℎ

𝑑𝑡
)𝑑𝐴 

𝐴
 

  + 𝐾𝑐𝛻
2ℎ 

+ 𝒗 · 𝛻ℎ , 

                                                                            
𝑑ℎ

𝑑𝑡
= 𝐾𝑚𝛻

2ℎ + 𝑄𝑠 + 𝒗 · 𝛻ℎ , 𝑓𝑜𝑟 ℎ <  ℎ𝑠𝑒𝑎     (2.6)                                      

where h is the topographic elevation, 𝑼 the uplift rate, 𝐾𝑓 the bedrock erodibility, A the drainage 

area, S the slope, m the drainage area exponent, n the slope exponent, G the deposition 

coefficient,  𝐾𝑐 the continental diffusion coefficient, 𝐯 the lateral velocity, 𝐾𝑚 the marine 

diffusion coefficient, and 𝑄𝑠 the total continental sediment flux. Equation (2.5) represents 

processes in the continental domain and from top to bottom including the uplift rate, SPL 

fluvial erosion, sediment deposition, hillslope diffusion, and lateral advection. Equation (2.6) 

represents marine processes. In the following, we use m = 0.4, n = 1, and G = 1 following 

previous studies (Yuan et al., 2019a, 2019b; Guerit et al., 2019). 

 

2.2.3 ASPECT-FastScape coupling  

The two-way coupling between ASPECT and FastScape is implemented through a back-and-

forth transfer of surface velocities and surface topography (see supplement, Neuharth et al., 

2021). During the first timestep, ASPECT initializes and runs FastScape using the initial model 

surface topography and velocities from the zeroth timestep. In 2D (X-Z) ASPECT models, 

velocities and topographies are duplicated along the Y-direction to provide a horizontal X-Y 

grid of values for FastScape. FastScape uses the ASPECT values to advect/uplift the surface 

and further alters the surface using equations (2.5) and (2.6). After FastScape has run, the new 

surface is compared to the previous surface from the start of the timestep and converted to a 

vertical (Z) mesh velocity updating the ASPECT surface at each nodal point, 
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𝑽𝒛(𝒙,𝒚) = 
ℎ𝑓(𝑥,𝑦)− ℎ𝑝(𝑥,𝑦)

𝑑𝑡𝑎
,                              (2.7) 

where 𝑽𝒛 is the vertical mesh velocity, ℎ𝑓  the nodal height of the current surface, ℎ𝑝 the height 

of the previous surface, and 𝑑𝑡𝑎 the ASPECT timestep. 

Because FastScape represents a 2D surface in X and Y and the ASPECT model is a 2D slice 

in X and Z, vertical mesh velocities computed from the FastScape are averaged along Y. 

ASPECT then computes the internal changes of the mesh by solving the Laplace equation 

constrained by the surface mesh velocities (Rose et al., 2017). ASPECT subsequently responds 

to the topography changes during the solving of Eqs. (2.1-2.4) and the process repeats in the 

next timestep. However, in subsequent timesteps only the surface velocities are sent to 

FastScape, while FastScape retains its own copy of the surface topography. This is done to 

avoid resolution loss in the topography.  

In 2D models, FastScape is geometrically initialized with an extent in the Y-direction that is 

chosen by the user (here 100 km), and an X-length that is the ASPECT length plus two 

additional FastScape nodes on either side. These additional nodes represent FastScape “ghost 

nodes” that exist outside the ASPECT model domain, and thus the values are not considered 

when interpolating the surface back to ASPECT. The ghost nodes are primarily used to avoid 

boundary artifacts in FastScape (i.e., no uplift from advected topography) from appearing in 

ASPECT. To avoid issues that may arise from artificial boundary slopes, the ghost nodes are 

updated each timestep to be identical to the nearest ASPECT boundary node. 

 

2.2.4 Fault extraction and analysis 

To perform a comprehensive fault analysis, we extract fault networks from our model results 

using tools from the field of computer vision (https://github.com/thilowrona/fatbox). This 

process describes fault systems as 2D networks (or graphs, i.e., structures consisting of nodes 

and edges), where faults are sets of connected nodes. The fault extraction workflow consists of 

five main steps: 1) Thresholding: We separate shear zones from the background of our model 

using a plastic strain threshold of 10% of the maximum non-initial plastic strain, or anything 

above 1 (fully weakened). This value assures the extraction of all major shear zones from our 

models. 2) Skeletonization: We collapse these shear zones to one-pixel wide lines that represent 

discrete faults using skeletonization (Guo and Hall, 1992). 3) Connecting components: we label 

adjacent pixels as connected components (Wu et al., 2009). 4)  Graph building: We build our 

graph from these components using pixels as nodes and connections as edges. 5) Junction 

splitting: We split up triple junctions to identify individual fault and remove any faults less 

than 1.5 km in length. 

Once fault networks are extracted from each timestep, we correlate them across timesteps to 

track their temporal evolution throughout the simulation. This correlation relates faults through 

time based on their geometric similarity, allowing for faults to initiate, merge, split and die. 

Once correlated, we can track fault and fault system properties through time. For our analysis, 

we focus on the number of faults, fault lengths (sum of edges) and fault displacements. Fault 

displacement is computed as the cumulative sum of an individual fault’s slip from all previous 

timesteps, and the fault slip is computed from the velocity difference between hanging wall 
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and footwall across the fault. Because of this, displacement held on a fault is sensitive to how 

long a fault is active for. 

 

2.2.5 Model setup 

To investigate fault system evolution in response to erosion and sedimentation during 

asymmetric, symmetric, and wide rifting, we set up a rectangular 2D tectonic ASPECT model 

with dimensions 450x200 km (X and Z) initialized with 4 rheologic layers (Fig. 2.1): a wet 

quartzite upper crust (20 km thick; Rutter and Brodie, 2004), wet anorthite lower crust (15 km 

thick; Rybacki et al., 2006), and dry olivine mantle lithosphere extending to the Lithosphere-

Asthenosphere Boundary (LAB) that is set to a value typical of a non-orogenic or cratonic 

intracontinental setting (120 km; Artemieva, 2006; Pasyanos et al., 2014). Beneath the LAB, 

asthenospheric material is composed of wet olivine (Hirth and Kohlstedt, 2003). To initiate 

continental rifting in the model center, we thicken the warmer upper crust to 25 km (leading to 

a total crustal thickness of 40 km) and thin the mantle lithosphere so that the LAB still occurs 

at 120 km. In addition, we distribute randomized initial plastic strain within the model domain 

mimicking small-scale inheritance. In all models, the value of the compositional fields is 

prescribed along the top and bottom boundaries. Any increases in surface topography from 

FastScape due to sediment deposition and not tectonics will thus be considered as sediment 

accumulation.  

The model initial temperature is prescribed using a steady-state geotherm from the surface to 

the LAB at 120 km. Below the LAB, temperature is determined by a mantle adiabat. 

Temperature boundary conditions fix the top boundary at 0° C, the bottom temperature is 

prescribed according to the initial mantle adiabat, and the left and right boundary are prescribed 

with a zero heat-flux. 

The left and right boundaries are extended at a rate of 5 mm/yr, giving a total extension rate of 

10 mm/yr, which amounts to 300 km of total extension over 30 Myr. Outflow at these 

boundaries is compensated by inflow along the bottom boundary (~4.4 mm/yr) to conserve 

volume. The top boundary is deformed using FastScape. 

On timestep 1 FastScape is initialized as a 2D surface that matches the initial ASPECT surface 

(including initial topography) where the user-defined ASPECT Z-extent is an elevation of zero 

in FastScape. To simulate erosion and deposition, we utilize the marine and land components 

of FastScape and assume a sea-level 500 m below the initial ASPECT height. Above sea-level, 

we use a diffusion coefficienct of 5⋅10-3 m2/yr for bedrock and sediment (Martin, 2000; 

Densmore et al., 2007; Armitage et al., 2013). Since the bedrock erodibility represents multiple 

factors such as precipitation, lithology, and vegetation (Whipple and Tucker, 1999) and can 

vary over multiple orders of magnitude in nature (10-7 to 10-2 m0.2/yr; Stock and Montgomery, 

1999), we vary 𝐾𝑓 between 10-6 and 10-4 m0.2/yr to represent low to high surface process 

efficiency (Wolf et al., 2021). Below sea-level, we use a diffusion coefficient consistent with 

marine settings (200 m2/yr; Rouby et al., 2013). Additionally, in the marine environment we 

assume there is some pelagic/hemipelagic sedimentation and add a uniform time-dependent 

topography increase to regions below sea-level accordingly (Table A.2). 

The model mesh resolution ranges from a minimum 10 km to a maximum of 156 m in the 

sediment composition. Areas without sediment can reach a maximum resolution of 312 m, 
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which occurs in any cell that contains particles. Passive particles are initially uniformly 

distributed within a 100 km wide box in the upper 55 km of the model around the center 

(Gassmöller et al., 2018). The mesh is updated every 5 timesteps, and as the particles are 

advected with the material velocity the faulted areas remain highly refined. The FastScape 

mesh has a uniform resolution of 312 m. 

Our models provide a detailed look at fault and landscape evolution in 2D rift systems, 

however, multiple limitations exist. While extensional slip along our faults accounts for most 

of the expected extension in the model (according to the fault analysis results; Fig. A.1), we do 

not include faults smaller than 1.5 km in the analysis and thus neglect smaller fault dynamics, 

especially in late breakup stages where the brittle envelope may be thinner than 1.5 km. 

Additionally, since our tectonic model is 2D, we do not consider how fault system evolution is 

Figure 2.1 Reference asymmetric rift model setup at 0 Myr. a) Topography of the surface process model (FastScape) 

is shown on top colored by elevation. Below is the 2D tectonic model ASPECT colored by material layers. White lines 

indicate temperature contours. Red lines show strength profile locations for the outer (P0) and central (P1) portions 

of the models that have different layer thicknesses. Right side shows the model mesh refinement. b) Yield strength 

profiles P0 and P1 indicated in A, showing the integrated strength (black) and temperature (red). c) Graph showing 

the plastic weakening interval. 
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impacted along-strike by variability in loading related to erosion, deposition and inheritance 

(e.g., Heron et al., 2019; Naliboff et al., 2020). Also, we assume our models represent passive 

margins without magmatic activity, as such we do not account for the inclusion of melt possibly 

altering rift dynamics (e.g., Bahadori and Holt, 2019).  

 

2.3 Results 

We present the general and fault system evolution of three different model setups that result in 

endmembers for rifted margin formation: narrow rifting leading to (1) asymmetric and (2) 

symmetric margin configurations and (3) rifting where deformation occurs over a wide region 

resulting in a large zone of thinned continental crust. Our reference model of an asymmetric 

narrow rift has been described in the previous section. To achieve a symmetric narrow rift, we 

reduce the frictional angle weakening from the 75% used in the reference model to 50% 

(Huismans and Beaumont, 2003). Wide rifts generally occur in regions with thick crust and 

high heat flow (Buck et al., 1999), as such we again use a frictional angle weakening of 50% 

and increase the radiogenic heating of the upper crust from 1.0·10-5 to 1.5·10-5 W/m3 and 

change the crustal thicknesses to 35 km upper crust and 5 km lower crust in the middle of the 

model domain, and to 25 km of upper crust and 10 km lower crust elsewhere. All other 

parameters remain identical between the three model sets. 

 

2.3.1 Asymmetric rift systems 

In this section we discuss the reference asymmetric model (bedrock erodibility, Kf = 10-5 

m0.2/yr) and compare it to additional models where we have no Surface Processes (SP) or vary 

the Kf value.  

We find from a quantitative analysis of the evolution of the number and cumulative length and 

displacement of active faults in the system, that regardless of the SP efficiency the system can 

be divided into five distinct phases: 1) distributed deformation and coalescence, 2) fault system 

growth, 3) fault system decline and basinward localization, 4) rift migration, and 5) continental 

breakup. 

 

2.3.1.1 Asymmetric reference model evolution 

Initially, many small faults accumulate small amounts of strain within the model center. By 0.4 

Myr (Fig 2.2a; Video A.1), these faults have coalesced into two major normal faults that 

connect at ~45 km depth in the mantle lithosphere (Huismans and Beaumont, 2003; Albaric et 

al., 2009). These major faults accumulate displacement, forming rift flanks as the central block 

sinks. This sinking causes the major faults to define the land and sea boundary, and the region 

between them becomes a sediment trap. As the uplifted rift flanks erode, a seaward thinning 
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basin forms between the border faults (Pérez-Gussinyé et al., 2020). At ~3 Myr, the left-dipping 

border fault links to the viscously deforming mantle lithosphere through a secondary left-

dipping fault in the lower crust of the central block. The linkage of these faults generates a 

concave downward left-dipping detachment fault (Fig. 2.2b; Lavier and Manatschal, 2006). 

Necking uplifts and rotates the detachment fault to lower angles and provides a weak base for 

new faults to form and dismember the central block (Huismans and Beaumont, 2003). 

Subsequently, the initial basin is split and separated by exposed upper crust (Fig. 2.2c). By ~7 

Myr, the two major border faults become inactive as the detachment fault connects to the 

younger, smaller faults forming in the center of the model, creating an asymmetric rift. 

Figure 2.2 Evolution of the reference asymmetric rift model (Videos A.1 and A.2) depicting the formation of surface 

faults within a thinning brittle layer, and underlying detachment faults related to an exhumation channel. (a-e) The 

FastScape model (3x vertical exaggeration) is shown on top. The ASPECT model is shown on the bottom showing the 

strain rate (transparent to purple), plastic strain (transparent to black), isotherms, and sediment deposition time 

(shown in 5 Myr intervals). White contours indicate temperature between 200 and 800 C. *Strain rate scale is reduced 

in A to highlight distributed deformation. (f-i) Close up views to highlight specific basin and fault features, with black 

contours indicating sediment age at 1 Myr intervals. 
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At ~7 Myr, the rift system migrates to the left (Brune et al., 2014). Large faults that connect 

from the surface to the detachment fault dissect and rotate the crust to the right of the rift, 

creating additional basins between the blocks (Fig. 2.2f). At ~11 Myr, there is a rightward shift 

in the rift as the initial detachment fault becomes inactive, and a second detachment fault forms 

and connects to the initial left border fault that resumes activity. To the right of the rift, the 

crust is thin by 12 Myr (~4 km) and faulting primarily occurs within the sedimentary infill (Fig. 

2.2c). As the rift migrates, conjugate faults form in succession, with fault-bounded left-

younging basins being deposited adjacent to the left half of the initial rift basin (Fig. 2.2g). 

Around this time, rotation of an upper crustal block leads to emergence of basement above sea-

level creating an ephemeral island (Chenin et al., 2019). As migration continues, the older 

inactive fault-bounded basins are overlain by sediment marking multiple rift migration 

unconformities (Fig. 2.2h; Pérez-Gussinyé et al., 2020). Eventually, slip on the initial left 

border fault that bounded the initial rift basin increases, tilting the sedimentary layers and 

causes deposition of new sediment on top of the old rift basin (Fig 2.2i). Because of this tilting, 

the oldest sediment is exposed near the migrating rift, and parts of the initial rift basin are 

translated to the right side of the rift. At ~23 Myr, there is an ~10 km rightward shift in 

deformation as migration ceases and seafloor spreading begins (Fig. 2.2d), this shift in 

deformation causes fault-block emersion of the marine shelf. Subsequently, there is a short 

phase of stability (~23-25 Myr) before asymmetric sea floor spreading initiates and migrates 

to the right.  

 

Figure 2.3 Active fault network evolution of the asymmetric rift reference model showing the five fault system 

deformation phases that relate to structural domains. (a-d) Graphs depict the change in cumulative active fault 

properties and fault location through time. Blue indicates right dipping faults and red left dipping faults. The 

background is colored by the deformation phases. (e-i) Snapshots of the ASPECT model during different phases. The 

extracted fault network is overlain on the model in black (inactive fault), blue (active right dipping fault), and red 

(active left dipping fault). 
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2.3.1.2 Asymmetric fault system evolution  

We use our fault extraction toolbox (Fatbox) to examine the quantitative evolution of the rift’s 

fault network in terms of the number, cumulative length, and displacement held on active faults 

in the system. Using the plastic strain, we can track the entire fault system, however of 

particular interest are the active faults. To this end, we consider any fault with a maximum slip 

rate >0.1 mm/yr as active, a value on the lower end of fault slips seen in the Great Basin (0.06 

to 3 mm/yr; Depolo and Anderson, 2000). If the slip along an individual fault falls below this 

value, it no longer contributes to the cumulative total in length and displacement. Using this 

value, the active faults account for 97.8% of the total slip held on the tracked faults (Fig. A.2), 

illustrating the robustness of our approach. 

The active faults in the system suggest that the model evolves according to five separate phases 

(Fig. 2.3, Video A.2):  

Phase 1: Distributed deformation and coalescence (~0-1 Myr). During this phase many small 

faults form and compete. The phase has a large total fault system length and number of faults 

that quickly declines as deformation localizes on a few major faults.  

Phase 2: Fault system growth (~1-7 Myr). The faults formed during phase 1 coalesce into two 

major border faults, marked by a reduction in the fault number and length. As extension 

continues, new, smaller faults form between the initial ones leading to a growth in the number, 

length, and displacement of the active faults. Over time slip on the inner faults increases relative 

to that on the border faults, until eventually the border faults become largely inactive as 

deformation localizes basinward. 

Phase 3: Fault system decline and basinward localization (~7-11 Myr). We distinguish the 

start of phase 3 by one of the border faults becoming inactive. As the outer faults, particularly 

those opposite the direction of rift migration, become inactive, the fault system shows a 

decrease in the number, length, and displacement held on the active faults. Since the brittle 

layer thins, new faults are shorter than previous ones. Also, because older faults become 

inactive at this time there is a net loss in the total displacement held on the active faults. 

Phase 4: Rift migration (~11-24 Myr). During rift migration, faults are shorter lived compared 

to the previous phases, with new faults frequently forming and replacing older faults (~1-2 Myr 

activity time). This shorter activity time leads to less displacement on active faults relative to 

phases 2 and 3. While there is some variation in the fault number and length of the system, 

generally this phase shows a gradual decline in, most notably, the cumulative length of the 

system as the brittle layer the faults form in continues to thin before breakup. 

Phase 5: Continental breakup (~24 Myr to model end). We determine the breakup phase to 

have started when the rift jumps seaward and completes the separation of continental 

lithosphere. While the number of faults remains similar to phase 4, the cumulative length of 

the system continues to decrease as the sediment layer thins, and there is a noticeable drop in 

the displacement. The drop in displacement likely relates to the lifespan of faults, when faults 

are replaced more quickly there is less time to accumulate displacement before they become 

inactive. 

 



17 

2.3.1.3 Effects of surface process efficiency on Asymmetric rift systems 

To discuss how SP efficiency affects the phases of fault system evolution (Fig. 2.4), we focus 

on the cumulative fault length as it best distinguishes the phases. Phase 1 is similar regardless 

of SP and the value of bedrock erodibility. In phase 2, faults grow slower with greater SP 

efficiency, and the shift into fault decline (phase 3) is delayed. Phase 3 is similar in all the 

models, though more faults are active at a given time in the model with high SP efficiency, 

making it harder to distinguish the shift from phase 3 to 4 (Fig. 2.4g). Breakup (phase 5) is 

clearly visible in the model without SP, wherein the length of the active fault system sharply 

decreases at breakup (Fig. 2.4a). In models with SP, the cumulative length gradually declines 

during migration as the sediment layer thins leading to a less noticeable breakup event. 

Additionally, the sediment layer delays breakup, although the amount of sediment does not 

appear to influence how much breakup is delayed (i.e., breakup occurs at 16 Myr with no SP, 

35 Myr with low SP efficiency, 24 Myr with medium efficiency, and 33 Myr with high 

efficiency; Table S3).  

Figure 2.4 Comparison of the active fault network’s cumulative length between asymmetric rift models with varying 

surface process efficiency, displaying the greater periods of fault system growth and rift migration with surface 

processes. a) Fault length graph for the model without surface processes, where the background is colored by the phase. 

The dark black line represents the current no surface processes model while the semi-transparent lines indicate the 

other models. b) Snapshot of the model without surface processes at 25 Myr. The extracted fault network is overlain 

on the model in black (inactive fault), blue (active right dipping fault), and red (active left dipping fault). Low (c-d), 

medium (e-f), and high (g-h) surface process efficiency models.
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2.3.2 Symmetric rift system 

In the same manner as the previous section, here we cover the evolution of a symmetric narrow 

rift. We find that the symmetric setup evolves according to 4 distinct phases similar to what is 

seen in the previous model, but without rift migration (phase 4).  

 

2.3.2.1 Symmetric reference model evolution 

The model starts with many faults accumulating small amounts of strain (Video A.3), which 

by ~1 Myr have coalesced onto two major ~50° dipping conjugate faults (Huismans and 

Beaumont, 2003). These major faults define the land-sea boundary, and the region between is 

filled with sediment forming an oceanward thinning rift basin by ~4 Myr. During the necking 

process, rotation of the initial major faults generates many parallel-seaward-dipping faults that 

breakup the central block (Nagel and Buck, 2004). This breakup results in a relatively 

symmetric splitting of the initial rift basin, with new faults forming between the basins and a 

similar inward shift of the land-sea boundary. By ~8.5 Myr, the deeper portions of the initial 

major faults have rotated to ~35° and become inactive. Necking continues as the remainder of 

the central block is broken up. New basins form in the model center as the rift flanks and the, 

now exposed, initial rift basin halves are eroded and deposited. At ~14 Myr seafloor spreading 

starts.  

Initially, the nearby uplifted margins provide a large sediment flux and seafloor spreading is 

sediment-dominated. Primarily, seaward dipping faults form successively within the sediment 

creating multiple fault-bounded basins. Simultaneously, short migration events generate 

landward dipping faults that extend from the sediment basement into the asthenosphere, though 

the cumulative asymmetry of these events produces an overall symmetric system (Huismans 

and Beaumont, 2003). As the uplifted margins move further from the active rift zone, less 

sediment reaches the model center and progressively smaller faults form within the thinning 

sediment layer. Near the margins, sediment is deposited on top of the inactive faults marking 

multiple rift unconformities with the fault-bounded basins. By ~25 Myr very little sediment 

reaches the model center and basin formation halts as seafloor spreading becomes sediment-

starved. 

 

2.3.2.2 Symmetric fault system evolution 

Using the same phase definitions as described in Section 3.1.2, we find that the fault system in 

the symmetric rift model evolves according to 4 phases (Fig. 2.5, video A.4).  

Phase 1: Distributed deformation and coalescence (~0-1.5 Myr). Many faults compete before 

coalescing. In the fault system, this appears as a high number of faults and cumulative fault 

length that rapidly declines. 

Phase 2: Fault system growth (~1-8 Myr). The major border faults remain active while new 

faults form and dismember the central block. This is seen as a period of increase in fault system 

length, number, and displacement. 
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Phase 3: Fault system decline and basinward localization (~8-14 Myr). By 8 Myr, the border 

faults become inactive as deformation localizes in the central region. This leads to a decrease 

in the number of faults and the cumulative length of the system. 

Phase 4: Rift migration. This phase is not expressed in this setting. 

Phase 5: Continental breakup (~24 Myr to model end). In this phase, short faults form in 

succession in the thin sediment layer. Because faults are smaller and shorter-lived in this phase, 

the fault system shows a lower number of faults, fault length, and displacement compared to 

the previous phases. 

 

2.3.2.3 Effects of surface process efficiency on Symmetric rift systems 

Similar to section 3.1.3, we run four models with varying SP efficiency (Fig. 2.6). Phase 1 is 

consistent regardless of SP. Phase 2 lasts longer with increasing SP efficiency (~2 Myr 

difference with no SP vs. high efficiency). Additionally, less effective SP leads to more faults 

and a greater cumulative length. SP does not generally affect phase 3, with the exception of the 

high efficiency case where it lasts significantly longer. In all other models, phase 5 (breakup) 

is delayed proportional to SP efficiency. In the high SP efficiency case, there is a gradual 

decline in the fault system length and continental breakup is not clearly distinguishable in this 

variable.  

 

Figure 2.5 Active fault network evolution of the symmetric rift reference model, showcasing the basinward migration 

of deformation through the phases. Refer to figure 2.3 for explanation. 
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2.3.3 Wide rift system 

Here we examine the evolution of a wide rift model with varied SP efficiency and find that the 

fault system evolves in four phases similar to the narrow symmetric model, although the timing 

of phases differs. 

 

2.3.3.1 Wide reference model evolution 

During the distributed deformation phase, many faults form within the brittle portion of the 

upper crust (Video A.5). By ~1 Myr, these have localized on two sets of conjugate faults and 

one right-dipping fault ~50 km left of the model center. As the faults accumulate displacement, 

each becomes associated with a basin and a shallow sea or lake. During the necking process 

fault rotation to lower angles widens basins and faults form over a wider region. Generally, 

new faults dip towards the rift center forming half-graben basins (Leeder and Gawthorpe, 1987) 

whose strata dip away from the rift center. By 12 Myr, multiple faults have formed over a 

region spanning ~260 km and the multiple seas associated with each fault have merged into a 

single sea. At this time many small basins exist and are separated by exposed upper crustal 

blocks. While the outer basins dip away from the rift center, near the rift center tilting is more 

varied. Progressively smaller faults and basins form as necking continues and the remaining 

upper crust is thinned. By ~25 Myr, deformation has localized in the center where the upper 

crust is entirely gone, and sediment-dominated continental breakup occurs. At this time the 

Figure 2.6 Comparison of the active fault network’s cumulative length between symmetric rift models with varying 

surface process efficiency, depicting the delay in breakup with greater surface process efficiency. Refer to figure 2.4 

for explanation. 
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previously-active distal faults have been overlain with sediment marking multiple rift 

unconformities. From here until the end of the model the rift migrates to the right driven by the 

thin layer of sediment overlying the rift. 

 

2.3.3.2 Wide fault system evolution 

We evaluate the evolution of the fault system in the wide rift (Fig. 2.7, video A.6) using the 

previously defined phases: 

Phase 1: Distributed deformation and coalescence (~0-1.5 Myr) where many faults compete 

and coalesce. 

Phase 2: Fault system growth (~1.5-20 Myr). New faults form while the initial ones remain 

active. As faults form at a slower rate and are active much longer in this model than in the 

asymmetric or symmetric cases, this phase is greatly extended. 

Phase 3: Fault system decline and basinward localization (~20-24 Myr). When only upper 

crust remains in the rift center deformation localizes in the region. This shift in deformation 

deactivates the long-lived faults leading to a drop in fault number, length, and displacement. 

Unlike the previous cases, fault cessation does not necessarily start with the outer faults and 

move inward.  

Phase 4: Rift migration. This phase is not expressed in this setting. 

Phase 5: Continental breakup (~24 Myr to model end). By ~24 Myr, the upper crust is 

separated, denoting continental breakup. In this phase, short seaward dipping faults form 

Figure 2.7 Active fault network evolution of the wide rift reference model, showcasing the greatly extended fault growth 

phase relative to asymmetric and symmetric models. Refer to figure 2.3 for explanation. 



 

22 

 

sequentially while the rift migrates. This phase shows much lower fault number, length, and 

displacement than phases 1-3, and the properties remain relatively constant.  

 

2.3.3.3 Effects of surface process efficiency on Wide rift systems 

By varying the efficiency of SP, we find that phase 1 is similar in all cases, except that there is 

a trend that higher efficiency leads to localization on a fewer number of faults (Figs. A.3 and 

A.4) and, thus, to a lower cumulative length of faults (Fig. 2.8). Like previous asymmetric and 

symmetric cases, SP extend the fault growth (phase 2) phase. While the initial inclusion of SP 

causes a large delay in the start of phase 3 (15 Myr without SP vs. 20 Myr with low SP 

efficiency), the difference between low and medium SP efficiency is negligible. However, high 

SP efficiency shows another large delay to the start of phase 3 (20 Myr at medium SP efficiency 

vs. 23 Myr at high efficiency). Additionally, in phase 2 cumulative length in the model without 

SP increases at a greater rate than those with SP until ~300 km. Subsequently both fault number 

and length remain relatively constant until phase 3. Interestingly, phase 3 in the low and 

medium SP efficiency models also starts when the cumulative length reaches ~300 km, 

although in the high efficiency model phase 3 is delayed until the system is ~350 km in length. 

Phase 3 is similar regardless of SP, with all models declining in cumulative fault length over 

~3-5 Myr until continental breakup (phase 5). Unlike the asymmetric and symmetric cases, 

breakup is clearly represented in fault system length, regardless of SP efficiency. 

Figure 2.8 Comparison of the active fault network’s cumulative length between wide rift models with varying surface 

process efficiency, demonstrating the greater fault growth rate and fault structure complexity in models without 

surface processes. Refer to figure 2.4 for explanation. 
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2.4 Discussion 

2.4.1 Effects of surface process efficiency on rifting 

While each of the three rift types exhibits different fault structures and phase timings, surface 

processes (SP) had a similar effect on the models regardless of the rift type. In particular we 

find that SP efficiency affects the longevity of individual faults, the structure of fault systems, 

and the timing of rift phases. This agrees with previous studies indicating that faults localize 

faster and remain active for longer when sediments load the hanging wall and erosion releases 

the footwall (Maniatis et al., 2009; Andrés-Martínez et al., 2019; Theunissen and Huismans, 

2019). As a consequence of prolonged fault activity, there is less incentive to create new faults 

as a greater portion of the prescribed system slip is held on the older faults. This explains why 

for less effective SP, a greater number of faults form during phase 2 (fault system growth) and 

phase 3 (fault system decline and basinward localization). This can be seen when comparing 

the cumulative length of active faults, where during phase 2 the cumulative length increases 

faster in models with less SP efficiency (e.g., Fig 2.4). The greater rate of increase in 

cumulative length during the early phases results in more shorter faults during the early phases 

for rifts with less SP efficiency (Figs. A.3, A.4, A.5, A.6) and predicts that in sediment-starved 

margins the architecture during early rifting is more complex with a greater number of 

interconnected faults.  

While the general structural evolution of rifting in terms of symmetry and rift width is largely 

independent of erosion and sedimentation, our results show that individual rift phases are 

prolonged when surface processes are accounted for (cf. Buiter et al., 2008; Choi et al., 2013; 

Olive et al., 2014). Specifically, fault system growth (phase 2) lasts 1 to 8 Myr longer 

depending on the rift type and amount of erosion and sedimentation, whereas rift migration 

(phase 4) lasts 6 to 20 Myr longer with the addition of surface processes (Fig. 2.4). Hence, 

rifted margins with thick syn-rift sediment sequences require a larger amount of extension to 

achieve continental breakup (Clerc et al., 2018) and are more prone to the occurrence of rift 

migration (Buiter, 2021). This also suggests that along-strike changes in sediment supply could 

lead to neighboring portions of a rift system evolving at different paces, with sediment-starved 

rift segments reaching breakup and ocean formation sooner than sediment-rich segments.  

 

2.4.2 Rift migration, detachment faults and serpentinization 

In our models rift migration is facilitated through a combination of an exhumation channel 

(Brune et al., 2014) and slip along detachment faults (Fig. 2.9). Material in the exhumation 

channel zone undergoes large amounts of brittle and ductile deformation. At the base of the 

zone, a tongue of plastically yielding lower crust generates a concave downward detachment 

fault. Continued extension rotates the fault and adjacent ductile shear zone to sub-horizontal 

angles, creating a weakened channel of material. The geometry, location and kinematic history 

of this channel reproduces the characteristics of the prominent "S reflector” at the West Iberian 

margin (Hoffmann and Reston, 1992; Reston et al., 2007). A secondary concave upward 

detachment fault forms at the surface and connects to the concave downward fault in the 

weakened channel. Rooted in the second detachment fault along the weakened channel, a zone 

of high plastic strain generates sequential conjugate or seaward dipping normal faults.  
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Our models suggest that detachment faults form near a frictionally and viscously weakened 

exhumation channel and are rotated subhorizontally. Slip along these detachment faults is 

greater in the portions at higher angles, but low-angle slip occurs as the rotated exhumation 

channel translates material from the left to right margin. Normal faults form in a migrating fault 

generation zone that is rooted in a detachment fault. These normal faults are not exclusively 

active sequentially and often multiple faults are active simultaneously. Slip is greatest on newly 

formed faults and decreases with age and distance from the fault generation zone (e.g., Fig. 

2.9d).  

Low-angle slip in our models occurs along the rotated exhumation channel consisting of 

frictionally and viscously deformed material. It has been suggested that such low-angle slip 

requires weak hydrated rock such as serpentinite (Lymer et al., 2019). The upper temperature 

limit for serpentinization is not well constrained and falls between ~350-600 °C (Lavier and 

Manatschal, 2006; Emmanuel and Berkowitz, 2006; Pérez-Gussinyé et al., 2006; Bickert et al., 

2020; Albers et al., 2021). While our models do not include the process of serpentinization, 

temperatures found near the detachment faults enable the generation of serpentinite in the 

region (Fig. 2.9b). This is in contrast to previous models (Brune et al., 2014, 2017) that did not 

have the required numerical resolution to resolve the thin mantle layer of sufficiently low 

temperatures. The addition of serpentinization could result in greater slip along the detachment 

fault, possibly increasing surface fault activity. It has also been suggested that serpentinization 

requires a thin, entirely brittle, crust (<10 km; Reston and Pérez-Gussinyé, 2007). We find that 

sedimentation increases the depth, temperatures, and the degree of viscous deformation within 

the rotated exhumation channel rendering it less prone to achieve serpentinization (Fig. 2.9cd). 

These factors suggest that serpentinization is more likely to occur in sediment-starved margins 

Figure 2.9 Rift migration processes, showing the brittle and viscous deformation inside the exhumation channel, and 

low angle slip along detachment faults relative to regions where serpentinization would be possible. a) Snapshots of the 

no surface processes model that showing the plastic strain rate (opaque-red), viscous strain rate (opaque-yellow), and 

total accumulated strain (opaque-purple). b) Identical to a) showing the fault slip rate (white-red) along the extracted 

fault network. Regions within temperature conditions for serpentinization are colored at 100° C intervals, with black 

contours denoting 50° C intervals. c) Snapshots of the medium surface process efficiency reference model like in a). d) 

Snapshots of the medium surface process efficiency reference model like in b). e) Modified conceptual model from 

Lymer et al., 2019, showing the region of serpentinization. Red indicates active faults, and purple and blue inactive 

faults. 
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like the Iberian-Newfoundland margins (Whitmarsh et al., 2001; Bayrakci et al., 2016), and in 

the late stages of rift migration.   

 

2.4.3 Rift phases and rifted margin domains 

At continental rifts, crust and mantle lithosphere are successively thinned until breakup is 

achieved. This progressive thinning constitutes an intrinsically transient behavior of rifts, that 

does not occur for other plate boundary types (subduction zones, mid-oceanic ridges and strike-

slip faults). This transientness is the underlying reason why rift evolution can be adequately 

described through distinct deformation phases (Lavier and Manatschal, 2006; Corti, 2012; 

Peron-Pinvidic et al., 2013; Huismans and Beaumont, 2014; Brune et al., 2017; Naliboff et al., 

2017). Previous phase definitions have been based on changes in layer thickness (Lavier and 

Manatschal, 2006; Huismans and Beaumont, 2014; Naliboff et al., 2017) and their impact on 

rheology (Lavier and Manatschal, 2006; Huismans and Beaumont, 2014), or the location of 

faults (Corti, 2012). Here, we used a novel analysis technique to characterize rift phases in 

terms of active fault network properties like displacement, total fault length and fault number. 

In this section, we first compare the rift phases we identified in this study to previous definitions 

before we focus on their relevance for rifted margin domains. 

Phase 1 (Distributed deformation and coalescence): Phase 1 is analogous to the early 

“stretching phase” (Peron-Pinvidic et al., 2013; Naliboff et al., 2017; Chenin et al., 2021). The 

Trondelag platform in Norway provides a remnant example of this phase (Peron-Pinvidic et 

al., 2013). 

Phase 2 (Fault system growth): Phase 2 can be associated with the “thinning phase” (Lavier 

and Manatschal, 2006). It is also similar to the first phase in two-phase rifting (Agostini et al., 

2009; Corti, 2012), where large faults border a central graben. Many rift segments in East 

Africa such as the Malawi and the Central Kenya rifts constitute examples of this phase, with 

active border faults surrounding the central graben (Ebinger and Scholz, 2012; Williams et al., 

2019; Richter et al., 2021). 

Phase 3 (Fault system decline and basinward localization): Fault system decline relates to 

onset of the “hyperextension phase” (Peron-Pinvidic et al., 2013) and the second phase in two-

phase rifting (Agostini et al., 2009; Corti, 2012). The timing of the shift from phase 2 to 3 can 

vary significantly depending on the rift obliquity (Agostini et al., 2009), or as we suggest in 

this study, rift type (e.g., wide, symmetric, asymmetric) and the efficiency of surface processes. 

An active example is the northern Main Ethiopian Rift, where fault activity is localizing 

basinward on the Wonji fault belt (Corti, 2012). 

Phase 4 (Rift migration): Rift migration is part of the “hyperextension phase” (Peron-Pinvidic 

et al., 2013). Through continuous activity of a migrating exhumation channel (Brune et al., 

2014), it generates distinct margin asymmetry (e.g., Iberian-Newfoundland conjugates or 

Central South Atlantic margins, Brune et al., 2017).  

Phase 5 (Breakup): Phase 5 describes continental breakup and the onset of seafloor spreading. 

Being the end state of continental rifting, many natural examples exist around the globe (e.g., 

South Atlantic, Heine et al., 2013; Red Sea, Stern and Johnson, 2019). 
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The five phases in this study are comparable to the deformation phases (e.g., stretching phase) 

linked to domains in margin architecture (Lavier and Manatschal, 2006; Peron-Pinvidic et al., 

2013). Rifted margin domains comprise the 1) proximal domain (distributed deformation and  
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coalescence) to the 2) necking domain (fault system growth), 3) hyper-extended domain (fault 

system decline and basinward localization), 4) domain of lithospheric mantle exhumation (no 

comparable phase), and 5) oceanic crust domain (continental breakup; Chenin et al., 2021). 

Figure 2.10 compares the final architecture of our medium bedrock erodibility models at 30 

Myr to the structural domains, where we first define anything outside of the initial border faults 

as the proximal domain. Second, we examine the time when a phase ends and define any part 

of the margin that no longer significantly deforms after that time as part of that domain.  

Our results demonstrate a close correlation between the deformation phases and the rifted 

margin domains (Fig. 2.10). Structural domains in symmetric margins, wide margins, and the 

margin opposite the direction of migration (right margin) in the asymmetric model progress as 

expected. That we see the same phase and domain progression in all models in this study 

regardless of the rift type (e.g., symmetric, asymmetric, or wide) and efficiency of surface 

processes supports the application of deformation domains to the margins of a variety of rift 

configurations (e.g., Chenin et al., 2021). Additionally, that processes like rift obliquity 

(Agostini et al., 2009) and sediment supply can extend phases helps explain the large ranges of 

observed margin domain widths (e.g., 10 to 100 km for the necking domain, Chenin et al., 

2017). 

Though we find a broad correlation between deformation phases and rifted margin domains, 

there exist some interesting discrepancies. In our models there is no exposed continental mantle 

lithosphere (exhumation domain). Instead, hyperextension shifts directly into sediment-

overlain asthenosphere exhumation (oceanic domain). In wide rifts, the fault network growth 

phase is greatly extended and the crust gradually thins over a large region (>122 km), as such 

distinguishing between the necking and hyperextension domain may be difficult. Rift migration 

creates a large region of hyper-extended crust that is translated from the margin in the direction 

of migration (left) to the opposite margin (Brune et al., 2014; Pérez-Gussinyé et al., 2020). This 

translation of sediment and crustal material fully overprints the remnant necking and 

hyperextended domains of the left margin, rendering the interpretation in terms of a single 

structural domain impossible. 

 

2.5 Conclusions 

We modeled the tectonic evolution of continental rifts and their interaction with surface 

processes to address three questions: 1) How do fault networks evolve in different rifts and 

rifted margins? 2) How are fault systems affected by surface process? 3) How do detachment 

faults and fault sequentiality evolve during rift migration? 

We find that regardless of the rift type (e.g., asymmetric, symmetric, or wide) or the efficiency 

of surface processes, the active fault network properties such as length, displacement, and 

number of faults evolve according to five distinct phases that correspond to deformation 

domains: phase 1: distributed deformation and coalescence (proximal domain), phase 2: fault 

growth (necking), phase 3: fault decline and basinward localization (hyperextended), phase 4: 

rift migration (hyperextended, unique to asymmetric models), and phase 5: continental 

breakup (oceanic).  
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Our results suggest that surface processes do not drastically alter the overall rift evolution, but 

they do delay continental breakup. Similar to previous studies, we find that surface processes 

increase the lifespan of faults, which extends the fault growth phase. Deposition also enhances 

hyperextension and prolongs rift migration. We suggest that including surface processes has a 

stabilizing effect on faulting within models, resulting in less complex faulting patterns. An 

example of this is the reduced fault network complexity in phases 2 and 3, which suggests that 

sediment-starved margins exhibit greater fault network complexity in the early stages of rifting.  

Our models show that rift migration is accommodated through frictional and viscous 

deformation in the exhumation channel, which creates a basal detachment fault that is rotated 

sub-horizontally, similar to the West Iberian S Reflector. Rooted in this channel, multiple 

normal faults form within a fault generation zone, where fault slip decreases with age and 

distance from this zone. The shallow parts of the exhumation channel satisfy the conditions for 

serpentinization, and we find that serpentinization is more likely in sediment-starved rift 

settings like the Iberian-Newfoundland margins, or the late stages of rift migration. 
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Abstract 

Continental microplates are enigmatic plate boundary features, which can occur in extensional 

and compressional regimes. Here we focus on microplate formation and their temporal 

evolution in continental rift settings. To this aim, we employ the geodynamic finite element 

software ASPECT to conduct 3D lithospheric-scale numerical models from rift inception to 

continental breakup. We find that depending on the strike-perpendicular offset and crustal 

strength, rift segments connect or interact through one of four regimes: (1) an oblique rift, (2) 

a transform fault, (3) a rotating continental microplate or (4) a rift jump. We highlight that 

rotating microplates form at offsets >200 km in weak to moderately strong crustal setups. We 

describe the dynamics of microplate evolution from initial rift propagation, to segment overlap, 

vertical-axis rotation, and eventually continental breakup. These models may explain 

microplate size and kinematics of the Flemish Cap, the Sao Paulo Plateau, and other continental 

microplates that formed during continental rifting worldwide. 

 

3.1 Introduction 

Microplates have been identified in extensional (e.g., Danakil microplate; Eagles et al., 2002) 

and compressional regimes (e.g., Tibet microplate; Thatcher, 2007). Contrary to the common 

picture of large, rigid, tectonic plates surrounded by weak and narrow plate boundaries, 

microplates exist at an intermediate scale: they are larger than the fault blocks that make up the 

narrow plate boundaries, yet smaller and rotate on a different axis than the surrounding tectonic 

plates (Macdonald et al., 1991; Schouten et al., 1993). While previous explanations for 

extensional microplates have been based on analogue models (e.g., Dubinin et al., 2018; Katz 

et al., 2005) or 2D concepts (Müller et al., 2001; Péron-Pinvidic & Manatschal, 2010), the 

impact of 3D continental rift dynamics, so far, remains unclear. 

In this study, we use 3D models to test the hypothesis that extensional microplates form due to 

offset rift segments. Rift segments may form at an offset due to, for example, along-strike 

variability that can be caused by inherited weaknesses (Heine et al., 2013; de Wit et al., 2008) 

or along-strike changes in rheological structure (Brune et al., 2017a; Corti et al., 2019). 

Eventually, these variabilities may lead to offset rift propagation from opposite directions. 

Examples of offset rift systems exist along rifted margins, such as in the South Atlantic (Heine 

et al., 2013), the Jan Mayen microcontinent in the Norwegian-Greenland Sea (Gernigon et al., 

https://doi.org/10.1029/2020GC009615
https://doi.org/10.1029/2020GC009615
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2012), and in the present-day East African and Red Sea Rift System (Calais et al., 2006; Eagles 

et al., 2002; Stamps et al., 2008; Stamps et al., 2021). The strike-perpendicular offset is likely 

an important factor in how rift segments eventually link, and the structural features that form 

in response (Allken et al., 2012; Gerya, 2013a). Based on present-day mid-ocean ridges, it has 

been shown that offset divergent segments can connect through long transform faults, or, in 

some cases, interacting ridges overlap and rotate a central microplate located between the two 

ridges (Macdonald et al., 1991).  

Oceanic microplates are tectonic features that form between adjacent extensional zones (e.g., 

the Easter microplate located at the East Pacific Rise; Naar & Hey, 1991;  the Central Lau 

Nanoplate located east of Fiji; Baxter et al., 2020; Conder & Wiens, 2011). When two offset 

spreading centers interact, they create drag forces along the edges of the rigid microplate that 

exists in the overlapping zone (Katz et al., 2005; Schouten et al., 1993). These drag forces 

rotate the microplate about a vertical axis. The microplate rotation speed increases with the 

extensional velocity and decreases with the size of the microplate (Schouten et al., 1993). In 

oceanic crust, overlapping spreading centers have small offsets (2-30 km; Macdonald et al., 

1991) and form fast-rotating (~10°/Myr; Naar & Hey, 1991) short-lived (5-10 Myr; Keary et 

al., 2009) microplates that attach to one margin as a single spreading center becomes dominant.  

Microplates can form in continental crust between overlapping offset rifts. The offset needed 

for microplate formation is related to the thickness of the brittle layer in the lithosphere 

(Vendeville & Le Calvez, 1995), which is significantly larger in incipient rifts than in proximity 

of mid-oceanic spreading centres. Thus continental microplates are likely larger and slower 

than oceanic ones. For example, in East Africa two rift branches guided by preexisting weak 

suture zones overlap and rotate the Victoria microplate by ~0.07°/Myr (Glerum et al., 2020). 

Evidence for remnant continental microplates exists along passive margins, where seismic data 

suggest thinned crust surrounding regions of relatively thick continental crust (e.g., the Flemish 

Cap; Welford et al., 2012) or magmatic crust which may contain some mixture of continental 

crust (e.g., Sao Paulo Plateau; Scotchman et al., 2010).  

Other continental promontories that likely formed as microplates via overlapping rift segments 

can be found in the Atlantic Ocean: the Galicia Bank, Porcupine Bank, Rockall Bank offshore 

Western Europe, and the Faroes/Fugloy ridge North of Scotland (King et al., 2020; Peace et 

al., 2019; Scotchman et al., 2010; Yang & Welford, 2021), the NE Brazilian Sergipe Microplate 

that is bordered by the failed Tucano and Jatoba Rifts ( Heine et al., 2013; Szatmari & Milani, 

1999), as well as the Falkland Islands microcontinent (Stanca et al., 2019). A prominent 

example in the Indian Ocean is Sri Lanka (Gibbons et al., 2013; Premarathne et al., 2016), and 

a perhaps less obvious one is the Exmouth Plateau on the Australian NW Shelf which operated 

briefly in the late Jurassic (Heine & Müller, 2005; Longley et al., 2002). Despite ample 

evidence of actively rotating and remnant continental microplates, there is only scarce 

observational data to constrain the evolution of a continental microplate from initial fault 

propagation to overlapping rift arms and rotation, and eventually, to continental-breakup and 

seafloor spreading.  

In this study, we use numerical modelling to elucidate when continental microplates form, how 

they evolve, and how modelled microplates compare to real world examples. We perform 3D 

extensional simulations where we vary key parameters such as the along-strike and strike-

perpendicular offsets of the initial rift segments, the crustal strength, and the lithosphere 

thickness (Fig. 3.1). The models are extended for 25 Myr, often past continental breakup, and 
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allow us to characterize the general types of rift linkage and to assess how these connections 

vary through our parameter space. Finally, we compare a representative model to two possible 

microplates, the Flemish Cap and Sao Paulo Plateau, located in the North and South Atlantic, 

respectively. Our models reveal similarities in the general geometry (e.g., microplate size and 

crustal thickness patterns) and the mechanisms involved in its formation. 

 

3.2 Methods 

3.2.1 Governing equations 

We perform numerical simulations of a 3D extensional system using the open source finite-

element code ASPECT (Advanced Solver for Problems in Earth’s ConvecTion, version 2.1.0; 

Heister et al., 2017; Kronbichler et al., 2012; Rose et al., 2017; Bangerth et al., 2019). While 

this software was originally developed to study global mantle convection, it has successfully 

been adopted to model geodynamic processes of lithosphere deformation (Heckenbach et al., 

2021; Heron et al., 2019; Muluneh et al., 2020; Naliboff et al., 2020; Sandiford et al., 2021). 

ASPECT solves the following extended Boussinesq conservation equations assuming an 

infinite Prandtl number (i.e. without the inertial term), 

 

                                                   −∇ · (2𝜂𝜀̇ ) + ∇𝑃 = ⍴𝒈,             (3.1) 

                                                                   ∇ ·  (𝒖) =  0,             (3.2) 

                           𝜌̅𝐶𝑝  (
𝜕𝑇

𝜕𝑡
+  𝒖 ·  ∇𝑇 ) − ∇  · 𝑘∇𝑇 = 𝜌̅𝐻                          (3.3) 

                                                                                 + (2𝜂𝜀̇ ): 𝜀̇  

                                                                                 + 𝛼𝑇 (𝒖 ·  ∇𝑃) , 

                                                                    
𝜕𝑐𝑖

𝜕𝑡
+ 𝒖 ·  ∇𝑐𝑖  =  𝑞𝑖             (3.4) 

 

where equation (3.1) represents the conservation of momentum, with 𝜂 the effective viscosity, 

𝜀̇  the deviator of the strain rate tensor (defined as 
1

2
(∇𝒖 + (∇𝒖)T)), 𝒖 the velocity, 𝑃 the 

pressure, ⍴ the density, and 𝒈 gravity. Equation (3.2) describes the conservation of volume. 

Equation (3.3) represents the conservation of energy where 𝜌̅ is the reference adiabatic density, 

𝐶𝑝 the specific heat capacity, T the temperature, k the thermal conductivity, 𝐻 the radiogenic 

heating, and 𝛼 the thermal expansivity. As right-hand-side heating terms, we include 

radioactive heating, frictional heating, and adiabatic heating from top to bottom, respectively. 

Finally, we solve the advection equation (3.4) for each compositional field 𝑐𝑖 (e.g., upper crust, 

lower crust, and accumulated plastic strain) with nonzero reaction rate 𝑞𝑖 only for the plastic 

strain field. 
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3.2.1.1 Rheology 

We use a viscoplastic rheology (Glerum et al., 2018), which additionally includes plastic 

weakening based on accumulated plastic strain. In the viscous regime, we use a composite of 

diffusion and dislocation creep (Karato & Wu, 1993), formulated as: 

 

                    𝜂𝑒𝑓𝑓
𝑑𝑖𝑓𝑓|𝑑𝑖𝑠

=
1

2
𝐴
𝑑𝑖𝑓𝑓|𝑑𝑖𝑠

−1

𝑛 𝑑𝑚𝜀̇ 𝑒

1−𝑛

𝑛 exp (
(𝐸𝑑𝑖𝑓𝑓|𝑑𝑖𝑠 + 𝑃𝑉𝑑𝑖𝑓𝑓|𝑑𝑖𝑠)

𝑛𝑅𝑇
),                          (3.5) 

 

where A is a scalar prefactor, 𝑑 the grain size, 𝜀̇ 𝑒 the square root of second invariant of the 

deviatoric strain rate, 𝐸 the activation energy, 𝑃 the pressure, 𝑉 the activation volume, 𝑅 the 

gas constant, 𝑇 the temperature, and 𝑛 the stress exponent. For diffusion, n = 1 and the equation 

becomes independent of strain rate. For dislocation creep, the grain size exponent 𝑚 vanishes, 

rendering dislocation creep independent of grain size. Values for A, 𝐸, 𝑉, and 𝑛 used in our 

models are composition-dependent and found in supplementary Table B.1. 

In the plastic regime, when viscous stresses exceed the yield stress, we use the Drucker-Prager 

yield criterion (Davis & Selvadurai, 2002). The effective plastic viscosity is given by 

 

                                                      η𝑒𝑓𝑓
𝑝𝑙 =

6C cosɸ

√3(3−𝑠𝑖𝑛ɸ)
+ 

6𝑃 𝑠𝑖𝑛ɸ

√3(3−𝑠𝑖𝑛ɸ)

2𝜀̇ 𝑒
,                                   (3.6) 

where C is the cohesion and ɸ the internal angle of friction. The accumulation of plastic strain 

is tracked as a compositional field. This field is used to linearly weaken ɸ from an initial value 

of 26.56° (friction coefficient of 0.5) to a final value of 2.656° (friction coefficient of 0.05) 

over the accumulated plastic strain interval of 0 to 1. The time-integrated value of the strain 

reaction rate 𝑞𝑖 is approximated as 𝜀̇ 𝑒  ∙ 𝑑𝑡 when plastic yielding occurs (with dt the timestep 

size).   

 

3.2.2 Model setup 

In this study we examine how the initial placement of two rift arms affects their connection. 

We therefore set up a 3D box model with dimensions 900x600x160 km (X, Y, and Z, where Z 

is depth) and 4 compositions representing a wet quartzite upper crust (Rutter & Brodie, 2004), 

wet anorthite lower crust (Rybacki et al., 2006), and dry olivine lithospheric mantle and 

asthenosphere (Hirth & Kohlstedt, 2003; Fig. 3.1). The total crustal thickness is set to 35 km, 

with the reference models using a ratio of 25 km upper to 10 km lower crust, a crustal 

configuration that is representative of typical continental interiors (Mooney, 2010; Pasyanos et 
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al., 2014). This ratio is varied when testing the crustal strength. The lithospheric mantle extends 

between the crust and the lithosphere-asthenosphere boundary (LAB) at 120 km depth. The 

LAB depth represents a typical, i.e. non-cratonic, non-orogenic, intracontinental setting 

(Artemieva, 2006; Pasyanos et al., 2014). The remaining material beneath the LAB is 

considered asthenosphere.  

The model mesh consists of 3 different levels of resolution based on model depth. The 

maximum resolution of 5 km extends from the surface to 50 km depth, where the transition 

from plastic to viscous yielding in the mantle lithosphere generally occurs. This allows us to 

resolve all plastically deforming material at the highest resolution. Lower resolved 10-km mesh 

cells are then used until 80 km depth, and below that the remaining lithospheric mantle and 

asthenosphere are resolved at 20 km. 

The initial temperature above the LAB is determined by a steady-state geotherm (Turcotte & 

Schubert, 2013), and below by a mantle adiabat. For simplicity, the initial rift arms are seeded 

through a small perturbation: we raise the LAB locally by 10% of the lithospheric thickness. 

We fix the top boundary temperature at 0 °C, and the bottom boundary at the temperature 

initially determined from the mantle adiabat. All other boundaries are set to zero heat-flux. 

Mechanically, the model is extended for 25 Myr at a velocity of 20 mm/yr giving a total 

extension of 500 km. This involves prescribed outflow of 10 mm/yr on the east and west 

Figure 3.1 Reference model setup for a Y-offset of 300 km and an X-offset of 200 km, depicted at 0 Myr 

model time. A vertical slice at 0 Myr is included to show the initial strain that localizes above the 

thermal/compositional lithosphere-asthenosphere boundary perturbation. A strength profile shows a 

temperature (red) and strength (black) profile, and the unperturbed compositional depths. The yield 

strength profile is computed using a reference strain rate of 7.05e−16 1/s, the initial bulk strain rate. Density 

profile given in Figure S1. 
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boundaries, with inflow through the bottom boundary to conserve volume. The north and south 

boundaries are set to free slip, and the top boundary is a true free surface. 

Although our model captures some of the complexity involved in rift systems, we note that 

there are several processes which likely affect rift evolution that are not included. For instance, 

in the models presented here we assume deformation initially localizes above seeded LAB 

perturbations, however in nature this localization may instead be related to plume activity 

(Buiter & Torsvik, 2014; Koptev et al., 2018). Additionally, while the lithosphere thickness 

varies spatially (Artemieva & Mooney, 2001; Artemieva, 2006; Koptev & Ershov, 2011) and 

likely includes heterogeneities, our models are spatially homogeneous and we do not consider 

how crustal or lithospheric-scale inheritance may affect the results (e.g. mantle scarring; Heron 

et al., 2019). Also, we do not consider the movement and deposition of sediment through 

surface processes. Finally, magmatic processes such as the thermal effect of melt and its 

movement (e.g., diking and underplating) are not considered, which may result in less drastic 

weakening (Bahadori & Holt, 2019; Gerya et al, 2015).  

 

3.3 Generic models 

In this section, we investigate and discuss the connection between offset rift arms through a 

series of 48 numerical extension models. We vary 4 parameters to test their effect on rift 

connection: (1) the offset of pre-defined rift arms perpendicular to the rift trend, i.e. in the X-

direction (Fig. 3.2 to 3.5); (2) their offset along-strike, i.e. in the Y-direction (Fig. 3.6); (3) the 

crustal strength (Fig. 3.7); and (4) the lithosphere thickness (supplementary Fig. B.3). Offset 

in the X-direction is varied from a small initial offset of 100 km up to 400 km, where offset 

rifts no longer interact (Le Pourhiet et al., 2017). The Y-offset is similarly varied between 100 

km and 400 km, always including some positive offset (underlap) to let overlap develop 

naturally while testing whether the time-dependency of along-strike rift offset directly affects 

the resulting connection. We vary the crustal strength by changing the crustal ratio of upper to 

lower crust from 35:0 to 10:25 km to span the range of possible crustal configurations 

(Mooney, 2010). Finally, the lithosphere thickness is varied between 80 and 140 km. 

 

3.3.1 X-offset results 

We run four model simulations with X-offsets of 100, 200, 300, and 400 km. The Y-offset is 

kept at 300 km and the ratio of upper to lower crust at 25:10 km. In these cases, each change 

in the X-offset results in a different type of connection, or lack thereof, between the rift arms, 

and we distinguish 4 different kinematic regimes: Regime 1: connection through an oblique rift 

(Fig. 3.2); Regime 2: connection through a transform fault (Fig. 3.3); Regime 3: formation of a 
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continental microplate 

followed by an eventual rift 

jump (Fig. 3.4); and Regime 

4: rift jump with no 

interaction between the rifts 

(Fig. 3.5).  

 

3.3.1.1 Regime 1: oblique 

linkage 

Two rift arms are emplaced 

100 km apart in the X-

direction and strain localizes 

on two initial faults at a dip 

angle of ~45° above the 

perturbation (see Fig. 3.2 and 

supplementary video B.1). By 

2 Myr, a ~3.7 km deep rift 

valley forms between the 

initial faults on both sides and 

strain begins to localize in the 

center of these valleys. 

Simultaneously, rift tips 

propagate into the 

undeformed crust establishing 

multiple oblique (azimuth 

angle of ~25°) faults which 

bridge the two deeper rift 

valleys through a ~2 km deep 

depression (Heidbach et al., 

2007) in the center. 

Deformation transfers from these oblique faults into the center of the rift valley, and by 4.5 

Myr the two arms fully connect across the model domain. At this time, a single ~22°-striking 

oblique fault becomes dominant in the center, while in the north and south deformation 

continues on two faults which remain orthogonal to extension. As extension continues, rift 

migration begins and small differences from numerical noise lead to along-strike changes in 

the migration direction for the central and southern rift segments (Fig. 3.2, 7 Myr). This 

migration phase ends earlier in the central segment, causing the onset of crustal breakup. By 

11 Myr the faults have stabilized and form a continuous fault zone with a general obliquity of 

~20° as seafloor spreading begins.  

 

Figure 3.2 Evolution of the oblique linkage in Regime 1. The top down 

view shows the elevation (green to blue), the strain rate (transparent to 

black), and the landward limit of oceanic crust (>70% mantle material, 

orange line). Velocity arrows indicating the horizontal velocity are 

scaled with the velocity magnitude. Slices show the profile from A to 

A′ in the X-direction (Movie S1). Dark red line shows a contour of the 

Moho, and white lines temperature contours. 
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3.3.1.2 Regime 2: transform 

linkage 

The initial distance between the 

rift arms is increased to 200 km in 

the X-direction, and strain 

initiates two faults (Fig. 3.3, 

supplementary video B.2) similar 

to the previous model. By 2 Myr, 

the rift tips propagate into the 

undeformed crust, curving 

inward toward the opposite rift 

arm at an ~24° azimuth angle. At 

4 Myr, strain localizes in the rift 

valley of each rift arm, and the 

initial faults cease to be active. At 

6 Myr these new faults link 

through the topographically high 

center by a ~75°-striking oblique 

fault that forms within an oblique 

necking zone between the offset 

rift arms. The northern and 

southern rift arms migrate 

towards the east and west model 

boundaries, respectively, until 

13.5 Myr, when migration stops 

and seafloor spreading begins. 

Like in Le Pourhiet et al. (2017), 

our models reproduce the process 

of steady-state rift migration and the generation of wide stretches of hyperextended crust 

(Brune et al., 2014, 2017b; Pérez-Gussinyé et al., 2020; Svartman Dias et al., 2015; Tetreault 

& Buiter, 2018). As strain further localizes, a short ~100 km transform fault forms, through 

continental crust, within the highly oblique fault that connects the two rift arms.  

 

3.3.1.3 Regime 3: microplate formation 

The X-offset of the rift arms is further increased to 300 km, and the rift tips initially propagate 

forward into the undeformed crust (Fig. 3.4, supplementary video B.3). At 2 Myr the tips 

overlap ~230 km and curve inward at a 20° azimuth angle. Deformation in both rifts localizes 

in the rift valley forming a center fault. By 7 Myr, the center faults remain generally orthogonal 

to extension, except the tips which curve inward. As extension continues, the rifts migrate 

outward to the east and west. Overlap between the rift arms increases as the rift tips, unable to 

connect through the topographically high center block, propagate forward developing into two 

Figure 3.3 Evolution of the transform fault connecting the rifts in 

Regime 2 (Movie S2), where θ represents the linkage angle. Refer 

to Figure 2 for explanation. 
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sections: an orthogonal 

section near the model north 

and south boundaries and 50°-

striking (east) and 35°-

striking (west) oblique 

sections where the rift arms 

overlap. Simultaneously, 

extension causes uplift and 

counterclockwise rotation of 

the relatively undeformed 

center between the 

overlapping, right-stepping 

rifts, thus creating a rigid, 

independently rotating, 

continental microplate. By 17 

Myr, seafloor spreading has 

begun on both rift arms. 

Microplate rotation continues 

as the rifts migrate east-west 

and propagate north-south, 

until ~25 Myr when the 

eastern rift arm reaches the 

southern boundary, attaching 

the microplate to the western 

side. Subsequently, the 

western rift delocalizes and 

then fully dies out by 26.5 

Myr, leaving a ~240 km wide-

uplifted microplate core (measured in the X-direction along the center).  

 

3.3.1.4 Regime 4: rift jump to dominant rift 

Rift arms are initially emplaced 400 km apart in the X-direction (Fig. 3.5, supplementary video 

B.4). Initial faults diffusely propagate forward into undeformed crust in the Y-direction, before 

secondary border faults form, slightly inward, but parallel to the initial ones. At 3.5 Myr, strain 

begins to localize in the rift valley between the initial faults, establishing a center fault. 

Simultaneously, the secondary faults continue to propagate through the crust in the Y-direction. 

By 6 Myr the initial faults are inactive, and the center fault links to one of the secondary faults, 

which in the case of the eastern rift extend to the southern boundary. In the eastern rift, the 

center fault propagates along the western secondary border fault localizing in the rift valley 

created by the two secondary faults. At 9 Myr, the western rift has completely died out while 

the eastern rift’s center fault has crossed the entire model domain. The eastern rift migrates 

eastward until 15 Myr. At this time, rift migration ceases as seafloor spreading begins.  

 

Figure 3.4 Evolution showing the formation and rotation of the 

microplate seen in Regime 3 (Movie S3). Refer to Figure 2 for 

explanation. 

https://agupubs.onlinelibrary.wiley.com/doi/full/10.1029/2020GC009615#ggge22487-fig-0002
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3.3.1.5 X-offset interpretation 

The changes in regime with 

increasing X-offset suggest that 

X-offset exerts a major control on 

rift linkage dynamics. Small 

offsets allow rifts to easily interact 

and connect through an oblique 

fault (Regime 1). By increasing 

the offset, the rifts propagate 

farther forward before connecting. 

This suggests that, as offset 

increases, the connecting rift will 

become more oblique (i.e. higher 

linkage angle, see θ in Fig. 3.3) 

until obliquity is high enough to 

connect the rifts through a 

transform fault (Regime 2). As the 

offset is further increased (>200 

km), the rifts interact but cannot 

link through the strong continental 

block between the two rift arms. 

This leads to further overlap and 

center block rotation as the faults 

co-exist, forming a microplate that 

rotates until an eventual rift jump 

to the dominant rift. Further 

increasing the X-offset likely 

decreases the interaction between the two rifts, lowering the amount of microplate rotation. 

Eventually, at 400 km, the rifts are too far apart to interact before reaching the opposite model 

boundary. While in nature at some X-offset rifts should no longer interact, analogue models 

suggest that the formation of overlapping spreading centers becomes more likely as rift 

segment length increases relative to the offset (Acocella, 2008). Thus, it is likely that in our 

models regime 4 is affected by our boundary conditions. To test this, we ran an additional 

simulation where the length of the model in the Y-direction was increased to 900 km. Indeed, 

in this case, the rifts interact and a comparably large microplate forms (supplementary Fig. B.2) 

suggesting that there is no upper limit for the size of a microplate in our model setup. 

 

3.3.2 Y-offset results 

In nature, the along-strike offset of two rift arms is a function of time; rifts that propagate along-

strike will initially have a large Y-offset that gradually shrinks. Therefore, we expect that the 

initial Y-offset does not have a large impact on the type of connection. To test this, we perform 

a series 

Figure 3.5 Evolution of the rift jump seen in Regime 4 

(Movie S4). Refer to Figure 2 for explanation. 
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of models varying the Y-offsets from 100 km to 400 km for each of the previously employed 

X-offsets, the results of which are shown in Fig. 3.6. Indeed, in almost all cases, the Y-offset 

did not impact the connection type. This suggests that the time-dependency of the Y-offset 

does not lead to a certain regime dominating, but rather the rift’s X-offset when they are close 

enough to interact controls the subsequent connection. There is some variation in the 

connection at X-offsets of 200 km. This may relate to a 200-km X-offset being a transitional 

length between Regimes 2 and 3. 

  

3.3.3 Crustal strength results 

To investigate the role crustal strength plays in the connection of offset rifts, we varied the 

ratios of upper to lower crust between 35:0 (weak), 25:10, 20:15, 15:20, and 10:25 km (strong, 

see Fig. 7). Otherwise the model setups remain identical to the reference models (Fig. 3.2 to 

3.5). Figure 3.7 suggests that crustal strength is an important factor in determining how offset 

rifts link. In this model setup, a higher crustal strength relates to a higher ratio of plastic to 

viscous deforming material, which results in greater plastic strain localization. As strain 

becomes more localized, faults connect rather than diffusely propagating forward, resulting in 

less overlap as crustal strength increases. Thus, at higher crustal strength, larger initial offsets 

are needed to form transform faults, and microplates do not form as faults connect instead of 

overlap.  

 

3.3.4 Lithosphere thickness results 

To assess the impact of initial lithosphere thickness on rift linkage, we varied the lithosphere 

thickness from 80 to 140 km (supplementary Fig. B.3). The setup of these models is similar to 

those shown in Fig. 3.6e-h, with a crustal ratio of 25:10, Y-offset of 300 km, and variable X-

offset between 100 and 400 km, although with a larger Z-extent of 280 km. The resulting 

regime diagram after 25 Myr is very similar to the model suite where we varied crustal strength 

(Fig. 3.7), with thicker, colder lithosphere leading to enhanced plastic strain localization similar 

to having a thicker layer of strong lower crust. Again, the distribution of regimes is largely 

determined by the X-offset. In contrast to our previous results however, the deformation does 

not localize in distinct rift segments if the initial lithosphere thickness is smaller than 80 km. 

In these cases, lithospheric strength is so low that the initial, 10 km thick LAB perturbation that 

seeds the rift segments is not sufficient in driving rift localization. 

 

3.3.5 Discussion and comparison to previous work 

Our study suggests that offset rifts link through four different regimes, which are dependent on 

the X-offset of the rift arms and the crustal strength. Our results and connection types are 

similar to what is seen in earlier analogue and numerical experiments, where models connect 

through transfer zones leading to oblique (like Regime 1) or transform fault (Regime 2) 

connections, or by accommodation zones where overlapping spreading centers, which can be 

considered precursors to microplate development, form (Regime 3, Acocella, 2008; Allken et 

al., 2011, 2012; Gerya, 2013b; Le Pourhiet et al., 2017; Tentler, 2003; Tentler & Acocella, 

2010; Zwaan & Schreurs, 2020). Similarly, at large offsets, no rift connection occurs (Regime 

4, Allken et al., 2011, 2012; Le Calvez & Vendeville, 2002; Le Pourhiet et al., 2017). However, 
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in many of these previous models smaller initial X-offsets were used (~50-120 km), and in 

contrast to our study differences were seen when varying the Y-offset (e.g., Tentler & Acocella, 

2010). 

An important factor in the mode of rift linkage is the linkage angle (with 90° being strike-

perpendicular, see θ in Fig. 3.3). In previous analogue modelling studies, the linkage angle was 

found to be a function of the Y-offset, with the angle increasing as Y-offset was reduced 

(Tentler & Acocella, 2010). Mechanically, most aforementioned analogue setups involve a 

brittle layer overlying a viscous material. This setup strongly resembles our models with a 

crustal ratio of 10:25 km (Fig. 3.7q-t) where nearly the entire crustal region acts as a single 

brittle block. While we varied the Y-offset in a weaker crustal setup, we found that Y-offset 

has little effect on overall connection type, which is instead dependent on the X-offset. 

Similarly, in our reference setup we find that linkage angles increase with the X-offset and not 

the Y-offset. In addition, Le Pourhiet et al., (2017) suggest that the linkage angle is also a 

function of crustal strength, and that linkage angles decrease in strong crust. Our findings agree 

with this (Fig. 3.7, see also supplementary animations), and additionally suggest that the control 

of the X-offset on rift linkage angles becomes less obvious in strong rheologies. We suggest 

that due to greater plastic strain localization in stronger crust rift linkage becomes more 

efficient, thus rifts are likely to link at larger Y-offsets than in weak crust leading to lower 

linkage angles.  

Although we find that overall crustal strength contributes to the style of rift linkage, our models 

corroborate earlier findings that the integrated brittle strength plays an even more important 

role. Using crustal-scale models with a brittle upper crust overlying a ductile lower crust, 

Allken et al. (2011, 2012) suggest that less cohesion and plastic strain weakening favors diffuse 

rift propagation and overlap. Similarly, we show that models less susceptible to plastic strain 

weakening (i.e., a lower ratio of brittle to ductile deforming material) have more diffuse rift 

propagation. In addition, we find that in models with greater integrated brittle strength, rifts are 

more susceptible to plastic weakening. This generates focused rifts that are likely to connect 

earlier at lower linkage angles and thus less likely to overlap. If however the integrated brittle 

strength is lower and localization less effective, rifts propagate more diffusely allowing higher 

linkage angles and increasing the likelihood of overlap and continental microplate formation. 

These results suggest that overall crustal strength is less important to the style of rift linkage 

than the integrated brittle strength. This finding is similar to that of Naliboff and Buiter (2015), 

who suggested that integrated brittle strength exerts key control on rift reactivation. 

An additional factor governing linkage kinematics is rift propagation speed (Jourdon et al., 

2020; Le Pourhiet et al., 2018). When propagation is slow, deformation becomes more diffuse. 

Shortening parallel to the rift propagation direction reduces the rift propagation speed resulting 

in diffuse V-shaped rift propagation (Le Pourhiet et al., 2018). In our models, where rifts 

overlap rotation occurs in the overlapping region, and this rotation applies a shortening 

component to the rift tips (Fig. 3.4, 17 Myr), slowing rift propagation. For Regime 2, the 

overlapping region is small and deformation quickly localizes into strike-slip motion. 

However, for Regime 3, where the rifts  
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cannot easily link, rotation continues to apply shortening to the rift tips prolonging microplate 

rotation and leading to V-shaped propagation on both sides of the microplate. Figure 3.7 

suggests that microplates form in a small crustal strength range. In this range strain localization 

is not so efficient that rifts can not overlap, but not so diffuse that they hardly interact at all. 

The thickness of the brittle layer is speculated to determine the maximum X-offset for rift 

linkage (Allken et al., 2012; Vendeville & Le Calvez, 1995). In accordance with this, analogue 

experiments have had similar types of rift linkage at much smaller X-offsets than used in this 

study (Acocella, 2008; Tentler, 2003; Tentler & Acocella, 2010). However, recent lithosphere-

scale studies with thermal effects found that rifts can interact at offsets much larger than the 

brittle layer thickness (<400 km; Le Pourhiet et al., 2017). Our study finds that the 400 km 

limit is related to boundary conditions (supplementary Fig. B.2), and that in larger domains 

rifts can still interact and form microplates with a 400 km X-offset. While we investigated the 

effects of lithosphere thickness on rift linkage, our models are too small to fully explore 

whether the brittle layer thickness affects the maximum X-offset for rift interaction in 

lithosphere-scale studies. Additionally, while we vary the lithosphere thickness we do not 

change our total crustal thickness. Different combinations of crustal setup and lithosphere 

thicknesses may result in different X-offset ranges for the regimes mentioned in this study. 

In this study, transform faults are <200 km, which agrees with earlier studies (Allken et al., 

2012; Taras Gerya, 2010, 2012, 2013a, 2013b; Püthe & Gerya, 2014), but in nature transform 

faults can range from <100 km to >1000 km (Boettcher & Jordan, 2004). Ammann et al. (2017) 

found that for transform faults >200 km to form, oblique extension is vital. Additionally, in 

large domains with low extensional velocity they find that overlap and microplate formation 

are favored over transform faults. This agrees with analogue models, which suggest that a 

larger total length of rift segments helps rift overlap (Acocella, 2008), while in some cases 

higher extensional obliquity may promote rift linkage (Zwaan et al., 2016; Zwaan & Schreurs, 

2017). Thus, in large domains where microplate formation is more likely, a temporal change 

in extensional direction to a more oblique orientation, such as during the rifting of the South 

Atlantic (Heine et al., 2013), may help facilitate a rift jump and lead to a transform fault linking 

the rift segments attaching the microplate to one side.  

While transform faults are an important factor in seafloor spreading, whether they form only 

during seafloor spreading (Eagles et al., 2015; Nguyen et al., 2016), or can initiate earlier in 

late-stage continental rifting, is still unclear. Illsley-Kemp et al. (2018) suggest that early proto-

transform fault segments can rotate, forming pure strike-slip motion prior to seafloor spreading 

in magmatically active rift systems. Our results agree with their findings, as prior to seafloor 

spreading we observe the formation of short nearly pure strike-slip motion transform faults 

within the highly oblique proto-transform segment connecting some offset rifts (e.g., Fig. 3.3). 

Additionally, our results suggest that the inclusion of magmatic processes is not required to 

form such transform faults, and that transform faults can initiate within amagmatic continental 

rift systems. 

 

3.4 Comparison of numerical models to two natural microplate settings 

In this section we discuss how our models compare to two regions where evidence suggests 

there is a continental microplate, namely the Flemish Cap (Welford et al., 2012) and the Sao 
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Paulo Plateau (Scotchman et al., 2010). We first compare the reference microplate model 

evolution to the Flemish Cap, formed during the rifting of the North Atlantic. Second, we focus 

on the formation of the Sao Paulo Plateau in the Santos Basin, which formed during the rifting 

of the South Atlantic. 

 

3.4.1 The Flemish Cap geologic setting 

The Flemish Cap is a 20-30 km thick continental block (continental ribbon) tethered to the 

rifted continental margin of offshore Newfoundland, eastern Canada (Funck, 2003; Gerlings et 

al., 2011; Keen & de Voogd, 1988) (Fig. 3.8b). The broader continental shelf offshore 

Newfoundland comprises the Grand Banks, the Bonavista Platform, and the Flemish Cap. It 

consists of basement rocks of the Avalon terrane, a Gondwanan terrane that was accreted to 

Laurentia (North America) during the Palaeozoic closing of the Iapetus Ocean as part of the 

Appalachian Orogeny (Haworth & Keen, 1979; Williams, 1984, 1995). During the Mesozoic 

breakup of the supercontinent Pangaea, rifting and opening of the modern North Atlantic Ocean 

occurred within the Avalon terrane. 

The Flemish Cap lies to the southeast of the deepwater Orphan Basin, out of which it is 

proposed to have originated (Le Pichon et al., 1977; Sibuet et al., 2004; Srivastava & Verhoef, 

1992), with Sibuet et al. (2007) arguing for 43° of clockwise rotation from the Late Triassic to 

the Early Cretaceous and a further translation of 200-300 km southeastward, relative to North 

America, from the Late Jurassic to the early Aptian. The Orphan Basin is itself underlain by 

extended continental crust, with zones of hyperextension resolved using seismic refraction, 

reflection, and potential field methods (Chian et al., 2001; Gouiza et al., 2017; Lau et al., 2015; 

Watremez et al., 2015; Welford et al., 2012, 2020). One particularly striking feature of the 

Orphan Basin is the alignment of zones of hyperextended continental crust (highlighted by 

peach dashed lines in Fig. 3.8b) that have been interpreted as failed rifts (Chian et al., 2001; 

Welford et al., 2012, 2020). While the independent rotation of the Flemish Cap relative to 

North America has been successfully modelled by recent plate reconstructions, both rigid 

(Nirrengarten et al., 2018) and deformable (Peace et al., 2019), the precise mechanisms that led 

to the rotation of the Flemish Cap and the failure of rifts within the Orphan Basin are yet to be 

elucidated. 

 

3.4.2 Flemish Cap comparison and discussion 

We compare the first-order crustal architecture of the Flemish Cap to a mirrored version of the 

reference microplate model (300 km X-offset, 300 km Y-offset, 25:10 crustal ratio, 120 km 

lithosphere) at 30 Myr model time (Fig. 3.8c). This allows us to examine how rifting would 

evolve if initial rift placement had a different polarity of rift arm offset. In the model, a 240 km 

wide microplate core was rotated ~50° and 280 km off the western margin (measured in the X-

direction along the center). A small region of oceanic crust formed from the obsolete western 

rift, and on the eastern side oceanic crust formed along most of the rift. The model had an 

eastern rift jump that attached the clockwise-rotating microplate to the western margin. 

From the comparison of present-day crustal thicknesses across the Newfoundland margin (Fig. 

3.8b) and the mirrored microplate modelling results (Fig. 3.8c), the microplate model 

successfully replicates the scale of the Flemish Cap rotating block, the approximate areal extent 
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of rifting in the Orphan Basin, and the eastward rift jump outboard of Flemish Cap leading to 

the failure of the rifts in the Orphan Basin. The only major discrepancy could be argued to 

involve the extent of predicted oceanic crust generated in the failed rift branch. To date, no 

oceanic crust has been interpreted to underlie the Orphan Basin, although crustal velocities 

within the failed rift along profile W20 in Fig. 3.8d (Welford et al., 2020) do not definitively 

preclude the presence of oceanic crust.  

The modelling results (Fig. 3.8c) reveal that the evolution from initial rift branch interaction, 

through microplate formation and rotation (~50°), to eventual rift branch failure, can be 

achieved in less than 35 Myr. This time window is significantly narrower than the Late Triassic 

to Early Cretaceous time scale proposed by Sibuet et al. (2007) for the Flemish Cap, which is 

due to the fact that the modelled constant extension velocity of 20 mm/yr (full rate) exceeds 

divergence velocities of the initial, slow rift phase in this region (Barnett-Moore et al., 2018; 

Brune et al., 2016; Peace et al., 2019). Nevertheless, careful seismic interpretation of reflection 

Figure 3.8 (a) Map of the North Atlantic with the extent of map (b) shown in purple; (b) crustal thickness 

of the offshore Newfoundland margin derived from constrained 3-D gravity inversion (using methodology 

of Welford et al. [2012]); (c) simulated rift connections for a mirrored microplate model with clockwise 

rotation; (d) simplified crustal model from Welford et al. (2020) highlighting the interpreted failed rift in 

the western Orphan Basin. Magnetic anomaly A34 obtained from Srivastava et al. (1990); (e) Cross-section 

A–A′ through the modeled microplate. Abbreviations: BP, Bonavista Platform; FC, Flemish Cap; GB, 

Grand Banks; NL, Newfoundland; OB, Orphan Basin; OK, Orphan Knoll; UC, Upper Crust; MC, Middle 

Crust; LC, Lower Crust. 

https://agupubs.onlinelibrary.wiley.com/doi/full/10.1029/2020GC009615#ggge22487-bib-0121
https://agupubs.onlinelibrary.wiley.com/doi/full/10.1029/2020GC009615#ggge22487-bib-0120
https://agupubs.onlinelibrary.wiley.com/doi/full/10.1029/2020GC009615#ggge22487-bib-0105
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data within the Orphan Basin is still needed to better constrain the exact timing of the Flemish 

Cap rotation. 

Constrained 3D gravity inversions performed on the conjugate Flemish Cap/Orphan Basin and 

Irish Atlantic continental margins (Welford et al., 2012) have resolved significantly different 

rifting styles and compartmentalization. Specifically, on the Irish margin, hyperextended crust 

beneath sedimentary basins like the Porcupine Basin is abruptly juxtaposed against unstretched 

crustal blocks like the Porcupine Bank. By contrast, the crust beneath the Orphan Basin appears 

to have been stretched more uniformly. Based on geodynamic modelling results from 

Huismans & Beaumont (2011), Welford et al. (2012) argue that fundamental rheological 

differences controlled the different rifting styles across the conjugate pair and that a weak 

crustal layer underlies the Orphan Basin. This conclusion is consistent with the results 

displayed in Figure 3.7 where microplate formation and rotation is predicted for the models 

involving weaker crust. 

 

3.4.3 Sao Paulo Plateau geologic setting 

The Sao Paulo Plateau (SPP) is a marginal plateau (Kumar & Gambôa, 1979; Mohriak et al., 

2010) occupying large parts of the Santos Basin on the Brazilian Atlantic margin. It is delimited 

landward by the wide continental shelf of the Santos Basin, by the Cabo Frio Transfer zone/Rio 

de Janeiro Fracture Zone to the north, the oceanic crust in the east (approximately coinciding 

with the Jean Charcot seamounts) and the Sao Paulo escarpment/Florianopolis Fracture zone 

to the south. Water depths on the SPP range between 2000 m and more than 3000 m (Fig. 3.9b).  

The Santos Basin and the SPP were formed during the early Cretaceous as part of the South 

Atlantic rift system (Chang et al.,1992; Heine et al., 2013; Meisling et al., 2001) and are situated 

just south of a major rift segment boundary between the central (conjugate Kwanza-Campos 

Basins) and the southern South Atlantic rift segment (conjugate Santos/Namibe Basins; 

Guiraud et al., 2010; Meisling et al., 2001). Here, the rift axis is offset to the east by about 300 

km along the Cabo Frio-Benguela transform system. Continental extension between Africa and 

South America commenced in the early Cretaceous, rifting lithosphere composed of reworked 

Archean inliers, Neoproterozoic magmatic arcs  and orogenic belts of the Brasiliano orogenic 

cycle, with a tectono-thermal age of the lithosphere of approximately Cambrian age (around 

550-500 Ma; Neves et al., 2014). Approximately 10 Myrs into rifting, the Tristan da Cunha 

(TC) plume impinged on the South American plate, creating the Parana-Etendenka Large 

Igneous Province (Krob et al., 2020 and references therein; Heine et al., 2013), with the 

conjugate Walvis/Florianopolis ridges being one eruption center in the southern part of the 

Santos Basin. This magmatic episode with extensive extrusive basalt forms the present-day 

economic basement (Chang et al., 1992; Moreira et al., 2007). At the time of emplacement, the 

rift had been extended by approximately 100 km (Heine et al., 2013). Continued extension and 

waning magmatic budget resulted in a complex rift architecture obscured by a thick layer of 

Aptian-aged evaporites covering large parts of the basin. Several giant hydrocarbon discoveries 

in the pre-salt sequences are hosted in shallow water carbonate facies. Subsequent infill of the 

basin largely consists of mixed carbonate and clastic sediments, affected by complex salt 

tectonics (Moreira et al., 2007). 

The nature of the crust underlying the SPP is debated. Nearly all hydrocarbon wells terminating 

in the pre-salt sequences throughout the Santos Basin have terminated in basaltic extrusives. 
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Regional analyses using seismic reflection, refraction and potential field methods (e.g., Borges 

& Gambôa, 2015; Evain et al., 2015; Klingelhoefer et al., 2014; Meisling et al., 2001; 

Scotchman et al., 2010; Zalán et al., 2011) conclude that large parts of the Santos Basin and 

Sao Paulo Plateau are underlain by thin crust of 13-25 km of mixed continental to magmatic 

crustal type (”heterogenous crust”), thermal buoyancy induced by the Tristan plume has likely 

resulted in dynamic uplift causing shallow water conditions on the SPP, despite relatively thin 

crustal thicknesses observed across the plateau (e.g. Evain et al., 2015).   

Despite the disagreements on crustal type underlying the SPP and the Santos Basin, the area 

shows characteristics of microplate formation (Heine et al., 2013; Moulin et al., 2013).  In the 

SW part of the Santos Basin, an aborted oceanic spreading ridge propagator, the Abimael Ridge 

(sometimes referred to as Avedis ridge), has been identified (e.g., Chang et al., 1992; Meisling 

et al., 2001; Scotchman et al., 2010). Along the proximal margin of the Santos Basin, potential 

field data indicate a zone of en echelon Moho uplifts (Meisling et al., 2001) and crustal 

thinning, along with extensive seaward-dipping reflector sequences (SDRs) indicating 

accommodation space formation related to crustal extension during a magma-rich rift phase. A 

faulted base salt surface in the inner, western part of the Santos Basin and isolated graben 

structures such as the Merluza Graben area in the northern part of the basin (Magee et al., 

2021), indicate that the Avedis ridge has been active at least until deposition of the extensive 

early Aptian-aged evaporite layer in the central South Atlantic. Towards the NE basin margin, 

this zone merges with the Cabo Frio-Benguela transform (Guiraud et al., 2010; Mohriak et al., 

1995), which laterally offsets the rift axis by about 500 km eastwards into the northerly 

adjoining Campos-Kwanza/Benguela rift segment. Crustal thickness observations and inverse 

models show that the eastern, distal part of the Santos Basin, east of the Sao Paulo Ridge/High 

is characterized by a second necking zone (Norton et al., 2016), which further thins the crust 

and eventually continues into steady-state oceanic crust (Mohriak et al., 2010).  

Presently, plate kinematic reconstructions model an initial northward propagation of the 

southern South Atlantic oceanic spreading ridge into the Abimael Ridge region (Heine et al., 

2013; Meisling et al., 2001; Moulin et al., 2013), of the western Santos Basin in pre-salt 

deposition times (i.e. pre late Albian), being laterally accommodated and offset by the Cabo 

Frio transform. The deformation focus/spreading ridge of the central South Atlantic is 

attempting to propagate southward, offset along the Angolan Benguela margin (Guiraud et al., 

2010) and eventually overlapping with the Abimael Ridge for a limited amount of time until 

the Abimael Ridge becomes extinct and deformation is localised along the eastern margin of 

the Sao Paulo Plateau, forming a continuous spreading ridge connecting the central and south 

Atlantic rift segments (Heine et al., 2013; Moulin et al., 2013). 

 

3.4.4 Sao Paulo Plateau comparison and discussion 

In this section we compare the Sao Paulo Plateau to the reference microplate model at 30 Myr 

(300 km X-offset, 300 km Y-offset, 25:10 crustal ratio, 120 km lithosphere). The SPP 

represents a region of thickened crust that formed in a complex system influenced by the 

impingement of the TC plume, leading to the emplacement of large amounts of magmatic crust. 

Despite the plume’s influence, the overall geometry of the plateau and western failed rift is 

comparable to the microplate modelled in this study. In both cases, a region of relatively thick 
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crust (SPP) is encompassed by thinned crust from a failed western rift (Abimael Ridge region) 

to the west, and a dominant ocean-forming rift to the east. 

Discrepancies between our models and the SPP arise in the size of the microplate and features 

in the surrounding region. The SPP crustal thickness ranges between 13-25 km and the core is 

~140 km wide. This is both smaller and thinner than the microplate modelled in this study. The 

region is bounded by the Florianapolis fracture zone to the south. Analogue modelling suggests 

that hard rift linkage is sometimes facilitated with oblique rifting (Zwaan et al., 2016; Zwaan 

& Schruers, 2017), thus it is possible that the region’s directional change in extension may have 

favored the formation of transform faults to connect the overlapping rift segments. 

One limitation in our model is that we do not include melt processes, which may be especially 

important in the SPP region with the arrival of the TC plume (Beniest et al., 2017; Lavecchia 

et al., 2017). Even though we do not include melting, we partially address this through an 

additional supplementary model (supplementary videos B.5 and B.6) where we include the 

arrival of a thermal mantle plume in two stages to represent the plume head and stem (similar 

to Bredow et al., 2017; Gassmöller et al., 2016; Koptev et al., 2015; Steinberger et al., 2019). 

Figure 3.9 (a) Map view of the Santos Basin region colored by continental crustal thickness (Shell 

proprietary data merged with resampled CRUST1 at 10 km resolution) showing the locations of the Sao 

Paulo Plateau (SPP) and the aborted Abimael Ridge spreading propagator (AR), red dot indicates 

approximate position of Merluza Graben. Profile location indicated by red line, with markers spaced in 

20 km intervals. Yellow contours show a crustal thickness of 13 km. CFB: Cabo Frio-Benguela Fracture 

zone, FFz: Florianopolis Fracture zone. (b) Cross-section along the A–A′ profile: Top basement is extracted 

from resampled CRUST1 data (Bottom of lower sediments layer), lower solid black line is base of crust, 

computed by adding our crustal thickness estimate to resampled CRUST1 base of lower sediments. Water 

depth shown as thin in blue line (SRTM15 + V2.1 at 10 km resolution). Gray box highlights the extent of 

the SPP microplate along the profile. (c) Simulated rift connections for the reference microplate model 

(Figure 4). (d) Cross-section B–B′ through the modeled microplate. 

https://agupubs.onlinelibrary.wiley.com/doi/full/10.1029/2020GC009615#ggge22487-fig-0004
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Because the TC plume did not impinge on the region until ~10 Myr after rifting began, we 

prescribe the plume arrival in the model at 10 Myr and find that at this stage and without melt 

processes the plume does not drastically affect model evolution, but plume placement can 

influence the rift jump direction. 

 

3.5 Conclusions 

In this study we show that rift branches that are offset along (Y) or perpendicular (X) to strike 

connect in 4 ways: Regime 1) through an oblique rift, Regime 2) through a transform fault, 

Regime 3) by microplate formation with a rift jump to the dominant rift, or Regime 4) through 

a rift jump to the dominant rift without rift interaction. We find that the X-offset is the primary 

factor determining the connection type. The secondary factor is the effectiveness of plastic 

strain localization, which in this case relates to the crustal strength or lithosphere thickness. In 

weaker crust, the integrated brittle strength is lower and the models are less susceptible to 

plastic weakening, which leads to more diffuse rift propagation. This diffuse propagation 

promotes rift overlap, which slows rift propagation, causing rotation and microplate formation. 

In stronger crust with higher integrated brittle strength, plastic strain is more localized and rift 

connection becomes more efficient; in these cases microplates do not form and oblique and 

transform fault connections occur at larger X-offsets. 

The microplates modelled in this study exhibit a core of poorly thinned continental crust that 

has been rotated (counter-clockwise for right-stepping rift segments, clockwise for left-

stepping ones). Pronounced thinning occurred on both sides of the microplate from two 

coexisting rifts, with an oceanward rift jump rendering the landward rift obsolete. Early rift 

geometries and interactions in the microplate models resemble the East African Rift System 

and show that overlapping rifts with a rotating microplate can form without the guidance of 

lithospheric strength heterogeneities (e.g., mobile belts; Glerum et al., 2020). Additionally, the 

reference model elucidates many features of the Flemish Cap and Sao Paulo Plateau, two 

extensional microplates that formed during the rifting of the North and South Atlantic, 

respectively. In both regions there exists thinning to both sides of a relatively thick core that 

has been rotated oceanward off the margin. Both areas are also associated with a landward 

failed rift and a likely rift jump to the dominant ocean-forming rift. Beyond these two examples, 

our modelled evolution of microplate kinematics could be a template to understand the 

formation of other continental promontories at rifted margins across a range of scales 

worldwide, such as the Galicia, Porcupine, and Rockall Banks, the Faroes/Fugloy ridge, Jan 

Mayen, the NE Brazil Borborema Province/Sergpipe Block, the Falkland Islands 

microcontinent, the Exmouth Plateau on the Australian NW Shelf, and Sri Lanka. 
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Chapter 4 : Flexural strike-slip basins 
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Supplementary animations can be found at: https://doi.org/10.1130/G49351.1 

 

Abstract 

 Strike-slip faults are classically associated with pull-apart basins where continental crust is 

thinned between two laterally offset fault segments. We propose a subsidence mechanism to 

explain the formation of a new type of basin where no substantial segment offset or syn-strike-

slip thinning is observed. Such “flexural strike-slip basins” form due to a sediment load creating 

accommodation space by bending the lithosphere. We use a two-way coupling between the 

geodynamic code ASPECT and surface-processes code FastScape to show that flexural strike-

slip basins emerge if sediment is deposited on thin lithosphere close to a strike-slip fault. These 

conditions were met at the Andaman Basin Central fault (Andaman Sea, Indian Ocean), where 

seismic reflection data provide evidence of a laterally extensive flexural basin with a 

depocenter located parallel to the strike-slip fault trace. 

 

4.1 Motivation  

 Near plate boundaries, accommodation space for sedimentary basins is created by (1) litho-

spheric stretching or cooling, which controls rift-basin formation at divergent boundaries, and 

(2) lithospheric flexure such as in foreland basins in convergent settings and cratonic sag basins 

in continental interiors (Allen and Allen, 2013). Pull-apart basins at transform plate boundaries 

are thought to be related to the first process.  

Pull-apart basins form between laterally offset strike-slip fault segments (Mann et al., 1983; 

Gürbüz, 2010). During strike-slip motion, the area between the offset faults is extended and 

basement subsidence occurs in this area due to crustal thinning (van Wijk et al., 2017). Pull-

apart basins lengthen over time and form as long thin basins with a depocenter that is bounded 

by the strike- or oblique-slip segments (Seeber et al., 2004). While there are many pull-apart 

basin examples (e.g., the Dead Sea Basin: Garfunkel and Ben-Avraham, 1996; Death Valley 

Basin: Serpa et al., 1988), there has not been much discussion on other types of strike-slip 

basins.  

Flexural basins form when an overlying load deflects the lithosphere, e.g., during mountain 

building, where an orogenic load creates accommodation space for sediment infill. However, 

under conditions without an orogenic load, basement subsidence may be a consequence of 

lower-crustal flow triggered by enhanced sedimentation in deep basins (Morley and Westaway, 

2006; Clift et al., 2015), e.g., the fans of the Red River (Clift and Sun, 2006) and Pearl River 

(Dong et al., 2020; both examples are located at the northern continental margin of the South 

China Sea).  

https://doi.org/10.1130/G49351.1
https://doi.org/10.1130/G49351.1
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We infer that the creation of sedimentation-induced accommodation space requires and is 

enhanced by (1) an easily deformable tectonic environment, and (2) focused sedimentation. 

Both can occur in regions of prior tectonic subsidence. Furthermore, because strike-slip faults 

may represent highly weakened plate boundaries (Zoback et al., 1987; Provost and Houston, 

2003) and transform continental margins commonly follow a phase of thinning (Jourdon et al., 

2021), we formulate the key hypothesis of this study: regions near strike-slip faults can repre-

sent a combination of factors whereby significant basement subsidence is driven by 

sedimentary loading. The positive feedback between focused sedimentation and flexural 

subsidence leads to the creation of a previously unrecognized type of basin that we term 

“flexural strike-slip basin”. We test our hypothesis by (1) numerical forward modeling of a 

strike-slip system subjected to asymmetric sedimentation, and (2) seismic reflection 

interpretation from the East Andaman Basin (EAB) in the Andaman Sea (Indian Ocean).  

 

Figure 4.1 (A) Andaman Sea map. ASSC—Andaman Sea spreading center; ABCF—Andaman Basin Central fault; 

EAB—East Andaman Basin. (B) Depth to the top of the basement in two-way travel time. (C) Seismic data of the EAB. 

See B for profile location. (D) Depth interpretation of C. (E) Modeled basin. Post-tectonic sediment is computed by 

adding basement subsidence from 5 to 10 m.y. to the topography at 5 m.y. 
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4.2 Geological setting of the Andaman Sea 

 During the Cenozoic, the Andaman Sea formed a transtensional backarc basin when India 

coupled with western Myanmar (Curray, 2005). Multiple strike-slip faults exist in the region, 

including the active, dextral, Sagaing fault (Fig. 4.1; 18 mm/yr: Vigny et al., 2003; Maurin et 

al., 2010) in the northeast of the Andaman Sea that connects southwestward to the Andaman 

spreading center (Curray, 2005). South of the Sagaing fault is the inactive Andaman Basin 

Central (strike-slip) fault (ABCF; Morley, 2016, 2017; Mahattanachai et al., 2021).  

The Andaman Sea’s transtensional motion led to subsidence and a submarine environment, 

causing the area to act as a sediment trap. Fault trends suggest the region near the ABCF expe-

rienced WNW-ESE extension in the Oligocene that shifted to NNW-SSE transtensional strike-

slip motion during the early to mid-Miocene (lasting ∼5 m.y.; Morley, 2017). The ABCF fol-

lows a previous necking zone of hyperextended continental crust (7–10 km thick; Morley, 

2017; Mahattanachai et al., 2021). During strike-slip motion, the easterly Mergui Ridge was 

partially subaerial and, along with peninsular Thailand, acted as an asymmetric clastic sediment 

source for the EAB located along the ABCF (Mahattanachai et al., 2021).  

The geometry of the EAB in relation to the ABCF is described in detail by Mahattanachai et 

al. (2021), who concluded that the long (>200 km), deep (>4 km), westward-thickening basin 

on the east side of the sub-vertical fault did not fit classic extensional or pull-apart basin 

characteristics. 

 

4.3 Model setup and evolution 

We reproduce the key aspects of the ABCF region, namely that of a submarine environment, 

thin lithosphere, and asymmetric sedimentation, using a viscoplastic 100 × 8 × 120 km (X, Y, 

Z) three-dimensional box model via a two-way coupling of the tectonic code ASPECT (https:// 

aspect.geodynamics.org, version 2.3.0-pre, commit 886749d) (Figs. 4.2B and 4.2C; 

Kronbichler et al., 2012; Heister et al., 2017; Glerum et al., 2018; Bangerth et al., 2019; Text 

C.1 in the Supplemental Material) and the surface-processes code FastScape 

(https://fastscape.org) (Braun and Willett, 2013; Yuan et al., 2019b, 2019a; Text C.2). We 

assume that a previous extensional event left the region submarine with thinned, 40-km-thick 

lithosphere. The model is initialized with 4 km of upper crust, 4 km of lower crust, 32 km of 

mantle lithosphere, and 80 km of asthenosphere (Fig. 4.2B; Fig. C.1 in the Supplemental 

Material). The eastern boundary (right edge in Fig. 4.2B) has no slip in any direction, the 

western boundary (left edge in Fig. 4.2B) has no slip in the Z direction, 20 mm/yr in the Y 

direction to induce strike-slip motion, and is given a small (0.2 mm/yr) extensional component 

in the X direction that helps avoid bending-induced compression but does not affect the 

presented results (Fig. C.2). To simulate an infinitely long strike-slip fault with minimal along-

strike variation, the northern and southern boundaries are periodic, in that any material 

advected out of the northern boundary will flow into the model from the southern boundary, or 

vice-versa. The initial lithostatic pressure at a reference location is prescribed on the bottom 

boundary to allow for outflow in response to sedimentation. The strike-slip fault forms self-

consistently above an initial perturbation of the lithosphere-asthenosphere boundary (10% 

reduction of lithosphere thickness) in the center of the model that acts as a weak zone for 
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deformation to localize. Accumulated plastic strain over an interval of 0–1 weakens the angle 

of friction from an initial value of 30° to a final value of 7.5°, promoting brittle localization. 

The surface-processes code FastScape is coupled to the top of the tectonic model (Text C.3). 

The model is submarine and sediment is transported via diffusion with a coefficient of 500 

m2/yr, consistent with open-marine environments in previous modeling studies (Rouby et al., 

2013). Sediment is supplied to the domain in two ways: (1) the entire surface experiences 0.2 

mm/yr of pelagic and/or hemipelagic “sediment rain” sedimentation; and (2) ghost nodes (Fig. 

4.2A) at the eastern boundary are uplifted each time step to prescribe a constant sediment flux 

of 40 m2/yr, mimicking an off-model sediment source similar to the Mergui Ridge for the EAB. 

The models are run for 10 m.y., where the first 5 m.y. represent the syn-tectonic stage with 

strike-slip motion and sedimentation to mimic the ∼5 m.y. during which the ABCF was active. 

The final 5 m.y. constitute the post-tectonic stage with no prescribed motion or sediment 

supply, although sediment transport continues (for setup details, see Text C.4). 

 

4.4 Reference model results 

In the reference model, strain localizes on a vertical fault near the model center (at ∼0.5 m.y.; 

Fig. 4.2C). Both sides of the fault subside due to the influx of sediment, with the eastern side 

Figure 4.2 (A) Surface-processes model at 4.75 m.y. and 2× vertical exaggeration. Sediment (beige) is the area between 

topography (dash-dot line) and basement (solid black line). Ghost nodes (gray) are a single cell-size (1 km in X and Y) 

layer surrounding the surface processes model implemented for periodic advection along the Y direction and to control 

sedimentary side input, surround the surface model and do not interact with the tectonic model. (B) Initial tectonic 

setup. Colors represent composition; white isotherms represent temperature distribution. Arrows indicate total 

velocity magnitude. The northern and southern boundaries are periodic, indicating that material flow out one 

boundary will become inflow on the opposing boundary. LAB—lithosphere-asthenosphere boundary. (C) Cross 

sections of the top 30 km of the tectonic model along S-S′ in B showcase the formation of a flexural strike-slip basin in 

response to sedimentation. Subsidence rate at the Moho is indicated in red. See Movies C.1 and C.2 in the Supplemental 

Material. 
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sinking faster (1.0 versus 0.4 mm/yr at 4.75 m.y.). By 5 m.y., the eastern side has subsided 

more than the western side (3.6 versus 1.0 km), rotating the strike-slip fault to subvertical. After 

strike-slip motion and sedimentation have ceased, the subsidence rate declines to 0.08 mm/yr 

as the sediment hill at the eastern boundary is distributed across the surface. By 10 m.y., both 

sides have subsided another 0.4 km, showing a synformal thickening geometry along the fault.  

The model indicates that a flexural strike-slip basin emerges due to sedimentation above thin 

lithosphere close to a strike-slip fault, wherein the fault acts as a weak zone where subsidence 

focuses. In contrast to classical half-graben or pull-apart geometries, these basins form without 

a significant extensional component (i.e., without crustal thinning as seen in pull-apart basins). 

 

4.5 Controls on flexural strike-slip basin formation 

To test controls on flexural strike-slip basin formation, we ran a series of models varying in 

sedimentation rate, lithospheric thickness, and fault strength. Sedimentation rate was changed 

by altering the eastern-side influx from 0 (i.e., only sediment rain) to 60 m2/yr (Figs. 4.3A–D). 

With no lateral input, both sides subsided evenly, forming a synformal basin that is thickest at 

the fault (Fig. 4.3A). This suggests that reference-model basin asymmetry is affected primarily 

by sedimentation and not by the initial perturbation. At higher lateral input, the eastern side 

subsided more, from a maximum basement deflection of 0.9 km with no input to 5.7 km for 60 

m2/yr of input (Fig. 4.3D). The western side shows a less-pronounced deflection with higher 

sediment input (0.8–1.6 km), suggesting either that the sides are not fully decoupled or that 

more sediment reached the western side. 

The effects of varying the lithospheric thickness from 60 to 30 km (Figs. 4.3E–H) reduce the 

basement flexural deflection on the eastern side of the fault from 4.6 km at 30 km to 1.4 km at 

60 km, suggesting that deep flexural basins are unlikely to form in regions with thick 

lithosphere. 

The final key variable is friction-angle weakening (Figs. 4.3I–L). This shows that fault strength 

affects flexural subsidence (4.2 versus 3.3 km deflection at 99% and 25% weakening, 

respectively), suggesting that regions with no weakening or without strike-slip motion (Fig. 

C.3) would experience much less subsidence. Further, weak faults promote lithospheric decou-

pling and basin asymmetry related to asymmetric sedimentation. 

 

4.6 Flexural strike-slip basins in the Andaman Sea  

Seismic data suggest that the EAB is an asymmetric basin that spans both sides of the ABCF 

(Mahattanachai et al., 2021). On the western side, basin thickness is fairly uniform (1–2 km; 

Fig. 4.1D). Along the fault on the eastern side, the basin is substantially thicker (∼5 km) and 

thins eastward toward the sediment source areas of the Mergui Ridge and peninsular Thailand. 

The Gulf of Moattama Basin formed along the active Sagaing fault and is a more ambiguous 

example where a deep (>10 km) depocenter formed in the past ∼6 m.y., although strike-slip 

fault activity in the area probably dates to the Oligocene (Morley and Arboit, 2019). Although 

a gentle releasing-bend geometry is present in the offshore fault trace, the basin did not undergo 

dramatic subsidence until the latest Miocene–Pliocene, when a major transgression followed 

structural uplift and inversion of basins onshore (e.g., Morley and Alvey, 2015). We suggest 



 

56 

 

the axial sediment influx along the Gulf of Moattama Basin resulted in the flexural strike-slip 

mechanism enhancing the effects of the fault geometry. 

The primary requirement for flexural strike-slip basin formation is weak or thin lithosphere and 

high sedimentation rates. There are two basin types, controlled by the sedimentation pattern: 

(1) symmetric, where both sides receive a similar sediment load (Fig. 4.3A); and (2) 

asymmetric, where the two distinct basin sides subside at different rates dependent on the 

sediment load they receive (Fig. 4.3C). In both types, the maximum flexure and basin depocen-

ter occur along the fault trace and the basin thins strike-perpendicularly.  

The Andaman Sea provides likely examples for each flexural strike-slip basin type: 

(1) The Gulf of Moattama Basin, where northern axial sedimentation provided even sedi-

mentation to each side of the fault and formed a symmetric flexural basin. While sedimentation 

was not purely uniform, a synformal geometry developed centered along the fault zone, as in 

Figure 4.3A. 

(2) The EAB (Fig. 4.1D), where perpendicular sedimentation from the east forced greater 

flexure on the eastern side of the fault, forming an asymmetric flexural basin. The EAB and 

reference model basin both have a change in sediment thickness across the fault and basin 

thinning toward the sediment source. Furthermore, basin thicknesses (excluding post-tectonic 

Figure 4.3 Modeled basin formation when subject to variable sediment input (A–D), lithosphere thickness (E–H), and 

fault weakening (I–L). Dashed lines along Z = 0 show initial model elevation. Total sedimentation is sediment thickness 

assuming an even distribution across the model. 
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sediment) along the fault’s eastern side (4.5 versus 5.2 km in the model and EAB, respectively) 

and western side (1.8 versus 1.3 km) are comparable between the model and the basin. 

Despite the similarities, there are discrepancies between the modeled basin and the EAB. 

Eastward thinning of the sediment layer is less pronounced in the model. Given that the 

basement slope is affected by the lithosphere thickness and sediment load, three possible 

explanations are: 

(1) The ABCF is capped by a regional unconformity with the post-tectonic sediments 

(Srisuriyon and Morley, 2014; Morley, 2017), and the fault may have received more sediment 

while active than expected from the seismic data. 

(2) Given that the fault formed within a necking zone and the lithosphere thickness is not well 

constrained, the lithosphere may have varied spatially (rheologically or in thickness) and been 

thinner than the 40 km value used here. 

(3) A more significant syn-strike-slip extensional component would have further deepened the 

basin along the fault (Sobolev et al., 2005). 

Also, our models do not consider basin translation with strike-slip motion. This is justified by 

comparison with the EAB, where the thicker eastern basin is located on the same side as the 

Mergui Ridge and is not affected by the translation. For the western basin, the ∼350-km-long 

Mergui Ridge is longer than the total dextral strike-slip translation of ∼90 km from the early 

to mid-Miocene. 

We focused on the Andaman Sea, but the key requirements for flexural strike-slip basins—thin 

lithosphere, focused sedimentation, and a weak fault—are possibly also met in the New Guinea 

Basin in the Bismarck Sea (southwestern Pacific Ocean; Fig. C.4; Martinez and Taylor, 1996) 

and the Yinggehai Basin in the South China Sea (Fig. C.5; Clift and Sun, 2006), although new 

seismic data are needed to test this. Another candidate is the Navassa Basin in the Jamaica 

Passage (Caribbean Sea; Fig. C.6; Corbeau et al., 2016), an asymmetric strike-slip basin that is 

not located between offset segments. The basin likely formed during strike-slip motion and 

does not contain older sedimentary units found in nearby basins along the fault. 

 

4.7 Conclusion 

Our study suggests a new class of flexural basins that form along strike-slip faults. These basins 

are characterized by a fault-parallel depocenter and sediment that thins strike-perpendicularly. 

The basins can be classified in two types, which are both represented in the Andaman Sea: (1) 

symmetric flexural basins, where axial sedimentation causes a synformal shape, as seen in the 

Gulf of Moattama Basin; and (2) asymmetric flexural basins, where asymmetric sedimentation 

forces one basin side to subside more than the other, as seen in the EAB. 

Flexural strike-slip basins form due to a strike-slip fault that acts as a weak zone facilitating 

differential subsidence due to sediment loading. The fault decouples the lithosphere sides, 

allowing them to respond independently to the sediment load they receive, determining basin 

symmetry. For a flexural strike-slip basin to form, two criteria must be met: the strike-slip fault 

must (1) cut through thin lithosphere, and (2) be subjected to a sufficient tectonic load. 
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Chapter 5 : Discussion 
 

This thesis explores the evolution of plate boundaries with a focus on three topics: 1) The 

temporal evolution of rift fault networks in response to varying levels of surface processes 

efficiency, 2) the linkage of offset rift zones and the formation of continental microplates, and 

3) the formation of a new type of flexural strike-slip basin due to surface processes along active 

strike-slip faults. The following sections connect these studies and discuss how spatio-temporal 

changes in the efficiency of may affect plate boundaries and their geological features on a large 

three-dimensional scale.  

 

5.1 Rifts and surface processes 

Chapter 2 investigates rift evolution in response to surface processes by quantitatively tracking 

faults and their properties through time. From this, three primary conclusions can be drawn:  

1) The rift fault system evolves according to five distinct temporal phases (e,g, Fig. 2.3) that 

correlate to structural domains observed along rifted margins (Fig 2.10). These phases occur 

regardless of numerous factors such as the rift type (e.g., whether the rift is wide or narrow) 

and the efficiency of surface processes, supporting the hypothesis that structural domains can 

be widely applied to rifted margins (e.g., Chenin et al., 2021).  

2) The formation of asymmetric rifted margins through rift migration occurs due to an 

exhumation zone (Brune et al., 2014) that includes low-angle slip along detachment faults (Fig. 

2.9). Surface processes promote and extend this migration by enhancing crust hyperextension 

(Buiter, 2021). 

3) The efficiency of surface processes in 2D rift models affects phase transitions (e.g., 

serpentinization is unlikely to occur with high surface processes efficiency), fault networks 

(e.g., low surface processes efficiency results in more complex faulting), and the timing of 

tectonic phases (e.g., continental breakup is delayed with greater surface processes efficiency) 

without changing the general evolution of the rift. 

The third chapter looks into the broader evolution of rifts in 3D, investigating how offset rift 

segments connect and under what conditions structural features known as a continental 

microplates form. I find that rift linkage can be broadly attributed to four separated regimes: 1) 

oblique connection, 2) strike-slip connection, 3) microplate formation, and 4) no linkage (Fig 

3.6). The linkage type for offset rift segments is influenced by the initial strike-perpendicular 

offset of the segments and the crustal strength (see also, Tentler and Acocella, 2010; Allken et 

al., 2012; Le Pourhiet et al., 2017), such that rifts connect by regime 1 at low offsets (<100 km) 

and don’t connect (regime 4) with large offsets. The crustal strength influences how effectively 

faults accommodate extension, where stronger crusts result in more focused rifting and promote 

oblique or transform connections. From this, I find that intermediate offsets (>300 km) in 

weaker crustal setups promote rift overlap and the formation of continental microplates like 

the Flemish Cap (Fig. 3.8) and Sao Paulo Plateau (Fig. 3.9) seen along rifted margins. 

Although Chapter 3 does not include surface processes, I can use the findings from Chapter 2 

to speculate on potential effects of surface processes on rifting in 3D. In Chapter 2 I find that 
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the erosional efficiency of surface processes increases the lifespan of individual faults which 

in turn reduces the fault network complexity, increases the likelihood of serpentinization, and 

delays continental breakup. Two main questions arise when trying to understand how a 3D 

system may respond to surface process: 1) How would loading and temperature changes related 

to erosion and the deposition of sediment impact an evolving offset 3D rift system? 2) How 

might spatial variability in the erosional efficiency along-strike of a rift influence the system?  

For the first question, erosion and the deposition of sediment may promote or impede rift 

propagation and linkage. In Chapter 3 I suggest that one of the key parameters in determining 

how offset rift segments link is the crustal strength because stronger crust helps to focus rift 

deformation (Fig 3.7). Loading of a fault’s hanging wall promotes fault localization (Maniatis 

et al., 2009), suggesting that generally sedimentation should help focus deformation and 

increase the likelihood of oblique or transform rift linkage. However, changes to the geotherm 

from sediment deposition may also play a temporally changing role on the effective strength. 

Initially, the deposition of cold sediment will strengthen the crust and promote hard linkage. 

Over time sediment blanketing (Allen and Allen, 2013) will warm and weaken the crust 

promoting rift overlap. Because of these factors, not only the amount of sediment may 

influence 3D rift evolution, but also the sediment deposition time. 

On the second question, the effects of surface processes on rift systems related to changes to 

the efficiency may become more important in 3D. Chapter 2 varies the surface processes 

efficiency between models but assumes the efficiency and the resulting sediment load, and to 

a lesser extent the topographies, are homogeneous along-strike. As such, these models don’t 

account for how a rift evolves along-strike if different portions of the rift receive different 

sediment loads. One of the primary influences of surface processes are that they delay 

continental breakup with increasing efficiency. Given variability along-strike of a rift, different 

portions of a rift may reach breakup significantly quicker than others. Additionally, the models 

in Chapter 2 do not include the process of serpentinization but suggest it would occur in 

sediment-starved margins. As serpentinization may increase low-angle slip during rift 

migration (Reston and Pérez-Gussinyé, 2007; Lymer et al., 2019), this could further exaggerate 

the differences in rift evolution between regions with high or low surface processes efficiency. 

For 3D rift systems this change in rift migration mechanics and to the continental breakup 

timing along-strike of a rift because of surface processes may be important in how the overall 

system evolves. 

An important factor to consider when speculating on the effects of surface processes in a 3D 

system is what may cause along-strike variations in the efficiency of surface processes, and 

how likely they are at the spatial scales used to investigate 3D rift systems and rift linkage. 

Chapter 2 describes surface processes efficiency through the bedrock erodibility (Kf) which 

encompasses multiple different factors like the rock lithology and the climate (Whipple and 

Tucker, 1999). Rock lithology can vary at scales smaller or similar to those used to model 3D 

rift systems (e.g., features like batholiths or geologic provinces). Regional climates depend on 

nearby topographic features such as mountain ranges and bodies of water and can vary through 

time and spatially at scales of hundreds of kilometers (Beck et al., 2006), similar to those used 

to investigate rift linkage. Thus, it is possible that due to changes in the climate and rock 

lithology along-strike of a rift, different portions may be subjected to different efficiencies of 

erosion and deposition. Regions subjected to low efficiency will reach breakup significantly 



 

61 

 

quicker than those with greater efficiency, possibly altering the geometries of evolving rifts 

and linking rift segments. 

The results of Chapter 2 and Chapter 3 suggest that while surface processes do not drastically 

change the overall rift evolution in 2D systems, their influence may become more significant 

in a three-dimensional context. Sediment loading and the related changes to the geotherm may 

initially promote rift linkage, but over time may instead promote rift overlap. Differences in 

the efficiency of surface processes because of changes to the rock lithology or climate along-

strike of an evolving rift may change when certain segments of a rift reach continental breakup, 

possibly influencing how rifts propagate, evolve, and link. In the future it will be vital to 

explore fully three-dimensional model including surface processes and climate variability to 

investigate the spatial and temporal effects of surface processes on an evolving three-

dimensional rift system. 

 

5.2 Strike-slip plate boundaries and surface processes 

Chapter 4 investigates how an active strike-slip fault responds to a sediment load from varying 

levels of sedimentation. The results suggest that a strike-slip fault acts as a weak zone that 

allows flexural subsidence given a sufficient tectonic load, and that sediments alone can 

generate enough force for flexure. The generated accommodation space promotes sediment 

deposition in the region, intensifying the effects and forming a flexural strike-slip basin. I find 

that the size and whether a basin forms depends on three factors: 1) the lithosphere thickness, 

2) the sediment load, and 3) the weakness of the fault (Fig 4.3).  

The Andaman Sea off-coast of Thailand provides likely examples of two flexural strike-slip 

basins: a basin that is symmetric across (strike-perpendicular) the strike-slip fault (Gulf of 

Moattama; Morley and Alvey, 2015; Morley and Arboit, 2019) and a basin that is asymmetric 

across the fault (East Andaman Basin, Fig 4.1; Mahattanachai et al., 2021). Observations 

suggest that the reason for the two types of basins relate to the orientation of the sediment 

supply relative to the strike-slip fault, with the Gulf of Moattama Basin primarily receiving 

sediments parallel to the fault, and the East Andaman Basin receiving sediments 

perpendicularly from the eastern side of the fault (Mahattanachai et al., 2021). The models here 

agree with this interpretation and suggest that a strike-slip fault allows each side of lithosphere 

to respond relatively independently based on the sediment load it receives.  

The study presented in Chapter 4 investigates strike-slip basin formation with an emphasis on 

variability in the orientation and size of the sediment supply, but another important factor to 

consider is strike-perpendicular variability in the lithospheric thickness. The East Andaman 

Basin is thought to have formed within a former rift necking zone (see Fig. 1.2a; Morley, 2017; 

Mahattanachai et al., 2021), which would suggest that the fault likely formed within the 

thinnest portion of the lithosphere, and the lithosphere thickens away from the fault. In Chapter 

4 I show that thinner lithosphere results in more subsidence from the same sediment load and 

a larger basin. However, given variable lithosphere thickness it may be important to determine 

whether the average thickness of the lithosphere, or the thickness near the fault is more 

important, as this may influence the resulting basin geometry. 

Additionally, in the later stages of the models with large sediment loads, subsidence and 

faulting occurs near the model boundaries. If the lithosphere becomes thicker and stronger near 
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the domain borders, it may become less likely for faulting and subsidence to occur in these 

areas and may focus even greater subsidence near the strike-slip fault. Thus, depending on how 

strike-perpendicular variation in lithosphere thickness affect strike-slip flexure, it has the 

potential to either inhibit or promote flexural strike-slip basin formation and needs to be further 

investigated. 

The models presented in Chapter 4 are three-dimensional but thin enough (8 km) that along-

strike variations do not develop. In nature, strike-slip faults vary along-strike and can consist 

of multiple offset segments. While the East Andaman Basin is a laterally extensive feature 

(Mahattanachai et al., 2021), suggesting that the results should apply in larger model domains 

that include such variations, I do not include or investigate how additional structures commonly 

associated with strike-slip boundaries respond to variations in surface processes. Two common 

geological structures that would be interesting to investigate in a context with surface processes 

are 1) compressional flower structures that form at restraining bends between offset segments 

(McClay and Bonora, 2001), and 2) extensional pull-apart structures that form at releasing 

bends between offset segments (Mann et al., 1983). As we find that faults in rift zones and 

interacting segments are influenced by the crustal strength, which in turn is affected by erosion 

and sediment deposition, the inclusion of surface processes in large strike-slip models may 

affect segment interaction and the resulting geological structures. For example, greater crustal 

strength is shown to promote the connection of rift segments (Chapter 3). If this occurs 

similarly in strike-slip segments, offset segments may connect earlier with greater surface 

processes efficiency, which could effectively end a pull-apart basin (van Wijk et al., 2017). 

Further investigating how strike-slip faults respond to erosion and deposition, and how this 

affects the larger scale interaction between offset strike-slip segments and their features will be 

important in understanding how strike-slip boundaries evolve through time. 



 

63 

 

Chapter 6 : Conclusions 
 

In this thesis I aimed to explore two primary questions: 1) How do divergent and strike-slip 

plate boundaries evolve? 2) How is this evolution affected by erosion and deposition?  

1a) In two-dimensional models, the fault system of a rift evolves according to five separate 

phases: phase 1) distributed deformation and coalescence, phase 2) fault system growth, phase 

3) fault system decline and basinward localization, phase 4) rift migration, and phase 5) 

continental breakup (Fig 2.3). These phases are seen regardless of the rift type (e.g., wide, 

symmetric, or asymmetric) and efficiency of surface processes, and correlate well to structural 

domains (Fig 2.10) seen in seismic data along rifted margins (e.g., Lymer et al., 2019). 

1b) In large three-dimensional models, rift zones at divergent boundaries interact and connect 

depending on two primary factors: the strike-perpendicular offset and the crustal strength. The 

segments propagate forward and connect through either regime 1) an oblique segment, 2) a 

strike-slip segment, 3) by overlapping and rotating the central region between the segments 

before an eventual rift jump connects them, or 4) no linkage occurs (Fig 3.6). By increasing 

the strike-perpendicular offset, the rifts propagate farther forward before interacting enough to 

connect, causing them to link at higher angles until eventually the rifts are far enough apart that 

they overlap before connecting. As such, by increasing the strike-perpendicular offset the 

connection type switches from regime 1) to 4). The crustal strength influences how well 

deformation localizes in the rifts; stronger crust promotes this localization and causes rift 

segments to interact more strongly at a given offset. Conversely, weak crust reduces rift 

segment interaction and promotes forward propagation, increasing the angle of the linking 

segment given the same strike-perpendicular offset. In essence, crustal strength affects the 

offset range at which each rift linkage type occurs, where with weak crust smaller offsets are 

needed for rift overlap. 

The type of rift connection affects the structural features seen along rifted margins. An oblique 

segment would leave an oblique margin, a strike-slip segment may form large fracture zones 

like those seen in the Atlantic (e.g., Florianopolis Fracture Zone; Fromm et al., 2015). When 

the rift segments overlap and rotate the central region, they create an active continental 

microplate similar to the Victoria Microplate in the East African Rift System (Glerum et al., 

2020). Eventually, through the connection of the segments, the microplate stops rotating and 

becomes attached to one side of the rift margin, leaving behind features like the Flemish Cap 

(Fig. 3.8; Welford et al., 2012) or Sao Paulo Plateau (Fig. 3.9; Scotchman et al., 2010).  

1c) Along strike-slip boundaries, a large sediment load can force flexure and subsidence 

forming a new type of feature as seen in the Andaman Sea (East Andaman Basin; 

Mahattanachai et al., 2021): the flexural strike-slip basin (Fig 4.1). The geometry and size of 

this basin depends on the orientation of sedimentation, amount of sediment, lithosphere 

thickness, and weakness of the strike-slip fault. A weak strike-slip fault is needed to act as a 

weak zone for tectonic related subsidence to focus, and the weaker the fault the greater the 

amount of subsidence. The lithosphere thickness and sediment load impact the total basin 

thickness, where a larger sediment load promotes subsidence, and a thicker lithosphere impedes 

subsidence such that a relatively thin lithosphere is needed for a basin to form. The orientation 

of sedimentation influences basin symmetry. A sediment supply parallel to the fault will 
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relatively uniformly distribute sediment on both sides of the fault causing symmetric 

subsidence across the fault. On the other hand, if sediment input is dominantly from one side 

like in the East Andaman Basin, the fault works to decouple the two sides of lithosphere and 

each subsides based on the sediment it receives. This asymmetry is more pronounced given a 

weaker fault. 

2a) Based on the 2D divergent models in Chapter 2, erosion and deposition influence fault 

properties and lengthen the different phases a rift progresses through (Fig. 2.4). Generally, 

greater surface processes efficiency increases the lifespan of a fault (e.g., Andrés-Martínez et 

al., 2019). This results in less frequent fault formation, and affects the number, length, and 

displacement of active faults in the fault network. During the evolution of a rift, the fault 

network progresses through the five phases described previously in point 1a). The addition of 

surface processes causes both phases 2 and 4 to last longer, as such the overall effect of 

increasing surface processes efficiency on rift evolution is to delay continental breakup.  

2b) The efficiency of surface processes is impacted by rock lithology and the climate (Whipple 

and Tucker, 1999), both of which vary on scales relevant to an evolving 3D rift system. This 

could lead to along-strike variability in the sediment supply, which may temporally influence 

how well deformation localizes in a rift impacting how rifts propagate and link. Changes to the 

surface processes efficiency along-strike would also affect the rate at which different portions 

of a rift progress through the five fault-system phases towards continental breakup, possibly 

influencing the overall geometry of the rifted margin.  

2c) Surface processes also influence the structures that form at plate boundaries. At divergent 

boundaries, greater surface processes efficiency results in fewer faults and less complex margin 

architecture. The particular mechanisms active during rifting are also affected by surface 

processes, for example the process of serpentinization during rift migration is only likely to 

occur in sediment-starved margins (Fig. 2.9). By coupling tectonic models to surface processes, 

models can generate sedimentary basins and unconformities to compare to geological 

structures such as rift and sag basins, rift unconformities, and angular unconformities along 

divergent boundaries (Fig 2.2), and flexural strike-slip basins along strike-slip boundaries (Fig 

4.1). 
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A.  Supplementary material for Chapter 2 
 

Summary 

In this supplementary material, we provide 3 tables detailing the parameters for setting up the 

ASPECT model (Table A.1), FastScape model (Table A.2), and for the different phase timings 

(Table A.3). We include 7 figures that compare the x-extension held on the tracked fault system 

along a depth contour to the extension prescribed as a boundary condition (Fig. A.1), the 

amount of fault slip held on active faults vs. the entire fault system, as well as information on 

how the graphs were processed (Fig. A.2), and comparisons on the number of faults in the 

system over time for different models (Fig. A.3, A.4, A.5, and A.7).   

 

Figure A.1 Figure comparing extension held on the tracked fault system vs. the amount of extension prescribed by the 

boundary conditions. The dashed line at 10 mm/yr represents the extension prescribed at the model boundaries. The 

solid black line shows the cumulative extension (X slip rate) of all faults along the 6 km depth contour. In an idealized 

model where all deformation is accommodated by major faults, both lines should coincide. Practically, however, there 

is a varying degree of deformation that is accommodated within fault blocks and in small faults that are not accounted 

for by the analysis. This comparison illustrates that deformation is localized on major faults during phase 2 and 3, 

while the other phases involve a larger degree of off-fault deformation. 
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Figure A.2 Comparison between the cumulative total slip held by all tracked faults (red) vs. the cumulative total 

slip held by the active faults (black). When plotting the fault property evolution in a time series the values may 

change rapidly because of our approach to employ thresholds on fault size and plastic strain. To reduce the noise 

and increase graph readability, the graphs are post-processed in a way that does not affect the presented results. 

First, all graphs are plotted at 100 kyr intervals. Second, when plotting active fault properties, for a fault to be 

considered active it had to be active the previous timestep (10 kyr earlier) as well as the current timestep. To 

showcase how our processing affects the results: A) Plotting every 10 kyr data point available. B) Plotting data 

every 100 kyr, such as in figures 2.3, 2.5, 2.7, and A.1. C) Averaging the 100 kyr points from B over 5 points (500 

kyr), such as in figures 2.4, 2.6, 2.8, A.3, A.4, A.5, and A.6. 
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Figure A.3 Number of active faults in wide rift models with varying levels of sedimentation. Phases are indicated 

by colors, with phase 1 (red), phase 2 (orange), phase 3 (yellow), and phase 5 (purple). 
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Figure A.4 Total number of faults in wide rift models with varying levels of sedimentation. Includes active and 

inactive faults. Phases are indicated by colors, with phase 1 (red), phase 2 (orange), phase 3 (yellow), and phase 5 

(purple). 
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Figure A.5 Total number of faults in asymmetric rift models with varying levels of sedimentation. Includes active 

and inactive faults. Phases are indicated by colors, with phase 1 (red), phase 2 (orange), phase 3 (yellow), and 

phase 5 (purple). 
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Figure A.6 Total number of faults in symmetric rift models with varying levels of sedimentation. Includes active 

and inactive faults. Phases are indicated by colors, with phase 1 (red), phase 2 (orange), phase 3 (yellow), phase 4 

(green) and phase 5 (purple). 
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Parameter Symbol Units Sediment Upper 

crust 

Lower 

crust 

Lithospheric 

mantle 

Asthenosphere 

Reference 

surface 

density* 

⍴0 kgm-3 2520 2700 2850 3280 3300 

Thermal 

expansivity 

α K-1 3.7·10−5 2.7·10−5 2.7·10−5 3.0·10−5 3.0·10−5 

Thermal 

diffusivity 

κ m2 s-1 7.28·10−7 7.72·10−7 7.31·10−7 8.38·10−7 8.33·10−7 

Heat capacity Cp J kg-1 

K-1 

1200 1200 1200 1200 1200 

Heat 

production 

H W m-

3 

1.2·10−6 1.0·10−6 0.1·10−6 0 0 

        

Cohesion C Pa 5·106 5·106 5·106 5·106 5·106 

Internal 

friction angle 

(unweakened) 

ɸ ◦ 26.56 26.56 26.56 26.56 26.56 

Plastic strain 

weakening 

interval 

- - [0,1] [0,1] [0,1] [0,1] [0,1] 

Plastic strain 

weakening 

factor 

ɸwf - 0.25 0.25 0.25 0.25 0.25 

Viscous strain 

weakening 

interval 

- - [0,1] [0,1] [0,1] [0,1] [0,1] 

Viscous strain 

weakening 

factor 

- - 0.25 0.25 0.25 0.25 1.0 

Creep properties   Wet 

quartzite 

Wet 

quartzite 

Wet 

anorthite 

Dry olivine Wet olivine 

Stress exponent 

(dis) 

n - 4.0 4.0 3.0 3.5 3.5 

Constant 

prefactor (dis) 

Adis Pa-ns-

1 

8.57·10-28 8.57·10-

28 

7.13·10-

18 

6.52·10-16 2.12·10-15 

Activation 

energy (dis) 

Edis Jmol-

1 

223·103 223·103 345·103 530·103 480·103 

Activation 

volume 

(dis) 

Vdis m3 

mol-1 

0 0 38·10-6  18·10-6 11·10-6 

Constant 

prefactor (diff) 

Adiff Pa-1s-

1 

5.79·10-19 5.79·10-

19 

2.99·10-

25 

2.25·10-9 1.5·10-9 

Activation 

energy (diff) 

Ediff Jmol-

1 

223·103 223·103 159·103 375·103 335·103 

Activation 

volume (diff) 

Vdiff m3 

mol-1 

0 0 38·10-6  6·10-6  4·10-6  

Grain size (diff) d m 0.001 0.001 0.001 0.001 0.001 

Grain size 

exponent (diff) 

m - 2.0 2.0 3.0 0 0 

Table A.1 Reference parameter values. dis – dislocation creep. diff – diffusion creep. *Model input densities are scaled 

so that at surface temperatures (273 K) these values are reached.  
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Parameter Symbol Unit Value 

Drainage area exponent m - 0.4 

Slope exponent n - 1 

Bedrock/sediment diffusivity 𝐾𝑐 m2/yr 5·10−3 

Bedrock/sediment erodibility 𝐾𝑓 m0.2/yr 1·10−4, 1·10−5, or 1·10−6 

Bedrock/sediment deposition coefficient G - 1 

Marine diffusivity 𝐾𝑚 m2/yr 200 

Sand/shale ratio F - 1 

Sand/shale porosity φ - 0 

Sand/shale e-folding depth z m 0 

Depth averaging thickness L m 100 

Sediment rain - m/yr <10 Myr <20 Myr Until model end 

1·10−4 5·10−5 0 

Table A.2 Landscape evolution model parameters. 
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Model type Kf (m0.2 yr-1) Phase 1 Phase 2 Phase 3 Phase 4 Phase 5 

  start start duration (myr) start duration 

(myr) 

start duration 

(myr) 

start 

Asymmetric 0 0 <1 4 5 5 10 6 16 

Asymmetric 1e-6 0 <1 6 7 4 11 24 35 

Asymmetric 1e-5 0 <1 6 7 4 11 13 24 

Asymmetric 1e-4 0 <1 9 10 3 13 20 33 

       

Symmetric 0 0 <2 4 6 5 n/a 11 

Symmetric 1e-6 0 <2         5     7 6 n/a 13 

Symmetric 1e-5 0 <2 6 8 6 n/a 14 

Symmetric 1e-4 0 <2 6 8 10 n/a 18 

       

Wide 0 0 <1 13 15 5 n/a 20 

Wide 1e-6 0 <1 18 20 4 n/a 24 

Wide 1e-5 0 <1 18 20 4 n/a 24 

Wide 1e-4 0 <1 22 23 8 n/a 28 

Table A.3 Table showing the phase timings for all models. The start subcolumn indicates the model time that a phase 

started at. 
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B.  Supplementary material for Chapter 3 
 

Summary 

In this supplementary material, we provide a table detailing model parameters, as well as 

animations showcasing the evolution of the 1) oblique linkage (Regime 1, movie B.1), 2) 

transform linkage (Regime 2, movie B.2), 3) microplate formation (Regime 3, movie B.3), and 

rift jump without microplate (Regime 4, movie B.4) reference model evolutions discussed in 

the paper. We include 4 additional figures including an initial density profile (Fig. B.1), a larger 

model domain (900x900 km, Fig. B.2), and a regime diagram for varied lithosphere thickness 

and X-offset (Fig. B.3). Additionally, we include two models with a mantle plume where we 

vary the plume placement from the left to right side of the model. In the text we describe the 

model setup shown in Fig. B.4 and briefly cover the evolution of these models. Two additional 

animations showcase the evolution of these models (movies S5 and S6). All models were run 

using dealii version 9.1.1, and the ASPECT version with all model parameter files is found 

here: https://doi.org/10.5281/zenodo.4601188. 

 

Text B.1. 

To test the effects the arrival of a mantle plume has on microplate development, we setup a 

model similar to the reference microplate setup with an X- and Y- offset of 300 km, and a 

crustal strength ratio of 25 km upper crust to 10 km lower crust. The model depth is extended 

to 360 km and we place the plume center at 600 km in the X-direction and 300 km in the Y-

direction. The plume is prescribed as a Gaussian function on the bottom boundary, where a 

maximum velocity (0.4 m/yr), temperature anomaly (300 K), and radius (200 km) determine 

the size, inflow, and temperature of the plume (Figure B.1). The plume arrives in two phases: 

from 10-15 Myr plume inflow uses the above-mentioned parameters (plume head phase), with 

a volume flux of ~350 m3/s. From 15 Myr until the end of the model run, the maximum velocity, 

temperature anomaly, and radius are halved to mimic the plume stem, which in this case has a 

volume flux of 43 m3/s. The remainder of the bottom boundary is prescribed an inflow or 

outflow to conserve mass. To determine this value, we integrate the total inflow from the plume 

and subtract from this the outflow related to the side boundaries. Everywhere outside of the 

plume is given a velocity to balance the left-over flow. 

In the first 10 Myr, both rift arms propagate into undeformed crust and curve inward where 

overlap occurs (supplementary video B.5). This is followed by localization into the center of 

the rift valleys, leading to both rift arms having a ~225 km long orthogonal fault section with 

no overlap between the rifts, and ~170 km oblique sections with overlap. The plume head starts 

to rise through the model at 10 Myr and by 10.5 Myr has impinged on the lithosphere 

underneath the eastern rift arm. Plume material spreads to both sides, reaching the model 

boundary on the eastern side, and forming a channel of warm material flowing to the western 

rift on the other side. Both rifts migrate towards the boundaries. However, while the western 

rift has relatively symmetric spreading, the eastern rift migrates asymmetrically at a faster rate, 

leaving a thinned continental margin attached to the microplate. By 15 Myr, seafloor spreading 

has started at the northern boundary on the eastern rift. As asymmetric rift migration continues, 

the obliquity of the eastern rift’s overlapping segment increases from ~45°at 15 Myr to ~60° 
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at 21 Myr. Simultaneously, the center of rotation of the microplate migrates to the southwest 

until 21 Myr, at which time the eastern rift attaches to the southern boundary, and the western 

rift subsequently dies out.  

To test the effect of plume position on model evolution, we ran a separate simulation initially 

placing the plume on the western side at 300 km in the X- and 300 km in the Y-direction 

(supplementary video B.6). The model evolves similarly to the one with the eastern plume 

location, with the plume impinging and beginning to spread underneath the lithosphere by 10.5 

Myr. In this case, plume material is more localized in the western rift, and extension occurs at 

a faster rate compared to the eastern rift. As extension continues, the western rift propagates 

across the model domain faster, but remains relatively orthogonal while the eastern rift 

increases in obliquity. The center of rotation migrates to the northeast until ~23.5 Myr, when 

the western rift attaches to the northern model boundary, causing the microplate to attach to 

the eastern side. The eastern rift completely dies out by 24.5 Myr. Although the evolution 

remains similar, model plume placement is therefore an important factor in determining which 

rift takes over, and the side the microplate attaches to. 

  

Figure B.1 Initial density profile where colors indicate composition. 
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Figure B.2 Example of larger 900x900 (X and Y) microplate model which was given an initial X-offset of 400 km, Y-

offset of 300 km, crustal ratio of 25:10, and lithosphere thickness of 120 km (i.e. similar to models of Fig. 3.5 and 3.6h, 

but in a larger model domain). Orange line indicates the landward limit of oceanic crust. 
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Parameter Symbol Units Upper 

crust 

 

Lower 

crust 

 

Lithospheric 

mantle 

Asthenosphere 

Reference density ⍴0 kg m-3 2700 2850 3280 3300 

Thermal expansivity α K-1 2.7·10−5 2.7·10−5 3.0·10−5 3.0·10−5 

Thermal diffusivity κ m2 s-1 7.72·10−7 7.31·10−7 8.38·10−7 8.33·10−7 

Heat capacity Cp J kg-1 

K-1 

1200 1200 1200 1200 

Heat production H W m-3 0.7·10−6 0.2·10−6 0 0 

       

Cohesion C Pa 5·106 5·106 5·106 5·106 

Internal friction angle 

(unweakened) 

ɸ ◦ 26.56 26.56 26.56 26.56 

Strain weakening 

interval 

- - [0,1] [0,1] [0,1] [0,1] 

Strain weakening 

factor 

ɸwf - 0.1 0.1 0.1 0.1 

Creep properties   Wet 

quartzite 

Wet 

anorthite 

Dry olivine Dry olivine 

Stress exponent (dis) n - 4.0 3.0 3.5 3.5 

Constant prefactor 

(dis) 

Adis Pa-n s-1 8.57·10-28 7.13·10-18 6.52·10-16 6.52·10-16 

Activation energy (dis) Edis J mol-1 223·103 345·103 530·103 530·103 

Activation volume 

(dis) 

Vdis m3 

mol-1 

0 38·10-6  18·10-6 18·10-6 

Constant prefactor 

(diff) 

Adiff Pa-1 s-1 5.79·10-19 2.99·10-25 2.25·10-9 2.25·10-9 

Activation energy 

(diff) 

Ediff J mol-1 223·103 159·103 375·103 375·103 

Activation volume 

(diff) 

Vdiff m3 

mol-1 

0 38·10-6  6·10-6  6·10-6  

Grain size (diff) d m 0.001 0.001 0.001 0.001 

Grain size exponent 

(diff) 

m - 2.0 3.0 0 0 

Table B.1 Reference parameter values. dis – dislocation creep. diff – diffusion creep.

Figure B.4 Setup for the rift model including a mantle plume. The setup shows the initial state of the plume head 

phase, which runs from 10 to 15 My. a) Top view of bottom boundary excess temperature  𝚫𝑻 at 10 Myr when the 

plume is initially emplaced. b) Plume excess temperature 𝚫𝑻 (dashed red line) and the Z component of velocity 

𝑽𝒛(black line) along the transect CC’ in a. The gray box shades the area within the plume radius. 
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C. Supplementary material for Chapter 4 
 

Text C.1: ASPECT Methods 

C.1.1 Governing equations 

We perform numerical simulations of a 3D strike-slip system using the open source finite-

element code ASPECT (Advanced Solver for Problems in Earth’s ConvecTion, version 2.3.0-

pre, commit 886749d; Heister et al., 2017; Kronbichler et al., 2012; Rose et al., 2017; Bangerth 

et al., 2019). ASPECT solves the following incompressible conservation equations assuming 

an infinite Prandtl number (i.e., without the inertial term), 

                                                   −∇ · (2ηε ) + ∇P = ⍴𝐠 ,             (C.1) 

                                                                   ∇ ·  (𝐮) =  0 ,             (C.2) 

                           ρ̅Cp  (
∂T

∂t
+  𝐮 ·  ∇T ) − ∇  · k∇T = ρ̅H                          (C.3) 

                                                                                + αT (𝐮 ·  ∇P) , 

                                                                    
∂ci

∂t
+ 𝐮 ·  ∇ci  =  qi ,             (C.4) 

where equation (C.1) represents the conservation of momentum, with η the effective viscosity, 

ε  the deviator of the strain rate tensor (defined as 
1

2
(∇𝐮 + (∇𝐮)T)), 𝐮 the velocity, P the 

pressure, ⍴ the density, and 𝐠 gravity. Equation (C.2) describes the conservation of volume. 

Equation (C.3) represents the conservation of energy where ρ̅ is the reference adiabatic density, 

Cp the specific heat capacity, T the temperature, k the thermal conductivity, H the radiogenic 

heating, and α the thermal expansivity. As right-hand-side heating terms, we include 

radioactive heating and adiabatic heating, in that order. Finally, we solve the advection 

equation (C.4) for each compositional field ci (e.g., upper crust, lower crust, and accumulated 

plastic strain) with reaction rate qi nonzero only for the plastic strain field. 

 

C.1.2 Rheology 

We use a visco-plastic rheology (Glerum et al., 2018), which additionally includes plastic 

weakening based on accumulated plastic strain. In the viscous regime, we use a composite of 

diffusion and dislocation creep (Karato & Wu, 1993), formulated as: 

                    ηeff
diff|dis

=
1

2
A
diff|dis

−1

n dmε e

1−n

n exp (
(Ediff|dis + PVdiff|dis)

nRT
) ,                       (C.5) 

where A is a scalar prefactor, d the grain size, ε e the square root of second invariant of the 

deviatoric strain rate, E the activation energy, P the pressure, V the activation volume, R the 

gas constant, T the temperature, and n the stress exponent. For diffusion, n = 1 and the equation 

becomes independent of strain rate. For dislocation creep, the grain size exponent m vanishes, 

rendering dislocation creep independent of grain size. Values for A, E, V, and n used in our 

models are composition-dependent and can be found in supplementary Table C.1. 
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In the plastic regime, when viscous stresses exceed the yield stress, we use the Drucker-Prager 

yield criterion (Davis & Selvadurai, 2002). The effective plastic viscosity is given by 

                                                      ηeff
pl

=

6C cosɸ

√3(3−sinɸ)
+ 

6P sinɸ

√3(3−sinɸ)

2ε e
 ,                                              (C.6) 

where C is the cohesion and ɸ the internal angle of friction. The accumulation of plastic strain 

is tracked as a compositional field. This field is used to linearly weaken ɸ from an initial value 

of 30° to a final value of 7.5° over the accumulated plastic strain interval of 0 to 1. The time-

integrated value of the strain reaction rate qi is approximated as ε e ∙ dt when plastic yielding 

occurs (with dt the current timestep size).   

 

Text C.2: FastScape Methods 

FastScape is a landscape evolution code that changes the topographic surface through uplift, 

advection, the stream-power law, and hillslope diffusion (Braun & Willett, 2013). It can 

additionally deposit fluvial sediment (Yuan et al., 2019a) and include a marine component, 

which handles marine sediment (sand/silt) transport and deposition, and layer compaction 

based on sand/silt porosity (Yuan et al., 2019b). It uses a 2D horizontal mesh with a uniform 

resolution. For simplicity, we here assume that the entire model surface is submarine, with 

uniform properties (i.e., sand and silt transport coefficients are the same), and that there is no 

compaction (porosity is zero). Hence, FastScape deforms the surface through the uplift rate and 

marine diffusion equation only as                     

dh

dt
= 𝐔+ Km∇

2h ,                                                             (C.7) 

where h is the topographic elevation, 𝐔 the uplift rate and Km the marine sediment diffusion 

coefficient. 

 

Text C.3: ASPECT/FastScape coupling 

In this paper we use a two-way coupling of the tectonic ASPECT code and the landscape 

evolution FastScape code. For this coupling, a FastScape shared library is called by an 

ASPECT plugin to deform its surface as described in the previous section. The plugin has three 

main components: 1) Copy the surface height and velocity values from ASPECT. 2) Initialize 

and run FastScape at a resolution equivalent to or greater than the one used at the surface of 

ASPECT. If it is the first timestep of the tectonic model run, FastScape is initialized using 

height and velocity values from ASPECT. In subsequent timesteps, as FastScape runs 

separately and can be at a higher resolution than ASPECT, only the velocity values from 

ASPECT are transferred to FastScape. Before running FastScape, the initial topography values 

are saved. After running FastScape, the new and previous topography are compared to 

determine a nodal vertical (Z) velocity, 

𝐕𝐳 = 
hc− hp

dta
 ,                                                                 (C.8) 

where hp is the surface height at the start of the timestep (previous surface), and hf the surface 

height after FastScape has been run (current surface), and dta the ASPECT timestep. 3) Using 
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the overarching mesh deformation functionality (see Rose et al., 2017), the Z velocity field is 

interpolated onto the ASPECT surface to determine the displacement of the mesh surface and 

interior. From there, ASPECT responds to the change in topography calculated by FastScape 

due to the induced change in forces that is included in the Stokes equations. At the beginning 

of the next timestep, the updated velocities computed in the previous timestep are sent to 

FastScape once again. 

The FastScape mesh includes an additional element-size layer of ghost nodes compared to the 

ASPECT surface mesh. The values of surface height on these nodes are not considered when 

interpolating the surface back to ASPECT and are used primarily to avoid FastScape boundary 

artifacts being sent to the ASPECT model (e.g., the boundaries do not uplift from advected 

topography). To avoid possible erroneous sediment flux out or into the model from artificial 

slopes, each timestep the ghost nodes are updated with the topography and velocity values of 

the nearest inward node (an ASPECT boundary node).  

Besides passing ASPECT’s uplift velocities, we use the plugin’s FastScape interface to supply 

additional input to the surface process model in two ways: 1) to add marine background 

sedimentation via the sediment rain effect, and 2) to add a boundary sediment flux using the 

ghost nodes. For the sediment rain, at each nodal point we update FastScape with a flat height 

increase every ASPECT timestep. Through the diffusion component in equation (C.7), we 

prescribe a constant sediment flux at the boundary, assuming that 

𝐐 =  KmS ,                                                                    (C.9) 

where Q is the sediment flux and S the slope. Since Km and Q are user-set parameters, to 

achieve this we alter S by uplifting the boundary ghost nodes every ASPECT timestep so that 

Q remains constant. 

 

Text C.4: Model setup 

In this study we examine how a strike-slip fault responds to sedimentation. We therefore set 

up a 3D box model with dimensions 100×8×120 km (X, Y, and Z, where Z is the vertical 

component) and 5 compositions representing a wet quartzite upper crust (Rutter & Brodie, 

2004), wet anorthite lower crust (Rybacki et al., 2006), dry olivine lithospheric mantle, wet 

olivine asthenosphere (Hirth and Kohlstedt, 2003), and a sediment layer that has rheologic 

parameters identical to wet quartzite, but with density and temperature parameters consistent 

with sediment (Sippel et al., 2017). The total crustal thickness is set to 8 km (4 km upper crust, 

4 km lower crust) based on crustal estimates of the area (7-10 km; Mahattanachai et al., 2021). 

The lithospheric mantle extends between the Moho and the lithosphere-asthenosphere 

boundary (LAB) at 40 km depth. The LAB depth, like the crust, has been perturbed by a 

previous extensional period. The remaining material beneath the LAB is considered 

asthenosphere (Fig. C.1). While there is no initial sediment layer, the top boundary is fixed to 

a sediment composition so that any top-inflow of material due to topography changes other 

than uplift is sediment. 

The ASPECT model mesh consists of two element sizes: 1 km and 2 km. The upper 8 km of 

the model is refined at 1 km to best resolve the crust and the forming sediment layer. This high-

resolution area additionally extends to a depth of 35 k from X = 42 km to X = 52 km to better 

resolve the strike-slip fault. All other areas are kept at 2 km resolution. 
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The initial temperature above the LAB is determined by a steady-state geotherm (Turcotte & 

Schubert, 2013), and below by a mantle adiabat. For simplicity, an initial weak zone is seeded 

through a small perturbation: we raise the LAB locally by 10% of the lithospheric mantle 

thickness. We fix the top boundary temperature at 0 °C and the bottom boundary at the 

temperature initially determined from the mantle adiabat at that depth. All other boundaries are 

set to zero heat-flux. 

The coupled model is run for 10 Myr, where the model in the first 5 Myr includes non-zero 

velocity boundary conditions. During this time, the western boundary is given a strike-slip 

component of 20 mm/yr (in Y), and an extensional component of 0.2 mm/yr (in X), while the 

Z-component of velocity is set to no-slip. This gives a total of 100 km of dextral strike-slip 

motion and 1 km of extension. The small extensional component is introduced to avoid 

compressional pop-ups that form at the shear zone as the lithosphere subsides due to the 

sediment load (Fig. C.2). The exact extensional value is chosen to accommodate horizontal 

stress forces related to isostatic compensation. From 5-10 Myr, extension and strike-slip motion 

stop as the western boundary is set to no-slip in all directions. All other boundary conditions 

are constant for the entire model run, with the eastern boundary being no-slip in all directions, 

the north and south boundaries set to periodic to simulate an infinitely long strike-slip fault, the 

initial lithostatic pressure computed at a reference location prescribed on the bottom boundary 

to allow for outflow in response to sedimentation, and the top boundary deformed through the 

use of FastScape. 

FastScape is set up with an arbitrarily high sea level so that the entire model is considered 

submarine. This setup leads to a model with no acting stream power law, and sediment being 

moved solely through marine sediment diffusion. For simplicity, we additionally assume that 

there is no compaction and no difference between sand and silt. As such, we use a diffusion 

coefficient of 500 m2/y for both, a value consistent with open marine environments in previous 

modelling studies (e.g., Rouby et al., 2013). During the syn-strike-slip phase of the tectonic 

model (0-5 Myr) we supply sediment to the model in two ways: 1) To account for 

pelagic/hemipelagic sedimentation (sediment rain), we deposit at a constant and uniform 

sedimentation rate of 0.2 mm/yr. 2) We assume there is an asymmetric off-model source of 

sediment, similar to the eastern Mergui Ridge for the East Andaman Basin, that inputs sediment 

into the system from the eastern boundary at a rate of 40 m2/yr. This is done through equation 

(C.9), wherein we uplift the ghost nodes at each timestep so that a constant flux is prescribed 

through marine diffusion. After this syn-tectonic stage spanning 5 Myr, sediment 
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Figure C.1 Initial density (black) and temperature (red) profiles with depth. 

Colored backgrounds represent the initial compositions, with light gray 

representing the upper crust, dark gray the lower crust, dark blue the mantle 

lithosphere, and light blue the asthenosphere. 
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Figure C.2 Comparison showing the reference model with A) a 0.2 mm/yr extensional 

component. B) no extensional component, leading to the formation of a small compressional 

pop-up in the center. 
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Figure C.3 Comparison of the FastScape basement and topography from two models runs: The 

black curves represent the reference model; the dotted red curves show the reference model 

without strike-slip motion. The dashed blue line represents the initial model elevation, the green 

line indicates the total subsidence in the reference model with strike-slip motion, and the yellow 

line shows the difference in subsidence when comparing models with and without strike-slip 

motion. In the case without strike-slip motion, maximum subsidence and basin asymmetry are 

both greatly reduced. 

Figure C.4 Regional map of the Manus back-arc region, with fault locations based on Fig. 1 in Martinez and 

Taylor, 1996. Black lines indicate strike-slip faults, parallel orange lines spreading centers, dashed red lines lava 

fields, and blue lines major rivers. This figure was made using GeoMappApp (www.geomapapp.org; Ryan et al., 

2009). 

http://www.geomapapp.org/
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Figure C.5 Regional map showing the Red River Fault Zone and location of 

the Yinggehai basin. Fault locations based on Fig. 10 in Noda, 2013. Black 

lines show faults, blue lines major rivers, and the Yinggehai basin is outlined 

in the dashed orange circle. This figure was made using GeoMappApp 

(www.geomapapp.org; Ryan et al., 2009). 

Figure C.6 Regional map of the Jamaica Passage showing the Navassa strike-slip basin along the Enriquillo-

Plantain-Garden Fault Zone. Fault locations based on Fig. 6 in Corbeau et al., 2016. This figure was made using 

GeoMappApp (www.geomapapp.org; Ryan et al., 2009). 

http://www.geomapapp.org/
http://www.geomapapp.org/
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Parameter Symbol Units Sediment Upper 

crust 

 

Lower 

crust 

 

Lithospheric 

mantle 

Asthenosphere 

Reference 

density (at 

surface 

conditions) 

⍴0 kg m-

3 

2520 2700 2850 3280 3300 

Thermal 

expansivity 

α K-1 3.7·10−5 2.7·10−5 2.7·10−5 3.0·10−5 3.0·10−5 

Thermal 

diffusivity 

κ m2 s-1 7.28·10−7 9.26·10−7 5.85·10−7 8.38·10−7 8.33·10−7 

Heat capacity Cp J kg-1 

K-1 

1200 1200 1200 1200 1200 

Heat 

production 

H W m-

3 

1.2·10−6 1.5·10−6 0.2·10−6 0 0 

        

Cohesion C Pa 20·106 20·106 20·106 20·106 20·106 

Internal friction 

angle 

(unweakened) 

ɸ ◦ 30 30 30 30 30 

Strain 

weakening 

interval 

- - [0,1] [0,1] [0,1] [0,1] [0,1] 

Strain 

weakening 

factor 

ɸwf - 0.25 0.25 0.25 0.25 0.25 

Creep 

properties 

  Sediment Wet 

quartzite 

Wet 

anorthite 

Dry olivine Wet olivine 

Stress exponent 

(dis) 

n - 4.0 4.0 3.0 3.5 3.5 

Constant 

prefactor (dis) 

Adis Pa-n s-

1 

8.57·10-28 8.57·10-

28 

7.13·10-

18 

6.52·10-16 2.12·10-15 

Activation 

energy (dis) 

Edis J mol-

1 

223·103 223·103 345·103 530·103 480·103 

Activation 

volume 

(dis) 

Vdis m3 

mol-1 

0 0 38·10-6 18·10-6 11·10-6 

Constant 

prefactor (diff) 

Adiff Pa-1 s-

1 

5.79·10-19 5.79·10-

19 

2.99·10-

25 

2.25·10-9 1.5·10-9 

Activation 

energy (diff) 

Ediff J mol-

1 

223·103 223·103 159·103 375·103 335·103 

Activation 

volume (diff) 

Vdiff m3 

mol-1 

0 0 38·10-6 6·10-6 4·10-6 

Grain size (diff) d m 0.001 0.001 0.001 0.001 0.001 

Grain size 

exponent (diff) 

m - 2.0 2.0 3.0 0 0 

Table C.1 ASPECT model parameters. Abbreviations: dis – dislocation creep, diff – diffusion creep. 
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Parameter Symbol Unit Value 

Marine sand transport coefficient Ksand m2/yr 500 

Surface sand porosity φsand - 0 

Sand e-folding depth zsand m 0 

Marine silt transport coefficient Ksilt m2/yr 500 

Surface silt porosity φsilt - 0 

Silt e-folding depth zsilt m 0 

Sand-shale ratio F - 1 

Thickness of transport layer L m 100 

Sea level hsea m 5000 

Table C.2 FastScape model parameters. 
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