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“We are part of this universe; we are in this universe, but perhaps more important than
both of those facts, is that the universe is in us.”

Neil deGrasse Tyson
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Zusammenfassung

Lithosphärenplatten bewegen sich über die niederviskose Asthenosphäre, wo-
bei mehrere Kräfte im Gleichgewicht stehen. Die antreibenden Kräfte umfassen
eine basale Schubspannung, die durch Mantelkonvektion verursacht wird, und
Plattengrenzkräfte, wie z.B. slab pull und ridge push, während die widerstehen-
den Kräfte die Reibung zwischen Platten, Widerstand an Tiefseegräben sowie
an den kratonischen Wurzeln umfassen. Diese Kräfte erzeugen Plattenbewegun-
gen, das lithosphärische Spannungsfeld und die dynamische Topographie, die
mit verschiedenen geophysikalischen Methoden beobachtet werden. Die Orien-
tierung und das tektonische Regime des beobachteten Krusten- und lithosphäri-
schen Spannungsfeldes tragen weiter zu unserem Wissen über unterschiedliche
Deformationsprozesse in der Erdkruste und Lithosphäre bei. Mit Hilfe von nu-
merischen Modellen konnten frühere Studien die wichtigsten Kräfte identifizie-
ren, die Spannungen in der Kruste und in der Lithosphäre erzeugen, und die auch
zur Bildung von Topographie sowie zum Antrieb der lithosphärischen Platten
beitragen. Sie zeigten, dass das Spannungsmuster erster Ordnung, das etwa 80 %
des Spannungsfeldes erklärt, aus einem Gleichgewicht der Kräfte stammt, die an
der Basis der sich bewegenden lithosphärischen Platten aufgrund der konvekti-
ven Strömung in dem darunter liegenden Mantel wirken. Das verbleibende Span-
nungsmuster der zweiten Ordnung ist auf laterale Dichtevariationen in der Krus-
te und der Lithosphäre in Regionen mit ausgeprägter Topographie und hohem
Gravitationspotential zurückzuführen, wie im Himalaya und an den Mittelozea-
nischen Rücken. Durch die Verknüpfung der globalen Lithosphären-Dynamik
mit den tiefen Mantelströmungen versucht diese Studie, den Einfluss von flachen
und tiefen Dichte-Heterogenitäten auf die Plattenbewegungen, das lithosphäri-
sche Spannungsfeld und die dynamische Topographie mit dem Geoid als einer
wesentlichen Randbedingung für die Mantel-Rheologie zu untersuchen. Ich ver-
wende das globale 3D-Lithosphären-Asthenosphären-Modell SLIM3D mit visko-
elasto-plastischer Rheologie, gekoppelt in 300 km Tiefe an ein spektrales Mo-
dell der Mantelströmung. Die Komplexität der Lithosphären-Asthenosphären-
Komponente ermöglicht die Simulation der Power-law-Rheologie mit Kriechpa-
rametern, die sowohl Diffusions-als auch Dislokationskriechen in den obersten
300 km einschließen.

Zuerst untersuche ich den Einfluss der Intra-Platten-Reibung und der asthe-
nosphärischen Viskosität auf heutige Plattenbewegungen. Bisherige Modellie-
rungsstudien haben vorgeschlagen, dass kleine Reibungskoeffizienten (µ < 0,1,
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Fließspannung ~ 100 MPa) zu Plattentektonik in Modellen der Mantelkonvekti-
on führen können. Hier zeigen wir, dass der Reibungsparameter, um den heuti-
gen Plattenbewegungen und der Netto-Rotation zu entsprechen, kleiner als 0,05
sein muss. Wir können eine gute Übereinstimmung mit der Größe und Orientie-
rung der beobachteten Plattengeschwindigkeiten (NUVEL-1A) in einem No-Net-
Rotation- (NNR) Bezug system mit µ < 0,04 und minimaler Asthenosphärenvis-
kosität ~ 5·1019 Pas bis 1020 Pas erreichen. Unsere Schätzungen der Netto-Rotation
(NR) der Lithosphäre deuten darauf hin, dass Amplituden ~ 0.1 − 0.2 (◦/Ma),
ähnlich den meisten Beobachtungs-basierten Schätzungen, mit Asthenosphären-
Viskositäts-Cutoff-Werten von ~ 1019 Pas bis 5 · 1019 Pas und Reibungskoeffizient
µ < 0,05 erreicht werden können.

Der zweite Teil der Studie untersucht weitere Einschränkungen auf flache und
tiefe Mantelheterogenitäten, welche Plattenbewegungen verursachen, durch die
Vorhersage des Lithosphärenspannungsfeldes und der Topographie und deren
Validierung mit Beobachtungen. Lithosphärenspannungen und dynamische To-
pographie werden mit dem Modellaufbau und den rheologischen Parametern für
vorgeschriebene Plattenbewegungen berechnet. Wir validieren unsere Ergebnisse
mit der Weltspannungskarte 2016 (WSM2016) und der beobachteten Residualto-
pographie. Hier haben wir eine Anzahl von thermischen Dichte-Strukturen für
den oberen Mantel getestet. Diejenige, die verwendet wurde, um Plattenbewe-
gungen zu berechnen, wird als Referenz- thermische Dichte-Struktur betrachtet.
Dieses Modell ist abgeleitet aus einem Wärmestrommodell, kombiniert mit ei-
nem Ozeanbodenalter-Modell. Darüber hinaus haben wir drei verschiedene ther-
mische Dichtestrukturen abgeleitet aus globalen S-Wellengeschwindigkeits mo-
dellen verwendet, um den Einfluss von Heterogenitäten der lateralen Dichte in
den oberen 300 km auf Modellvorhersagen zu zeigen. Ein großer Teil der gesam-
ten dynamischen Kraft, die Spannungen in der Kruste / Lithosphäre erzeugt, hat
ihren Ursprung im tiefen Mantel, während die Topographie weitgehend durch
flache Heterogenitäten beeinflusst wird. Zum Beispiel gibt es kaum einen Un-
terschied zwischen den Spannungsorientierungsmustern, die mit und ohne Be-
rücksichtigung der Heterogenitäten in der Dichtestruktur des oberen Mantels in
Nordamerika, Australien und Nordafrika vorhergesagt wurden. Allerdings do-
miniert die Kruste in Gebieten von großer Höhe für die Spannungorientierung
im Vergleich zu allen tiefen Mantelbeiträgen.

Diese Studieerforschen die Empfindlichkeit aller betrachteten Oberflächen-
Observablen in Bezug auf Modellparameter und gibt Einblicke über den Einfluss
der Asthenosphäre und Plattengrenzen-Rheologie auf Plattenbewegung, wobei
wir verschiedene thermische Dichte Strukturen zur Vorhersage von Spannungen
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und Topographie testen.
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Abstract

Lithospheric plates move over the low viscosity asthenosphere balancing sev-
eral forces. The driving forces include basal shear stress exerted by mantle con-
vection and plate boundary forces such as slab pull and ridge push, whereas the
resisting forces include inter-plate friction, trench resistance, and cratonic root
resistance. These generate plate motions, the lithospheric stress field and dy-
namic topography which are observed with different geophysical methods. The
orientation and tectonic regime of the observed crustal/lithospheric stress field
further contribute to our knowledge of different deformation processes occur-
ring within the Earth’s crust and lithosphere. Using numerical models previous
studies were able to identify major forces generating stresses in the crust and
lithosphere which also contribute to the formation of topography as well as driv-
ing lithospheric plates. They showed that the first-order stress pattern explaining
about 80 % of the stress field originates from a balance of forces acting at the base
of the moving lithospheric plates due to convective flow in the underlying man-
tle. The remaining second-order stress pattern is due to lateral density variations
in the crust and lithosphere in regions of pronounced topography and high gravi-
tational potential, such as the Himalayas and mid-ocean ridges. By linking global
lithosphere dynamics to deep mantle flow this study seeks to evaluate the influ-
ence of shallow and deep density heterogenities on plate motions, lithospheric
stress field and dynamic topography using the geoid as a major constraint for
mantle rheology. I used the global 3D lithosphere-asthenosphere model SLIM3D
with visco-elasto-plastic rheology coupled at 300 km depth to a spectral model of
mantle flow. The complexity of the lithosphere-asthenosphere component allows
for the simulation of power-law rheology with creep parameters accounting for
both diffusion and dislocation creep within the uppermost 300 km.

First I investigate the influence of intra-plate friction and asthenospheric vis-
cosity on present-day plate motions. Previous modeling studies have suggested
that small friction coefficients (µ < 0.1, yield stress ~ 100 MPa) can lead to plate
tectonics in models of mantle convection. Here I show that, in order to match
present-day plate motions and net rotation, the frictional parameter must be less
than 0.05. I am able to obtain a good fit with the magnitude and orientation
of observed plate velocities (NUVEL-1A) in a no-net-rotation (NNR) reference
frame with µ < 0.04 and minimum asthenosphere viscosity ~ 5·1019 Pas to 1020

Pas. My estimates of net rotation (NR) of the lithosphere suggest that amplitudes
~ 0.1 − 0.2 (◦/Ma), similar to most observation-based estimates, can be obtained



9

with asthenosphere viscosity cutoff values of ~ 1019 Pas to 5 · 1019 Pas and friction
coefficient µ < 0.05.

The second part of the study investigates further constraints on shallow and
deep mantle heterogeneities causing plate motion by predicting lithosphere stress
field and topography and validating with observations. Lithosphere stresses and
dynamic topography are computed using the modeling setup and rheological pa-
rameters for prescribed plate motions. I validate my results with the World Stress
Map 2016 (WSM2016) and the observed residual topography. Here I test a num-
ber of upper mantle thermal-density structures. The one used to calculate plate
motions is considered the reference thermal-density structure. This model is de-
rived from a heat flow model combined with a sea floor age model. In addition I
use three different thermal-density structures derived from global S-wave veloc-
ity models to show the influence of lateral density heterogeneities in the upper
300 km on model predictions. A large portion of the total dynamic force gener-
ating stresses in the crust/lithosphere has its origin in the deep mantle, while to-
pography is largely influenced by shallow heterogeneities. For example, there is
hardly any difference between the stress orientation patterns predicted with and
without consideration of the heterogeneities in the upper mantle density struc-
ture across North America, Australia, and North Africa. However, the crust is
dominant in areas of high altitude for the stress orientation compared to the all
deep mantle contribution.

This study explores the sensitivity of all the considered surface observables
with regards to model parameters providing insights into the influence of the
asthenosphere and plate boundary rheology on plate motion as I test various
thermal-density structures to predict stresses and topography.
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Chapter 1

Introduction

In this chapter, I discuss the findings of previous observational and numerical
studies of global plate motion, lithosphere stress field and dynamic topography.
This is done by reviewing the different methods adopted in these studies and
the results obtained to compare to my current study. In particular the aim of
this chapter is to summarize some of the open research questions pertaining to
the coupling between the lithosphere and mantle and its influence on surface
processes. A special attention has been given to the past modeling techniques
that describe the influence of rheological parameters and density structures on
global plate motion, dynamic topography, lithosphere stress field and the geoid.

1.1 Global Plate motions

1.1.1 Observational and numerical studies

Compared to the other planets in our solar system the uniqueness of the Earth
is related to the presence of plate tectonics, which is also believed to have influ-
enced the development of the only known habitable environment (Nesbitt and
Young, 1982; Raymo and Ruddiman, 1992; Veevers, 1990). This in fact has en-
hanced a general interest in the concept of plate tectonics and has made it a fo-
cus of numerous studies in the past few decades (e.g., Davies, 1978; Davis and
Solomon, 1985; Forsyth and Uyeda, 1975; Hager and O’Connell, 1981; Turcotte
and Oxburgh, 1967; Zoback, 1992; Zoback, 1989). Previous studies have enabled
a relatively good understanding of the factors that cause plates to move over
the low-viscosity asthenosphere. Through geological observations (DeMets et
al., 2010), combined with spectral analysis (Hager and O’Connell, 1981; Conrad
and Lithgow-Bertelloni, 2002) and numerical modeling (Conrad and Lithgow-
Bertelloni, 2002; Minster et al., 1974; Moresi et al., 2000; Zhong and Gurnis, 1995),
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the knowledge about some of the major contributing factors such as the basal
driving force acting on the lithosphere due to mantle convection (i.e. internal
buoyancy force), plate boundary forces such as slab pull, ridge push, inter-plate
friction and trench resistance, and cratonic root resistance was developed. Each
of these forces is either a driving or a resisting force contributing to the total force
balance of the global plate motion. While one branch of studies has used kine-
matic analysis to quantify the individual forces (Becker et al., 2015; Becker and
O’Connell, 2001; Davies, 1978; Hager and O’Connell, 1979; Lithgow-Bertelloni
and Richards, 1998; Torsvik et al., 2010) that come into play for the plates to move,
other studies (Alisic et al., 2012; Becker, 2006; Lithgow-Bertelloni and Richards,
1995; Schellart, 2004; Stadler et al., 2010) have sought to explain the rheological
implications of the moving plates for both the upper and lower mantle . Nonethe-
less, studies that have tried to identify and quantify these individual driving and
resisting forces have also arrived at non-unique conclusions regarding some force
contributions. For example, Lithgow-Bertelloni and Richards (1998) suggested
that subducting slabs acting at the margin of a moving plate at shallow depths
together with deep mantle slab-driven flow contribute more than 90 % of the to-
tal driving forces while the remaining driving forces, coming from the push due
to thickening of oceanic plates at the mid-ocean ridges, contribute less than 10 %.
In contrast, lower values of about 50 % to 70 % were reported in other studies
(Becker and O’Connell, 2001; Conrad and Lithgow-Bertelloni, 2002) as the slab
pull contribution to the total force balance of the global plate motion. However,
such studies often ignored the influence of slab bending resistive force, which has
been the focus of Wu et al. (2008) and the effect of non-convective forces due to to-
pography in oceans and continents (Bercovici and Richards, 2000), both of which
are taken into account in my numerical method including an upper boundary
free surface and the effect of self gravitation.

Although it is generally acknowledged that subduction influences global plate
velocities (Forsyth and Uyeda, 1975; Hager and O’Connell, 1981), the contribu-
tion of a subducting plate is also influenced by factors such as plate boundary
friction, slab viscosity and the asthenosphere viscosity (Alisic et al., 2012; Davies,
1978; van Summeren et al., 2012; Tan et al., 2012), making a quantification of
the slab pull contribution challenging. Geodynamic modelling studies of global
plate motion often ignore the frictional resistance to the slab pull force at shallow
depths (e.g., Conrad and Lithgow-Bertelloni, 2004; van Summeren et al., 2012)
or quantify it with the aid of the slab bending force (e.g., Wu et al., 2008), and
only few studies have explored the importance of friction or plastic stress yield-
ing at plate boundaries (e.g., Crameri and Tackley, 2015; Stadler et al., 2010). The
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stress distribution along the subducting plate due to slab pull and /or deep slab
suction is influenced by the frictional force at shallow depths (Davies, 1978). The
frictional resistance between subducting and overriding plates is of the order of
tens of MPa (Lamb and Davis, 2003; Sobolev and Babeyko, 2005), giving rise to
the crustal and /or lithospheric deformation.This is evident from surface expres-
sions of different deformation processes around the globe, such as the ongoing
crustal deformation processes forming of the Tibetan Plateau due to a continen-
tal collision of the Indian and Eurasian Plates (van Hinsbergen et al., 2011) and
the rifting of the African Plate induced by its interaction with the Afar plume
head (Ebinger and Sleep, 1998). Sobolev and Babeyko (2005) explored the effect
of frictional strength on the subduction interface on surface topography at active
margins. They concluded that forming such tectonic features as observed in na-
ture requires low friction, with a coeffcient of static friction (µ) within the range
of 0.01 to 0.1 (friction angle 1◦ to 15◦) compared to a much higher value of µ ~ 0.6
suggested by laboratory experiments (Byerlee, 1978). Previous numerical models
(Crameri and Tackley, 2015; Moresi and Solomatov, 1998; Richards et al., 2001;
Tackley, 2000) have shown as well that the use of smaller coefficients of friction
µ < 0.1 (yield stress 100 MPa) would lead to plate tectonics in models of mantle
convection.

Furthermore, numerical modeling of subduction (Becker and Faccenna, 2009;
Gurnis et al., 2004; Hall et al., 2003; Hassani et al., 1997; Kaus et al., 2008; Sobolev
and Babeyko, 2005) has demonstrated that low coefficients of friction at the sub-
duction interface are required to sustain subduction (µ < 0.1). Although these
numerical studies do not consider hydration and serpentinization, as opposed to
the study of Tan et al. (2012), in either case the required coefficient of friction has
been estimated to be much less than µ ~ 0.6 (Byerlee, 1978) for the subduction mo-
tion. At shallow depths (~ 60 km), where brittle deformation occurs (Oleskevich
et al., 1999; Schwartz and Rokosky, 2007), friction plays an important role at sub-
ducting margins. On the other hand, at greater depths where high temperatures
exist in the upper mantle, viscosity becomes the important parameter controlling
the plate motion (Bercovici and Richards, 2000). Using a 2D self-consistent dy-
namic model, the numerical studies of Crameri and Tackley (2015), has shown
that treating plate boundaries with visco-elasto-plastic rheology subduction ini-
tiates in the model. I treat our plate boundaries in a similar fashion to explore the
influence of the friction coefficient on the global plate motion. Such combined
frictional and viscous treatment of plate boundaries is more realistic compared to
previously suggested approaches using low-viscosity/weak zones (e.g., Becker,
2006) at plate boundaries.
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Below the ductile layer, I have implemented a complex upper mantle rhe-
ology due to temperature increase with depth and the presence of cold slabs
and cratons. To date, many numerical modeling studies have used an over-
simplified treatment of the complex upper mantle rheology and its effects on the
magnitudes and directions of plate velocities using either a simplified (i.e. lay-
ered/radial) viscosity structure of the upper mantle or a parameterization of the
other rheological/force contributions to match the surface observables such as
plate motion (e.g., Becker and O’Connell, 2001; Conrad and Lithgow-Bertelloni,
2002; Lithgow-Bertelloni and Silver, 1998a; Steinberger et al., 2001). In contrast,
the nonlinear viscosity of the upper mantle arising from cold dense subducting
plates (Burov, 2011; Faccenna et al., 2007), deep penetrating cratonic roots of con-
tinents (Karato, 2010), and a wide range of temperature regimes has been the
focus of more advanced modeling studies of the global mantle convection in rela-
tion to plate motion (Becker, 2006; Ghosh and Holt, 2012; Stadler et al., 2010; van
Summeren et al., 2012; Zhong et al., 2000; Zhong and Gurnis, 1996). For example,
Stadler et al. (2010) have found that the slab pull force in the upper mantle is bet-
ter transmitted to the subducting oceanic plate, if the non-linear rheology of the
slabs is considered.

1.1.2 Origin of lithospheric net rotation

Furthermore, the total balance of the plate motion forces arising from subduct-
ing slabs, viscous shearing of the asthenosphere, plate boundary plastic yielding
and/or strain-weakening and the presence of continental keels triggers net rota-
tion (NR) of the lithospheric plates with respect to the deep lower mantle (Becker
and Faccenna, 2009; O’Connell et al., 1991; Ricard et al., 1991; Zhong, 2001). The
NR of the lithospheric plates originates from the toroidal flow due to the pertain-
ing lateral viscosity variations (LVVs) in the mantle (Bercovici and Richards, 2000;
O’Connell et al., 1991; Ricard et al., 1991). Previous numerical studies that used
NR to constrain the mantle rheology (Becker, 2006; Zhong, 2001) have shown that
the largest contribution to the lithospheric NR comes from the uppermost ~ 400
km of the mantle. For example, Zhong (2001) has shown that NR is mainly in-
fluenced by the continental keels (~ 80 %), the deepest of which are placed at a
depth of ~ 400 km (e.g. Jordan, 1975). Also slab pull acting on the plate to which
the slab is attached but not the overriding plate is based on is a form of LVV
that could excite NR. A similar conclusion was obtained by Becker (2006) who
explored relative contributions of different mantle rheologies at different depths
to the lithosphere NR in global 3D mantle flow models with both free-slip and
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prescribed dynamic upper mantle conditions. Note that a perfectly layered man-
tle viscosity structure (i.e. no LVVs) should excite no NR. Hence, I explore the
influence of LVVs within the top 300 km of the upper mantle on the NR of the
lithospheric plates with our numerical method and to further constrain olivine
water content in the asthnosphere.

1.1.3 Influence of asthenospheric water content on creep

viscosity

The motion of the rigid decoupled lithospheric plate over the weak astheno-
sphere is also believed to be a consequence of the presence of water (Hirth and
Kohlstedt, 2004; Karato and Wu, 1993) giving rise to a weakening of the astheno-
sphere (Green et al., 2010). Becker (2006) showed the effect of water content in the
olivine material on the upper mantle rheology using experimental data (Hirth
and Kohlstedt, 2004) and compared the resulting average creep viscosity to a
commonly assumed radially stratified viscosity. An inclusion of wet olivine pa-
rameters appears to reduce the mantle viscosity by a factor ~ 50 relative to the ra-
dial viscosity, making water content an important contributor to the low-viscosity
asthenosphere. Presence of water has been documented by experimental studies
using magma samples from mid-ocean ridges. They have shown that at spread-
ing plate boundaries magma contains about 0.1-0.2 wt % of water (Michael, 1995;
Sobolev and Chaussidon, 1996; Danyushevsky et al., 2000) that corresponds to
the water content in the mantle of 0.01-0.03 wt %. At convergent boundaries the
water content slightly exceeds 0.1 wt % (Sobolev and Chaussidon, 1996). Here I
will further explore the effect of lateral wet versus dry asthenospheric creep lat-
eral viscosity on plate motion, using olivine parameters inferred from laboratory
experiments and our setup for the 3D thermal structure of the upper mantle.

1.2 Lithosphere stress field and topography

1.2.1 Observed and modeled lithosphere stress field

The driving forces that cause plate motion also generate stresses in the rigid out-
ermost layer of the Earth, coming from both shallow and deep geological pro-
cesses. The lithosphere dynamics are defined by a combination of the plastic, elas-
tic and viscous flow properties of the lithospheric material (Burov, 2011; Tesauro
et al., 2012), while the evolution of the sub-lithospheric mantle is predominantly
driven by the viscous flow (Davies, 1977; Forte and Mitrovica, 2001; Steinberger
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and Calderwood, 2006). It has been shown that shallow processes influence both
the magnitude and orientation of the lithospheric stresses. Among such processes
the most important are slab pull, ridge push, trench and continental collision (de-
formation) (Reynolds et al., 2002) as well as cratonic root resistance (Naliboff et
al., 2012), as they drive the lithosphere plate. Similarly, gravitational effect due
to lateral density heterogeneities in the lithosphere and tractions from the mantle
flow at the base of the moving plates play an important role. A superposition of
different tectonic forces creates dissimilar orientations and regimes of the litho-
spheric stress field in different regions, as shown by the World Stress Map project
(Bird and Li, 1996; Heidbach and Höhne, 2007; Heidbach et al., 2008; Heidbach
et al., 2016).

Furthermore, on a global scale, the intra-plate stress orientation follows a spe-
cific pattern at a longer wavelength due to a large force contribution from the
convecting mantle (Steinberger et al., 2001; Lithgow-Bertelloni and Guynn, 2004).
This first-order stress pattern (long wavelengths) is dynamically supported, as
the controlling forces correlate well with the forces driving the plate motion in
most continental areas as has been shown for North and South Americas and
Europe (Solomon et al., 1980; Richardson, 1992; Zoback, 1992). Ghosh and Holt
(2012) and Steinberger et al. (2001) used different approaches to show that the
contribution of the crust (shallow density structures) to the overall lithospheric
stress pattern is rather small compared to that of the mantle buoyancy forces,
amounting to ~ 10 %, except for regions characterized by high altitudes, espe-
cially the Tibetan Plateau, where the contribution is larger. In their modeling
studies, the effect of the crust was determined separately by computing the grav-
itational potential energy from a crust model (Ghosh et al., 2013), which was sub-
sequently applied as a correction. The contribution of the crust with a shallow
lithospheric density contrast generates the second-order pattern (mid-to-short
wavelength) in the stress field, mostly coming from topography and the crust
isostasy (Zoback, 1992; Zoback and Mooney, 2003; Bird et al., 2006). These forces
generating stresses in the lithosphere can be transmitted elastically through the
plate for great distances, making the stress field problem more complicated due
to the integrated contributions of forces and gradients of forces across the globe.

Constraining the modeled lithospheric stress with observations is challeng-
ing due to poor spatial coverage by the World Stress Map data (Zoback, 1992;
Lithgow-Bertelloni and Guynn, 2004; Heidbach et al., 2008). An alternative way
documented in the literature is to compare the strain rate estimated from the
modeled deviatoric stresses (Ghosh et al., 2008) with the Global Strain Rate Map
(Kreemer et al., 2003). However, the lithospheric stress in plate interiors (i.e. far
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from the plate boundaries) is not well constrained with the Global Strain Rate
Map. Hence, a gradually increasing coverage by the observed global stress field
data serves as a motivation for studies attempting a global comparison of the ob-
served and modeled stress field patterns including our present study. To date,
two distinct approaches have been adopted to study the origin of the lithospheric
stress, and each has given a relatively good fit to the observed stress field and
some open questions with regards to shallow and deep mantle influence which
are discussed below. On the one hand, Bird et al. (2008) have estimated the litho-
spheric stress from a model that disregards the mantle flow contribution and
used the fit to the observed plate velocities as a sole criterion. On the other hand,
Ghosh et al. (2013), Ghosh and Holt (2012), Lithgow-Bertelloni and Guynn (2004),
Steinberger et al. (2001) and Wang et al. (2015) have aimed at assessing the influ-
ence of the mantle flow on the lithospheric stress field and have shown that the
bulk mantle flow explains about 80 % of the stress field accumulated in the litho-
sphere (Steinberger et al., 2001), in both magnitude and the most compressive
horizontal direction.

1.2.2 Observed and modeled dynamic topography

At a longer wavelength, the vertical component of the stress field tensor originat-
ing from the thermal convection of the mantle rocks (Pekeris, 1935; Steinberger
et al., 2001) contributes to the topographic signal. This generates a high dynamic
topography in regions of upwelling over the African and Pacific Large Low Shear
Velocity Provinces (LLSVP) and low topography above downwellings in the re-
gions of subduction (Hager and O’Connell, 1981; Hager et al., 1985). On the
other hand, at a mid-to-short wavelength, topographic features are influenced by
processes such as plume-lithosphere interaction (Lithgow-Bertelloni and Silver,
1998b; Thoraval et al., 2006; Dannberg and Sobolev, 2015) and small-scale con-
vection in the upper mantle (Marquart and Schmeling, 1989; King and Ritsema,
2000; Hoggard et al., 2016). However, the largest fraction of topography is caused
by isostasy due to variations in crustal thickness and density, as well as density
variations in the subcrustal lithosphere.

A number of studies (Čadek and Fleitout, 2003; Forte and Mitrovica, 2001;
Garcia-Castellanos and Cloetingh, 2011; Ghosh and Holt, 2012; Steinberger et al.,
2001) have presented numerical simulations of different geophysical processes
and compared their model results with observations of the lithosphere stress
field, dynamic geoid, plate motion velocity and dynamic topography to better
understand what processes control these surface observables. For instance, the
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modeled dynamic geoid typically gives a good correlation with observations, due
to a large contribution of the lower mantle (Čadek and Fleitout, 2003; Hager et
al., 1985; Richards and Hager, 1984), but is sensitive to the choice of the mantle
viscosity (Thoraval and Richards, 1997). However, the correlation between the
modeled dynamic and residual topography is typically found to be weak (Heine,
2008; Flament and Müllera, 2012; Steinberger and Calderwood, 2006; Steinberger,
2016; Hoggard et al., 2016). The residual topography is here defined as the ob-
served topography corrected for the variations in crustal and lithospheric thick-
ness and density variations and for subsidence of the sea floor with age. One
of the reasons for dissimilarities between the modeled and observed topography
is our insufficient knowledge of the petrological properties of the upper mantle
(Cammarano et al., 2011), for example, in relation to the chemical depletion of
cratons in continental regions. This is further amplified by the uncertainties in
the complex rheological and density structure of the upper mantle due to a wide
range of temperature regimes associated with cold subducting plates and cratons,
hot plumes and small-scale convection cells (Ebinger and Sleep, 1998; Thoraval et
al., 2006). Another reason is linked to the deficiencies of the state-of-the-art seis-
mic tomography models that often fail to provide the necessary detail about the
density/thermal heterogeneities in the upper mantle. Also, crustal models (e.g.
Laske et al., 2013) used to compute the observed residual topography are not well
constrained. This is particularly a problem in continental regions where the crust
is thicker and the thickness is more variable, due to the more complicated history.

1.3 This study: research problem and motivation

Advances made by mantle convection studies have deepened our understanding
of how the mantle flow influences surface processes. Nonetheless, there are still
some open research questions concerning different dynamic processes occurring
in the shallow and deep mantle, their interaction and the respective contribution
to surface observables (e.g. dynamic geoid, plate motion, lithospheric stress field
topography, etc). Among such questions

1. What are the contributions of the shallow and deep structures to the total
plate driving force?

2. To which extent are the topography and lithosphere stress field, defined by
contributions of the shallow versus deep mantle heterogeneties?

3. What is the influence of the plate boundary rheology on plate motion and
net rotation of the lithosphere?



1.3. This study: research problem and motivation 29

4. How does the viscous shearing of the asthenosphere counteract the deep
mantle flow forces depending on water content considering in the astheno-
sphere and its influence on surface processes or geophysical observables?

This set of questions serves as a backdrop to constrain rhological parameters that
influence the lithosphere and mantle dynamics and to predict plate motion, litho-
sphere stress field and topography in agreement with observations. Achieving a
better fit between the model prediction and observations will open new horizons
such as: (a) Predictions in regions where observations are scarce or absent and (b)
Determining regions where model predictions are insufficiently accurate due to
lack of model input and model specifications.

Guided by previous mantle flow studies, I first explore the influence of the
brittle deformation at plate boundaries and asthenosphere viscosity on plate mo-
tion using the observed geoid and plate velocities as constraints. Although past
numerical studies have analyzed the rheological implications of each driving or
resisting force for the overall plate motion, they often simplified or even neglected
some critical aspects of the upper or lower mantle rheology. To fully account for
the forces governing plate motion a modeling approach must include a visco-
elasto-plastic rheology of the upper mantle. This is because the shearing of a me-
chanically weak asthenospheric layer (Barrell, 1914) contributes a mantle/viscous
drag force to the overriding plates (Forsyth and Uyeda, 1975; Froidevaux and
Schubert, 1975) in the presence of subducting slabs and cold continental keels. In
addition, the driving force that moves overriding lithospheric plates over the low-
viscosity asthenosphere is balanced by a resistive force coming from the deeply
penetrating cratonic roots (Conrad and Lithgow-Bertelloni, 2006). Here, I show
that matching the observed plate motion requires the use of friction coefficients
at plate boundaries that are much lower than suggested by the majority of mantle
convection modeling studies, namely µ < 0.1 (Crameri and Tackley, 2015; Moresi
and Solomatov, 1998; Richards et al., 2001; Tackley, 2000). The rigidity of the
lithospheric plate requires boundaries that can easily deform to obtain the rel-
ative motion as observed in nature. In numerical calculations simpler methods
of assuming low viscous zones (Becker, 2006) in subduction zones and ridges
have been used to dynamically modeled global plate motions instead of using
the observed plate motions as top boundary conditions. Considering plastic de-
formation at plate boundaries with a dynamically self-consistent modeling will
also allows to evaluate the different impact of deformations occurring in either
subduction zones or ridges on the plate velocities. I also explore the influence of
plate boundary friction on net rotation (NR) amplitude and Euler pole location to
constrain the viscosity of the asthenosphere.
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As I vary the values of the rheological parameters to achieve the best fit to
the observed plate motions and the geoid, I apply these parameters to predict
the lithospheric stress field and dynamic topography. This is done in an iterative
way in order to refine modeling parameters in our quest and to fit all the sur-
face observables. Here I separately study the contributions of the upper mantle
above the transition zone and the lower mantle as well as the combined con-
tribution to the lithosphere stress regimes and dynamic topography by testing
different methods and data sets used to describe the thermal structure of the up-
per mantle. I validate the modeled dynamic topography with two different ob-
served residual topography models. One is based on seismic surveys of the ocean
floor and scattered observations from continents (Hoggard et al., 2016). The sec-
ond model is taken from Steinberger (2016) and is based on the crustal thickness
and density from the CRUST1.0 (Laske et al., 2013). To derive the stress model
I have combined CRUST 1.0 model with the thickness and thermal structure of
the lithosphere estimated by Artemieva (2006) in continents, and a half-space
age-dependent cooling model of the ocean floor (Müller et al., 2008). This is an
improvement compared to much simpler representations of the upper mantle
structure in previous studies that commonly used a thin-sheet/shell approxima-
tion (Steinberger et al., 2001; Lithgow-Bertelloni and Guynn, 2004; Ghosh and
Holt, 2012; Ghosh et al., 2013; Wang et al., 2015). The method used in this present
study also accounts for the presence of slabs and their corresponding impacts
on the upper mantle temperature following the approach of Steinberger (2000).
Stresses induced by regional and global variations in the crustal and lithospheric
structure are of the order of ~ 100 MPa in magnitude across strongly uplifted
continental areas (Artyushkov, 1973). It is therefore clear that including a vari-
able lithosphere and crustal thickness in calculations is preferable over the use of
a thin-sheet/shell method (Steinberger et al., 2001; Bird et al., 2008; Ghosh and
Holt, 2012). In addition, I have used a seismic velocity model to derive an alter-
native model of the lithosphere thickness and thermal density structure and thus
counterpose our results from two simulations. While studying the impacts of the
shallow (upper mantle) thermal and density anomalies and lateral variations in
the rheological properties on the plate motion, present-day dynamic topography
and lithospheric stress state, I will also attempt to quantify the uncertainties in
the thermal structure of the upper mantle and their effects on the dynamic topog-
raphy.

This study uses a numerical method (Sobolev et al., 2009) that allows for a
separate treatment of the small-scale features in the upper mantle and large-scale
dynamic patterns in the lower mantle in a single calculation, with the upper
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boundary treated as a free surface. Deriving all force contributions from a sin-
gle calculation resolves any inconsistency that might arise from treating individ-
ual force contributions to the surface observables separately e.g. the lithosphere
stress field, as has been done in earlier studies (Bird et al., 2008; Steinberger et al.,
2001; Lithgow-Bertelloni and Guynn, 2004; Ghosh et al., 2008; Naliboff et al., 2012;
Ghosh et al., 2013; Wang et al., 2015). In this study, I use a global Earth model,
where deformations in the upper 300 km are computed with the 3D finite-element
numerical technique SLIM3D (Popov and Sobolev, 2008) with visco-elasto-plastic
rheology, coupled to a mantle flow model (Hager and O’Connell, 1981) at 300 km
depth
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Chapter 2

Method

Here I provide a description of the modeling technique and the set of thermal-
density models used in our calculations. This is discussed in light of the new fea-
tures that set this approach apart from past numerical studies of the lithosphere
and mantle coupling and its influence on surface observables. In particular I
detailed the governing equations describing the upper mantle rheology and the
upper thermal-density structures used in the present analysis.

2.1 Model description

In this section I give a brief description of the coupled numerical model of the
lower mantle flow and the deformation within the crust and upper mantle. The
upper mantle component is realized through the particle-in-cell, finite element,
thermo-mechanical numerical code SLIM3D (3-dimensional lithosphere-asthenosphere
code) of Popov and Sobolev (2008) that solves the momentum and energy equa-
tions 2.1 and 2.2 respectively, using a semi-Lagrangian Eulerian grid and Winkler
boundary condition to allow for a free surface as an upper boundary.

δσij
δxj

+ ρgẑi = 0, (2.1)

DU

Dt
=
δqi
δxj

+ r. (2.2)

Hereby σij denotes the Cauchy stress tensor, xi the Cartesian coordinates with
i = 1, 2, 3 and ρ, g, and ẑi denotes material density, gravitational acceleration and
the unit vector of a downward pointing vertical axis, respectively. Also the DU

Dt
is

the material derivative of U the internal energy with respect to time, q the heat
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flux and r the volumetric heat source. This code has been extensively bench-
marked by Popov and Sobolev (2008) with respect to various deformational pro-
cesses within the crust and lithospheric mantle and also has been used in other
studies focusing on lithospheric deformation processes (Brune et al., 2012; Brune
et al., 2014; Brune et al., 2016; Quinteros and Sobolev, 2013). For this study I use
the extention of the SLIM3D code to a global (Sobolev et al., 2009). In that mod-
eling technique the SLIM3D code is coupled to the spectral code of Hager and
O’Connell (1981) at some prescribed depth, typically 300 - 400 km (Figure 2.1c).
The bottom domain solves Navier-Stokes equations with expansion into spherical
harmonic degree (lmax = 63) for incompressible flow. The top domain, SLIM3D
has 3 different layers (phases) representing the crust, mantle lithosphere and sub-
lithospheric mantle. In my simulations I assume the thickness of the upper do-
main to be 300 km. In this way, the upper domain consist of the crust, mantle
lithosphere including all major cratonic roots, part of the sub-lithospheric mantle
and at least the upper part of the subdcuting slabs. Thus, it operates within the
depth range, where the consideration of nonlinear upper mantle rheology and
the use of higher spatial resolution are most important.

The coupled model does not allow for material exchange between the two
model components but requires continuity of tractions and velocities at the inter-
face. For each calculation, tractions in the lower mantle are first computed using
the spectral mantle convection model component with a 3D density structure in-
ferred from the hybrid seismic tomography model of Becker and Boschi (2002) us-
ing the velocity-to-density conversion profile (Figure 2.1a) and the radial mantle
viscosity profile from Steinberger and Calderwood (2006) (Figure 2.1b). Tractions
computed by the spectral model are then passed to the lithosphere-asthenosphere
model as a dynamic boundary condition following a Newton-Raphson iteration
procedure. At each iteration step, I prescribe mantle flow-derived tractions as
a lower boundary condition in SLIM3D, and compute the flow velocities in the
upper (SLIM3D) domain. Computed flow velocities at the lower boundary of
the upper domain are in turn passed back to the spectral model component as
an upper boundary condition. The convergence is evaluated by comparing the
velocity and traction norms of two successive iterations. I run the model forward
in time for half a million years with a time step of 5·104 years. At each time step I
calculate net rotation of the lithosphere and plate velocities in the no-net-rotation
reference frame.

ε̇ij = ε̇visij + ε̇elij + ·εplij =
1

2ηeff
τij +

1

2G
τ̂ij + γ̇

∂Q

∂τij
(2.3)



34 Chapter 2. Method

FIGURE 2.1: (a) Depth-dependent scaling profile of s-waves velocity to density;
(b) radial mantle viscosity structure (Steinberger and Calderwood, 2006) and (c)
a schematic diagram of the numerical method coupling the upper mantle 3D-
lithosphere-asthenosphere code -SLIM3D- (Popov and Sobolev, 2008) to a lower

mantle spectral flow code (Hager and O’Connell, 1981) at a depth of 300 km.

2.2 Rheology in the upper mantle

The coupling between the lithosphere and the mantle in our model allows for
implementation of realistic rheological parameters for both model domains. In
SLIM3D, stress-and temperature-dependent rheology is implemented according
to an additive strain rate decomposition into the viscous, elastic and plastic com-
ponents:

ε̇ij = ε̇visij + ε̇elij + ·εplij =
1

2ηeff
τij +

1

2G
τ̂ij + γ̇

∂Q

∂τij
(2.4)

where G denotes the elastic shear modulus, Q = τII is the plastic potential
function, τ̂ij is the objective stress rate and γ̇ denotes the plastic multiplier, τij =

σij−Pδij is the Cauchy stress deviator, P = −σij/3 is the pressure, τII = (τijτij)
1/2

stands for the effective deviatoric stress, and ηeff is effective creep viscosity de-
rived by combining the diffusion and dislocation creep mechanisms, as follows:

ηeff =
1

2
τII (ε̇disl + ε̇diff )

−1 (2.5)

The effective scalar creep strain rate are given by Kameyama et al. (1999):

ε̇diff = Adiff (CH20)
rdiff ·τII ·exp

(
Ediff + PVdiff

RT

)
(2.6)

ε̇disl = Adisld
−p(CH20)

rdisl·τnII ·exp
(
Edisl + PVdisl

RT

)
(2.7)

where the symbols A, E and V denote the experimentally prescribed pre-
exponential factor, the activation energy and the activation volume respectively.
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Here and elsewhere in this paper I apply the Einstein summation convention over
repeated indices. Moreover, R denotes the gas constant, T the temperature, P the
pressure, n is the power law exponent, d is grain size, p is the grain size exponent,
CH20 is water content in ppm H/Si, and rdiff and rdisl are the water content expo-
nents. I do not explore the varying of grain-size influence on surface observables
for example, plat motion in our studies (Alisic et al., 2012).

Along plate boundaries I account for the brittle deformation, with yield stress
(or plastic yielding) τyield, defined according to the Drucker-Prager criterion based
on the dynamic pressure:

τyield = c+ µP (2.8)

where c is the cohesion and µ is the coefficient of friction. Following Sobolev
et al. (2009) I study the influence brittle deformation on plate motion by varying
friction coefficient values at the predefined plate boundaries (Bird, 2003) treated
as narrow zones in the crustal and lithospheric layer in the depth range 0-80 km
and high friction coefficient (Table 3.1) in all lithospheric materials outside of the
plate boundaries.

The upper mantle creep viscosity is calculated using olivine parameters from
the axial compression experiments of Hirth and Kohlstedt (2004). Crustal rhe-
ology is taken from Wilks (1990). The entire rheological parameters used in this
study, except for the water content which is varied in Section 3.1, are summarized
in Table 3.1. For more details regarding the formulation of the physical model and
numerical implementation the reader is referred to (Popov and Sobolev, 2008).

2.3 Thermal and density structure of the upper

mantle

I assign densities in the topmost layers according to the CRUST1.0 crustal model
(Laske et al., 2013). Underneath, I separately consider the layers below and above
the interface between the two codes placed at a depth of 300 km to differentiate
between the deep and shallow signals. Here the topographic signal induced by
the layers below the 300 km is assumed to be due to convection in the viscous
mantle although cold rigid subducting slabs (Zhong and Davies, 1999; Faccenna
et al., 2007) and possibly also the deepest craton roots (Conrad and Lithgow-
Bertelloni, 2006) extend deeper than 300 km. I test two different stratagies for
the representation of the upper mantle thermal and density structure, namely
TM1 (Figure 2.2) and TM2 (Figure 2.3). TM1 is based on a 3D thermal structure
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FIGURE 2.2: TM1 - 3D thermal structure at depths of a) 50 km, b) 100 km, c)
150 km and d) 280 km, showing (a) high temperature due to mid-ocean-ridges
(b and c) cold cratonic roots in continents and d) cold subducting slabs along
most convergent plate boundaries. Thermal structure is derived from heat flow-
based thermal structure inferred from the TC1 model of Artemieva (2006) in the
continents and the sea floor age model of Müller et al. (2008) in the oceanic areas.

inferred from sea floor age (Müller et al., 2008) for the mantle in oceanic regions.
I use the half-space cooling model to infer temperature Tocean as a function of age
and depth according to:

Tocean(z, τ) = Ts + (Tm − Ts) erf

(
z

2
√
kτ

)
(2.9)

where k = 8 · 10−7m2s−1 is the thermal diffusivity, τ is the age of the oceanic
lithosphere, Ts is the reference surface temperature, Tm is the reference mantle
temperature, with z being the depth beneath the Earth’s surface. This is com-
bined with TC1 model for continents (Artemieva, 2006). To account for slabs in
the upper mantle, I use slab locations and depths from Steinberger (2000) to infer
a corresponding temperatures field. In figure 2.2, slices of the inferred thermal
structure for the upper mantle at depths of 50, 100, 150 and 250 km, showing cra-
tons and slabs as the coldest structures and ridges with the highest temperatures.

The second model of the upper mantle thermal structure (TM2) is inferred
from the seismic tomography model SL2013sv (Schaeffer and Lebedev, 2013). I
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FIGURE 2.3: TM2 - second thermal structure at depths of a) 50 km, b) 100 km, c)
150 km and d) 280 km, derived from S-wave tomography-based thermal struc-
ture of the upper mantle inferred from the SL2013sv model of Schaeffer and

Lebedev (2013).

have chosen this model because of its detailed representation of the upper man-
tle heterogeneities which has been shown by Steinberger (2016), though with lay-
ered mantle viscosity, to allow a better prediction of dynamic topography than
previous models. This makes it a good candidate for comparison with the model
results obtained using TM1, and for regional investigations of the upper mantle
contribution to lithospheric stresses and topography. Here I convert the seismic
velocity anomalies δVs into thermal anomalies ∆T within the upper mantle ac-
cording to the relation:

∆T =

(
δVs
Vs(z)

)
(
∂lnVs
∂T

)
P

(2.10)

where the index P in the denominator stands for partial derivative at constant
pressure (i.e. depth). As a first step, I do not correct for the effect of chemical de-
pletion in cratons, so to evaluate its influence on the modeled lithospheric stress
field and topography.

I adopt these two distinct upper mantle structures TM1 and TM2 to give in-
sight into the performance of using the different imaging sources of TM1 and
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TM2 to study the Earth’s crustal and lithospheric structure. On one hand, sur-
face wave seismic data (TM2) within the upper mantle translate all cold depleted
cratons to very low temperatures and in turn low topography, which is not the
case for heat flow data. Also the choice of age estimates based on magnetic lin-
eations estimate lithosphere thickness in oceans (TM1) does not capture very well
the small-scale crustal-lithospheric structure like seamounts or volcanic islands,
compared to the TM2 model. Nonetheless, the choice of age-dependent litho-
sphere thickness based on magnetic anomalies combined with heat flow data for
the TM1 model is shown to predict a better fit to the observed plate motions.
Hence, I also show how that will translate to fitting the observed topography and
lithosphere stress field. In addition, and for comparison purposes, we introduce
two other thermal models based on two different seismic tomography models
SAW24B16 (SAW) (Mégnin and Romanowicz, 2000) and S20RTS (S20) (Ritsema
et al., 2011) to evaluate their performance relative to our reference seismic to-
mography model SL2013sv (Schaeffer and Lebedev, 2013) (Figure 2.3b). In the
model setup, I define the reference crustal, lithospheric and asthenosphere densi-
ties (Table 3.1) and accounted for lateral density variations from our 3D thermal
structures (either TM1, TM2, SAW or S20) using the relation:

ρ(∆T ) = ρref

[
1− α∆T +

P

K

]
(2.11)

where α is the thermal expansivity coefficient, chosen to be 3.10−5K−1 within
the lithospheric and asthenospheric mantle, K value (Table 3.1) is the bulk mod-
ulus and ρref the reference density at reference temperature (20◦C) and zero pres-
sure. In the crustal layer, I use α = 2.7.10−5K−1 with a thermal conductivity of 2.5
W/m/K and a heat production rate of 0.5 nW/kg. In the mantle, I used the value
of 1.2 kJ/kg/K for the specific heat capacity and neglect the heat production since
our calculation for a short time 0.5 Ma, is almost an instantaneous simulation.
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Chapter 3

Results on mantle rheology and plate
motion

This chapter presents the modeling setup detailing the variation of different pa-
rameters studied and the results obtained. Here I start by constraining litho-
sphere and mantle viscosity structure using the fit between the modeled geoid
model and observed geoid. I have also tested the effects of different 3D density
structures in the lower mantle on the geoid estimate. Further analysis is per-
formed to show the influence of water content on the upper mantle rheology,
which is further constrained by varying rheological parameters to calculate plate
motions and lithosphere net rotation.

3.1 Constraining upper mantle creep viscosities and

corresponding basal tractions

First I compute a global dynamic geoid model (Figure 3.1b) and a basal shear
tractions at 300 km depth (Figure 3.5) to ascertain that the upper mantle lateral
viscosity variations (LVVs) yield realistic results with the TM1 thermal structure.
I compared the predicted geoid model to an estimate (Figure 3.1c) of Steinberger
and Calderwood (2006) from a layered/radial viscosity (ηr) model and the ob-
served geoid (Figure 3.1a). The corresponding spherical harmonic degree by de-
gree (l = 2− 31) amplitude spectrum of the observed and modeled geoid and the
correlation between the observed and modeled geoid show high correlation and
spectral density at lower degrees and a steady decrease as I move to higher spher-
ical harmonic degrees (figure 3.1d). The introduction of LVVs in the top 300 km
of the upper mantle does not significantly improve the fit to the observed geoid
at high spherical harmonic degrees (red), but gives similar amplitude spectral to
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FIGURE 3.1: Comparing (a) the observed geoid from GRACE (with the effect
of hydrostatic equilibrium removed) to the modeled geoid (b) using LVVs in
the upper 300 km with only radial viscosity variation below and (c) with only
radial viscosity variation (Steinberger and Calderwood, 2006) for all depths. The
modeled geoid is estimated with the density distribution from TM1 in the top
300 km and from the Smean tomography model (Becker and Boschi, 2002) below
300 km. (d) Calculated spectral density amplitude of the observed and modeled

geoid and correlation between them

the observed field compared to the geoid model with radial viscosity variation
(magenta) at all depths.

The geoid model is also dependent on the density structure used for the man-
tle flow calculation. I have examined a number of published S and P - wave
seismic tomography models to infer the lower mantle density structures caus-
ing mantle flow. For each density model derived from the respective seismic
tomography model the dynamic geoid was calculated using the radial viscosity
variations of Steinberger and Calderwood (2006) and compared to the observed
geoid (Figure 3.2). I computed both global and regional correlations for spherical
harmonic degrees l = 2−31 expanded into the spatial domain. Each geoid model
was then compared to the observed geoid in two arbitrary regions, namely the
areas marked by the Andes geoid high signal and India geoid low signal. This
was done be taking an area of 40 x 40 degrees around the Indian geoid low and
the Andes geoid high in spatial domain for the model and the observed geoid. I
used the correlation coefficient equation:

r =
(nΣNobs ·Nmod − (ΣNobs) · (ΣNmod))√

([nΣN2
obs − (ΣNobs)2] · [nΣN2

mod − (ΣNmod)2])
(3.1)

Were Nobs and Nmod are observed and modeled geoid models and n is the
number of data point in the spatial domain. I also tried composite models where
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FIGURE 3.2: Testing different P-wave and S-wave tomography models against
each other for mantle density distribution below 300 km with a constant litho-
sphere thickness (100 km) by estimating the correlation between the respective

modeled and observed geoid

different seismic models were combined at a chosen depth based on whether the
model performs best in capturing upper or lower mantle structures. From the
analysis, the Smean seismic tomography model (Becker and Boschi, 2002) gave
a rather good fit to the observed geoid with a global correlation of 0.84. When I
introduced LVVs it gave a global correlation of 0.852 and similar high value for
the Andes (0.86) but lower for India (0.75).

In Figure 3.4(b), I show profiles of the resulting creep effective viscosity for
continents and oceans within the top 300 km. The upper mantle creep viscosity
is calculated using olivine parameters from the axial compression experiments of
Hirth and Kohlstedt (2004), shown in Table 3.1 with the reference 3D upper man-
tle thermal structure TM1 (Figure 2.2). I experimented with dry and wet olivine
parameters (Table 3.1) with different water content in the asthenosphere for the
dislocation and diffusion creep equations, to estimate the influence of weak as-
thenospheric viscosity on plate motion. The corresponding diffusion and dislo-
cation creep estimates are shown in Figure 3.4(a).

Figure 3.4(b), shows how the average asthenospheric viscosity decreases with
water content (Green et al., 2010; Karato, 2010) and a vertical profile through
the upper mantle resulting LVVs (300 km) is shown in Figure 3.3. In general,



42 Chapter 3. Results on mantle rheology and plate motion

FIGURE 3.3: A slice of resulting viscosity (LVVs) using TM1 model at latitude
25◦ South through the Nazca subduction plate. Background lines shows North

pole.

TABLE 3.1: Parameters for the thermo-mechanical modelling of the upper man-
tle modified after Hirth and Kohlstedt (2004). Olivine water content used for
our viscosity profile is 100, 200, 500, 800, 1000 H/106Si in the weak mantle (as-
thenosphere) with dry lithospheric parameters, which is included in the pre-
exponential factor for olivine. The creep parameters for the crust are given by

(Wilks, 1990)

Parameter Unit Crust Lithosphere Asthenosphere
(strong mantle) (weak mantle)

Bulk modulus K GPa 6.3 12.2 12.2
Shear modulus G GPa 4.0 7.40 7.40
Density ρ gcm−3 2.85 3.27 3.30
Cohesion c MPa 5.0 5.0 5.0
Friction coefficient µ - 0.6 0.6 0.6

Diffusion creep parameters (p =3, d=10 mm, r = 1)
Adiff Pa−1s−1 - 10−8.65 10−8.82

Activation Energy Ediff KJ/mol - 375 335
Activation Volume Vdiff cm−3/mol - 6.0 4.0

Dislocation creep parameters Dislocation (p = 0, r = 1.2)
Adiff Pa−ns−1 10−21.05 10−15.19 10−14.67

Activation Energy Ediff KJ/mol 445 530 480
Activation Volume Vdiff cm−3/mol 10.0 17.0 14.0
Power law exponent n - 4.2 3.5 3.5
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FIGURE 3.4: a) Calculated average strain rate versus depth for diffusion and
dislocation creep across continents and oceans. b) The corresponding aver-
age creep viscosity versus depth in the upper mantle with olivine parameters
c)Temperature and d) Yield strength profiles showing the prescribed frictional
coefficient µ ~ 0.6 from laboratory experiments (Byerlee, 1978) and frictional co-
efficient µ ~ 0.1 suggested by numerical simulation(Moresi and Solomatov, 1998)

used as an upper limit for plate boundaries.

all oceanic average viscosity profiles have magnitudes lower than their respec-
tive continental average effective viscosity (ηeff ), within the 100± 60 km depth
range, which is broadly consistent with the mean depth of the oceanic astheno-
sphere. This depth range of low oceanic viscosity (Figure 3.4b) corresponds to
seismic wave velocity drop (~ 5-10 %) in most recent seismological studies show-
ing the transition between lithosphere and asthenosphere (e.g. Fischer et al., 2010;
Kawakatsu et al., 2009; Rychert et al., 2005; Schaeffer and Lebedev, 2013). The dif-
ference between the averaged ocean and continent viscosity profiles in the depth
range 100± 60 km is ~ 1 order of magnitude. I obtained the lowest average vis-
cosity of ~ 5·1018 Pas, for 1000 H/106Si wet olivine beneath oceans. Figure 3.5
shows the basal tractions causing plate motions for some representative cases.
In Figure 3.5 (a) and (c) only radial viscosity variation (Steinberger and Calder-
wood, 2006) are considered, whereas in Figure 3.5 (b) and (d) creep parameters
corresponding to the effective viscosity profile in Figure 3.4 (b, blue profile) are
used, with yield stress adjusted with coefficient of friction µ = 0.03 (Figure 3.4d)
within the crust and lithospheric layer for all plate boundaries. The influence of
the frictional parameter at plate boundaries will be discussed in the following
sections with regards to global plate motions.
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FIGURE 3.5: Predicted basal tractions at a 300-km depth with a) layered viscosity
structure (Steinberger and Calderwood, 2006) and b) Olivine parameters for pink
profile average creep viscosity (500 H/106Si, in figure 3.4b) with µ = 0.03. c)
and d) with one order of magnitude lower viscosity in the asthenosphere, with
µ = 0.03 at ocean-continent subducting regions and µ = 0.1 at the remaining
plate boundaries. The predicted geoid models with a) and b) are shown in figure

3.1(b-c)

3.2 Plate motions

I first used the coupled model to predict a set of global plate motions (Figure 3.6),
following upper mantle creep parameters derived with dynamic geoid and litho-
spheric basal tractions (Figure 3.4) and a free surface as the upper boundary.
I seek to understand how plate boundary frictional deformation and astheno-
sphere viscosity influence global plate velocities. To compute global plate mo-
tions in no net rotation reference (NNR) frame, I have explored both layered/radial
viscosity and LVVs for the upper mantle. For LVVs I first used olivine parame-
ters (Table 3.1) corresponding to the blue average creep viscosity profile (1000
H/106Si in Figure 3.4b). I used a fixed maximum and variable minimum cutoff in
the top 300 km (see Table 3.2) and yield stress with parameterized coefficient of
friction (Figure 3.4d) at plate boundaries. The predicted global plate motions
(Figure 3.6) are compared with the observed plate motion model NUVEL-1A
(DeMets et al., 2010) in a No-Net-Rotation (NNR) reference frame. I estimated
and compared the global root mean square (rms) velocity (Figure 3.7a and 3.7b)
and the angular misfits (Figure 3.7c and 3.7d) between the modeled and observed
plate velocities for the different values of plate boundary friction coefficient due
to plastic yielding and asthenospheric cutoff viscosity. Here I used a variable
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TABLE 3.2: Summary of the upper mantle parameters for different calculations

Upper Mantle Lateral Viscosity Layered Viscosity
Variations (Pas) Variations (Pas)

1. Lithosphere layer
a. variable thickness ηeff max cutoff = 1024 1024

b. uniform thickness ηeff max cutoff = 1024

(60, 80, 100 and 150km)
2. Asthenospheric layer ηeff min cutoffs = 1018 - 1021 η(z) = 1018 - 1021

lithosphere thickness (Table 3.2) with the stress and strain-rate dependent viscos-
ity using a 3D temperature structure for the upper mantle (Figure 2.2) to predict
my first set of plate velocities. The second set of predicted plate motions, is based
on Newtonian/layered viscosity structure (Steinberger and Calderwood, 2006) at
all depths. The calculation with layered/radial viscosity for the upper mantle is
similar to previous geodynamic modeling studies of the plate motion (Lithgow-
Bertelloni and Richards, 1998; Becker and O’Connell, 2001), but I have imposed
plastic yielding at the plate boundaries for the dynamically self-consistent gen-
eration of plate motion, in contrast to either imposing the observed surface plate
velocity (Becker, 2006; Becker and O’Connell, 2001) or using weak zones with
viscosity drop (Becker, 2006; Conrad and Lithgow-Bertelloni, 2006) at the plate
boundaries.

3.2.1 Influence of plate boundary friction on plate velocities

Contributions of the slab pull (Conrad and Lithgow-Bertelloni, 2002; Conrad and
Lithgow-Bertelloni, 2004; Forsyth and Uyeda, 1975; Harper, 1975; van Summeren
et al., 2012) from the upper mantle slabs attached to surface plates and of the
deeper slab suction to global plate motion are broadly evident in all subducting
surface plates, when I use a very low plate boundary friction µ < 0.04 (Figure 3.6)
and a relatively low asthenosphere viscosity. The Pacific plate, Nazca plate, Indo-
Australian plate and Cocos plate are all moving with a maximum speed ~ 20
cm/yr. On the other hand, with the same low coefficient of friction µ <0.04 at
plate boundaries and asthenospheric viscosity, the non-subducting oceanic plates
are moving with relatively low velocity ~ 5 cm/yr, which are mainly driven by
forces coming from either ridge push or gravitational sliding of the oceanic plate
(Artyushkov, 1973; Conrad and Lithgow-Bertelloni, 2002; Harper, 1975; McKen-
zie, 1972) or slab suction from below 300 km. When I increase the resistive force
due to friction by increasing the coefficient of friction at plate boundaries while
keeping the same asthenospheric viscosity, I observe a corresponding decrease in
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lithospheric plate speed, for all plate, which is more pronounced in subducting
plates. For example, with a minimum asthenosphere viscosity cutoff (1018 Pas)
rms plate velocity decrease by about 2 cm/yr with an increase of the coefficient
of friction (yield stress) by 0.01 (Figure 3.6). This brings lithospheric plates to an
almost stagnant lid regime as I move towards higher coefficients of friction ~ 0.1
(Crameri and Tackley, 2015; Crameri and Tackley, 2014), thereby resisting almost
the total driving force due to slabs and basal traction. With the highest coeffi-
cient of friction ~ 0.1 tested in this study, the yield stress at plate boundaries is
mostly not reached, even with the lowest asthenospheric viscosity 1018 Pas. This
corresponds to a general decrease in the rms predicted global plate velocities (Fig-
ure 3.7a) as I increase the coefficient of friction from 0.01 (friction angle ~ 1◦) to
0.1 (friction angle ~ 15◦) for all minimum viscosity cutoffs. A similar gradual de-
crease in global plate velocities (rms) is obtained with layered viscosity models
(Figure 3.7b).

Previous studies (e.g. Wu et al., 2008) have considered slab bending force at
subductions zones, and have arrived at similar conclusions on the effect of resis-
tive forces between subducting and overriding plates. The older is the subducting
plate, the thicker and more stronger the slab pull force. Hence at intermediate
coefficients of friction (e.g. 0.02, 0.03, and 0.04 for cutoff 1018 Pas, (Figure 3.6))
young, thin subducting plates (e.g. Nazca and Cocos) move much slower, since
the smaller slab pull does not mostly cause plastic yield. In contrast, it is easier for
older, thicker plates (such as the Pacific) to achieve yielding and thus to move rel-
atively fast. On the other hand, older plates become comparatively slower as we
increase the asthenospheric viscosity while keeping the same friction coefficient
(see section 3.2.2).

This study finding that a low friction coefficient µ < 0.05 (low friction angle <
8◦) is required at plate boundaries for correctly predicting global plate motions is
consistent with previous studies (Crameri and Tackley, 2015; Faccenda et al., 2009;
Hall et al., 2003; Hassani et al., 1997; Sobolev and Babeyko, 2005; Tan et al., 2012)
that have considered the influence of the frictional parameter on the subduction
interface and numerical studies of the global plate motion with plastic yielding
at plate boundaries (Stadler et al., 2010; Crameri and Tackley, 2014). In contrast,
the coefficient of friction µ ~ 0.02 at plate boundaries from my preferred model is
much lower than the value of ~ 0.1 suggested by previous numerical studies of
the mantle convection (Moresi and Solomatov, 1998; Richards et al., 2001; Tack-
ley, 2000) or the value of µ ~ 0.25 inferred by studies of seismicity and oceanic
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lithospheric flexure by Zhong and Watts (2013). Also the preferred friction coef-
ficient value is much lower than that derived from laboratory experiments (By-
erlee, 1978) that suggest a value of ~ 0.6. However the estimated friction coef-
ficients are close to the values (0.01-0.05) derived in the models of subduction
orogeny in Andes (Sobolev and Babeyko, 2005).

3.2.2 Influence of the asthenosphere viscosity on plate

velocities

The second quantity that is varied in the simulation (Figure 3.6), is the viscosity
contrast between the lithosphere and the asthenosphere, with the minimum as-
thenosphere viscosity cutoff values for the LVVs, ranging from 1018 Pas to a much
high value of 1021 Pas. The use of higher cutoff values leads to a gradual decrease
in the modeled plate velocities. At low cutoffs <1020 Pas and low plate bound-
ary friction (µ <0.04), both subducting and non-subducting plates move with a
relatively high speed, with an estimated global rms often greater than 7cm/yr
(Figure 3.7a), exceeding the observed rms of ~ 3.7 cm/yr for the global plate mo-
tion NNR-NUVEL-1A (DeMets et al., 2010). For the lowest viscosity cutoffs 1018

Pas and 1019 Pas and µ = 0.01, plates move on average with more than twice
the observed plate speed, giving estimates of root mean square error (RMSE)
~ 140− 160 % (Figure 3.7c, red and green lines), due to the weak mechanical cou-
pling between the lithosphere and the asthenosphere (i.e. viscous drag). This
reduces the influence mantle drag force on the overriding and subducting plates,
making plates move with relatively high velocities, even in continental regions
with higher resistive forces due to continental keels. Noticeably, a combination
of weak viscous drag at the base of oceanic plates and strong driving force due to
slab pull and mantle suction (Conrad and Lithgow-Bertelloni, 2004; Forsyth and
Uyeda, 1975; Harper, 1975; Stoddard and Abbott, 1996) results in a rapid motion
of the Pacific, Indo-Australia, Nazca, Cocos plates, with the predicted speed more
than ~ 15 cm/yr.

For low asthenosphere viscosity cutoffs of <1020 Pas and low µ <0.04, the pre-
dicted directions of plate motion are rather similar to the observed directions
from NNR-NUVEL-1A (DeMets et al., 2010), with angular misfit < ~ 15 % (Fig-
ure 3.7e). However, as I increase the plate boundary friction coefficient, µ >0.04
while maintaining the same low asthenosphere viscosity cutoffs of <1020 Pas, the
angular misfit increase and the corresponding rms decreases to ~ 1 cm/yr or less,
as the resistance at plate plates boundaries increases and become plates slower.
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FIGURE 3.7: Estimates of global root mean square (RMS) of predicted plate mo-
tion with a) LVVs and b) layered viscosity in the upper mantle for different coef-
ficients of friction compared to the observed rms of NNR-NUVEL-1A (DeMets et
al., 2010) c) and d) depict their respective global angular misfits. e) and f) show

the root mean square error (RMSE) for the velocity magnitude in percentage.
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FIGURE 3.8: a) Estimated global rms velocity and b) angular misfit for modelled
plate motion based on total upper and lower mantle (Total), no slabs in the upper
300 km (No SL in 300 km), and no lower mantle drive below 300 km (No LM

drive)

Also increasing the minimum asthenosphere viscosity cutoffs >1020 Pas, deterio-
rates the fit between model and observation in terms of both direction (angular
misfit) and magnitude (RMS) of plate motion (blue, cyan and purple profiles (Fig-
ure 3.7e), regardless of the coefficients of friction used at plate boundaries and
whether or not the LVVs are accounted for.

I have quantified the contribution of slabs in the top 300 km of the upper
mantle, by removing the slabs, and have found a decrease in the rms by ~ 20 %
(Figure 3.8a) as well as and increase in the angular misfit (Figure 3.8b). The largest
contribution comes from the mantle buoyancy below the coupling depth of 300
km providing about 70 % of the driving force. The angular misfit is lowest if the
contributions from the upper and lower mantle are considered ((Figure 3.8)b). In
particular, the angular misfit can reach 50 (◦), when I set the mantle buoyancy
force to zero.

My preferred model was obtained with the minimum asthenosphere viscosity
cutoff of 1020 Pas and µ = 0.02 giving the global rms of 3.58 cm/yr and angular
misfit of ~ 8 (◦) (Figures 3.7a and 3.7c). I have qualitatively compared my re-
sults to the observation-based NUVEL-1A plate motion model (DeMets et al.,
2010) (Figure 3.9) in a no-net-rotation reference frame. There is a generally good
fit in terms of both magnitude and orientation, but an almost ~ 30◦ deviation is
found in Australia and more than 40◦ in parts of North America (Figure 3.9)c).
To achieve a better fit between model and observations in these regions I exper-
imented with different coefficient of friction for subducting boundaries, trans-
forms and divergent boundaries. In figure 3.9(d) I have used the minimum
asthenosphere viscosity cutoff of 1020 Pas and µ = 0.0135 for subducting plate
boundaries with half of the cohesion value and µ = 0.0219 for all other plate
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FIGURE 3.9: a). The observed plate motion NUVEL-1A in a no-net-rotation
(NNR) frame (DeMets et al., 2010), b). The preferred modelled plate motions
(Figure 2. min cutoff =1020 Pas and friction µ =0.02) c). Direction of NUVEL-1A
(blue arrows) and the preferred (red) plate motion with µ = 0.02 and d). Direction
of NUVEL-1A (blue arrows) plotted on the preferred (red) plate motion but with
µ = 0.0121 (cohesion c= 3 MPa) for subducting plate boundaries and µ= 0.0219

for all remaining plate boundaries.

boundaries. This has resulted in an improved fit to the observed plate motion in
almost all regions for both magnitude and orientation. However, using different
friction coefficients for subducting plate boundaries and other plate boundaries
has resulted in a westward motion of North and South America at a higher speed
of ~ 5 cm/yr and also the fit deterioration in the Nazca plate.

On average, the predicted plate motion is faster (Figure 3.7)a) with the LVVs
and a given asthenosphere viscosity cutoff than with the layered/radial viscos-
ity ((Figure 3.7)b). This is due to relatively faster lateral asthenospheric viscosity
flow that develops under oceanic plates (Becker, 2006), as a results of from the
stress and strain-rate dependent viscosity implemented together with 3D ther-
mal structure of the upper mantle. The corresponding low viscosity channel was
in Figure 3.4b and discussed in section 3.2. Plate motions prediction with either
LVVs or layered viscosity fit the observed plate velocities best with an astheno-
sphere with viscosity range of ~ 5.1019 - 1020 Pas underlying a lithosphere of
variable thickness. This viscosity range is consistent with the estimted by val-
ues from post-glacial rebound and geoid studies to constrain the upper mantle
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viscosity structure (Mitrovica, 1996; Mitrovica and Forte, 1997).

3.2.3 Impact of lithospheric thickness on plate velocities

Here, I further test the modeling setup with different values of uniform litho-
spheric thickness (table 3.2), similar to previous numerical modeling studies for
global plate motion prediction (Becker and O’Connell, 2001; Conrad and Lithgow-
Bertelloni, 2002; Lithgow-Bertelloni and Richards, 1995) but with LVVs in the as-
thenosphere (NB. Similar exercise were conducted with lateral constant tempera-
ture in asthenosphere to evaluate the influence on lithosphere NR, Figure 3.11 and
3.14). Because of these LVV beneath the nominal depth of the lithosphere base,
there are still effectively cratonic roots in regions of high viscosity. The pattern of
predicted plate motions with the different uniform thickness is quite similar to the
pattern with variable lithospheric thickness in most regions since the basal trac-
tions due mantle flow are not significantly changed by those LVVs that are due
to the variable thickness lithosphere (Conrad and Lithgow-Bertelloni, 2006). This
is especially evident when I compare the angular misfit with variable lithosphere
thickness (Figure 3.7c) to the misfit with uniform thickness (Figure 3.10(1-4b).
However, thin lithospheric plates (60 km and 80 km) are moving relatively fast
with the largest rms ~ 13cm/yr and ~ 11cm/yr respectively, compared to thicker
lithosphere (100 km and 150 km) with global rms of ~ 9 cm/yr and ~ 8 cm/yr re-
spectively. As I increase the strength at plate boundaries for uniform lithosphere
thickness, all rms estimates of predicted plate motion decrease monotonically to
~ 1 cm/yr or less, as in the case of the variable lithosphere model.

On average with thickness 60 km and 80 km I obtained faster plate motions
than for variable lithosphere thickness, whereas 100 km and 150 km leads to
rather slower speed making. This significantly higher plate velocities for young
lithosphere plates (60 km and 80 km thickness) are due to the correspondingly
thicker asthenosphere, which decreases the internal mantle traction by almost a
third (Conrad and Lithgow-Bertelloni, 2006; Stoddard and Abbott, 1996) result-
ing in less resistance from viscous/mantle drag to the slab pull force or mantle
drive. On the other hand, the plate velocities with thicker lithosphere are slower,
because of the larger internal mantle drag force through the thin asthenospheric
layer at the base of the lithosphere is much stronger (Conrad and Lithgow-Bertelloni,
2006; van Summeren et al., 2012) providing more resistance to the driving force.
The thinner the asthenospheric layer, the stronger driving force is required to
match observations. van Summeren et al. (2012) showed that, with no astheno-
sphere, 100 % slab pull is required to match observation. Among the four uniform
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FIGURE 3.10: Modeled global plate motion rms, angular misfits and rms errors
for the models using uniform lithosphere thickness of 60, 80, 100 and 150 km,
with plate boundary friction ranging from 0.01 to 0.1 and LVVs for the upper

mantle.

lithospheric thickness values used, 100 km yields results most comparable with
the variable lithospheric thickness. Both were able to approximately match the
observed plate motion NUVEL-1A, with similar asthenosphere viscosity cutoff
and plate boundary friction.

3.3 Resulting net rotation

3.3.1 Net rotation amplitude - Variable lithosphere thickness

Here, I estimate the excitation of net rotation (NR) of the lithosphere by the LVVs,
which is also to some degree influenced by the effect of plastic yielding at the
plate boundaries. I do this for different coefficients of friction at the plate bound-
aries and for different asthenospheric viscosity cutoff as in the previous sections.
In Figures 3.12 and 3.13, I plot the amplitudes of NR and Euler pole loca-
tions for different asthenospheric viscosity cutoff values against increasing the
strength at plate boundaries varied through the of coefficient of friction, for vari-
able and uniform lithospheric thickness. I have also tested whether the NR is gen-
erated by layered viscosity when only the influence of the friction coefficient at
plate boundaries is taken into account (Steinberger and Calderwood, 2006) (Fig-
ure 3.12b and 3.12d). Theoretically, the layered viscosity structure should not
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FIGURE 3.11: Modeled global plate motion rms, angular misfits and rms errors
for the models using uniform lithosphere thickness of 60, 80, 100 and 150 km,
with plate boundary friction ranging from 0.01 to 0.1 and and constant tempera-

ture in the asthenosphere.

excite any significant NR, and most numerical studies have shown it to be less
than 0.1 % (ω◦/Ma) of the observed. With the introduction of plastic yielding at
plate boundaries, I have obtained relatively low amplitudes of NRs, which are
mostly < 0.1◦/Ma.

Net rotation is close to zero for the asthenosphere viscosity larger than 1020

Pas. The corresponding Euler pole locations (Figure 3.12c) with coefficients of
friction µ < 0.03 are in the Indian Oceans rather close to most of the observation-
based Euler poles, but as we increase the friction at the plate boundaries, the pole
location moves further away, similar to the findings of Becker (2006) who used
strain-rate dependent rheology. Plastic yielding at the plate boundaries combined
with the layered viscosity structure tends to yield Euler poles further away from
the observation-based poles locations. Taken together with the low NR ampli-
tudes, this shows the importance of the LVVs in generating NR previously sug-
gested in numerical studies (e.g., Alisic et al., 2012; Becker and Faccenna, 2009;
O’Connell et al., 1991; Ricard et al., 1991; Stadler et al., 2010; Zhong, 2001). Fig-
ure 3.12(a) shows that simulation with variable lithosphere thickness, stress and
strain-rate dependent viscosity and a 3D thermal structure of the upper mantle
are able to realistically reproduce the NR comparable to observations in a hotspot
reference frame only for a low asthenosphere viscosity with cutoff of < 1020 Pas
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FIGURE 3.12: Net rotation amplitudes and Euler pole locations of the litho-
spheric plates with respect to the lower mantle for the LVVs(a and c) and layered
viscosity variation(b and d). Published NR amplitudes and corresponding Euler
pole locations from observations and previous geodynamic studies are plotted
as yellow circles and squares respectively, with size (in planes c and d) corre-
sponding to the amplitude(Gordon and Jurdy, 1986; Gripp and Gordon, 2002;
Steinberger et al., 2004; Wang and Wang, 2001; Becker, 2006; Stadler et al., 2010;
Zhong, 2001). Location of both the observed and previous geodynamic NR mag-
nitude are only considered in y-direction with x-direction arbitrary take at µ val-

ues close to our results, which are mainly less than 0.06.
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(Gordon and Jurdy, 1986; Steinberger et al., 2004; Torsvik et al., 2010; Wang and
Wang, 2001). Most of these observation-based estimates - with the exception of
HS3 (Gripp and Gordon, 2002)- fall within in the range of 0.1 - 0.2 ◦/Ma. Similar
large of NR amplitudes were also reported by Alisic et al. (2012), who used a self-
consistent global mantle flow model, which also accounted for the nonlinear slab
rheology and plastic yielding at the plate boundaries.

On the other hand other, earlier 3D numerical studies of the global mantle
flow (Becker, 2006; Zhong, 2001), with weak zones at the plate boundaries and
a free-slip upper boundary condition estimated smaller NR magnitudes between
0.023 to 0.092 ◦/Ma. This wide spread among different numerical predictions
of the NR amplitudes and significant deviations from observations (Čadek and
Fleitout, 2003; Wen and Anderson, 1997; Zhang and Christensen, 1993), are due to
different rheological models in the upper mantle structure, and the choice of the
plate boundary deformation mechanism. With larger lithosphere-asthenosphere
viscosity contrast, for example with a minimum cutoff of 1018 Pas or 1019 Pas for
the asthenosphere viscosity and µ < 0.03 I obtain NR amplitudes that are larger
than most observation-based estimates. For cutoffs values below 1020 Pas, there
is a monotonic decrease in the NR amplitudes when I increase the coefficient
of friction from 0.01 to 0.1. For example, the NR amplitude from 0.365◦/Ma to
0.143◦/Ma if the asthenosphere viscosity cutoff of 1018 Pas and variable litho-
sphere thickness are used. A viscosity cutoff of 5·1019 Pas combined with low
plate boundary friction µ~ 0.03 or less gives net rotations which is similar to but
with somewhat lower amplitude than most of the observation-based values, and
also similar to the results of Becker (2006) with temperature and strain rate depen-
dent rheology. However, if I reduce the lithosphere-asthenosphere viscosity con-
trast by assigning cutoff values of 1020 Pas or greater, the predicted average NR
amplitudes fall below 0.03 ◦/Ma which is similar to NR with the layered viscosity
models (Figure 3.12b) and the prediction of Becker (2006) with only strain-rate
dependent rheology. A Similar conclusion also follows from theoretical results
(Conrad and Behn, 2010; O’Connell et al., 1991; Ricard et al., 1991) that showed
that a viscosity variation by at least one order of magnitude is needed to excites
observed-like net rotation.

A gradual decline in the NR amplitudes with increasing plate boundary fric-
tion and asthenosphere viscosity cutoff < 1020 Pas supports the idea that a sig-
nificant weakening at the plate boundaries is required to excite lithospheric net
rotation (Bercovici and Richards, 2000; Zhong et al., 1998). However, the largest
effect is induced by the upper mantle viscosity. This is in accordance with the
notion that NR of the lithosphere is largely controlled by the LVVs resulting
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FIGURE 3.13: Net rotation amplitudes and Euler pole locations from simulations
with uniform lithosphere thickness of 60, 80, 100 and 150 km.
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from the sub-continental and sub-oceanic structures, mainly continental keels
(Zhong, 2001), which was also supported by Becker (2006) who used a model
with strain-rate and temperature-dependent LVVs, and Gérault et al. (2012) using
low-viscosity plate boundaries. Becker (2006) showed that models with strain-
rate and temperature-dependent rheology yield NR amplitudes close to obser-
vations in a hotspot reference frame, while the use of a strain-rate dependent
rheology resutls in an amplitude under estimations.

The resulting predicted Euler pole locations (Figure 3.12c) are mainly confined
in and around the Indian Ocean, with the location moving southward towards
the Antarctic continent as I increase the plate boundary friction to 0.1. This re-
sult is robust for almost all asthenospheric viscosity cutoff values, even those that
generate smaller NR amplitudes. With friction coefficients µ < 0.04 and astheno-
sphere viscosity cutoff of < 1020 Pas, I am able to predict Euler pole locations in
the vicinity of the observed present-day NR Euler pole locations (Gordon and
Jurdy, 1986; Gripp and Gordon, 2002; Steinberger et al., 2004; Wang and Wang,
2001), and those obtained from previous numerical studies (Becker, 2006; Stadler
et al., 2010; Zhong, 2001).

3.3.2 Net rotation amplitude and Euler Pole location - Constant

lithosphere thickness

Next I test how the choice of the lithospheric thickness influence the predicted
net rotation by considering different uniform lithospheric thickness. The thinnest
lithosphere (60 km) excites the largest NR amplitude, while the thickest (150 km)
excites the least for asthenosphere viscosity cutoff < 1020 Pas. For the differ-
ent uniform lithospheric thickness, the corresponding asthenosphere with LVVs
still contains density and viscosity variations due to slabs and cratons. Hence
the 60 km thick lithosphere is associated with an asthenosphere up to 240 km
thick, but in regions of high viscosity, the nominal asthenosphere will still accom-
modate deep cratonic roots. Accordingly, combining a 60 km thick lithosphere
with µ = 0.01 excites the largest NR amplitude of 0.410 ◦/Ma. Similarly, Zhong
(2001) finds a contribution of the continental keels to the lithospheric NR of about
~ 80 %. As an important component in the LVVs of the mantle structure conti-
nental keels are know to generate lithospheric NR (Becker, 2006; van Summeren
et al., 2012; Zhong, 2001). Among the computed NR with uniform lithosphere
thickness, those generated by simulations with a 100 km thickness are most sim-
ilar to the results of models with variable lithosphere thickness. When I consider
uniform temperature in the asthenosphere, almost all NR estimate goes below
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0.05 % (ω◦/Ma) for µ > 0.02 Figure 3.14. This confirms the importance of sub-
continental and sub-oceanic structures, (Zhong, 2001) with regards to lithosphere
net rotation. LVV seem to be the cause for the net rotation hence anything that
causes LVV to be reduced/minimized should diminish the NR. High friction co-
efficient or larger asthenosphere viscosity both tend to strengthen the weakest
points of the lithosphere/asthenosphere, making them closer in strength to the
rest of the lithosphere/asthenosphere.

3.3.3 Water content in the asthenosphere

Lastly, I study how a weak asthenosphere flow due to high olivine water content
(see section 3.1 (Figure 3.4b) influences the lithospheric net rotation. Here I do
not apply an asthenosphere viscosity cutoff. Modeled plate velocities with 1000
H/106Si in the asthenosphere exceeds ~ 20 cm/yr leading to the largest net rota-
tion amplitude of up to ~ 0.8349◦/Ma (Figure 3.15(a) red profile) and also giving
global rms > 14 cm/yr for µ = 0.01 (Figure 3.16). A two fold decrease in the olivine
water content (i.e. 500 H/106Si) in the asthenosphere, results in lower net rota-
tions, similar to most of the observation-based estimates of around 0.1-0.2◦/Ma,
even for low coefficients of plate boundary friction µ = 0.03 or less. When I in-
crease the plastic yielding at a plate boundary, I observe a monotonic decrease
in the NR amplitudes similar to the previous calculations. The Euler pole loca-
tions (Figure 3.15b) for different olivine water contents in asthenosphere do not
deviate significantly from each other, but all show a similar southward drift for
higher values of the plate boundary friction.

3.4 Concluding Remarks

In this part of the study, I have quantified the effect of plastic yielding/friction
at plate boundaries and the presence of creep viscosity on present-day global
plate velocities. Results presented here show that frictional deformation at plate
boundaries controls both the magnitude and orientation of plate velocities. Com-
pared to values µ~ 0.1 proposed in other studies, I find that the friction coeffi-
cient value must be much lower in order to match observations. The better fit
with rather smaller friction coefficient in subduction zones could be due to addi-
tional lubrication from sediments and water between the subducting and over-
riding plates as observed in nature (Lamb and Davis, 2003; Huene and Ranero,
2003). Also, the asthenosphere viscosity structure influences both the plate ve-
locity magnitude and net rotation as proposed by previous studies. Introducing
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FIGURE 3.14: Net rotation amplitudes and Euler pole locations from simulations
with uniform lithosphere thickness of 60, 80, 100 and 150 km, and constant tem-

perature in the asthenosphere
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FIGURE 3.15: a) Predicted net rotation (NR) for a varied water content in the as-
thenosphere compared with observation-based estimates and previous numeri-
cal predictions (as in Figure 3.12) and b) corresponding Euler pole locations with

an increasing plate boundary yield stress.
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FIGURE 3.16: Estimates of a) global root mean square (RMS) of predicted plate
motion with LVVs for varying water content in the asthenosphere for differ-
ent coefficients of friction compared to the observed rms of NNR-NUVEL-1A
(DeMets et al., 2010) b) global angular misfits. c) Show the root mean square

error (RMSE) for the velocity magnitude in percentage.
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high water content in the asthenosphere is found to decrease the viscosity and in
turn causes lithospheric plates to move faster, which also gives larger amplitudes
of lithosphere net rotation. This finding on the nature of the lithospheric plate
showing dual behavior of strong interior and weak boundaries confirms previ-
ous studies for example Moresi and Solomatov (1998), who showed the rheolog-
ical properties of the Earth that are necessary for plate tectonics to initiate, that
is the presence of a weakening mechanism of the lithosphere is required a for
breaking it. This weakening is suggested here to continue, even after breaking, to
sustain the continuous relative motion of the individual plates. For example, the
aseismic creep behavior of the San Andreas Fault due to the weak lithospheric
rock as sampled from the seismogenic zone (Carpenter et al., 2011) compared to
surrounding rocks away further in the plate interior also explains the horizontal
maximum compressive stress in northeast direction, which is perpendicular to
the Fault zone (Zoback et al., 1987).
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Chapter 4

Results on lithosphere stress field
and topography

In this chapter, I present the second part of the results. The refined lithosphere
and mantle rheological parameters from the estimates of plate motion are used to
predict lithospheric stress field and dynamic topography that are compared with
observations. This is in attempt to also constrain the thermal and density struc-
tures of the upper mantle. I do this by experimenting with different thermal and
density structures of the upper mantle to achieve a good fit with observations.

4.1 Contributions to crustal stress from above and be-

low 300 km

I start by examining the separate contributions of the mantle flow above 300 km
(Shallow Earth setup) and below (i.e. deeper forces) to the global lithospheric
stress field and topography. To calculate the contribution of the lower domain, I
use a constant lithosphere thickness (100 km) and density (3.27 kg/m3), radial vis-
cosity distribution and a seismic velocity-to-density scaling (Figure 2.1a-b) below
a 300 km depth according to (Steinberger and Calderwood, 2006) and 3D den-
sity structure below 300 km depth derived from the seismic tomography model
Smean (Becker and Boschi, 2002) as used in the case of plate motion estimates.
The resulting maximum horizontal magnitude (SHmax) and direction of the litho-
spheric stress field are shown in Figure 4.1(a) and the the corresponding dynamic
topography in Figure 4.1(c). I obtained compressional regimes in regions of past
and present subduction. On the North and South American continents, beneath
which the ancient Farallon and Nazca plates respectively were subducted, com-
pressive stress magnitudes reach about 40 MPa. In the far east, downwelling
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flows stretching north to south from the northwestern Pacific through Australia
towards Antarctica, correspond to a compressional stress regime with magni-
tudes ranging between ~ 50 and 80 MPa. These opposite compressional regions
are connected through the Arctic and the Antarctic and engulf two distinct re-
gions with extensional stress regimes centered on the Pacific and African super-
swell regions. The predicted SHmax directions in Figure 4.1(a) generally follow
the first-order lithospheric stress pattern (Zoback 1992), similar to previous man-
tle flow predictions of the lithospheric stresses (Steinberger et al., 2001; Lithgow-
Bertelloni and Guynn, 2004; Ghosh and Holt, 2012). In the largest extensional re-
gions such as found in the Pacific (superswell) and above deep upwellings across
southeastern Africa, stresses reach magnitudes around 30 MPa. With the max-
imum compressional stress along the western Pacific subduction region around
65 MPa.

To investigate the contribution of the upper domain (300 km) on the stress
field, I calculate the SHmax magnitude and direction using thermal density het-
erogeneity model TM1 (Figure 2.2a) combined with the CRUST 1.0 model and
disregard mantle density variations below 300 km. Comparison of the litho-
sphere stress (SHmax) predictions due to mantle flow driven by density anoma-
lies below 300km (Figure 4.1a) to that due to structure in the upper 300 km (Fig-
ure 4.1b), reveals notable differences in the model-based stress regimes, magni-
tudes and directions in continental regions. If stresses are generated by the upper
domain only, then almost all continental regions are are characterized by exten-
sional regime, with the largest stress magnitudes found in areas of high topog-
raphy and orogenic belts, such as the Tibet and Andes highlands. These mostly
blue continents in Figure 4.1(b) shows that the stress field observed in nature in
continental regions have their origin probably beyond the depths of the crust and
the lithosphere. Our stress predictions from the shallow Earth setup with laterally
varying crustal and lithospheric densities in Figure 4.1(b) show stress magnitudes
and pattern similar to Naliboff et al. (2012). However, as opposed to the results
of Naliboff et al. (2012) we predict high compressional magnitude at continental
margins, which may in part originate from the finer treatment of the crust and
the temperature-dependent creep viscosity. Also the high compressional stresses
along the subduction margins in Figure 4.1(b) are likely induced by slabs models
included in our setup.
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FIGURE 4.1: (a) Model-based maximum horizontal stress magnitude and most
compressive stress directions [SHmax] following the convention with compres-
sion being positive originating from the mantle flow driven by density anomalies
below 300 km.This is due to the tractions in Figure 3.5, inducing stresses in the
assumed lithosphere thickness of 100 km, which get smoothed out over large
distances. (b) Similarly, model-bases stresses based on the structure of the top
integrated and hence 300 km of the upper mantle, computed with the CRUST 1.0
model and TM1. (c) and (d) depict the corresponding modelled topography be-
neath air (free surface). Excluding the contribution of the deep mantle seems to
give a world mostly extensional in all continents different from what is observed.
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4.2 Total lithospheric stresses and topography

Next I compute the combined effect of both the lower mantle buoyancy and the
upper mantle heterogeneities on the global SHmax magnitude and direction for
comparison with the separate contributions discussed above and with observa-
tions. Note that this is not a linear superposition of the separate contributions,
because changing the properties of the upper 300 km also changes the topogra-
phy and stress caused by density anomalies below 300 km depth. The resulting
SHmax direction and magnitude (Figure 4.2a) due to the combined contributions
of the upper and lower mantle show a compressional regimes in areas similar to
Figure 4.2(a), muting almost all the strong extensional stresses predicted in con-
tinents shown in Figure 4.1(b). Also, the predicted SHmax orientation generally
follows the first-order lithospheric stress pattern (Zoback, 1992), similar to pre-
dictions based on only density anomalies below 300 km depth (Figure 4.1a), with
some regional deviations. The dominance of the contribution from below 300
km to the lithospheric stress field orientation can be seen from the similarities in
the SHmax direction between Figure 4.1(a) and Figure 4.2(a), and the dissimilar-
ities with Figure 4.1(b), especially in continents. Nevertheless, the contribution
from the upper 300 km to the predicted stress magnitude is evident in areas with
large crustal thickness in continents, such as Tibet and the Andes. The regions
where an extensional regime is predicted with only the contribution from below
300 km (Figure 4.1a) correspond very well with extensional stress regions in the
combined model (Figure 4.2a).

The result is not very different, when instead I use the thermal density model
TM2 for the total lithospheric stress field prediction. Both the predicted SHmax

magnitude and direction with TM1 (Figure 4.2a) and TM2 (Figure 4.1b) show
notable similarities in oceans and continents, owing to the strong contributions
from below 300 km which are similar for both models. They show relatively high
compressional stress magnitudes in subduction or convergence regions such as
the Mediterranean, south of the Tibetan Plateau, south of Alaska, and the north-
west Pacific extending through the Sumatra subduction zone and underneath the
Australia and Antarctic plates. However, the SHmax compressional signal under-
neath North America in Figure 4.2(a) is muted and that of the South American
region is turned into an extensional regime along the Andes (Figure 4.2) with the
inclusion of the mantle above heterogeneities 300 km and the crust. Similar to the
Figure 4.1(a) both predictions with TM1 and TM2 (Figure 4.2a and Figure 4.2b)
show SHmax extensional regimes corresponding to regions of upwellings and/or
volcanism. However, the model with TM2 generates a much higher extensional
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FIGURE 4.2: SHmax magnitude and direction predictions from combined con-
tributions due to lower mantle flow and upper mantle from a) TM1 with crust
model and b) TM2 with crust model. Corresponding model topography is shown

in c) and d) respectively.
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magnitude ~ 60 MPa in the North Atlantic region around Iceland, and around
the Azores and Canary hotspots, compared to TM1. Stress magnitudes are more
alike in the Southern Pacific Rise and around southern Africa. Differences are in
part due to the detailed and well resolved upper mantle structures in the S-wave
model used to derived TM2 (Schaeffer and Lebedev, 2013), whereas in TM1 the
upper mantle structure is based on sea floor age in oceanic regions (Müller et al.,
2008) and the slab temperatures based on (Steinberger, 2000). In regions where
the coverage of heat flow data is sparse (e.g. in South America and Antarctica)
(Artemieva, 2006; Pollack et al., 1993), TM2 (Figure 4.1b) may give better results.
In South America TM2 predicts the compressional signal along the subducting
Nazca plate and under Antarctica where the compressional stresses are induced
by the downwelling flow computed with TM2. In these regions there is barely
any heat flow data.

4.3 Lithospheric stress and topography

without crustal effect

Following above prediction of lithospheric stress field and topography (section
4.1.2), I repeated the two simulations, but this time without crustal thickness vari-
ations to compute the SHmax and topography (Figure 4.3). The resulting stress
magnitude and orientation from TM1 (Figure 4.3c) and TM2 (Figure 4.3d) with-
out the crustal contribution are quite similar to the respective previous results
shown in Figure 4.2 that include crustal contribution. Here, the resulting topog-
raphy with TM1 (Figure 4.3a) and TM2 (Figure 4.3b) show similar amplitude due
to the sea floor cooling and thickening along the ridges in the Atlantic, Indian
and Pacific Ocean peaking above ~1.5 km. With TM1, which explicitly contains
subducted slabs, narrow, deep trenches are computed above subduction zones,
such as in the northwestern Pacific and at the west coast of South America. Also
the negative topography in the Sumatra plate boundary is reproduced well with
TM1 model reaching a value ~1.8 km. Based on tomography (model TM2) the
computed topographic lows are wider and less prominent.

Predicted topography with TM2 is higher in Eastern African (2 to 2.5 km),
and highly elevated regions are more extended. Figure 4.3(a) with TM1 (based
on sea floor age) shows relatively low topography amplitude in the northwest
of the Pacific plate around Hawaii and towards the Mariana trench compared
to Figure 4.3(b) with TM2 (based on s-wave model SL2013sv) corresponding to
a mean regional temperature difference about ~ 200◦C between TM1 and TM2
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(Figure ??a-b). The topography with TM2 almost predicts all island chains asso-
ciated with hotspots in and around the Africa plate, in the Pacific and along the
Atlantic opening. In the North Atlantic, the positive topography (Icelandic swell)
due to the Iceland plume-lithosphere interaction (Rogozhina et al., 2016; Schiffer
and Nielsen, 2016) is more pronounced in Figure 4.3(b) with TM2 based on Scha-
effer and Lebedev (2013) tomography with heights exceeding 2 km compared to
Figure 4.3(a) with TM1 based on Müller et al. (2008) ocean floor ages, showing a
bit less than ~2 km. The high topographic amplitude along the mid-ocean ridges
(MORs) as a result of high temperatures beneath these spreading centers where
new sea floor is created, is generally more pronounced in the TM2 model to-
pography than with TM1. Despite the striking differences in topographic ampli-
tude between Figure 4.3(a) and Figure 4.3(b) in oceans along the MORs, modelled
stress orientations (Figure 4.3c-d) are very similar in these regions.

Also, the predicted strong negative topography (Figure 4.3a-b) in continen-
tal regions such as North America, Eurasia, Western Africa, South American,
and western Australia are mostly due to the old depleted mantle lithosphere in
cratons (King, 2005). This results from, the low temperatures in thermal model
TM2 (Figure 4.3b), due to the conversion from seismic models to temperature and
density, under the assumption that all seismic velocity anomalies are due to ther-
mal variations only. This produces unrealistically strong density anomalies and,
hence large negative topography at cratons (Forte and Perry, 2000), if correction
due to the chemical depletion in the mantle lithosphere is not considered. Cam-
marano et al. (2011) showed that correction for the depletion of the lithosphere
increases temperature of cratonic root by about 100 K but decreases density by
about 0.1 gcm−3 and fits observations well compared to models assuming py-
rolitic composition. Hence I adopt two thermal structures from different seismic
tomography models SAW24B16 (Mégnin and Romanowicz, 2000) and S20RTS
(Ritsema et al., 2011) with corrections applied to the depleted mantle to estimate
lithosphere stress field and topography (Figure 4.4b-c) and compare to stress field
and topography from TM2 with 100 K additional temperature converted to den-
sity in crations to account for chemical deplection. I give detail description on the
resulting dynamic topography (SAW, S20 and TM2+100 K) in section 4.5. Also
the large negative topography amplitude in cratons observed in topography with
TM2 compared to TM1 does not readily translate to similar large variations in
the respective predicted SHmax orientation (Figure 4.3c-d), showing that cratonic
roots have less influence on the lithospheric stress field (Naliboff et al., 2012).
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FIGURE 4.3: (a) Modelled topography using upper mantle structure TM1 and (b)
modelled topography using TM2 and corresponding SHmax prediction with (c)
TM1 and (d) TM2. In contrast to Figure 4.2, the effect of the crust is not included

here.
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FIGURE 4.4: (left column) modelled lithospheric stress field without the effect of
crustal thickness variations and (right column) corresponding topography for (a)
TM2 (100 K additional temperature converted to density in crations to account
for chemical deplection), (b) SAW24B16 with realistic treatment of cratons using
PerpleX after Cammarano et al. (2011) and same with (c) S20RTS for the upper

mantle thermal and density structures.
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4.4 modelled versus observed lithospheric stress field

I compare the predicted SHmax orientation to the current observed stress data.
Following the stress interpolation method presented by Müller et al. (2003), I use
their Fixed Search Radius (FSR) method which uses a global weighting defined
by a fixed Eucludian distance for the stress data interpolation and stress quality.
The smoothed stress field orientation at a grid point is based on the dominant
stress data orientation within the selected radius. For a detailed explanation on
the FSR method see Müller et al. (2003). Stress data with quality A, B, and C with
unknown stress regime were considered. Since I do not consider the respective
regime in the quantitative analysis, I also included the stress data with unknown
style having quality A and B in our smoothing procedure to make our smooth
field more robust. I smooth the observed SHmax orientation of the World Stress
Map 2016 (Heidbach et al., 2016), with a search radius of 270 km (Figure 4.5a-b) on
a grid interval of 2.5◦x2.5◦. The background dot colors in the smoothed map rep-
resent the stress data regimes with red denoting normal fault, blue as thrust fault,
green as strike-slip fault and black as unknown regime. For the interpolation I
only took into account the orientation pattern of the stress data. I limit the com-
parison with modelled lithospheric stress orientation to areas with enough data
for the interpolation. The new WSM2016 has relatively good coverage in some
regions that were not well covered in the previous version (Heidbach et al., 2008)
like Brazil, parts of North America, Eastern Russia, and Central Africa. I regard it
as appropriate to compare the modelled stress orientation with the smoothed ob-
served stress data and regard deviations of actual stress from smoothed stresses
as second-order pattern.

In figure 8(c) I superimposed the total modelled stress fields with TM1 in thin
bars plotted on TM2 in thick bars, showing the different regimes. There is fairly
good agreement in the predicted stress orientation and regime at long wavelength
between TM1 and TM2. The regional variations shown in the stress pattern and
regime in Figure 4.5(c) are mainly due to density contrasts in the lithosphere or
just below, which are nearly isostatically compensated or cause lithosphere flex-
ure, and due to topography (Zoback, 1992; Zoback and Mooney, 2003; Bird et
al., 2006). Compared to the observed SHmax pattern and regime (Figure 4.5a and
Figure 4.5b) I predict similar style in regions such as Eastern African and Tibet
with normal faulting comparable to earlier works, which considered the effect of
the whole mantle with a lithosphere and crustal model (Lithgow-Bertelloni and
Guynn, 2004; Ghosh and Holt, 2012; Ghosh et al., 2013; Wang et al., 2015). I
predict normal faulting mostly in regions above upwellings (mostly extensional
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FIGURE 4.5: (a) interpolated World Stress Map World stress map 2016 (Heid-
bach et al., 2016) data on a grid of 2.5◦x2.5◦, using only stress orientation with a
constant search radius 270 km, and (c) predicted SHmax orientation and regime
from total stress contribution with TM1 (plotted in thin bars) over TM2 (thick
bars) upper mantle thermal structure. Colors of dots in (a) and bars in (b) in-
dicate observed or predicted stress regime with red for normal faults or tensile
stress, blue for thrust faults or compressive stress, and green for strike-slip faults

or intermediate stress (one principal horizontal stress positive, one negative
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regions) such as the Icelandic swell, Eastern Africa rift, or along divergent plate
boundaries while thrust faults are mainly predicted in compressional regions like
subductions zones and tectonically active regions in continents. In continental ar-
eas, few regional variations are shown in South America, West Africa and on the
Eurasian cratons. In oceans I see variations in the North Atlantic around the Ice-
landic swell, at the east Pacific Rise and around the southern African plate region.

4.4.1 Misfit between WSM2016 and modelled lithosphere stress

To further evaluate the influence of each thermal structure I performed quantita-
tive comparison between modelled and smoothed observed stress orientations.
The estimated angular misfit (Figure 4.6) is a measure of the minimum angle be-
tween the modelled lithospheric stress orientation (Figure 4.5c for TM1 and TM2)
and smoothed observed stress orientation (Figure 4.5a), which ranges between 0◦

to 90◦. Here, angular misfit lower than 22.5◦ is regarded as a good agreement be-
tween modelled and observed WSM2016 data, with values above 67.5◦ regarded
as poor fit. The general SSW to NNE stress orientation observed over the North
American plate matches the model predictions with either of the two thermal
structures TM1 and TM2. The angular misfit map over North America from both
thermal structures show a poor fit over Yellowstone and Rocky Mountains ex-
tending to the Great Plains (Ghosh et al., 2013). The observed localized NW to SE
stress direction deviates (Figure 4.5a) from the predicted long-wavelength stress
pattern (Ghosh et al., 2013; Humphreys and Coblentz, 2007). Even though the
thermal model TM2 has high-density cratonic roots, compared to TM1, their re-
spective estimate of angular misfit shows that the North America cratonic root
has limited influence on the stress field. The two density structures TM1 and
TM2 yielded a mean value of 22.2◦ (std = 19.6◦) and 22.9◦ (std = 20.7◦) respectively.
Similar angular misfits over the North America continent (Figure 4.9a-c) are ob-
tained even with correction applied to the depleted mantle. As the upper mantle
thermal structure TM1 for the South American continent is not well-constrained,
due to lack of heat flow data in continental Brazil, the predicted stress field gives
a relatively poor fit, with mean misfit 37.73◦ (std =20.24◦). However, TM2 did
not perform much better with a mean misfit 33.79◦ (std = 21.9◦). Both stress field
models failed to match the observed stress field in the Andes, due to the domi-
nant localized N-S orientation predicted, caused mainly by high topography and
large crustal thickness (compare to Figure 4.3c-d). In the Africa continent, pre-
dicted N-S stress orientations along the Eastern Africa Rift from either model
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FIGURE 4.6: Angular misfit between the observed (WSM 2016) and total mod-
elled stress direction with (a) TM1 and (b) TM2 upper mantle thermal and den-

sity structures.
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FIGURE 4.7: Angular misfit in Europe between the observed stress and modelled
total stress with (a) TM1 and (b) TM2. Red bars denote modelled orientations

and black bars the smoothed observed stress field (WSM2016).

match the observed stress quite well with TM1 fitting much better compared to
TM2, but both fail over the Congo craton and South African plateau.

4.4.2 Western Europe

Contributions to the stress field in Western Europe come from the North Atlantic
ridge (NAR) push in the west and possibly the far-field slab pull from the north-
western Pacific subduction zones. In the south, forces come from the conver-
gence of the Africa and Eurasia plates, with Africa subducting under Eurasia in
the Mediterranean (Zoback, 1992; Müller et al., 1992; Gólke, 1996; Heidbach and
Höhne, 2007; Schiffer and Nielsen, 2016). These plate boundary forces combined
with the anomalous mantle pressure (Schiffer and Nielsen, 2016) underneath
the North Atlantic lithosphere generate the dominant first-order NW-SE stress
pattern. I almost match the NW-SE stress orientation with TM1 (Figure 4.7a),
while TM2 (Figure 4.7b) shows deviations from this NW-SE pattern. It gives a
second-order stress pattern in some regions, such as in Poland, Hungary, Roma-
nia, Turkey, Russia and France.

These regional pattern deviations are mainly due to the upper mantle density
structure and topography (Heidbach and Höhne, 2007) (compare to Figure 4.1a).
The large volume of heat flow data (Pollack et al., 1993; Artemieva, 2006) in con-
tinental Western Europe (TM1) improves the fit to the observed stress field com-
pared to the s-wave based thermal structure (TM2) yielding mean misfit values of
18.30◦ (std = 22.67◦) and 19.9◦ (std = 22.64◦) respectively. None of our models, was
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FIGURE 4.8: Angular misfit in Australia (a and b) and in and around Tibet (c and
d) between observed stress and modelled total stress with (a and c) TM1 and (b
and d) TM2 upper mantle structure. Red bars denote modelled orientations and

black the observed stress field (WSM2016)

TABLE 4.1: Regional estimates of Mean Angular Misfit and Standard Deviation
for modelled and observed stress field WSM2016 (Heidbach et al., 2016).

Continents Mean Angular Standard Mean Angular Standard
Misfits TM1 Deviation Misfits TM2 Deviation

North America 22.20 19.60 22.90 20.70
South America 37.73 20.24 33.79 21.90
Europe 18.30 22.67 19.90 22.64
Africa 26.56 21.78 28.90 22.70
Australia 23.07 19.40 32.70 24.22
Tibet-China 28.00 23.00 29.10 24.87
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able to predict the E-W stress orientation in the Aegean-Anatolian region coming
from the ongoing subduction slab rollback (Heidbach and Höhne, 2007; Heid-
bach, 2003), giving angular misfit greater than 40◦ (Figure 4.7a and (Figure 4.3b).
Table 4.1 shows summary of the estimates of angular misfit and standard devia-
tions between modelled and observed stresses for the different regions.

4.4.3 Tibet and surrounding regions and Australia

The Australian continent has a similarly large amount of heat flow data. Hence
the predicted intra-plate stress pattern with TM1 results in a somewhat lower
angular misfit (Figure 4.8a) with mean value 23.07◦ (std = 19.4◦) than with TM2
(Figure 4.8b) (mean = 32.7◦ and std = 24.22/circ). It has been argued that the
stress pattern in Australia is mainly due to plate boundary forces (Reynolds et
al., 2002), but I show here that crustal and sub-lithospheric heterogeneities have
a certain degree of influence based on the lithospheric and crustal structure used.
Nonetheless the W-E stress direction in the western provinces and NE-SW direc-
tion in the northern fits either model quite well. The remaining similarities be-
tween the predicted lithospheric stress fields (TM1 and TM2) rather go to support
earlier findings that Australian interplate stresses has about 80 % contribution
from plate boundary forces. The orientation of the stress pattern deviates from
the absolute plate velocity direction at almost 90◦ in the entire plate. The colli-
sion of India and Eurasia forming the Himalayas results in complex crustal and
lithospheric deformation (van Hinsbergen et al., 2011; Gaina et al., 2015) giving
a NE-SW compressional stress parallel to the direction of Indian plate velocity.
The SHmax predictions with TM1 (Figure 4.8c) fit the stress pattern better over
the Tibet Plateau with mean value of 28◦ (std = 23◦) compared to TM2, where
a predicted E-W direction results in misfit ~50◦ misfit (Figure 4.8d). Both mod-
els performed relatively badly in part of China, when compared to the observed
stress field.

4.5 Comparing dynamic topography with TM1 and

TM2 to observed residual topography.

Here, I compare the modelled dynamic topography to two independent observation-
based residual topography fields (Hoggard et al., 2016; Steinberger, 2016). Resid-
ual topography gives a convenient way to constrain both isostatic and non-isostatic
contributions to the modelled dynamic topography (Crough, 1978; Gurnis et al.,
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FIGURE 4.9: Angular misfit between the observed (WSM 2016) and total mod-
elled stress direction with (a) TM2 with cratonic regions having added constant
temperature of 100 K and (b) SAW24B16 with realistic treatment of cratonS using
PerpleX after Cammarano et al. (2011) and same with (c) S20RTS for the upper

mantle thermal and density structures.
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2000; Wheeler and White, 2000; Becker et al., 2014; Heidbach et al., 2016; Stein-
berger, 2016). This is done with the assumption that if topography is perfectly
compensated isostaically within the upper mantle at depths of range 100 - 150 km,
the integral of density with depth, as a function of crustal thickness and density to
Moho depth and of sea flooor age will be same everywhere for the chosen depth.
The observed model by Hoggard et al. (2016) is based on ocean seismic survey
(in-situ) in oceanic regions and free-air gravity anomaly data in continents (Fig-
ure 4.10a), while the Steinberger (2016) residual topography model (Figure 4.10b)
is derived with the CRUST 1.0 model (Laske et al., 2013). These two models
are comparable in most oceanic regions, but give large mismatches in continents,
which may be due to the different continental density structures used for either
model. For example, subducting the plate under South America leads to a nega-
tive anomaly in Figure 4.10(b) but in the same region there is a positive anomaly
in Figure 4.10(a) due to the free-air gravity data used on continents. Hence, I per-
form a regional quantitative comparison for oceans and continents separately. To
compare the modelled dynamic topography using TM1 and TM2 (Figure 4.3a and
4.3b) to the observed fields (Figure 4.10a and 4.10b), I first remove the height due
to ocean floor cooling. This is done by subtracting from the modelled dynamic
topography the heights estimate from sea floor age (Müller et al., 2008), using the
relation Htopo = 3300m · (1 −

√
age

100Ma
). Here I assumed half-space cooling for the

sea floor with age. For a smooth transition of topographic height from ocean to
continent, avoiding large jumps I nominally assumed 200 Ma lithosphere age for
continents following the approach of Steinberger (2016). The resulting modelled
dynamic topography fields (Figure 4.10c and 4.10d) with the effect of sea floor
cooling with age removed, with locations of active hotspots volcanism plotted
as green-black dots, shows how either model is able to predict the positive to-
pographic amplitude due to (upwellings) plume heads pushing the lithospheric
base.

Qualitative comparison of the two observed residual topography fields to the
modelled topography shows some features are well reproduced with both TM1
and TM2 models. Among them are, the Pacific Swell, Hawaiian plume track,
while the Canary Island plume, and heights around South Eastern Africa are
much better reproduced with the TM2 dynamic topography. Removing height
due to ocean floor age resulted in zero to negative topographic amplitudes along
MORs in the Atlantic and Indian Oceans for the TM1 dynamic topography (Fig-
ure 4.10c) giving a correlation of 0.323 and 0.198 (Table 4.2) in oceans to Stein-
berger (2016) (S2016) and Steinberger (2016) (H2016) respectively. This model
uses thermal density structure derived from ocean floor age,in the upper 300 km
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FIGURE 4.10: Comparing a) In-situ observed residual topography from Hog-
gard et al. (2016), and b) CRUST 1.0 -based residual topography from Stein-
berger (2016) with modelled dynamic topography using (c) TM1 and (d) TM2
upper mantle thermal density structures with the effect due to sea floor cooling
with age removed. (e) Similar modelled dynamic topography using TM2 upper
mantle thermal density structures with constant temperature (100 K) added in
cratons. Green dots with black circle around shows locations of major hotspots
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FIGURE 4.11: Ratio of residual (left-Steinberger (2016)) and (right - Hoggard et al.
(2016)) with dynamic topography from TM1 and TM2 for ocean and continental

regions.

hence when this contribution is removed, only the lower mantle contribution re-
mains. In contrast, the TM2 model still gives small scale topography anomalies
due to density anomalies other than from sea floor cooling at depths above (300
km) which are resolved in the seismic model used to derived TM2 giving rela-
tively higher correlation of 0.348 and 0.284 to S2016 and H2016 respectively in
oceans.

In continents, the TM1 model (Figure 4.10c) is quite similar to the residual
models (Figure 4.10b) with correlation of 0.481 and ratio of 0.98 (Figure 4.11a) up
to spherical harmonic degree 30. Over North America, Eurasia, and Australia it
also fits the observed stress field better than TM2 (Figure 4.6). TM2 gives similar
ratio and correlation, but at degrees lower than 15, the TM2 modelled topography
is about twice the amplitude of TM1 (Figure 4.11a). Over the African continent
with far less heat flow data used to derive TM1, the thermal density structure
gives a large continent uplift to about 2 km, similar to part of Antarctica (Fig-
ure 4.10c). In Figure 4.10(d), this uplift is less extended, better showing negative
topography at the Congo craton, but reaches a height above 2 km over the East
African swell similar to S2016 (Figure 4.10b). Many of the remaining continental
regions, however, show large negative topographic magnitudes of more than -2
km, resulting from the compositional effect in cratons in e.g. Eurasia, Australia
and North America being unaccounted for. To assess the robustness of the stud-
ies I introduce two other upper mantle thermal density structures derived from
SAW24B16 (Mégnin and Romanowicz, 2000) and S20RTS (Ritsema et al., 2011)
seismic tomography models as a qualitative check for our TM2 model. For the
seismic velocity anomalies from SAW24B16 (SAW) and S20RTS (S20) the method
of Cammarano et al. (2011), is used to convert seismic tomography models to
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TABLE 4.2: Correlation between modelled dynamic topography and observed
residual topography models (Steinberger, 2016; Hoggard et al., 2016) for conti-

nents and oceans.

Modelled topography Steinberger, 2016 Hoggard, 2016
Upper mantle Thermal density Ocean Continent Ocean Continent
1. TM1 0.323 0.481 0.198 0.169
2. TM2 0.348 0.498 0.284 0.171
3. TM2 + 100 K (in craton) 0.370 0.512 0.284 0.180
4. S20RTS (S20) 0.442 0.653 0.221 0.232
5. SAW24B16 (SAW) 0.248 0.718 0.287 0.188

temperature structures taking into account chemical depletion in cratonic areas.
In contrast, for TM2, I assumed additional 100 K converted to a negative density
as compositional contribution in cratons as opposed to the more realistic treat-
ment of compositional effects as done for SAW and S20. The modelled topog-
raphy show improvements in cratonic regions but there is almost no change in
the resulting lithospheric stress field (Figure 4.4). Correlation to S2016 increases
0.512 for TM2 (with assumed 100 K compositional effect) in continents. SAW
and S20 gave much higher correlation 0.653 and 0.718 in continents (Table 4.2),
which could be the results of realistic treatment of cratonic regions but also us-
ing different seismic tomography models. For example, Steinberger (2016) used
a similarly simple procedure to convert a different combination of tomography
models to density and still obtained a rather high correlation of 0.64 in continents.

The assumed compositional correction is not very large giving about 100 m
reduction in the cratonic negative anomaly (Figure 4.10e) compared to the case
without correction in continents(Figure 4.10d). This in part supports the pro-
posed treatment of the upper mantle thermal density structure with a joint petro-
logical and seismological constraint (Forte and Perry, 2000; Forte et al., 2010;
Cammarano et al., 2011), which is outside the scope of our studies. The Hog-
gard et al. (2016) residual topography shows positive amplitude over the Eurasia
craton due to the free-air gravity data used, while the other residual (Figure 4.10b)
and all modelled dynamic topography models gave negative value, resulting in
low correlation of H2016 on continents for all models. The correlations in oceans
with H2016 found here is also lower. However, this result is model-dependent, as
Steinberger et al. (2017) find an improved correlation with H2016 in oceans using
a different density model.
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4.6 Concluding Remarks

In this second part of the study, I have analyzed mantle contributions coming
from shallow and deep dynamic processes to the stress field and topography. In
this analysis the constraints on rheological parameters are used to predict plate
velocity and dynamic geoid and test different thermal-density structures. The
lithosphere stress field pattern is seen to originate more from deep sources com-
pared to the corresponding dynamic topography. The fit of predicted dynamic to-
pography to the observed field strongly depends on the choice of the upper man-
tle thermal-density structure, unlike the stress field. Compared to high crustal
topography, large cratons seem to have little or no influence on predicted stress
orientation. The integration of forces cause that the larger-scale contributions
from the lower mantle overwhelm the smaller-scale contribution from close to
the surface in stress predictions. These mantle tractions acting on the lithosphere
are transmitted elastically over far distances through the lithosphere whereas
the influence of regional scale small convection and isostatic effects are much
more dominating in topography features. The disparity of the origin of topog-
raphy and lithosphere stress field contributions shown here in this study gives a
new window into understanding these geophysical observables. In Figure 4.1b
and d), I show this phenomenon where modelled stress especially in continents
does not fit observations well but topography from the combination continental
crustal-lithosphere thicknesses and sea floor age variation seems to match the ob-
served topography much better. The current debate on degree two topography
(Steinberger et al., 2017) seems to complement this finding on the deep mantle
contribution to the stress field. Hence, adjustment of compositional structures
in the lower mantle and its apparent influence on the fit between modelled and
observed stress field should be a research topic for a follow-up to this study.
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Chapter 5

Summary and Conclusion

This research contributes to the state-of-the-art knowledge of the mantle and
lithosphere dynamics and their interaction and quantifies their influence on sur-
face processes. This interaction is assessed by constraining parameters that in-
fluence both the lithosphere and mantle dynamics. I have started by linking
present-day global plate velocities to plastic yielding at plate boundaries and the
presence of laterally varying viscosity (LVV) underlying the lithosphere plates
due to the deep cratonic roots, strong subducting slabs, and cooling of oceanic
plates. From the results presented here, it is evident that frictional deformation at
plate boundaries influences both the magnitude and orientation of plate veloci-
ties. To match the observed plate motions in a no-net rotation reference frame, the
required frictional coefficient for plate boundary yield stress should be less than
0.04 and asthenospheric viscosity ~ 5 · 1019 Pas, similar to frictional parameters
used to initiate and sustain subduction zones in previous studies (Becker and Fac-
cenna, 2009; Hall et al., 2003; Hassani et al., 1997; Sobolev and Babeyko, 2005; Tan
et al., 2012). High values of frictional coefficient µ > 0.1, as suggested by observa-
tions (Zhong and Watts, 2013) and experiments (Byerlee, 1978), lead to an almost
stagnant lid instead of moving lithosphere plates, as was also found by Crameri
and Tackley (2015). Numerical models that used high coefficient of friction with
pore fluid pressure (Gerya and Meilick, 2011) arrive at effective coefficients of
friction µ <0.1, suggested by previous mantle convection numerical studies to be
required for the initiation of plate tectonics (Crameri and Tackley, 2015; Moresi
and Solomatov, 1998; Richards et al., 2001; Tackley, 2000). The present study also
shows a good match between the modeled and observed plate motions for both
magnitude and orientation with low inter-plate coefficient of friction µ~ < 0.05.

This also applies for lithospheric plate net rotation (NR) but here the coeffi-
cient of friction has limited influence on the NR amplitude compared to the Euler
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pole location. For different frictional values with the same asthenosphere vis-
cosity cutoff, the drift or change in Euler pole location is significant even with
viscosity contrast that gives lower NR amplitudes. This was also shown with
layered viscosity structure and plastic yielding at plate boundaries, which excites
little to no net rotation of the lithosphere. NR amplitude is significantly influ-
enced by LVVs coming from cratons (Zhong, 2001), with minimal effect from
the plate boundary strain localization (coefficient of friction). I am able to match
observation-based NR amplitudes in the range 0.1◦/Ma to 0.2◦/Ma (Doubrovine
et al., 2012; Gordon and Jurdy, 1986; Steinberger et al., 2004; Torsvik et al., 2010;
Wang and Wang, 2001) with µ < 0.05 and asthenosphere minimum viscosity cut-
off 1019 Pas to 5·1019 Pas. For low LVV cutoff and low coefficient of friction plates
moves fast when a thinner lithosphere (60 and 80 km) is imposed as compared to
the setup with a thicker lithosphere (100 and 150 km), but in a similar direction
because in these cases slab pull can more effectively drive plate motion. With
larger lithosphere-asthenosphere viscosity contrast of ~ 2 orders of magnitude
and low friction coefficient µ < 0.04 I am able to predict NR amplitude close to
observations (SB04, HS3, GJ86)(Steinberger et al., 2004; Wang and Wang, 2001;
Gordon and Jurdy, 1986) and some previous numerical studies (Alisic et al., 2012;
Conrad and Behn, 2010; Gérault et al., 2012; Stadler et al., 2010), while with µ >
0.04 I obtain too low NR amplitudes. The preferred NR magnitude 0.10◦/Ma with
Euler pole location 49.31◦ S and 74.88◦ E was obtained a with minimum viscosity
cutoff of 5·1019Pas and µ = 0.02, which also give plate velocity prediction that fits
the observed plate motion in No-Net-Rotation reference frame. Almost all the
numerical models that were able to obtain a large value close to observations in-
clude plastic yielding (Alisic et al., 2012; Stadler et al., 2010) at plate boundaries
instead of weak zone/viscosity drop with free surface. The driving forces causing
lithospheric plates to move also contribute to topography and lithosphere stress
field.

The second part of this study focuses on predicting the influence of den-
sity heterogenities on lithospheric stress field and topography. With this ap-
proach, I further refined the set of rheological parameters and density structure
giving a better fit to the observed plate motions by matching the modeled litho-
spheric stress field and topography to observations. Here I have focused on dis-
tinguishing the dynamic contributions of density heterogeneities coming from
the shallow (upper mantle - above 300 km depth) thermal-density anomalies
with/without the crust on the present-day lithospheric stress state and dynamic
topography in the presence of a lower mantle flow contribution (below 300 km). I
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have considered different density structures above 300 km to estimate the associ-
ated uncertainty and its effect on dynamic topography and stress. The numerical
method allows us to separate out the lithosphere-asthenosphere dynamic contri-
butions to the lithospheric stress field from other contributions coming from the
lower mantle flow and to distinguish the spatial pattern coming from either of
these counterparts of the Earth interior, as well as their combined contribution.
Thereby, I evaluate the dominant contributions to lithosphere stress field and dy-
namic topography. Here I use the same lower mantle flow model as has been
used for predicting plate motion and dynamic geoid in Chapter 3. This model
is either use alone or in combination with different thermal density structures of
the upper mantle to calculate the lithosphere stress field and topography.

Although there are some significant regional variations in the modeled stress
field orientation with thermal structure of the heat-flow based and the S-wave
derived thermal structure (Figure 4.3c-d or Figure 4.3a-b), mostly in continen-
tal Eurasia, South America and parts of Africa, the corresponding modeled dy-
namic topography (Figure 4.3a and 4.3b) shows much more variation in both
continental and oceanic regions. This delineates the signals contributing to each
observable (i.e. topography and stress field), suggesting that a larger portion
of the force contribution to the lithospheric stress field signal originates from
lower mantle flow (Steinberger et al., 2001; Lithgow-Bertelloni and Guynn, 2004)
similar to the plate motion contribution - no lower mantle contribution (No LM
drive) Figure 3.8-, while the dynamic topography is much more influenced by the
upper mantle density structure (Marquart and Schmeling, 1989; van Wijk et al.,
2010; Becker et al., 2014; Faccenna et al., 2014). The upper mantle above 300 km
accommodates numerous geological processes that influence both topography
and stresses at short to medium wavelengths, while the lower mantle contributes
the longer-wavelength signal (Braun, 2010). Crustal thickening, shallow litho-
spheric structures, subducting slabs, plume heads at the base of the lithosphere
and small-scale mantle convection occurring in the upper mantle (Marquart and
Schmeling, 1989; Lowry et al., 2000; Lithgow-Bertelloni and Guynn, 2004; Hog-
gard et al., 2016) all contribute to topography at different degrees but with limited
influence on the modeled lithospheric stress field.

Furthermore, the negative topographic amplitudes in cratons are much larger
in the Thermal structure of the S-wave-based (TM2) induced dynamic topogra-
phy (Figure 4.3b and 4.10d) compared to that from the simulation using the
Thermal structure of the heat-flow based (TM1) (Figure 4.3a and 4.10c) but the
computed lithospheric stress field is similar for TM1 and TM2 both in cratons and
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other continental regions, for example under the Tibetan-Himalaya plateau (Fig-
ure 4.2a-b and 4.3c-d). This again suggests that density anomalies closer to the
surface give a relatively larger contributions to topography compared to stresses.
The negative topographic anomaly under Tibet which is obtained with both the
thermal structure of the heat-flow based model and the seismic S-wave tomogra-
phy based model is believed to be due to either the isostatic effect related to the
lithosphere thickening during the mountain building, or subduction of the In-
dian plate, or both. In the seismic tomography, vertical slices show high-velocity
anomalies for the Indian plate subducting in the south-northern direction un-
der Eurasia at depths 200-250 km. A similar structure can be observed for the
Anatolian-Aegean subduction (Faccenna et al., 2014) at depths above 410 km.

Nonetheless, the upper mantle density and crustal structures produce a dom-
inating regional second-order pattern in some high altitude regions e.g. the An-
des. General first-order pattern computed with a uniform lithosphere thickness
from the mantle flow only shows a stress pattern comparable to earlier studies
of the origin of stress, which is either attributed to tectonic forces which are also
used to predict plate motion, or to the mantle flow alone (Zoback, 1992; Richard-
son, 1992; Steinberger et al., 2001; Reynolds et al., 2002; Lithgow-Bertelloni and
Guynn, 2004; Bird et al., 2008; Ghosh et al., 2008; Ghosh et al., 2013). Ther-
mal structures, the heat-flow based model and the seismic tomography based
model differ with regards to their data source, spatial resolution and the extent to
which each captures upper mantle heterogeneities. This causes difference in the
modeled dynamic topography, whereas the predicted lithospheric stress fields
are more similar, because stress filed (regime) is influenced to a greater extent
by the lower mantle flow. This finding is further supported by the fact that the
use of other upper mantle thermal-density structures derived from S-wave mod-
els S20RTS (Ritsema et al., 2007)(S20) and SAW24B16 (Mégnin and Romanowicz,
2000) (SAW) gives similar results. Hence, fitting both observables would require
a consistent treatment of relative contributions from both the upper and lower
mantle. The thermal structure model based on heat-flow data and sea floor age
has low spatial coverage in many continental regions, as opposed to a relatively
high resolving skill of the global surface wave tomography, on which the TM2
is based. For example, such areas as Brazil, western Africa, Eastern Russia, and
parts of Canada are characterized by a limited data coverage in thermal structure
of the heat-flow based model (Pollack et al., 1993; Artemieva, 2006). Likewise,
seismic tomography models have some inherent drawbacks with regards to re-
solving structures close to the surface with sufficient detail. It is therefore clear
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why the the seismic tomography based model model derived from a better re-
solved seismic tomography of Schaeffer and Lebedev (2013) performs better in
the upper mantle compared to other seismic models (S20 and SAW) with regard
to predicting dynamic topography (Steinberger, 2016).

In conclusion, this study confirms some findings suggested by previous nu-
merical studies and also gives new insights into the lithosphere and mantle cou-
pling and its influence on surface observables. In summary I show that:

• Modeled plate velocities are influenced by frictional deformation occurring
at plate boundaries and the required coefficient of friction is lower than
what has been proposed in some mantle convection studies and by observa-
tional studies. I conclude that to attain the required driving force for plate
motions due to slab pull and slab suction, the inter-plate frictional force has
to be low, µ~ 0.02 to 0.04.

• The effect of frictional deformation is also seen to influence both NR am-
plitude and position of the Euler pole, with model predictions being able
to match the observation-based NR amplitudes in the range 0.1◦/Ma to
0.2◦/Ma (Doubrovine et al., 2012; Gordon and Jurdy, 1986; Steinberger et
al., 2004; Torsvik et al., 2010; Wang and Wang, 2001) using µ < 0.05 and
asthenosphere minimum viscosity cutoff 1019 Pas to 5·1019 Pas.

• The advantage of considering variable lithosphere thickness over uniform
thickness in mantle convection studies is shown by the wide range of veloc-
ity magnitudes obtained when using different lithosphere thickness. Thin-
ner lithosphere plates (60 and 80 km) are found to move faster compared
to thicker lithosphere plates (100 and 150 km). Model predictions with a
100-km thick lithosphere are most comparable with observations and model
prediction with variable lithosphere thickness.

• Rheological parameters obtained by varying olivine water content in the
asthernosphere imply that increasing the water content results in decreasing
viscosity in the asthenosphere, thereby causing the overlying lithosphere
plates to move faster. A decrease in asthenosphere viscosity also results in
larger NR amplitudes, because the asthenosphere is more easily sheared,
but has limited impact on the Euler pole location.

• Lateral density heterogeneities close to the surface (within 300 km) have a
greater influence on topography than on lithospheric stress field which is
mainly controlled by deep mantle flow. This is evident from the compar-
ison of simulations utilizing heat-flow data based model and the seismic
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tomography based model thermal structures that reveal large dissimilari-
ties in the predicted dynamic topography but nearly identical lithosphere
stress fields.

• This suggests that attention should be paid to the model input depend-
ing on which surface observable is investigated. For example, in cratonic
regions I see large variations in the modeled topographic amplitudes but
similar patterns of the stress field orientation when different upper mantle
structures are used. Similar findings are obtained along mid-Ocean ridges.

• The crustal dominance in high altitude regions gives insights into the im-
portance of variable crustal thickness and realistic material properties for
both regional and global studies as shown by the ~ 90◦ change in modeled
stress orientation in the Andes and Himalaya.
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Chapter 6

Outlook

This study provides insights into lithosphere and mantle coupling and its influ-
ence on surface observables. Here the implementation of a more realistic upper
and lower mantle rheological structures, is accompanied by a calibration of flow
parameters with the aim of fitting the modeled geoid, plate velocities, dynamic
topography and lithospheric stress field to observations. The mechanical shar-
ing of the viscous asthenosphere due to overlying lithospheric plates generates
anisotropy which can serve as a further constraint on mantle rheology. The direc-
tion of asthenospheric fabric deformation has been shown to correlate very well
with the orientation of lattice preferred orientation (LPO) of olivine aggregates
in the upper mantle (Nicolas and Christensen, 2013). Both radial and azimuthal
anisotropy modes of seismic tomography models have been employed to con-
strain mantle viscosity structure with great success (Becker, 2006; Conrad et al.,
2007; Conrad and Behn, 2010). Hence, further investigation of the complex up-
per mantle rheology with prediction of anisotropy and lithosphere net rotation is
warranted to constrain the olivine water content in the asthenosphere .

Furthermore, the influence of plate boundary friction on plate velocity and
subduction (This study; Crameri and Tackley, 2015; Tan et al., 2012; Sobolev and
Babeyko, 2005) has been well established. Deformation sustained at plate bound-
aries due to plate tectonics has been studied using GPS observations to estimate
strain-rate at plate boundaries (Kreemer et al., 2000) and documented in the lit-
erature. From an observational point of view, the Global Strain-rate Map shows
variable distribution of strain-rate along plate boundaries. Future studies should
quantify the impacts of varying plate boundary friction on both plate velocities
and strain rate at plate boundaries with a much higher resolution. This will fur-
ther help to constrain the modeled lithospheric stress field. Here, I have used a
relatively coarse resolution with a 0.5 degree element size. It is therefore clear
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that models with increased spatial resolution should provide more accurate pre-
dictions of the strain rate at plate boundaries.

This current research is restricted to the present day, but it is imperative to
use these results as a starting point in past reconstructions of the surface fields
analyzed in this study. Applying this study’s realistic upper mantle rheology to
predict surface processes of the immediate geologic past (i.e. Cenozoic period)
will improve our current knowledge and will be of great importance to many
exploration geophysical studies.

Lastly, this work has only accounted for the effects of LVVs in the upper man-
tle. However, it has been shown that lower mantle LVVs may have a strong in-
fluence on the modeled geoid (Kaban et al., 2007). Hence there is a need to revisit
this present study using the model that implements LVVs in the lower mantle
in order to quantify their impacts on the model results. This type of compari-
son between observations and model predictions could be useful too for evalu-
ating alternative models of the mantle flow, such as different styles of thermo-
chemical convection ( e.g. LLSVPs in the mantle convecting separately or the
recent BEAMS model (Ballmer et al., 2017).
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